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Abstract

The Ross Sea, the southernmost sea on Earth, presents several iconic features of
polar seas: sites of deep water formation, high summer primary production, floating ice
shelves, the annual cycle of advance and retreat of sea ice, polynyas and katabatic winds.
Furthermore, sea ice in McMurdo sound (western Ross Sea) is one of the most productive
marine environments. However, sea ice inorganic carbon dynamics and related air-ice

CO4 fluxes have never been documented in the Ross Sea.

Two surveys were carried out in the western Ross Sea to bridge over a critical gap
in the current understanding of sea ice: autumn and winter processes. The land-based
YROSIAE project was a temporal survey from late winter to summer within landfast sea
ice. The ship-based PIPERS project was an unique opportunity to study the early stages
of sea ice formation (in polynyas) and more common consolidated pack ice in autumn.
Based on these two consistent surveys, this work aims to (i) examine the bulk ice pCO,
dynamics in landfast sea ice from late winter to summer (ii) investigate the seasonal
pattern (net source vs net sink) and diurnal pattern of air-ice COy fluxes (iii) analyse
the depth-dependent physical and biogeochemical processes involved in inorganic carbon
dynamics (iv) assess the precipitation of calcium carbonate in autumn and during a full

bloom season.

CO, fluxes were measured using the chamber technique in autumn, late winter and
spring, over open surface water, frazil ice patch, grey unconsolidated ice and consolidated
first-year ice. These new autumn and winter data provide a first step to set up the budget
of air-ice CO, fluxes over the year and evaluate the large-scale influence of these fluxes on
the annual uptake of CO5 by ice-covered oceans. Our results confirm that sea ice acts as
a COg source for the atmosphere during ice growth, with enhanced fluxes reported at the
early stages of sea ice formation, and shifts to a sink in spring. In late spring, diel pattern
superimposed upon this seasonal pattern and was potentially assigned to either ice skin
freeze-thaw cycles or diel changes in net community production. The snowpack plays a
complex role in CO5 exchanges and can no longer be considered as an inert reservoir lying

at the sea ice surface.

The main features of the normalized DIC distribution (DICs5) through the ice column
were: (i) a marked depletion at the surface from autumn to spring induced by the COqy
releases to the atmosphere (ii) bubble-driven gas enrichment below or within impermeable
layers and (iii) an initial DIC35 enrichment in the bottom layer disappearing in spring when

the seasonal peak in biomass occurs.
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At the bottom of landfast ice, in spring, a particular assemblage of microorganisms,
the biofilm, led to a massive biomass build-up counterintuitively associated with nutrients
accumulation. This biofilm formation may also promote calcium carbonate precipitation.
However, in young pack ice or in cold landfast ice in early spring, limited calcium carbonate
precipitation was reported. This suggests that calcium carbonate precipitation is not
an ubiquitous process, especially in winter and autumn Antarctic sea ice. Comparison
of calcium carbonate precipitation and pCO, measurements advocates that the calcium

carbonate precipitation is rather controlled by pCO, than temperature.
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Résumé

La Mer de Ross, la mer la plus méridionale du globe, présente de nombreuses car-
actéristiques emblématiques des mers polaires: zones de formation d’eaux profondes, un
niveau élevé de production primaire en été, des plateformes de glace flottante, un cycle
annuel de croissance et décroissance de la banquise, des polynies et des vents catabatiques.
La glace de mer dans le détroit de McMurdo (en Mer de Ross occidentale) est par ailleurs
I'un des environnements marins les plus productifs. Pourtant, a ce jour, ni la dynamiques
du carbone inorganique au sein de la glace de mer, ni les flux de CO5y qui en découlent

n’y ont été documentés.

Deux suivis ont été menés en Mer de Ross occidentale afin de combler un déficit
critique dans notre compréhension actuelle de la glace de mer: les processus automnaux
et hivernaux. Le projet YROSIAE visait a étudier la glace de mer cotiere de la fin de
I’hiver a 1I'été. Le projet PIPERS, mené en mer en automne, était une occasion unique
d’étudier les premiers stades de la formation de la glace de mer (dans les polynies) et la

glace dérivante consolidée.

A la croisée de ces deux suivis, ce travail vise & (i) examiner la dynamique de la pCOq
au sein de la glace de mer cotiere de la fin de I'hiver a Iété, (ii) étudier les variations
saisonnieres (source vs puits) et diurnes des flux de COy a la surface de la glace, (iii)
évaluer I'impact des processus physiques et biogéochimiques sur la dynamique du carbone
inorganique en fonction de la profondeur, et (iv) évaluer la précipitation de carbonate de

calcium en automne et au printemps.

Les flux de CO5 ont été mesurés a 1’aide de cloches automatiques en automne, a la fin
de I'hiver et au printemps, dans les eaux de surface, au-dessus de la glace de frasil, de la
glace non consolidée et de la glace consolidée de premiere année. Ces nouvelles données
automnales et hivernales sont cruciales pour établir un bilan annuel des flux air-glace
de CO,y et évaluer l'influence a grande échelle de ces flux sur I'absorption annuelle de
CO4 par les océans polaires. Nos résultats confirment que la glace de mer agit comme
une source de COs pour 'atmosphére pendant la croissance de la glace, avec des flux
plus importants durant les premiers stades de la formation de la glace, et qu’elle devient
progressivement un puits de CO, au printemps. A la fin du printemps, des variations
journalieres dans les flux de COs ont été observées et potentiellement attribuées aux
cycles de gel-dégel des couches de glace superficielles ou aux changements journaliers de
la production communautaire nette. Le manteau neigeux joue également un role complexe
dans les échanges de CO5 et ne peut plus étre considéré comme un réservoir inerte situé

a la surface de la glace de mer.



Les principales caractéristiques de la distribution verticale du DIC normalisé (DICj;)
au sein de la glace sont: (i) une diminution marquée en surface de 'automne au printemps
liée au rejet de COq vers I'atmosphere, (ii) un enrichissement en gaz par formation de
bulles en dessous ou au sein des couches imperméables et (iii) un enrichissement initial en
DICs5 a la base de la glace qui disparait au printemps lorsque survient le pic saisonnier

de biomasse.

A la base de la glace de mer cotiere, au printemps, un assemblage particulier de micro-
organismes, le biofilm, a conduit a une accumulation importante de biomasse associée,
contre toute attente, a une accumulation de nutriments. La formation d’un tel biofilm
pourrait également favoriser la précipitation du carbonate de calcium. Cependant, autant
dans la jeune glace dérivante que dans la glace cotiere froide au début du printemps, des
précipitations limitées de carbonate de calcium ont été observées. Cela suggere que la
précipitation de carbonate de calcium n’est pas un phénomene omniprésent dans la glace
de mer antarctique en hiver et en automne. La comparaison des mesures de précipitation
de carbonate de calcium et de pCO, suggere que la précipitation de carbonate de calcium

est plutot controlée par le pCO, que par la température.
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Chapter I. Introduction

I.1. Motivation and objectives

One of the first paper describing the sea ice carbon pump (i.e. the transport of COy
across the sea ice-ocean interface) was published in the eighties by Jones and Coote (1981).
Today, 40 years later, the role of sea ice in the global carbon cycle remains a challenging

subject, of particular importance in the context of climate change.

Beyond the question of the large-scale influence of sea ice on the annual uptake of COq
by ice-covered oceans, the regional cycle of COs (source vs sink) and the seasonality of
the COy dynamics within sea ice itself still remain open questions. Among the invokable
reason for these remaining open-questions is the lack of measurements during the cold

season in these remote ice-covered regions.

This research aims to refine our understanding of the sea ice COs; dynamics with
fieldwork results from Antarctica. Both landfast ice and pack ice in the Ross Sea are
investigated. The first survey (YROSIAE, Chapter I11.) was land-base, offering, therefore,
the possibility of long-term deployment, but restricted to landfast ice. To complete this,
a ship-based survey (PIPERS, Chapter IV.) allowed us to explore both the early stages

of sea ice formation (in polynyas) and common consolidated pack ice.

In the frame of this PhD thesis, I focused on the following objectives:

e Examine the bulk ice pCO5 dynamics in landfast sea ice from late winter to summer

The pCO, gradient between the ice and the atmosphere controls the direction and
magnitude of CO, exchanges. Direct brines pCO, measurements were performed
in several surveys (Delille (2006) and Delille et al. (2007)). However, these mea-
surements were applied only to brines, bypassing gas bubbles trapped in the ice
matrix. These measurements have a poor vertical resolution, and the original loca-
tion of sampled brines is unknown. To avoid these biases and accurately estimate
the pCO; at the interface, we measured the bulk pCO, using the method developed
by Verbeke (2005) and Geilfus et al. (2012b) and adapted by Crabeck et al. (2014a).
The survey YROSIAE presented here differs from the previous ones using the same
method (summarised in Table 5) by presenting the first temporal series of bulk ice
pCO, measurements through several months and seasons and with a high vertical

resolution within the entire ice column.



e Investigate the seasonal pattern (net source vs net sink) and diurnal pattern of

air-ice CO4 fluxes

Over the last decade, ice-air CO, fluxes measurements have been intensified in both
the Arctic and Antarctica (Table 2). While sea ice CO, fluxes in spring and summer
received increased attention (Brown et al., 2015; Delille et al., 2014; Geilfus et al.,
2013, 2012a, 2015, 2014; Nomura et al., 2013a, 2010b), winter and autumnal obser-
vations are scarce due to harsh and variable weather conditions at these seasons.
It has repeatedly been suggested that ice-air CO5 fluxes are impeded when the ice
is impermeable, mainly during ice growth (e.g. Delille et al. (2014), Tison et al.
(2016)). Observations of CO, releases over the Arctic sea ice in winter (Else et al.,
2011; Miller et al., 2011; Nomura et al., 2018) presently challenge this concept.

However, we face a lack of data in Antarctica.

This work provides measurements of air-ice CO5 fluxes in autumn and winter in the
Ross Sea using automated chambers (LICOR). The YROSIAE survey started in
late winter and lasted until late spring, allowing us to catch the transition from net
source to net sink. Thanks to a buoy recording both the air temperature and the ice
temperature at different depths, we examinated the effect of diurnal temperature
changes at the sea ice surface on COy fluxes. The PIPERS survey took place in
autumn. Measurements of CO, fluxes were performed over common consolidated
pack ice and over the youngest sea ice stages (frazil ice, unconsolidated grey ice,
pancakes...) using a floating chamber developed at the University of Liege during
this thesis.

e Analyse the depth-dependent physical and biogeochemical processes involved in

inorganic carbon dynamics

Today, the role of the trophic status (autotrophy vs heterotrophy) and biogeochem-
ical processes on CO, dynamics in Antarctic sea ice is still poorly understood. Only
few studies reported DIC data and, in parallel, took into account the biogeochemical
state of Antarctic sea ice. Delille et al. (2007) and Geilfus et al. (2014) provided
DIC values in brines or platelet ice layer in late spring at maximum two discrete

depths per station.
The two surveys in this work present full-depth DIC profiles and at high vertical res-

olution. In order to highlight biogeochemical processes implicated in DIC changes,
we completed those profiles by measurements of CaCO3 content, nutrients, chl-a
and POC concentrations, O, /Ar ratios, and associated CO, fluxes. By comparing
the DIC results with the biogeochemical dataset, we were able to discuss the impact
of CO, fluxes at the surface, the role of the trophic status (autotrophy vs heterotro-
phy) in interior and bottom ice and the implications of the biofilm formation at the

sea ice bottom, particularly in the precipitation of calcium carbonate.



e Assess the impact of the calcium carbonate precipitation in autumn and during a

full bloom season

Despite several dedicated studies, there are still critical gaps in the current under-
standing of calcium carbonate precipitation in sea ice. For instance, the conditions,
timing and amount of calcium carbonate precipitation are still poorly constrained.
The presence of calcium carbonate was well addressed in Arctic sea ice where di-
rect (observations with naked eye) or indirect measurements of calcium carbonate
concentration were reported (Table 1). In Antarctica, the first detection of calcium
carbonate precipitation as ikaite crystals was performed by Dieckmann et al. (2008).
Since then, few studies investigated this process in Antarctica. We addressed cal-
cium carbonate precipitation in sea ice by systematically carrying out two indirect
measurements on each ice sample and suggested a mechanism for calcium carbonate

precipitation within the biofilm at the bottom of landfast sea ice.

1.2. Thesis outlines

This work consists of three main chapters. The Chapter II. is an exhaustive state
of the art to settle essential prerequisite and processes covered within the main body
of the thesis. The Chapter III. consists of a peer-reviewed article about COs dynamics
within landfast sea ice during the transition from winter to summer. The Chapter IV.
focus on the autumnal CO5 dynamics within unconsolidated sea ice and common pack ice
(PIPERS study). To conclude, the researches and findings achieved during this six years
PhD thesis are synthetised.



Chapter II. State of the art

I1.1. Atmopheric CO; and the crucial role of the Southern Ocean

in the global carbon cycle

The rapid accumulation of COs in the atmosphere is currently one of the major en-
vironmental concerns because of its involvement in the current global warming. CO, is
the second most important greenhouse gas, after water vapor, in the atmosphere (Zeebe
and Wolf-Gladrow, 2001) but is recognized as the largest contributor to positive radia-
tive forcing over the period 1750-2011 (IPCC, 2014). Over this period, atmospheric COq
concentrations increased by 40%, from 278 ppm to 390.5 ppm (IPCC, 2014) as other
greenhouse gases did such as methane (CHy) and nitrous oxide (N,O) (Figure 1). In
the decade 2002-2011, CO, concentrations increased at the fastest decadal rate of change
(2.0 = 0.1 ppm per year) since direct atmospheric concentration measurements began in
1958 (IPCC, 2014). Current atmospheric CO, concentrations reached up to 410 ppm in
January 2020 (NOAA/ESRL, 2020).

Annual mean gas concentrations
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Figure 1: Observed changes in atmospheric concentrations of carbon dioxide (COq, green), methane
(CHy, blue), and nitrous oxide (N3O, red). Diamonds indicate ice cores data, dots indicate recent
atmospheric data. COs concentrations are provided by NOAA/ESRL and CHy and N2O concentrations
are provided by AGAGE (Advanced Global Atmospheric Gases Experiment, MIT).

Atmospheric CO, represents only a tiny fraction of the carbon in the Earth System,

the rest of which is tied up in other reservoirs (land ecosystems and oceans) (IPCC, 2013).
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The global ocean plays a crucial role in storing 98% of the carbon of the atmosphere-ocean
system (Zeebe and Wolf-Gladrow, 2001). Considering only the “natural” CO,, i.e. the
quantity of carbon in the atmosphere-ocean system existing already in preindustrial times,
Gruber et al. (2019a) estimated that the ocean was a net CO, source, releasing about
5 £ 3 Pg C over the period 1994 to 2007. However, the ocean also buffers the effects
of anthropogenic CO4 emissions (Zeebe and Wolf-Gladrow, 2001) and acts as a sink of
anthropogenic CO,. Over the period 1994 to 2007, this ocean sink removed nearly 31
+ 4% of the global anthropogenic CO5 emitted in the atmosphere over the same period
(Gruber et al., 2019a). The resulting net (natural and anthropogenic CO,) ocean uptake
is estimated at 29 + 5 Pg C for the 1994 - 2007 period and is comparable to the net
terrestrial biosphere sink over the same period estimated at 31 + 9 Pg, regardless of
the COy emissions from land use change (Gruber et al., 2019a). Although this ~ 30%
increase in the oceanic storage of anthropogenic COy between 1994 and 2007 allows to
slow down the accumulation of CO, in the atmosphere, Gruber et al. (2019a) observed
substantial regional differences in storage rate. Considering these regional differences,
there is uncertainty about the robustness of the oceanic CO, uptake over time (Gruber
et al., 2019a).

Over the global oceans, polar oceans act as a major sink for atmospheric CO5 (Gruber
et al., 2019b; Takahashi et al., 2002). Since the early 90’s, carbon fluxes in the Southern
Ocean (SO) constitute a long-lived critical question for the ocean science community. The
primary role of the SO in the global carbon cycle is directly related to its unique circula-
tion, initiating both the deep water masses of the world’s ocean and the primary return
pathway for this deep water to the surface (e.g., Marshall and Speer (2012), Morrison et
al. (2015)). The SO is therefore one of the main window between the atmosphere and the
deep ocean. Even though covering only around 20% of the world’s ocean’s surface, the
SO stores roughly 75% of the excess heat generated on Earth (Frolicher et al., 2015) and
is responsible itself for approximately 40% of the global oceanic uptake of anthropogenic
CO. (Caldeira and Duffy, 2000; DeVries, 2014; Mikaloff Fletcher et al., 2006). The ma-
jority of this uptake of anthropogenic CO, takes place between the Antarctic Polar Front
and the Subpolar Front (between 45°S and 55°S) where recently upwelled waters with
a very low initial anthropogenic CO, concentration flow northward and are exposed to
the atmosphere in a region of high wind speeds, leading to high-uptake fluxes (Gruber
et al., 2019b). The waters enriched in anthropogenic COy are then transported to depth
through the subduction of mode and intermediate waters (Mikaloff Fletcher et al., 2006;
Sabine, 2004).

The SO plays a crucial role in storage of heat and carbon dioxide for the planet. As

a result, change in the SO COy sequestration capacity appears to be a major control on



glacial-interglacial succession (Ai et al., 2020). Hence, a robust assessment of air-sea COq
fluxes in the SO is crucial for the understanding of past, current and future global carbon

budget and eventually the Earth’s climate.

I1.2. Sea ice overview

I1.2.1. Sea ice formation

Sea ice results from the freezing of seawater. Sea ice is a mixture of pure ice, brine
inclusions (pockets or channels) and gas bubbles. In autumn or winter, when the ocean
surface cools down to temperatures close to —1.86°C (the freezing point of seawater with
a salinity of 34), frazil ice starts to form. Frazil ice crystals have isometric and rounded
sides or can exhibit some specific shapes such as needles, spicules or platelet (Petrich and
Eicken, 2016). Crystal sizes are typically small: from less than 1 mm thick up to a few
tens of millimeters in side length (Petrich and Eicken, 2016).

Under turbulent conditions due to waves and current shear, frazil ice crystals accumu-
late to form a grease ice layer (thin slush layer) on the ocean surface (Figure 2). The grease
ice layer consolidates, gets thicker and thicker and freezes into pancakes that will grow
from a surface area covering a squared centimeters (proto pancakes) to several squared
meters. Pancakes bump against each other and raft on top of each other under the action
of winds and waves, resulting in raised edges and thicker cakes (> 10 cm thick) (Petrich
and Eicken, 2016). With ongoing freezing, the pancakes congeal into larger units and

finally form a continuous ice sheet by bottom freezing at the ice-water interface.

Under calm conditions, the frazil ice crystals freeze up together resulting in uniform
sheets of new ice (< 10 cm in thickness) called nilas. As the sheets get thicker and thicker,
bottom vertical ice growth takes place to form columnar ice. Once the sea ice thickness
reaches more than 10 cm, the ice sheet is classified as young ice. First-year sea ice is
generally thicker than 30 cm (Petrich and Eicken, 2016).
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Figure 2: Ice growth forms in turbulent conditions. Pictures from the Ross Sea, winter 2017, during
the Pipers cruise. Pictures by F. Van der Linden

These growth conditions lead to different ice textures. Granular ice results from the
consolidation of individual frazil ice crystals and is therefore frequently observed at the
top of the sea ice with randomly oriented, isomeric or prismatic crystals (Weeks, 2010).
Granular texture is also associated with superimposed ice formation and snow ice. Su-
perimposed ice forms when snowmelt water draining to the ice surface refreezes as a solid
ice layer and snow ice results from the freezing of the snowpack after flooding (Massom
et al., 2001).

The ice texture evolves step by step towards columnar ice under the granular layers
(Figure 3). Columnar ice is characterized by vertically elongated crystals exhibiting a
diameter of several centimeters in size and a length in tens of centimeters (Petrich and
Eicken, 2016). During growth, brines are incorporated as intra-crystalline brine layers, i.e.
parallel alignments of brine inclusions in individual crystals (Petrich and Eicken, 2016;
Weeks and Ackley, 1986). At the bottom columnar ice, the skeletal layer, consisting of
intra-crystalline layers and an interconnected brine network crossing it, is highly porous,
with brine volume fraction of about 30%, which allows convective brine exchanges (Petrich
and Eicken, 2016).



Granular ice Columnar ice Platelet ice

Figure 3: Ice textures, examples from ice cores collected in McMurdo Sound, Antarctica, during the
YROSIAE field campaign.

In the vicinity of Antarctic ice shelves or under Arctic sea ice within a meltwater lens
(Notz, 2003) or a melt pond (Jeffries et al., 1995), platelet ice formation is readily observed
underlying columnar ice. Platelet ice is characterized by large crystals (centimeter-sized)
randomly oriented. Crystals are classified as draped crystals with curved grain boundaries
as observed by Jeffries et al. (1993) and Tison et al. (2013) or bladed crystals as observed
in McMurdo Sound by Jeffries et al. (1993). Platelet ice layer is known to host large
concentrations of sea ice algae (Arrigo et al., 1995). The process of its formation is

discussed in section 11.6.4..



11.2.2. Landfast sea ice vs pack ice

Landfast sea ice refers to immobile sea ice,
anchored either to coasts, continental ice
formations (ice shelves or glacier-tongues)
or grounded over shoals (Meiners et al.,
2018). Pack ice refers to drifting ice floes
in open ocean under the action of winds or
currents.
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tion I1.5.4.. The composition of pack ice is
generally a mixture of columnar and frazil Figure 4: Typical positions of different ice types
ice whereas landfast ice is predominantly and algae communities in (a) pack ice and (b) land-
columnar ice as shown in Figure 4. Platelet fast ice from Arrigo (2014).
ice, reaching between few centimeters to
several meters in thickness, can form be-
neath the columnar landfast sea ice and
harbor some of the highest concentrations
of algae and intense primary production as

discussed in sections 11.5.4. and I1.5.5.

In this work, we will discuss the biogeochemistry of both landfast sea ice and pack
ice in the Ross Sea sampled during the Year-Round survey of Ocean-Sea Ice-Atmosphere
Exchanges (YROSIAE) in 2011-2012 and during the PIPERS (Polynyas, ice production

and seasonal evolution in the Ross Sea) cruise in 2017, respectively.



I1.2.3. Sea ice extent

The sea ice extent is defined as the area of ocean covered with at least 15% of sea ice
(NSIDC, 2019). In the Arctic, the maximum sea ice extent is observed around the end
of March when sea ice covers an area of about 15.64 million km? (average for 1981-2010,
NSIDC (2020a)) while the minimum sea ice extent in summer is about 5 million km?
although an extreme low extent of 3.4 million km? was recorded in 2012 (Parkinson and
Comiso, 2013). In September 2019, the minimum sea ice extent averaged 4.15 million
km? (Figure 5a), this was the third lowest sea ice extent after 2012 and 2007 over the
41-year continuous satellite record (NSIDC, 2020a). The maximum extent for the winter
2019-2020 was 15.05 million km? reached on 5th of March, which is below the average of
1981-2010 and above the minimum recorded in 2017 (NSIDC, 2020a). All Arctic regions
also showed a substantial decrease in ice thickness, estimated in average at 40%, from an
ice thickness of 3 m to less than 2 m (Perovich, 2011). Hence, since the 1980’s, there has
been a reduction in ice extent, a decrease in ice thickness, and a shift from multiyear ice
to first-year ice (Perovich, 2011).

In Antarctica, sea ice extent reaches typically a maximum of about 19 million km? in
September-October and a minimum of about 3-4 million km? in February. Since 1979,
Antarctic sea ice extents followed a slight and uneven increase but this trend reversed
after the maximum record of 2014 (Parkinson, 2019). The decline observed afterwards
reached a minimum record in 2017 over the last 40-y 1979-2018 satellite data considered
(Parkinson, 2019). The National Snow & Ice Data Center (2020b) observed the same
trend from 2016 onwards with a sea ice extent below their reference period 1981-2010
(Figure 5b).
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Figure 5: Sea ice extent in both poles for the last 4 years and the minimum/maximum records. Plots
are from NSIDC (2019).
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11.2.4. Polynyas

Polynyas are recurrent zones of open water and/or thin ice cover or low ice concen-
tration (Barber and Massom, 2007), surrounded by a more consolidated and thicker ice
cover. They result from complex interactions at the sea-ice-atmosphere-ocean interfaces.
Polynyas differ from leads that are short-lived linear openings of meters to hundreds of
meters wide and kilometers to tens of kilometers long and most of the time not recurrent
at the same location (Barber and Massom, 2007; Smith et al., 1990). Polynyas are usually

categorized into two types based on their formation mechanism:

— Sensible-heat polynyas which are thermally driven and form where sufficient oceanic
heat arrives to the surface by upwelling of warm water, vertical mixing or deep-
ocean convection that locally prevents ice formation or enhances melting (Barber
and Massom, 2007).

— Latent-heat polynyas which are mechanically driven by winds and/or ocean currents
causing ice divergence. Intense heat loss allows frazil ice formation and ice is removed
as quickly as it forms by ice divergence. The open-water area is maintained thanks to
the latent heat provided by the formation of newly forming ice (Barber and Massom,
2007). This heat source counterbalances the surface heat loss to the atmosphere.
Mechanically driven polynya can be divided in two regions: an inner region of open
water where frazil ice forms continuously and an outer region where new and young

ice floes accumulate by accretion of frazil ice (Morales Maqueda et al., 2004).

A different classification than latent or sensible heat polynyas can be used based on

the location of their occurrence: deep water and shelf water polynyas (Figure 6).

Deep water polynyas are formed at or beyond the continental shelf and often by a
sensible heat mechanism in areas where a weak pycnocline separates the cold and fresh
surface waters from underlying warmer, saltier waters (Morales Maqueda et al., 2004).
Warm waters can reach the surface through enhanced mixing or convection and either

trigger sea ice melting or prevent sea ice formation.

Shelf water polynyas occur over the shelf and most of them are maintained by a
latent-heat mechanism. Shelf water polynyas are referred to as “ice factories”, where
the constant removal of frazil ice triggers intense ice formation (Morales Maqueda et al.,
2004). Resulting brine-rich, cold water will accumulate over the shelf and flow down the
shelf break slope to eventually contribute to deep and bottom water formation (Morales

Maqueda et al., 2004). During spring and summer, those polynyas remain open and
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absorb large amounts of solar radiation leading to ice melt, becoming in this way “ice
melt factories” (Ohshima et al., 1998).

DEEF WATER POLYNYA SHELF WATER POLYNYA

Figure 6: Location of deep water and shelf water polynyas and processes implicated. Figure from
Morales Maqueda et al. (2004).

As pointed out by Massom and Stammerjohn (2010), polynyas play important roles:

— Zones of high sea ice production, contributing in some cases to deep water formation
(Antarctic Bottom Water formation) (Bindoff et al., 2000; Rintoul, 2013)

— Ventilation “windows” between the deep ocean and the atmosphere. Polynyas dom-
inate the regional heat budget in winter through intense heat exchanges (Smith et
al., 1990)

— Sites of early melt of the pack ice in spring/early summer (Martin et al., 2007),
allowing high biological primary productivity (Arrigo, 2002)

In the Arctic, most of the polynyas are shelf water polynyas except the Kashevarov
Bank polynya in the Okhotsk Sea with (Figure 7(A)) which is the only purely deep water
polynya from the northern hemisphere (Martin, 2001). While ice-bridge, land-bridge or
strait can play important role in the formation of polynyas in the northern hemisphere,
other “icescape” features are implicated in Antarctic polynyas formation such as coastal

promontories, icebergs and glacier tongues (Barber and Massom, 2007).
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Figure 7: Location of (A) the Arctic polynyas
(SLIP is the St. Lawrence Island Polynya,
NEW is the North-east Water, and K is the Ka-
shevarov Bank polynya) and (B) the Antarctic
polynyas (W is the Weddell polynya, M is the
Maud Rise polynya and C is the Cosmonaut Sea
polynya). Dashed lines indicate the maximum
ice edge. Figure from Martin (2001).



In this work, we will mainly focus on two Antarctic shelf water polynyas located in
the Ross Sea: the Terra Nova Bay and Ross Sea polynyas. The Terra Nova Bay Polynya
in the western Ross Sea, which extends for 3000 km?, is maintained by strong offshore
winds removing ice more rapidly than it forms (Smith et al., 1990; Smith et al., 2012).
Katabatic winds principally drain into Terra Nova Bay through the Reeves Glacier valley
(Figure 8) (Bromwich and Kurtz, 1984). Furthermore, the Drygalski Ice Tongue blocks
the westward currents preventing ice advection into the polynya (Smith et al., 1990) and
maintaining this ice free area. The Ross Sea Polynya, adjacent to the Ross Ice Shelf, is
giant (~20,000 km? in winter) and the most active around Antarctica, producing 390 km?
of ice per year (Smith et al., 2012). In comparison, Terra Nova Bay Polynya generates
59.2 km? of ice per year (Martin et al., 2007). The formation of the Ross Sea polynya
is influenced both by katabatic and synoptic winds (Bromwich et al., 1998; Jacobs and
Comiso, 1989) and by upwelling of warm Circumpolar Deep Water onto the continental
shelf which induces sea ice melt (Jacobs and Comiso, 1989). Both of these polynyas in
the Ross Sea are important sites of High Salinity Shelf Water (HSSW) formation due to
brine plumes rejected during ice formation in winter (Budillon and Spezie, 2000). HSSW
eventually evolves into other water masses, e.g. Ice Shelf Water (ISW) and Antarctic
Bottom Water (AABW) (Morales Maqueda et al., 2004).
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Figure 8: Schematic illustration from Bromwich & Kurtz (1998) showing the mechanisms maintaining
the ice free area in Terra Nova Bay.
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I1.3. Carbon marine cycle

I1.3.1. Inorganic carbon chemistry

The concentration of CO, in surface seawater is given by Henry’s law. It states that
the concentration of dissolved COsz in solution ([COz(aq)]) is proportional to the partial
pressure of COs (pCOs2) above the solution:

[COs(aq)] = Ko - pCO; (1)

Where Kj is the CO, solubility (molkg™!atm™') which depends on temperature,
pressure and salinity in seawater. CO, not only dissolves in seawater but it also reacts
with water to form free protons and the conjugate bases bicarbonate and carbonate. In
details, gaseous carbon dioxide entering the surface ocean gets first hydrated to form
aqueous COy (COy(aq)) which reacts with water to form carbonic acid (HoCOj3). These
two species are difficult to separate and are usually combined under the hypothetical
species, CO9* or H,C'O3* (Dickson and Goyet, 1994). To simplify, we will term it HyCO3
from now onwards. The latter dissociates into bicarbonate (HCOj ) and carbonate (CO3™)
ions. These reactions are really fast and the thermodynamic equilibrium is established

between all species as described in the following reactions:

COQ(GQ) + HQO — HQCOg (2)
HyCO3 <2 HY + HCO; (3)
HCO; <225 HY 4 002~ (4)

Where K7 and K5 are the thermodynamic equilibrium constants of the carbonate system

and are related to the ions concentrations, so that:

[HT][HCO;]
8 =",00, ©)
_ [HT][CO5T]
= Tmeo, o

The relative concentrations of each species is governed by the pH (-logio[H1]) of the
solution as depicted by the Bjerrum plot (Figure 9). Since the mean surface pH of the
ocean is slightly above 8, the dominant dissolved species is HCOj, the second dominant

species is CO3~ and dissolved CO, is only present in small concentrations.
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In Antarctic surface waters in equilibrium with today’s atmosphere (S = 34, T = 5°C,
DIC = 2100 pmol kg™t pCO, = 410 ppm), concentrations of COy, HCO3 and CO?Q)_
account for 1.02%, 94.2% and 4.8%, respectively.

The sum of the dissolved forms is known as dissolved inorganic carbon (DIC):

DIC = [HyCOs3) + [HCO; | + [CO3™] (7)

DIC is usually expressed in pmol kg=*

of seawater. The total alkalinity (TA), formally
defined by Dickson (1981), is a measure of the excess of bases (proton acceptors) over

acids (proton donors) and is defined as:
TA=[HCO;]+2[CO3 | +[OH"] — [H"] + [B(OH);] + minorbases (8)

TA in marine waters is dominated by the carbonate species, usually accounting for >95%
of the alkalinity, with borate contributing another ~3-4% (Middelburg, 2019).

Many processes affect the carbonate system and the concentration of DIC and TA.
While DIC is affected by both air-sea COy exchanges and by biological processes, TA is
only affected by biological processes (Figure 10).

Air-sea CO4y exchanges. Any uptake of atmospheric CO4 by seawater causes an increase

in DIC and pCQOa,, a decrease in pH but does not change TA. On the contrary, an eflux of
CO; from seawater to the atmosphere, results in a decrease of both DIC and pCO, and
an increase in pH. These CO,y exchanges may be initiated either by changing atmospheric
mixing ratios of COy or by cooling or warming of seawater.

CaCQOg precipitation leads to both DIC and TA decrease. The chemical reaction of CaCOg3

formation-dissolution is:

Ca*" +2HCO; <+ CaCO3(s) + Hy0O + COs(aq) (9)

So that, the precipitation of one mole of CaCOj3 lowers DIC by one mole and TA by
two moles, with the result that pCO, increases and pH declines. Dissolution of calcium
carbonate results in the increase of DIC by one mole and TA by two moles and a decrease
in pCO, and an increase in pH.

Primary production involves the fixation of inorganic carbon and the assimilation of inor-

ganic nutrients (nitrate and phosphorous) to produce organic matter. Primary production

based on nitrate is described by the following stoichiometric formula from Redfield et al.
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Figure 9: Bjerrum plot from Zeebe and Wolf (2001) showing the concentrations of COz, HCOj3 , and
COg_ as functions of pH=-logjo[H*]. The concentrations are plotted for a DIC concentration of 2100
pmol kg=1,'S = 35 and T = 25°C.

(1963):

106C 05 +16NO3 + Hy POy +1THT +122H,0 — (CH20)106(N H3)16(H3PO,) + 1380,

(10)
The stoichiometric ratios C:N:P of 106:16:1 are termed Redfield ratios. Photosynthesis
lowers DIC due to the consumption of inorganic carbon and slightly increases TA. Indeed,
for each mol of inorganic nutrient consumed (NO3 or HoPOj ), one mol of H™ is consumed
to maintain electroneutrality, decreasing the concentrations of free protons and therefore
increasing TA. The reverse process of aerobic respiration/remineralization leads to an

increase in DIC and a decrease in TA.

11.3.2. Ocean carbon pumps

DIC is removed or exported from the ocean surface layers through the solubility pump,
the biological pump and the carbonate pump presented in Figure 11. As mentioned by
Legendre et al. (2015), the three pumps include both

— the downward export of carbon from the surface ocean (i.e. to the deepest part of
either the euphotic zone or the seasonal surface mixed layer), indicated as carbon

export in Figure 11

— the downward transfer of this exported carbon below the maximum depth of the

pycnocline (~ 1000 m)
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Figure 10: Processes affecting DIC and TA according to Zeebe and Wolf (2001).

The solubility pump refers the dissolution of atmospheric CO, in surface waters fol-

lowed by the sinking of CO, (as DIC) enriched surface layer to depth.

In the literature, the so-called “biological carbon pump” (BCP) refers to either the

organic component of the ocean carbon pump only, or both the organic and CaCOs;
components. In this work, BCP refers only to the organic component, consistent with the
definition of IPCC (2013). The BCP is driven by the fixation of inorganic carbon into
organic matter through photosynthesis by biota and the export of this organic carbon
(POC plus DOC) to depth by sinking plankton material (as dead organisms and particles)
(Vancoppenolle et al., 2013b).

The carbonate pump refers to the formation of calcium carbonate (CaCOg) by shell-

and skeleton-building marine microorganisms (Heinze et al., 2015) and subsequent release
of COy (Sigman et al., 2010) as shown in (Eq. 9).

As pointed out in Figure 11, most of the carbon sinking particles is respired by bacteria
in the surface and intermediate layers (within the upper 1500 m, Heinze et al. (2015))
and is eventually recirculated to the surface as DIC. Only around 25% of the Particulate
Organic Carbon (POC) produced in the ocean surface layer sinks through the water
column (Schlitzer, 2000). The carbonate pump counteracts the organic carbon pump
but more carbon is bound to POC and DOC during biological production than released
during CaCOj formation (Heinze et al., 2015). Thus, the carbonate pump compensates

only partially the organic carbon pump (Heinze et al., 2015).

Thanks to these three carbon pumps, a vertical gradient in COy (as DIC) between
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the surface and the deeper layers of the ocean is maintained (IPCC, 2007). These pumps
regulate as well the air-sea COy exchanges (IPCC, 2007). The strength of the solubil-
ity pump depends globally on the strength of the Meridional Overturning Circulation?,
surface ocean temperature, salinity, stratification and ice cover (IPCC, 2007). The effi-
ciency of the biological pump depends on the export of organic matter from the ocean
surface, the nutrient supply, light availability, changes in ocean circulation and plankton

community composition and physiology (IPCC, 2007; Sarmiento and Gruber, 2006).

Atmospheric CO,

o ©
CaCO3; <« CO, —»|DOC + POC

------------------------------------------ 100 m Export

—» (0,

------------------------------------------ 1000 m Sequestration

o Dissolution of atmospheric CO,

e Deep mixing of the CO,-rich water and sequestration

e Release of CO, due to the bio-precipitation of CaCOj; in the upper waters
e Sinking of bio-mineral particles to depth where their carbon is sequestered
e CO, release in the water column by dissolution of part of the sinking CaCO5
e Transfer of organic carbon into deep waters where it is sequestered

e CO, release by remineralisation of part of the organic carbon that is transferred to depth

Figure 11: Three main ocean carbon pumps: the solubility pump, the biological carbon pump and the
carbonate pump. Figure adapted from Legendre et al. (2015).

!The global Meridional Overturning Circulation consists primarily of dense waters sinking to the
abyssal ocean at high latitudes in the North Atlantic Ocean and near Antarctica (IPCC, 2007).
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I1.4. Role of sea ice in the marine carbon cycle

I1.4.1. Sea ice carbon processes

Three different sea ice carbon pumps can be distinguished. The first one is related to
the physical-chemical dynamics of brines (a), the second to the the primary production

(b) and the third one to carbonate precipitation within sea ice (c).

(a) During sea ice growth, dissolved salts, DIC, CO4 as well as other gases are expelled
from the ice matrix and concentrated in brines. Along with the sea ice formation,
brine rejection occurs through brine drainage and DIC is rejected in the underlying
water. When surface waters enriched in DIC and TA are exported downward and

sink to depth, it provides a pathway for carbon sequestration.

(b) Primary production within sea ice by sympagic algae communities contributes to
COy drawdown. Primary production lowers DIC due to the consumption of inor-

ganic carbon and slightly increases TA.

(c) Precipitation of calcium carbonate as ikaite, a metastable hydrated CaCO3 mineral
(CaCO3-6H,0), has been observed both in Antarctic and Arctic sea ice (Dieckmann
et al., 2010; Dieckmann et al., 2008; Geilfus et al., 2013; Rysgaard et al., 2007;
Rysgaard et al., 2013). Carbonate precipitation produced CO,. If the precipitation
occurs at the bottom of sea ice, the ikaite crystals can be trapped within the skeletal
layer while CO, is expelled to underlying waters and entrained to depth. The
dissolution of the ikaite crystals in sea ice in spring and summer will drive CO,
uptake. Sea ice is in that specific case a COs sink for the atmosphere as suggested
by Rysgaard et al. (2007; 2013). Most of the studies published so far derived a
relative atmospheric CO, uptake based on that scenario. However, several other

scenarios are possible as discussed in Delille et al. (2014).

I1.4.2. Estimates of the sea ice carbon processes

Delille et al. (2014) estimated that the contribution of primary production to spring
and summer sea ice pCOy changes and CO, uptake was lower than the contribution
of other processes (brine dilution and ikaite dissolution). The authors reported that
primary production represents only 45% of the contribution of each other process but still
contributes to 18% of the total atmospheric COy uptake. Delille et al. (2007) observed
similar trends. Segaard et al. (2013) estimated that only 4% of the sea-ice-driven COq
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uptake could be explained by the net biological production and that the DIC depletion
in sea ice was mainly controlled by brine drainage and CaCQOgj precipitation. A recent
1D modeling study in the Arctic of Mortenson et al. (2018) suggested that sympagic

biological activity accounts for 1% of the net ocean carbon uptake.

Rysgaard et al. (2011) used a box model to discuss the importance of sea ice as a
carbonate pump. Taking into account the sea ice DIC and TA, they derived the changes
of pCOy in ocean surface waters during ice melting and the related uptake of atmospheric
CO, over the Southern Ocean estimated at -0.019 and -0.052 PgCyr~!, considering re-
spectively the absence of CaCOj3 formation or occurrence of CaCOj3 formation in sea ice.
Since no TA and DIC data for Antarctic sea ice were available at that time, the authors
estimated the Antarctic sea ice DIC and TA based on the values observed in Arctic sea

ice, following a conservative behaviour to salinity. They hypothesized that:

Carbonate precipitation occurs at the bottom, in the skeletal layer

COs, is released to the underlying waters and entrained to deeper layers

CaCOg crystals are trapped within sea ice

All DIC-rich brine would sink to depth

Delille et al. (2014) focused on the dependency of sea ice temperature on brines pCOsq,
measuring brines pCO, in Antarctic pack ice and related COq fluxes. They used the
temperature field from the model NEMO-LIM3 large-scale sea ice-ocean to upscale their
observations to the whole Antarctic sea ice cover and estimated that the Southern Ocean
was a net sink of 0.029 Pg C over the spring and summer. This result falls within the es-
timates of Rysgaard et al.(2011) but considered only the warming/melting season. Delille

et al. (2014) based also their estimation on DIC depletion in sea ice.

In a model study, Moreau et al. (2016) estimated that several hundred TgC yr~!
(266/204 TgCyr~! in the surface Arctic/Southern Oceans) were released to the surface
ocean due to DIC rejection during sea ice growth but suggested that only 1.4% of the
DIC rejected during sea ice growth is exported to the deep Arctic Ocean, and only about
2% to the deep Southern Ocean. This leads to a notable but weak redistribution of DIC
towards deep polar basins. Moreau et al. (2016) explained this weak redistribution by:

e The growth of sea ice develops not only where deep water forms,

e The dilution of deep water properties on their way downwards
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e The resupply of some of the deep carbon to the surface due to exchanges between

the deep ocean and the surface

Furthermore, Moreau et al. (2016) suggested a weak impact of active carbon processes
(mainly CaCOj precipitation) on the net ocean-atmosphere CO, exchanges, estimated at
a few TgCyr~! in the sea ice zone. Similarly, the model study of Grimm et al. (2016)
showed that the CO, uptake in sea ice covered areas ranges from 2 to 14 Tg Cyr~!, which
accounts for up to 7% of the simulated net COs uptake in polar regions, but only 1%
of the current global oceanic COy uptake (Grimm et al., 2016). Both of these studies
concluded that the sea ice carbon pump plays a minor role in the global carbon cycle but

is important for the regional carbon cycle in polar regions.

In a recent modeling study, Mortenson et al. (2018) used a 1-D model including air-ice
fluxes, ice algae growth, ikaite precipitation and dissolution and brine rejection/dilution
of DIC and TA during ice growth/melt. The results indicate that ikaite precipitation
within sea ice, and subsequent dissolution in the water column during ice melt, induces a
small change in the net ocean carbon uptake estimated at ~ 1% for ikaite concentrations
of ~ 54 pmolkg™" based on Geilfus et al. (2016). However, the authors pointed out that
the net ocean carbon uptake could become important for larger ikaite concentrations, as
observed by Rysgaard et al. (2013) with a range of 900 gymolkg™! in the upper ice to 100

! at the sea ice bottom in Greenland or by Fischer et al. (2013) in Antarctic

pmol kg™
landfast ice (Table 1). Furthermore, in terms of gas exchanges, the parameterization
includes the carbon release during ice growth and the uptake of atmospheric COy during
ice melt to match current observations. This results in a net air-to-ice uptake of 50
mmolm~2 over the length of the standard run, representing 5% of the net ocean carbon
uptake during the open-water season (Mortenson et al., 2018). They acknowledged that
the exchanges of carbon between the ice and the atmosphere during growth and melt
were not well constrained, due to the lack of direct measurements of ice-air and ice-
water CO, fluxes and the differences between measurements techniques (chamber vs eddy-
covariance). However, the proportions of the carbon released to both the ocean and the
atmosphere are essential to estimate the net uptake of atmospheric carbon by the ice-
ocean system. Any increase in the COy release during ice growth or in the uptake during

ice melt will induce a change in the net uptake by the ice-ocean system.

I1.4.3. Calcium carbonate precipitation in sea ice

For a long time, only indirect evidences of calcium carbonate precipitation were sug-

gested, e.g to explain high pCO, observed in spring below sea ice in Young Sound and
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Franklin Bay, Arctic (Rysgaard et al., 2007) or to explain the TA changes in Antarctic fast
ice in spring (Delille et al., 2007). For the first time, Dieckmann et al. (2008) observed
calcium carbonate precipitation as ikaite (CaCOs5 - 6H50) crystals in Antarctic sea ice
and a bit later in the Arctic (Dieckmann et al., 2010).

Since then, several others studies focused on ikaite crystals observation and distribu-
tion within Arctic sea ice. Rysgaard et al. (2012) performed microscopic examinations
and x-ray diffraction analysis of single crystals and observed ikaite crystals throughout the
sea ice during summer in Arctic (Fram Strait). They found larger crystals in the upper
ice layers. Rysgaard et al. (2013) used a stereomicroscope and found that ikaite crystals
concentrations decreased with depth in land fast ice and a polynya region from Young
Sound (Greenland) in early spring (18-24 March). Accordingly, Rysgaard et al. (2014)
observed that ikaite concentrations in artificial sea ice decreased with depth. In the same
study, the modeled concentrations with FREZCHEM (Marion et al., 2010) suggested
that ikaite concentration in the brines in general increases with decreasing temperatures.
Another study performed during the same experiment reports ikaite concentration of up
to 167 umolkg™! based on TA and DIC analyses (Geilfus et al., 2016), which is in the
same range as the estimates of Rysgaard et al. (2014). In spring at Barrow, Geilfus et al
(2013) found ikaite crystals in frost flowers (FF) and at all depths in young sea ice using
Raman spectroscopy and X-ray analysis. The maximal amount of ikaite precipitated was
observed in FF (around 25 pmolkg™!) and at the surface, probably favoured by the ex-
pulsion of salty supersaturated brine. However, the authors concluded that the amount of
COg4 generated by precipitation was minor compared to the total flux estimated by DIC
depletion.

Nomura et al. (2013a) observed ikaite crystals in Svalbard using a Raman microscope
and quantified the ikaite content with a relationship between TA and salinity. Ikaite
crystals were mainly observed in the bottom of the snowpack, in slush and the surface
layers of the sea ice where the temperature was generally lower and salinity higher than

in other layers.

In Antarctica, few studies reported ikaite precipitation. In addition to the observations
of Dieckmann et al. (2008), Fischer et al. (2013), using micro X-ray diffraction to identify
the mineral and spectrometry to quantify the calcium ions, observed the same pattern as
in the Arctic, i.e. maximum ikaite concentrations found mostly in the uppermost layers

of sea ice.

All the studies reported in the Table 1 addressed ikaite precipitation during spring or

summer with sea ice temperature above -14.2°C.
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Table 1: Observations and quantification of calcium carbonate precipitation in the Arctic and Southern
Oceans (FF is used for frost flowers, SI for sea ice, MY for multi-year).

CaCO3
fee Snow concentra-
Location Season Ice type depth T (°C) depth tion Method Reference
(Cm) (Cm) (,umol kg—l)
Southern Ocean
Weddell . Nilas Weighed mineral Dieckmann et
Sea Spring MY ice 25-225 0to 103 mass al. (2008)
Top 5 cm 55 to
Adélie Sprin of young ~15 _2 6 T~0 25-550 Ca?t quantity by Fischer et al.
Land, East pring landfast ice ’ spectrometry (2013)
Antacrtica Landfast ~60 ~0 0-26
ice
East Late Win- -11.7 to - 24 . .
Antarc- ter - Early Pack ice 49-133 4 at the N/A 1-52 Ca quantity by Fischer et al.
. spectrometry (2013)
tica summer top
Arctic Ocean
Fram Strait 5o r0mer Pack ice 50-100  -1.7to 0 162-241.5  From TA and DIC ~ Lvsgaard et
(June) al. (2012)
Early Landfast 110-115  -10to-2 70 100-900 Microscopic Rysgaard et
Greenland spring 1ee images analyses al. (2013)
(18-24 Polynya 30 -5 to -2 17 200-700
March)
Spring Landfast -14.2 to - FF: 25 Geilfus et al.
Barrow (April) ice 20 2 SL 15-19  1AP-TAf (2013)
. Pack ice -4.2 to - 30-60 at .. Nomura et al.
Svalbard Spring (Ist year) 31-125 0.8 1-39 the surface TA and salinity (2013a)
i Geilfus et al.
Canada S;gﬁzlt SAe:ﬁZlal 0-24 T to -2 1-167 From TA and DIC (2016)
<100 at the Microscopic obs Rysgaard et
bottom P ) al. (2014)
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I1.4.4. Sea ice-atmosphere gas exchanges

I1.4.4.1. pCO; dynamics

While observations of direct air-ice CO45 fluxes have been repeatedly reported, most
of the previous studies have not included those direct flux measurements. To estimate
the COy fluxes between two reservoirs, the partial pressure of COs (pCO,) is a useful
parameter. The pCO, of a seawater sample refers to the partial pressure of gaseous CO,
that is in equilibrium with that seawater. The pCO, is one of the the fourth carbonate
system parameters (in addition to DIC, TA, pH) that can be determined analytically and
once it is determined, the use of Henry’s law (Eq. 1) allows to calculate the concentrations
of dissolved CO,. The difference in pCOy between two reservoirs, such as seawater (or

sea ice) and the overlying air, can also be used to derive the air-sea (ice) CO, fluxes.

The brine pCOs at the top of sea ice is therefore a key parameter driving ice-atmosphere
carbon exchanges (Moreau et al., 2015). Surface brine pCO5 depends on several physical
(brine concentration-dilution, permeability, bubbles formation), chemical (ikaite precipi-
tation/dissolution), and biological processes (photosynthesis, respiration) as shown on the
Figure 12. During the winter ice growth, brine contraction due to cooling results in the
concentration of salts, CO, and other gases as well as brine rejection and upward trans-
port. Higher CO, brine concentration can lead to CO, release to the atmosphere (Geilfus
et al., 2016; Nomura et al., 2018), if the gas permeability allows it. The low temperatures
and high brine salinities conditions in sea ice may further promote the precipitation of
ikaite (Dieckmann et al., 2010; Dieckmann et al., 2008; Rysgaard et al., 2012; Rysgaard
et al., 2013) which also induces an increase in COs brine concentration. However, the

timing, conditions and net efficiency of carbonate precipitation in natural sea ice are still

debated.

During the warming period, the brine pCO, decreases below air saturation and atmo-
spheric CO5 uptake by sea ice takes place (Delille et al., 2014; Geilfus et al., 2013, 2012a;
Nomura et al., 2010a) as a consequence of ice melting and subsequent brine dilution,
increase in sea ice permeability, net inorganic carbon uptake by ice algae (Arrigo, 2017)
and the dissolution of ikaite (Rysgaard et al., 2011).

11.4.4.2. Permeability

Permeability controls gas transport in sea ice, including gas fluxes at the ice-atmosphere

interface. It has been suggested repeatedly that ice-air CO4 fluxes are impeded when the
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Figure 12: Scheme from Moreau et al. (2015) presenting the seasonal inorganic carbon dynamics in
first year landfast sea ice. Physical processes (ice growth/decay, incorporation of DIC and TA) appear in
blue and active carbon processes (CaCQOg precipitation/dissolution, COy exchanges and net community
production) are presented in red.

and TA |1

ice is impermeable, mainly during ice growth (e.g. Delille et al. (2014), Tison et al.
(2016)). When the sea ice starts to warm up, the permeability increases and allows larger
CO4 fluxes. The brine volume of sea ice controls its permeability. Sea ice is considered
impermeable to fluid transport for brine volume fractions below 5% (Golden et al., 1998).
The ~5% of brine volume fraction corresponds to a bulk ice salinity of 5 and temperature
of —=5°C, the so-called rule of fives (Golden et al., 1998b). Above this threshold, brine
pockets coalesce and brine channels are connected to each other and sea ice with a colum-
nar structure becomes permeable for fluid transport. Until now, a first-order estimate of
the gas permeability range was based on the one for liquids (i.e. BrV>5%). However, it
remains unclear whether this threshold for liquids should be transposed for gas exchanges.
The gas permeability threshold has been assessed between 6.1% and 7.9% in young arti-
ficial sea ice (Loose et al., 2010), between 7.5% and 10% according to field observations
(Zhou et al., 2013) and around 10% in the model study of Moreau et al. (2014).

In sea ice, gases are either dissolved in brines or exists as air bubbles in brine inclusions
or trapped within the ice matrix. In the absence of brine convection, the main pathway to
transport dissolved gas is the diffusion, which is driven by dissolved gas gradients (Delille
et al., 2007; Miller et al., 2011). An alternative gas transport pathway is via gas bubbles.
Bubbles nucleation takes place at the onset of sea ice growth when air inclusions are
trapped within the ice matrix and further develop when gases are concentrated in brines
during ice growth as suggested by Crabeck et al. (2014a; 2016) and Zhou et al. (2014).

Gas bubbles can further reach the ice surface by buoyancy when the brine network is
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connected with a brine volume above a given threshold. Both model and experimental
studies suggested gas bubbles nucleation and/or upward migration. Zhou et al. (2013)
showed that during ice growth, a portion of the dissolved gas in the brines appeared to
transfer to gas bubbles as indicated by the total Ar super-saturation levels observed. A
model study of Moreau et al. (2014) suggested an intense and rapid release of Argon gas
bubbles to the atmosphere in spring. Kotovitch et al. (2016) showed that the magnitude
of the ice-air CO5 fluxes observed in a controlled experiment with artificial ice can only
be reproduced with their model by adding an intense gas bubbles formation and escape

pathway to the atmosphere.

It appears that permeability is not the only factor controlling gas transport. Both
diffusion processes and gas bubbles migration depend on the tortuosity of brine channels.
As observed by Loose et al. (2010), bubble inclusions can be entirely sealed off from the
brine network or present “dead-ends”. (Gas bubbles can therefore get stuck within the
porous microstructure of the ice and/or slow down on their way to the atmosphere as
suggested by Moreau et al. (2014) and Kotovitch et al. (2016), still neglecting this effect

of tortuosity on gas bubble rise in their models.

In line with the impact of tortuosity, it has also been suggested that the permeability
threshold for fluid transport varies with ice texture. For example, the threshold for gran-
ular ice may be higher than the permeability of columnar ice at a given porosity (Golden
et al., 1998). This could be explained by the less aligned structure and distribution of
brine pockets and channels in granular ice (Meiners and Michel, 2016) which is formed by
frazil accumulation and exhibits randomly oriented crystals. The permeability thresholds

for gas transport potentially depend also on the ice texture.

I1.4.4.3. Conditions at the air-ice interface

[ce-atmosphere CO5 exchanges are moreover strongly affected by the conditions at the
interface, i.e. the ice type (superimposed ice?, snow ice3, the presence or absence of snow
cover and the ice and snow chemical and physical properties. CO, fluxes may be impeded
due to deep snow, especially if superimposed ice is forming (Delille et al., 2014; Geilfus et
al., 2012a; Nomura et al., 2010b; Zemmelink et al., 2006). Snow salinity, wetness, density,
grain sizes among others are likely to affect the magnitude and direction of CO, fluxes
(Delille et al., 2014; Nomura et al., 2018; Nomura et al., 2010b). Brine-wetted snow is

a multiphase reactor hosting specific physical and chemical processes that may influence

2A fresh ice layer formed from snow meltwater.
3Snow ice is formed when seawater that floods the bottom of the snow pack freezes. Flooding occurs
due to the depression of the ice surface below sea level under snow loading.
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CO,, fluxes: uptake and migration of trace gas, diffusion, and sources and sinks processes
(Bartels-Rausch et al., 2014). While the impact of fresh snow cover on gas fluxes has
been documented for terrestrial environments (Brooks et al., 2005; Takagi et al., 2005),

the role of the snow on sea ice is still overlooked.

11.4.4.4. Measurements of air-ice CO, fluxes

Over the last several decades the two main field measurement techniques used to mea-
sure ice-air COy exchanges were the chamber technique and the eddy-covariance (EC)
technique. Within the chamber temporally closed over the sea ice or the snow, the change
in gas concentration over time is measured. The EC technique is based on the measure-
ment of vertical wind speed and gas concentration at high frequencies. The covariance
between changes in vertical wind and changes in the gas concentration, averaged over a
period of time, gives the flux (Butterworth and Else, 2018). As pointed out by Butter-
worth and Else (2018), the shortcoming of the chamber technique is the alteration of the
surface enclosed in the chamber and the potential changes in temperature, radiation, pres-
sure gradients, wind speed and turbulence. However, to deal with the pressure gradient, a
mobile cap to vent the chamber is added and allow to maintain an ambient pressure inside
the chamber. The chamber can also be moved between each measurement to limit the
alteration of the surface. The fluxes measurements are spatially and temporally limited
but allow to capture only the fluxes occurring above sea ice while the EC technique allows
to cover a broad area but may include open water areas, ice cracks and flow originated

from land.

The EC technique would allow long term measurements but other problems are en-
countered. A fixed tower with the EC system allows to avoid the motion contamination

associated with ship-based EC. Two places are possible for the deployment of the tower:

e On sea ice, allowing to capture the autumn to spring fluxes but not summer fluxes

if sea ice melts

e On the land, but then a large part of the flow originated from land and other flow

distortion can occur with reliefs. Many corrections are required.

Until recently, these techniques gave large differences in the estimated fluxes. Ice-air CO,
fluxes measured with the chamber technique over bare sea ice ranged from -5.4 (negative
flux indicates CO, uptake by sea ice) to +9.9 mmolm~2d~! (positive flux signifies gas

release from the sea ice to the atmosphere; Table 2). Much higher CO, fluxes were derived
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from EC technique and estimated to range from -259 to 295 mmol m~—2d~! (Butterworth
and Else (2018) and references therein). Butterworth and Else (2018) addressed the
shortcomings of these previous EC systems with water vapor issues associated with the
use of open-path infrared gas analyzer (IRGAs). They used a closed-path IRGA with a
dried sample airstream. This new EC system relies on techniques to dry the air samples
such as a cold trap or a moisture exchanger (Nafion) and requires maintenance for the
replacement of this desiccant. The authors showed that the dried, closed-path EC system
greatly reduces the magnitude of measured CO, fluxes compared to the open-path EC
system, therefore matching with chamber flux measurements over sea ice. The CO, fluxes
measured with the dried, closed-path EC system during the spring season prior to ice
breakup in Cambridge Bay, Nunavut, revealed a mean value of -0.254+1.75 mmolm~—2d 1.

This falls within the range measured by the chamber technique (Table 2).

Table 2: Overview of COs fluxes measurements using the chamber technique. Positive fluxes indicate
gas release, negative fluxes indicate gas uptake.

Snow COg fluxes
Location Ice type depth Season 2 5 11 Reference
(mmolm~==d~1)
(cm)
Snow interface (<9 cm):
. . -1.8 —-1.2 Nomura et al.
Saroma-ko, Japan Landfast ice 0-19 Winter Snow interface (>9 cm): (2010D)
-0.4-0.0
Ice interface: -3.6 — -1.2
Arctic Ocean
. Winter- Ice interface: -1.8 — +6.8 Nomura et al.
North of Svalbard Pack ice 2 - 60 Spring Snow interface: 0 — +0.4 (2018)
. . Ice interface: -0.3 — +0.2 Nomura et al.
North of Svalbard Pack ice 1-30 Spring Snow interface: -0.8 — 40.3  (2013a)
- Artificial sea Growth +0.29 — +4.4 .
Winnipeg, Canada ice 0-9 Decay 9813 Geilfus et al. (2016)
Resolute  Passage, Landfast ice Late spring  -5.4 —-0.04 Geilfus et al. (2015)
Nunavut
Landfast ice
Barrow, Alaska (young, < 20 Spring +4.2 — +9.9 Geilfus et al. (2013)
cm)
Beaufort Sea, Landfast Sprin Ice interface: -2.6 — +0.84 Geilfus et al.
Canada and pack ice pring Snow interface: -1.49 — (2012a)
+2.1
Barrow, Alaska Landfast ice 16 — 2 Spring Snow interface: -1 — +0.7 ?;%T(;:)a et al.
g;i‘;lél;e Passage, Landfast ice 11-15 Spring All interfaces: -4.4 — 4+5.0 Brown et al. (2015)
Southwest . . Ice interface: -1.5 — +9.5 .
Greenland Landfast ice 3-8 Late winter Snow interface: -2.2 — +7.3 Fischer (2013)
Southern Ocean
Bellingshausen Sea Sprine — -2.9--04
Weddell Sea Pack ice pm mg . 5.2--1.8 Delille et al. (2014)
Indian sector of the su ¢ 11— 419
SO o '
. Landfast ice Ice interface: -0.4 — +0.2 Nomura et al.
Littzow-Holm Bay 1) 9-68  Summer Snow interface: -0.5 — +0.2  (2013a)
Bellingshausen Sea  Pack ice 28 — 106  Spring Ice interface: -2.9 — 4-0.3 Geilfus et al. (2014)
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I1.5. Sympagic communities

The sea ice ecosystem is characterized by steep gradients in temperature, salinity,
light and nutrient availability. Despite these challenging environmental conditions, sea ice
provides a dynamic habitat for diverse communities of microorganisms. These sympagic
communities include a wide variety of organisms from different taxonomic groups such
as algae, bacteria, heterotrophic protists, fungi and viruses (Deming, 2010; Horner et al.,
1992; Poulin et al., 2011). Sympagic communities are dominated by bacteria in terms of
abundance, and by algae in terms of biomass (Meiners et al., 2004), particularly diatoms

during the spring bloom (Vancoppenolle et al., 2013b).

I1.5.1. Indicators of sea ice biomass

The organic matter content in sea ice is quantified using several indicators or quanti-
ties. The concentration of chl a, the dominant photosynthetic pigment in marine microal-
gae (Vancoppenolle et al., 2013b), is measured by fluorometry or HPLC (high performance
liquid chromatography) and is an indicator of autotrophic biomass. It varies by geographic
region, ice type and over seasons as reported by Meiners et al. (2012) for Antarctica. High
chl a concentrations (> 1000 ug L™!) were reported in both Antarctic pack and fast ice
(Arrigo, 2017; Meiners et al., 2018), with maximum values (> 6000 ug L") observed in
platelet ice in the McMurdo Sound in the Ross Sea (Arrigo et al., 1995). Concentrations
are generally highest in landfast ice, which is more productive due to the nutrient supply
by coastal processes such as riverine influence (in the Arctic) or tidal currents promoting
vertical mixing and forced convection in sea ice (Vancoppenolle et al., 2013b) or due to

the occurence of platelet ice allowing biomass accumulation.

Chl @ measurements specifically targets phototrophic biomass (excluding cyanobacte-
ria) while POC includes all of the organic carbon regardless of its physiological role (e.g.,
healthy cells or detritus) or trophic functions (autotrophic or heterotrophic) (Vancop-
penolle et al., 2013b). The distribution of chl @ and POC in sea ice are usually correlated,
implying that ice algae represent a large part of POC and partly produce it (Vancop-
penolle et al., 2013b). A decoupling between sea ice POC and chl a concentrations can
indicate a significant contribution of non-pigmented biomass (heterotrophs and detritus)

in POC concentrations (Vancoppenolle et al. (2013b) and references therein).

Dissolved organic matter (DOM) is a diverse pool of complex organic compounds such
as carbohydrates, proteins, amino acids as well as more complex substances (e.g. humic

substances) (Meiners and Michel, 2016; Vancoppenolle et al., 2013b). DOM is defined as
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organic matter smaller than 0.2 ym but in practice, it is routinely measured after filtra-
tion through GF/F glass fiber filters with a pore size of ~0.7 ym (Thomas et al., 2010).
Sea ice DOM includes both material produced in situ by organisms through biological
release and material trapped during sea ice formation (Meiners and Michel (2016) and
references therein). Among the element making up DOM are found the dissolved or-
ganic carbon (DOC), dissolved organic nitrogen (DON) and dissolved organic phosphorus
(DOP). Considerably less is known about DON and DOP than about DOC (Sarmiento
and Gruber, 2006). Sea ice DOC concentrations are generally higher than the seawater
values (Smith et al., 1997; Thomas et al., 2001) and the high concentrations are often
associated with the highest standing stocks of organisms (Meiners and Michel, 2016). In
Arctic sea ice, DOC concentrations up to 2.5 x 103uM were reported (Riedel et al., 2008)
while in Antarctic sea ice, large variability and lower values were reported, with concen-
trations higher than 1.8 x 103uM in melted ice cores (e.g. Papadimitriou et al. (2007),
Thomas et al. (2001, 2010)). DOC and DON concentrations are generally correlated,
although DOC/DON ratios are highly variable, ranging from 3 to 50 (Krell et al., 2003;
Norman et al., 2011; Papadimitriou et al., 2007; Thomas et al., 2001).

I1.5.2. Seasonal evolution of biomass

In winter, sea ice algal biomass is usually limited (Krell et al., 2003; Ratkova et al.,
2004; Werner et al., 2007) because of harsh sea ice conditions, i.e. low temperature,
high brine salinity and insufficient light levels. In spring, algae concentrations increase
in parallel with the increase of temperature and desalinisation processes (Delille et al.,
2002; Mundy et al., 2005). The algal biomass taken by sea ice from seawater is minimal
(~0.01 pgL~1) but increases by five to seven orders of magnitude during the bloom
(Arrigo, 2014). The bloom often peaks in late spring or early summer as observed on the
Figure 13 in October and November, before the ice melts and breaks up and when the ice
column is nearly isothermal and highly permeable allowing enhanced nutrient exchanges
with seawater (Arrigo and Sullivan, 1994; Garrison et al., 2005). Subsequent declines
in ice algal abundance in summer may be related to losses from melting sea ice (Grossi
et al., 1987), nutrient limitation (Fripiat et al., 2017) and/or increased grazing pressure
(Hegseth and Von Quillfeldt, 2002). When the ice pack starts to form again in autumn,
a secondary ice algal bloom may develop (Fritsen et al., 1994; Meiners et al., 2012) but
is usually short lived owing to environmental conditions becoming too harsh to support
algal growth (Garrison et al., 2005; Kennedy et al., 2002; Meiners et al., 2003).

It is important to keep in mind that algae both photosynthesize and respire, while het-

erotrophic bacteria and grazers (including protozoans and metazoans) only respire and
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their growth and cell maintenance depend on the photosynthetically produced biogenic
matter (Thomas et al., 2010). Prior to the bloom period or during winter, the het-
erotrophic community can dominate (Niemi et al., 2011; Paterson and Laybourn-Parry,
2012; Riedel et al., 2008). During the ice algal bloom in the growing season, intense au-
totrophy generally superimposes on the heterotrophic activity (Thomas et al., 2010). But
net heterotrophic phases associated with spring biomass build-up has also been reported
in the Arctic (Campbell et al., 2017; Rysgaard et al., 2008; Rysgaard and Glud, 2004).
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Figure 13: Seasonal evolution of integrated ice algal biomass in Antarctic landfast sea ice (mgm~2) from
Meiners et al. (2018). The main sampling locations are Syowa (yellow), Davis (blue), and McMurdo (red)
stations. Grey symbols refer to other locations. The thick, thin and dashed lines indicate the monthly
median, interquartile and mean biomass of full (>3 ice sections for the entire ice thickness), complete
(<2 ice sections) and intermittent (sampling gaps) cores.

I1.5.3. Net community production

Net community production (NCP) refers to the balance between gross primary pro-
duction and respiration of all organisms. It described the net trophic status of the ice,
net autotrophic or net heterotrophic. This trophic status subsequently affects gas fluxes
at the interfaces ice-water (Brown et al., 2015) and ice-atmosphere. Positive NCP (au-
totrophy) leads to a consumption of DIC and a production of Os, whose stoichiometry is
tightened to photosynthetic and respiratory reactions (i.e., photosynthetic quotient) (An-
derson, 1995; Glud et al., 2002). The measurement of NCP can be performed in different

ways, via:

e Chl a or Particulate organic carbon (POC) measurements to estimate the accu-

mulation of algal biomass and its temporal change. As mentioned by Zhou et al.
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(2014), this method requires the extraction and the melting of sea ice which alters
microenvironmental conditions (change of salinity, temperature, nutrients concen-
trations...) and the microorganisms growth. Furthermore, a conversion factor

C:chl a is required to calculate the equivalent C uptake.

" incubation technique (Steemann-Nielsen, 1952). A similar incubation method
based on *C-labelled carbon and two *° N-labelled nitrogen substrates (NO3 , NH,")
was developed at ULB-VUB to measure C, N uptake in the sea-ice (Roukaerts et al.,
2016). Incubation techniques are generally based on ice crushing and addition of
filtered seawater or by thawing the sample prior to adding tracer. As mentioned by
Glud et al. (2002), these procedures change the microenvironmental conditions and
alter the photosynthetic activity (e.g. gradients of Oy, DIC and nutrient concentra-
tions, salinity, temperature, microbial organization and light conditions). Samples
incubation can be performed in glass bottles placed under the ice in order to mimic
the in-situ light conditions. However, it’s difficult to reproduce the exact light field

conditions of the microalgae during incubations (Glud et al., 2002).

O, exchanges between the ice and the underlaying water using pulse-amplitude-
modulated (PAM) fluorometry (Glud et al., 2002), Oy micro-electrodes (McMinn
and Ashworth, 1998), Oy micro-optodes (Mock et al., 2002) or ice—water interface
Oy eddy correlation (Long et al., 2012). These techniques allow to minimize the
disturbance of the microenvironmental conditions (Glud et al., 2002) but depend
on the structure and the physical properties of sea ice (i.e., permeability and brine
dynamics). The PAM fluorometry is sensitive to the spatial variability of the algal
biomass and the optical properties of the ice (Glud et al., 2002). The O, concen-
trations measured using microsensors will also differ if the sensors are set in brine,
ice, gas bubbles or bacterial films (Mock et al., 2002) and measurements are only
possible in permeable ice layers where Oy diffuses to the microsensors (Glud et al.,
2002). The eddy-correlation technique covers a large footprint and limits the dis-
turbance of the environment (natural light conditions, no ice melting or crushing,
hydrodynamic conditions) (Long et al., 2012). But, this technique assumes that the
dominant form of vertical transport is turbulent mixing and can therefore produce
inaccurate results in case of stratification and insufficient turbulence (Long et al.,
2012).

O, /Ar ratios. Oy and Ar measurements in ice are performed by ice crushing, which
allows to include both Oy dissolved in brines and gaseous Os in bubbles, in both
permeable and impermeable sea ice layers. Furthermore, Ar measurements are used
to remove the influence of physical impact on O, concentrations. Argon has indeed

no biological sources or sinks and is therefore a tracer of physical processes.
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The Table 3 presents the community production rates for landfast sea ice of the Arctic
and Southern Oceans with different measurements method. Some studies documented the
net community production across the Arctic using standard measurement methods such as
incubation of melted ice cores (Campbell et al., 2017; Spgaard et al., 2010) and highlighted
succession of distinct heterotrophic and autotrophic phases. A study of McMinn et al.
(2012) estimated the NCP at Casey Station (East Antarctica) using O, microelectrode
and reported a smaller range of values than the NCP reported in McMurdo Sound in the

bottom platelet layer using standing crop of chl a (Arrigo et al., 1995).

I1.5.4. Algal communities in Antarctic sea ice as a function of depth

Each sea ice layer hosts its own microalgae communities with different abundance,

physiological characteristics and production rates.

The surface algal communities exhibit commonly lower chl a values than in the bottom
layers, ranging between 270 and 730 pg L ™! in spring in the McMurdo Sound (Lizotte and
Sullivan, 1992). The presence of infiltration layers or gap layers? at the sea ice surface
enhances the microalgae growth (Haas et al., 2001; Kattner et al., 2004; Kennedy et al.,
2002), providing fresh nutrients and developing where no light limitation is encountered
(Van Leeuwe et al., 2018). Production rates in these infiltrations layers can reach more
than 2 gCm~2day~! (Lizotte and Sullivan, 1991). In Antarctica, infiltration layers are
quite common while melt ponds® occurs more frequently in the Arctic (Ackley et al., 2008;
Andreas and Ackley, 1982; Massom et al., 2001).

4Partially melted layer filled with slush or seawater underneath a surface layer of snow and ice (Ackley
et al., 2008; Ackley and Sullivan, 1994)
5Pools of melted snow and ice at the sea ice surface

Table 3: Community Production Rates for Landfast Sea Ice of the Arctic and Southern Oceans

. NCP NCP
Location Layer Method (umol L= day~1) (mgCm~2day~!) Reference
Southern Ocean
McMurdo Sound Bottom, = Standing  crop of 170 to 1200 Arrigo et al. (1995)

platelet  chl a

McMinn et al.

Casey Station Bottom O3 microelectrode 103 to 163 (2012)
Arctic Ocean
Barrow, Alaska Surface- 5 ) \y 6.6 to 3.6 Zhou et al. (2014)
internal

Malene Bight, SW Surface  Oxygen 0.8 £ 3.5 Sogaard et al.
Greenland Bottom  incubations 6.3 +£2.3 (2010)

Oxygen optode in- Campbell et al.
Nunavut, Canada Bottom cubations 1.6 to 2.8 (2017)
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Species of flagellates are the dominant taxonomic group in both surface and interior
layers in landfast and pack ice (Van Leeuwe et al., 2018). In antarctic internal ice layers,
during winter, the highest ice algal chl a concentration is found in the sea ice interior,
likely as a result of autumnal ice accretion trapping bottom-ice communities (Meiners
et al., 2018). Hence, internal and surface communities are particularly important during
seasons with low overall biomass (Meiners et al., 2018). In the Weddell Sea, maximum
ice algal biomass in internal layers ranged between 4 and 10 pg L~! in summer and up to

440 pg L~ in autumn (Arrigo (2017) and references therein).

Highest concentrations of sea ice microalgae are often found in the bottom 20 cm of
the ice where environmental conditions are more stable and favorable for growth (Arrigo,
2017). Some of the most favorable habitats are found beneath landfast ice in Antarctica,
where platelet ice develops (Arrigo, 2017). Platelet ice layer harbors some of the largest
biomass concentrations on Earth (Arrigo et al., 1995). In spring, chl a concentrations in
platelet layers may exceed 6000 pugL~!, which is 6 times higher than the concentrations
in the columnar ice from the same study (Arrigo et al., 1995). Pennate diatoms (longer
along one axis) dominate the bottom layers, accounting for 28% of the whole community
in landfast ice and about 83% of the whole community in pack ice (Van Leeuwe et al.,
2018). In some case, strand communities of colonial diatoms (e.g. Berkeleya antarctica in
Antarctica) develop under the sea ice, attached to the bottom layers and suspended into
the surface ocean layers (Arrigo, 2014) (Figure 4). These algae find their nutrient supply
in the water column, allowing them to accumulate large amounts of biomass and grow up

to a length of 1 m or more (Arrigo, 2014).

I1.5.5. Large-scale contribution of sea ice to primary production

Annual production rates are similar in the Arctic and Antarctic sea ice, ranging from
0.001 to 23 gCm 2y~ ! and from 0.3 to 38 gCm~2y~!, respectively (Arrigo (2017) and
references therein). By far the maximum production rate in Antarctica, estimated at 38
gCm2y~! was observed in platelet ice from the McMurdo Sound. Lizotte and Sulli-
van (1991) compared the production rates of pack ice and landfast ice communities and
observed higher production rates in the pack ice. They related this to higher irradiance
levels under the pack ice. Ugalde et al. (2016) concluded also that light availability was a
determining factor in production rates, more than the more porous structure of pack ice

with thick frazil layers.

In situ data (e.g observations of chl a) and modeling studies allow to evaluate the large-

scale total phytoplankton primary production in sea ice (Vancoppenolle et al., 2013b). In
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the Southern Ocean south of 50°S, 1949 4 70.1 Tg Cy~! are produced in the open ocean
with a major contribution from the Ross Sea (Arrigo et al., 2008), 114 TgCy™! are
produced in the marginal ice zones and the contribution from sea ice ranges from 40 to 70
Tg Cy~! based on models and field data, respectively (Arrigo et al., 1997; Legendre et al.,
1992). Sea ice ecosystems account therefore for 2 to 4% of the total annual production in
Antarctic waters. This contribution would increase substantially while only considering

the sea ice zone of the Southern Ocean (Arrigo et al., 1997).

I1.5.6. Macro-nutrients

Macro-nutrients, such as nitrate (NOj ), nitrite (NO; ), phosphate (PO3™), silicic acid
(Si(OH),) and ammonium (N H, ) are used by all organisms to synthetize structural and
functional components (Gruber, 2008; Paytan and McLaughlin, 2007). Nutrient dynamics
in sea ice depend on the brine transport, the biologically-mediated consumption and
assimilation into biomass and the production via remineralization (Fripiat et al., 2017).
Macro-nutrients are dissolved in brine inclusions, except N H, that can be trapped within
ice crystals during freezing (Weeks, 2010). Hence, in the absence of biological uptake or
remineralization, nutrient concentrations conservatively follow sea salt concentrations.
Concentrations in interior ice are generally small and lower than seawater concentrations
(Meiners and Michel, 2016; Vancoppenolle et al., 2013b) while concentrations higher than
seawater values are commonly encountered in the sea ice bottom in spring and summer
(Fripiat et al., 2017) as also observed by Roukaerts et al. (2018) at Cape Evans (McMurdo
Sound, Antarctica). In the absence of an external supply, macro-nutrients are likely to be
easily exhausted (Vancoppenolle et al., 2013b). As pointed out in several observations and
modelling studies, key limiting nutrients for sea ice algal growth are nitrate and silicic acid
(Gradinger, 2009; Lavoie et al., 2005; Saenz and Arrigo, 2014). Relative to nitrogen, silicic
acid has a low rate of recycling within sea ice (Arrigo et al., 2002; Gleitz et al., 1995) and
diatoms, often dominating the sea ice algal communities, are particularly affected by its
limitation (Meiners and Michel, 2016). Algae reactions to nutrient stress can include the
release of DOC from their cells by both passive (leakage) and active processes (exudation)
(Meiners and Michel, 2016).

A compilation of macro-nutrient data in Antarctic pack ice performed by Fripiat et al.
(2017) showed that the salinity-normalized concentrations of dissolved inorganic nitrogen
and Si(OH), follow the general trend expected for productive ecosystems by decreasing
from spring to summer in parallel with the biomass build-up (Figure 14). In late summer
(from March), both dissolved inorganic nitrogen and silicic acid concentrations increased,

led by an imbalance in their production and consumption rates and faster remineraliza-
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tion. Intermediate nutrients (N H, and NO; ) showed relatively invariable concentrations
indicating a balance between production and consumption rates. The phosphate concen-
trations had a different dynamic and were in excess from spring to summer. Several
hypotheses were proposed by the authors to explain this excess: greater allocation to
phosphorus-rich biomolecules during the bloom, convective loss of excess dissolved ni-
trogen, preferential remineralization of phosphorus, and/or phosphate adsorption onto

metal-organic complexes (Fripiat et al., 2017).
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Figure 14: Annual cycle of salinity-normalized concentrations of nutrients in Antarctic pack ice, Fripiat
et al. (2017). The red, green, and blue boxes indicate the concentration ranges in surface (0-0.2 m),
interior, and bottom -most 0.1 m- layers in sea ice, respectively. The solid lines indicate the concentration
range in seawater and the dashed line indicates the average solar radiation. The two stars indicate
occasions with less than 15 data points in a depth interval.
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I1.5.7. EPS and biofilm formation

In both terrestrial and aquatic environments, algae and bacteria secrete extracellular
polymeric substances (EPS) which are complex organic materials composed primarily
of polysaccharides with carbon backbones of high molecular weight (1-3 x 10° Daltons)
(Krembs and Deming, 2008). EPS can represent up to 70 % of the sea ice POC pool
(Krembs et al., 2002; Meiners et al., 2004, 2003).

By forming a gelatinous matrix, EPS lies at the root of the biofilm formation (Stew-
art and Franklin, 2008). Ice-associated biofilms have been suggested in several studies
(Boetius et al., 2015; Deming, 2010; Meiners et al., 2003, 2008). EPS can aggregate in
the ice by coating the surface of brine channel walls (Meiners et al., 2003) as shown on
Figure 15 and under the ice (see Boetius et al. (2015) and references therein). Diatoms
cultured in subzero brine are known to produce high concentrations of EPS (Aletsee
and Jahnke, 1992) and observations in sea ice revealed the prevalence of EPS coatings
around diatom cells (Krembs et al., 2002). EPS concentrations are also correlated with
the abundance of bacteria (Deming, 2010; Meiners et al., 2004, 2003).

///(

Figure 15: Scheme from Deming (2016) showing a brine inclusion with bacteria (white cells) and a pair
of diatoms embedded in EPS lining the pore space. EPS provide a defense against viruses (hexagons).
Also shown are organic substrates (black triangles) and extracellular enzymes (green) hydrolysing the
substrates.

11.5.7.1. Why are EPS produced in sea ice?

Besides their contribution to the sea-ice particulate organic carbon pool (Riedel et al.,

2006), EPS are sticky and may promote organisms attachment and adhesion to crystal
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surfaces (Hoagland1993, Meiners2008). It may also serve other functions such as cryopro-
tection maintaining a liquid environment around cells and buffering against ice-crystal
damage (Aslam et al., 2012; Krembs and Deming, 2008; Krembs et al., 2002). Indeed,
Krembs et al. (2002) suggested that polyhydroxyl compounds, able to depress the homo-

geneous nucleation temperature of water, is largely present in sea ice.

The production and release of EPS by microorganisms in their environment is known
to increase in response to stress (Hoagland et al., 1993; Tamaru et al., 2005) and in
case of shifts of environmental conditions, e.g. temperature, salinity or pH (Bowman,
2008; Krembs and Deming, 2008; Marx et al., 2009; Meiners et al., 2008; Steele et al.,
2014). Sea ice is in particular an environment in which temperature changes and sub-
sequent physical and chemical changes occur and affect the transport and availability of
water, nutrients and gases concentrations as well as increase the concentration of various

dissolved substances, sometimes to toxic level (Krembs and Deming, 2008).

I1.5.7.2. Specificity and implications of a biofilm

The biofilm matrix is an aqueous solution but due to the locally high cell densities
and the presence of EPS, diffusion processes and water flow are impeded in its direct
vicinity (Stewart, 2003). For example, the diffusion rate in the matrix of solutes with
the size of oxygen is approximately 60% of their diffusion rate in pure water (Stewart,
2003). Furthermore, the diffusion distance in a biofilm is increased and in the same order
of magnitude as the dimension of multicellular clusters while the diffusion distance for a
freely suspended microorganism is the dimension of an individual cell (Stewart, 2003). The
slower exchanges of metabolic substrates and products lead to spatial heterogeneity and
concentration gradients within the biofilm as shown on Figure 16 (Stewart and Franklin,
2008). In this way, accumulation of nutrient is possible via trapping within the biofilm
(Stewart and Franklin, 2008) or production of inorganic nutrients (remineralization) faster
than their diffusion out of the biofilm (Roukaerts, 2018). These gradients create different
micro-niches within the biofilm with diverse species and growth rates of microorganisms
(Costerton et al., 1994; Stewart, 2003).

EPS also alter the pore microstructure and desalination processes of growing sea ice
(Krembs et al., 2011). The authors observed disordered ice crystals as well as greater
pore density and more complex pore geometries in ice sections grown with added EPS.
Together, the complex tortuosity, the pore clogging and the increase in viscosity can
contribute the salt retention and higher bulk salinities (Krembs et al., 2011). Pore clogging

will also enhance retention of organisms in ice layers with light levels sufficient to support
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substantial algal activity (Krembs et al., 2002).

a Metabolic substrate

Biofilm ' Fluid

Figure 16: Scheme of chemical heterogeneity in biofilm due to reaction-diffusion interactions (Stewart
and Franklin, 2008): a) metabolic substrate consumed in biofilm, its concentration decreases towards the
biofilm’s interior b) metabolic product produced and concentrated in the biofilm ¢) metabolic intermediate
with solutes both produced and consumed in the biofilm.

I1.6. General oceanography of the Ross Sea

Facing the Pacific sector of the Southern Ocean, the Ross Sea extends between Cape
Adare (170°E) and Cape Colbeck (158°W). On the southern side of the Ross Sea lies the
Ross Ice Shelf (RIS), one of the Earth’s largest ice shelf covering an area of 520 000 km?
and reaching an average thickness of 370 m (W. Smith et al., 2012). The continental shelf
extending north of the RIS covers an area of 466 000 km?, with an average depth of ~ 530
m (W. Smith et al., 2012). The RIS limits the uppermost water layers circulation, while
deep waters continue to circulate freely under the floating ice shelf (Budillon et al., 2002).
The Antarctic Circumpolar Current (ACC), following the continental slope from east to
west, acts as the northern oceanographic boundary of the Ross Sea. It carries the 2500 m
mid-depth layer of Circumpolar Deep Water (CDW), a voluminous, relatively warm (>
2°C), salty, oxygen-poor and nutrient-rich water mass. Some CDW is entrained poleward
and enters the Ross Sea gyre, a wind-driven cyclonic feature which extends well north of
the Ross Sea itself. Over most of the shelf areas east of 160 "W, the Antarctic Surface
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Water (AASW) occupies the top half of the water column above the CDW. This fresh
surface water mass (S < 34.3), with a thickness varying locally from 300 m at 162°W to
less than 38 m around 170°E (Orsi and Wiederwohl, 2009), enters the Ross Sea around
Cape Colbeck and continues westward as a narrow coastal flow along the RIS (Smith
et al., 2012). It brings low-salinity surface waters to the Ross Sea Polynya. Near the shelf
break, mixing of CDW with colder and low-salinity AASW produces what farther south
is commonly known as Modified Circumpolar Deep Water (MCDW). MCDW can intrude
well onto the shelf (Figure 17).
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Figure 17: Ross Sea Circulation observed in the past 50 years from Smith et al. (2012) with CDW in
red, AASW in light blue, SW in purple, MCDW in yellow and AABW in dark blue.

11.6.1. Antarctic Bottom Water origin

Sea-ice formation within the Ross Sea modifies local upper waters, AASW or the
relatively warm MCDW into Shelf Water (SW) or High Salinity Shelf Water (HSSW), by
inducing extensive brine rejection and hence increased sea surface salinities. The HSSW is
the densest water mass found around Antarctica with the salinity increasing with depth
(34.75 to 35) and temperatures close to or below the surface freezing point (between
—1.95 and —1.75°C) (Budillon et al., 2002). It forms along the western sector of the Ross
Sea, mostly within the Terra Nova Bay polynya during the winter (Budillon and Spezie,
2000). The saltiest HSSW (S > 34.82) masses are located within the western Ross Sea,
most likely being the local production region (Orsi and Wiederwohl, 2009). Overlying the
HSSW, the Low Salinity Shelf Water (LSSW) with salinities lower than 34.54 is found
at intermediate depths in the eastern Ross Sea (Orsi and Wiederwohl, 2009). HSSW fills
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most of the continental shelf bottom layer and part of it flows southward under the Ross
Ice Shelf, creating different water mass called Ice Shelf Water (ISW). Cooling and basal
melting under ice shelves and glacier tongues forms this ISW which is characterized by
an in situ temperature colder than the sea surface freezing point (Jacobs, 2004). ISW is
primarily located on the central continental shelf and then moves and sinks northward,
therefore contributing to the formation of the Antarctic Bottom Water (AABW).

I1.6.2. McMurdo Sound dynamics and ice-shelf influence

McMurdo Sound is located in the south-western corner of the Ross Sea, bordered by
the Ross Island to the east, Victoria Land to the west, and to the south by the McMurdo
Ice Shelf, the northwest part of the much larger Ross Ice Shelf (Figure 18). The pattern
of the currents is different in the eastern and the western McMurdo Sound. Net southerly
flow, derived from the Ross Sea, is observed in the eastern Sound while net northward
flow occurred in the western Sound (Barry and Dayton, 1988). The southerly flow either
continues towards the sub shelf area before it turns west and exits the Sound or mixes
with northerly flowing sub Ross Shelf waters and flows across the front of the McMurdo
Ice Shelf (Robinson et al., 2010).
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Figure 18: Map of McMurdo Sound from Barry (1988). Arrows represent the westward coastal current.
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11.6.3. 1Ice Shelf Water plume

As High Salinity Shelf Water (HSSW) sinks under the Ross Ice Shelf, its freezing point
is reduced with the increasing pressure. The water mass can therefore lose heat and melt
ice at depth (Hughes et al., 2014). In this way, HSSW entering the ice-shelf cavity is
modified at depth by mixing with the shelf water resulting in the formation of Ice Shelf
Water (ISW). The resultant buoyant water can flow out in a plume towards the surface.
This ISW plume becomes supercooled as it rises because its freezing point increases with
the falling pressure (Foldvik and Kvinge, 1974). When the plume becomes supercooled,
frazil ice crystals start to grow within the supercooled water mass to counterbalance this
local supercooling (Dempsey et al., 2010). Crystals remain initially suspended in the water
column, decreasing the plume density and hence increasing the local buoyancy and the
plume speed (Smedsrud and Jenkins, 2004). This mechanism creates a positive feedback
between plume speed and frazil ice concentration (Jenkins and Bombosch, 1995). The
plume continues further towards the surface as long as it is buoyant. Larger crystals first

deposit at the base of the ice shelf, forming solid marine ice.

11.6.4. Platelet ice formation

Platelet ice refers either to loose platelets crystals underlying sea ice or to the incorpo-
rated platelets into columnar ice (Jeffries et al., 1993; Smith et al., 2001). Platelet ice can
develop underneath existing sea ice, such a sub-ice platelet layer has been observed many
times in the McMurdo Sound (Dempsey et al., 2010; Gough et al., 2012; Jeffries et al.,
1993; Smith et al., 2001). The origin of platelet crystals is still a matter of debate. One
hypothesis is that platelet ice growth is linked to ISW plume emerging from beneath the
ice shelf. As described by Smith et al. (2001), platelet ice can form either at depth and
then float upwards, as observed in the vicinity of the Filchner Ice Shelf (Dieckmann et al.,
1986), or they grow in supercooled water masses present at the sea ice-water interface.
In the western McMurdo Sound, ISW plume exiting the cavity of the McMurdo-Ross Ice
Shelf has been identified (Robinson et al., 2014). This plume continues northwards be-
neath the shelf and the contiguous sea ice and flows along Victoria Land Coast where high
platelet concentration, known as the “platelet corridor”, has been observed by Dempsey
et al. (2010) and Hughes et al. (2014). In the eastern McMurdo Sound, Hughes et al.
(2014) and Dempsey et al. (2010) observed thinner layers of platelet ice and the transition
from columnar to platelet ice occurred lower in the core. On the other hand, Mahoney
et al. (2011) observed a shallower layer of ISW and an ISW arrival later in the season
at this location. A switch in surface flow direction indeed occurred around March-April:

the net southward flow of relatively warm water derived from the Ross Sea observed in
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summer is replaced by a northward flow of fresher and supercooled water at the surface
in winter (Leonard et al., 2006; Mahoney et al., 2011). As pointed out by Robinson et al.
(2014), this suggests that the ISW plume extends eastward during ice growth, allowing

platelet ice formation on the eastern side of the McMurdo Sound.
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Abstract

Winter to summer CO, dynamics within landfast sea ice in McMurdo Sound (Antarc-
tica) were investigated using bulk ice pCOy measurements, air-snow-ice CO, fluxes, dis-
solved inorganic carbon (DIC), total alkalinity (TA), and ikaite saturation state. Our
results suggest depth-dependent biotic and abiotic controls that led us to discriminate
the ice column in three layers. At the surface, winter pCO;y supersaturation drove CO,
release to the atmosphere while spring-summer pCO, undersaturation led to CO, uptake
most of the time. CO, fluxes showed a diel pattern superimposed upon this seasonal pat-
tern which was potentially assigned to either ice skin freeze-thaw cycles or diel changes in
net community production. In the ice interior, the pCO, decrease across the season was
driven by physical processes, mainly independent of the autotrophic and heterotrophic
phases. Bottom sea ice was characterized by a massive biomass build-up counterintu-
itively associated with transient heterotrophic activity and nitrate plus nitrite accumula-
tion. This inconsistency is likely related to the formation of a biofilm. This biofilm hosts
both autotrophic and heterotrophic activities at the bottom of the ice during spring and

may promote calcium carbonate precipitation.

Plain Language Summary

Sea ice participates actively in the regional cycling of CO, both as a source and a sink
at different times of the year depending on ice physics, ice chemistry, and ice trophic status
(autotrophic vs. heterotrophic). We identified the key processes driving the CO5 dynamics
in each sea ice layer (surface, interior, and bottom) from McMurdo Sound (Antarctica)
from late winter to summer. At the surface, CO, release from the ice to the atmosphere

occurred in late winter while COy uptake occurred in summer. Superimposed upon this
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seasonal pattern, we observed a diurnal pattern with both release and uptake occurring
over 24 hr period. This diurnal pattern can be related to physical processes (nocturnal
freeze-up and diurnal melting) or biotic processes (autotrophy or heterotrophy). In the
ice interior, a succession of autotrophic and heterotrophic phases took place. At the sea
ice bottom, a particular assemblage of microbial cells and organic matter, called biofilm,
enabled the accumulation of biomass and nitrate plus nitrite simultaneously leading to
both autotrophic and heterotrophic activities. In addition, this biofilm is suggested to

promote calcium carbonate precipitation.

I11.1. Introduction

Over the global oceans, polar oceans act as a major sink for atmospheric COy (Gruber
et al., 2019b; Takahashi et al., 2002), with air-sea fluxes estimated at -199 Tg C year—!
(Rysgaard et al., 2011). At high latitudes, the CO, cycle is strongly affected by the
presence of sea ice. More than just an interface affecting gas transfers, sea ice is also
one of the most extensive and dynamic ecosystems that consumes and produces COs.
Over the last decade, studies highlighted the complex role of sea ice in CO5 exchanges

! with a

and reported CO, fluxes over sea ice ranging from -5.4 to +9.9 pumolm™2 day ™~
negative value indicating CO, uptake and a positive value indicating CO, release from
the ice to the atmosphere (Table 2). Fluxes have been documented mainly in spring and
summer (Brown et al., 2015; Delille et al., 2014; Geilfus et al., 2013, 2012a, 2015, 2014;
Nomura et al., 2013a, 2010b). No studies have examined the winter CO5 exchanges above

sea ice in Antarctica - a prerequisite to budget air-ice CO5 fluxes over the whole year.

The partial pressure of CO, (pCO;) within sea ice is a highly relevant parameter to
understand the carbonate system. Factors affecting the sea ice pCOs include biotic (e.g.
primary production and respiration (Delille et al., 2007)) and abiotic (e.g. COg transport
and exchanges, freezing, melting, calcium carbonate precipitation and dissolution (Rys-
gaard et al., 2007)) processes. The strong seasonality of these biotic and abiotic processes
in brine inclusions, coupled with the thermodynamically driven evolution of brine inclu-
sions volume, salinity, and connectivity lead to strong temporal variability in the sea ice
CO4 dynamics (Geilfus et al., 2012a; Papadimitriou et al., 2012).

The gradient of pCOy between the ice and the atmosphere is driving COs exchanges,
controlling both the fluxes direction and magnitude. Ice-atmosphere CO, exchanges are
moreover strongly affected by the conditions at the interface, including ice type (superim-
posed ice, snow ice, granular ice), presence or absence of snow cover and the ice and snow

chemical and physical properties. Snow salinity, wetness, density, grain sizes among others
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are likely to affect the magnitude and direction of COq fluxes (Delille et al., 2014; Nomura
et al., 2018; Nomura et al., 2010b). The presence of brine within the snowpack is induced
by four processes: flooding, brine wicking, frost flowers formation and aerosols deposition
(Domine et al., 2004; Massom et al., 2001). Brine-wetted snow is a multiphase reactor
hosting specific physical and chemical processes that may influence CO, fluxes: uptake
and migration of trace gas, diffusion, and sources and sinks processes (Bartels-Rausch
et al., 2014). While the impact of fresh snow cover on gas fluxes has been documented
for terrestrial environments (Brooks et al., 2005; Takagi et al., 2005), the role of the snow

on sea ice is still overlooked.

As a biome, sea ice provides a dynamic habitat for diverse communities of microor-
ganisms including algae, bacteria, heterotrophic protists, fungi as well as viruses (Dem-
ing, 2010; Horner et al., 1992; Luhtanen et al., 2018; Poulin et al., 2011; Thomas and
Dieckmann, 2010). In landfast sea ice, i.e. immobile sea ice anchored either to coasts or
continental ice formations or grounded over shoals (Meiners et al., 2018), communities are
mainly concentrated either at the bottom of the ice or within a loose and unconsolidated
layer of ice crystals, known as platelet underneath the columnar ice (Arrigo et al., 1995).
Platelet ice is formed in supercooled waters observed around Antarctic ice shelves (Jeffries
et al., 1993; Leonard et al., 2006). Bacterial and algal production affect the COy dynamics
by releasing or consuming CO,, impacting concentrations of dissolved inorganic carbon
(DIC) and total alkalinity (TA) - key parameters that drive the ocean-sea ice-atmosphere
COs, fluxes. In oxic conditions, apart from the calcification, the contribution of microbial
processes to DIC changes is best described by the net community production (NCP). NCP
corresponds to the balance between photosynthesis and respiration of all organisms and
determines the net trophic status of the ice (autotrophic vs heterotrophic). Positive NCP
(autotrophic) leads to a consumption of DIC and a production of Os, whose stoichiome-
try is tightened to photosynthetic and respiratory reactions (i.e., photosynthetic quotient)
(Anderson, 1995; Glud et al., 2002). Some studies documented the net community pro-
duction across the Arctic using standard measurement methods such as incubation of
melted ice cores (Campbell et al., 2017; Sggaard et al., 2010) and highlighted succession
of distinct heterotrophic and autotrophic phases. However, the processes and conditions

in which heterotrophy or autotrophy dominates remain unclear.

Considering the lack of long-term and diurnal surveys of sea ice COs dynamics and
the need to integrate the full development of a microalgae bloom, we present results from
a year-round survey of landfast sea ice carbon dynamics in Cape Evans, McMurdo Sound
(Antarctica). We report Oo and pCO, profiles within bulk sea ice as well as seasonal
and diel patterns of CO, fluxes at the air-snow-ice interface. The potential for calcium

carbonate precipitation is also investigated. We further examine chlorophyll a (chl-a)
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abundance, particulate organic carbon (POC), nitrate plus nitrite concentrations, and
DIC changes over the bloom. We also compare these parameters with estimates of NCP

and related ice trophic status.

II1.2. Materials and Methods

I11.2.1. Study site and sampling scheme

Year Round survey of Ocean-Sea Ice-Atmosphere Exchanges (YROSIAE) was a tem-
poral survey at one single ice location at Cape Evans (77°38’S, 166°23’E), on the eastern
side of McMurdo Sound, Antarctica (Figure 19). Sampling was supported by Scott
Base facilities and carried out in two phases, from November to December 2011 and from
September to December 2012. The sampling area is characterized by the annual occur-
rence of smooth, thick first-year landfast ice. Ice retreat began in early February 2012 in
Cape Evans and the area remained ice-free until the beginning of April 2012, approxima-
tively 5 months before the second sampling phase (19 September 2012). Ice cores, snow
and seawater samples were collected during twelve ice stations. For the sake of consistency
with other reports of YROSIAE results (Carnat et al., 2018, 2014), each station number,
referenced hereafter as YRS#, corresponds to a dedicated sampling date as indicated in
Figure 20 and in Table 4. Each time the site was visited, a new sampling square area
of 10 m? was delimitated next to the sampling site of the previous station in order to
minimize the bias from spatial heterogeneity. The snow cover was first sampled using
plastic scoops and LDPE bottles, then the ice coring started. Ice cores were collected
using an electropolished stainless-steel ice corer (14 ¢cm ID). Immediately after drilling,
cores were sealed in polyethylene bags and stored in a box containing -30°C frozen bags.
Attention was paid to prevent brine drainage by keeping ice cores horizontally. Seawater
sampling through core holes was performed at three different depths (0, 1 and 30 m) using
a peristaltic pump (Cole Palmer, MasterflexVR - Environmental sampler) with Tygon®)
tubing.
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Table 4: Mean Snow Depths

Station Sampling date Mean snow

depth (cm)
YRS1 28 November 2011 2.5
YRS2 3 December 2011 1.6
YRS3 8 December 2011 0.9
YRS4 19 September 2012 1.2
YRSH 5 October 2012 1.5
YRS6 18 October 2012 0.8
YRS7 25 October 2012 0.8
YRS8 1 November 2012 0.6
YRS9 7 November 2012 0.8

YRS10 13 November 2012 0.8
YRS11 22 November 2012 0.7
YRS12 30 November 2012 0

Outside the sampling site, one soil CO, flux system (LI-COR LI8100A) was deployed
with two long term deployment automatic chambers (LI-COR 8100-104). Chambers for
COy fluxes measurements were deployed over the snow and ice surfaces and were con-
tinuously running until they were blocked by the snowdrift. Every four to seven days,
maintenance and repositioning of the chambers on an unaltered surface were performed.
From September to December 2012, an Ice-T ice mass balance buoy developed at LO-
CEAN (UPMC, Paris) provided continuous measurements of air temperature and ice
temperature at different depths. The experimental setting and sampling scheme are also
detailed in Carnat et al. (2014).
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Figure 19: Location of the YROSIAE year-round sea ice biogeochemistry station, along Ross Island,
Ross Sea, Antarctica. The satellite picture is a visible image from NASA’s Moderate Resolution Imaging
Spectroradiometer (MODIS) Terra on November 29, 2012.
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Figure 20: Ice texture of Yrosiae (YRS) stations from 2011 and 2012.

I11.2.2. Measured parameters

I11.2.2.1. Physical parameters

In situ ice temperature was measured on ice cores immediately after sampling with
a vertical resolution of 5 cm using a calibrated probe TESTO®) 720 (precision £0.1°C,
accuracy +0.2°C). Bulk ice salinity measurements were performed using the same 5 cm
vertical resolution as for temperature measurements using a Thermo Scientific Orion®)
3 Star conductivity meter (accuracy of 0.1%o). The conductivity meter was calibrated
at the beginning and at the end of the survey with standard solutions. The conversion
from conductivity to salinity is performed via a built-in temperature-dependent conversion
program (UNESCO, 1966). Further details about physical measurements are provided in
Carnat et al. (2013, 2014).

I11.2.2.2. Air-snow-ice CO, fluxes

CO; fluxes were measured using a LI-COR®) LI-8100A soil CO; flux system. During
the survey, two chambers were used and installed on the snow or on the ice after removing
the initial snow cover. The chambers consist of a metal cylinder, with a diameter of 20
cm and a height of 9.7 cm, closed at the top by a mobile cap to vent the chamber and
maintain an ambient pressure inside. A rubber seal surrounds the cylinder and ensures an
airtight connection at the chamber-ice interface. For measurements over snow, a stainless-

steel seal was mounted at the base of the chamber and pushed down to the ice to enclose
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snow and prevent lateral diffusion of air in the snowpack. The chambers (LI-COR®)
8100-104) were temporarily closed above the snow or ice interface and were connected
using a LI-COR®) LI-8150 Multiplexer to an infrared gas analyzer a LI-COR®) LI-8100A
recording the pCO, during a designated time interval (30 min). The flux was determined
by measuring the change of pCO, within the chamber. Flux calculations were performed
routinely using the LI-COR®) SoilFluxPro software, with volumes adjusted to include
collar offsets (i.e. rim height above the surface) and applying water vapor corrections
for dilution and band broadening. The fluxes were determined by the slope of the linear
or exponential regression of pCOy over time, depending on the best fit. All fluxes were
visually checked to discard measurements biased by contamination or poor sealing of the
chamber. The detection limit was 4=0.004 ymolm~=2s7!. Fluxes below the detection limit
were considered as null. The uncertainty of the flux computation due to the standard

error of the regression slope was +8%.

I11.2.2.3. Thin sections of ice

Thin sections of thickness ranging from 600 pm to 700 pm were obtained using a Leica
SM2400 microtome. These thin sections were then examined on a light table equipped
with cross-polarized sheets (Langway, 1958). The textural types were visually identified
based on the size, shape, and orientation of the ice crystals and compared to descriptions
found in the literature (Ficken and Lange, 1991; Tison et al., 2013).

I11.2.2.4. Biomass and nutrients

One core per station was dedicated to chl-a, nutrients and POC analyses. For chl-a
analyses, ice sections of 10 cm were cut with a band saw, in the cold lab (at -25°C) on the
day of extraction and subsequently melted at 4°C in the dark, in pre-filtered seawater.
Melted ice was filtered using 10 pm then 0.8 gm Nuclepore®) polycarbonate membranes.
Filters were stored frozen in cryovials until measurements at the home laboratory. FEx-
traction was performed in 10 mL acetone at 4°C for 16 h. Chl-a concentrations were

determined using a Turner Design TD700 fluorometer.

Particulate organic carbon (POC) and nutrient analyses were performed at a 10 cm
depth resolution for the bottom of the core, and at 30 cm resolution for the rest of the
core. Samples were melted at room temperature in the dark and then filtered on 0.7
pm precombusted (5 h at 450°C) GF/F filters (Whatman@®)). The filtrate was collected
and stored in 60 ml acid-washed, pre-rinsed HDPE bottles. Both filters and filtrate were
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stored at -25°C. For POC analysis, filters were acid fumed (HCI) to remove carbonates and
packed in silver cups fitting the autosampler. POC concentrations were determined using

an Elemental analyzer (Eurovector(®)) coupled with an isotope ratio mass spectrometer
(Delta V, Thermo®)).

Nitrate4nitrite ([NO3]~4[NO;]), nitrite ([NO;]) and phosphate ([PO?"]) concentra-
tions from filtered water samples were measured spectroscopically using a colorimetric
method and a QuAAtro39 auto-analyzer (Seal Analytical Inc., Mequon, WI, USA).

The change over time of the nitrate plus nitrite concentrations was obtained from the
following equation:

[NO3 ](tnt1) + [NO; |(tnt1) = [NOy |(tn) — [NOy |(tn)

AINO3 ]+ AINO; | = =

(upmol L™td™1) (11)

At denotes the elapsed time between two stations, t,, and t,,; correspond to one station n
and the next station (n+1), respectively. The change over time of the POC concentrations

was computed in the same way.

I11.2.2.5. Total alkalinity and pH

Ice cores were cut into 10 cm sections in a cold room (at -25°C). Each section was
placed in a gas-tight Supelco®) Tedlar®) bag equipped with a push/pull lock valve. The
bag was sealed with a clip, and the air was removed using a vacuum pump through the
valve. The bagged sea ice samples were then melted at room temperature for less than
24 h. Attention was paid to mix the bags regularly in order to keep the meltwater at
melting temperature and to treat meltwater as soon as possible after complete melting
to avoid warming of the meltwater and subsequent carbonate dissolution as suggested by
Dieckmann et al. (2008). Meltwater was shaken to resuspend the crystals and aliquots
were collected for pH, bulk alkalinity (TAb) and filtered alkalinity (TAf) analyses. pH was
measured using a Metrohm(@®) combined electrode calibrated on the total hydrogen ion
scale using TRIS (2-amino-2hydroxymethyl-1.3-propanediol) and AMP (2-aminopyridine)
buffers prepared at salinities of 5, 35 and 75 according to the formulations proposed by
DOE (1994). The pH measurements were carried out at low temperature (typically below
+4°C). The accuracy of pH measurements was +0.01 pH units. Samples for TAf were
filtered on 0.2 um polycarbonate filters. Filtration was carried out at 4°C in order to avoid
any dissolution of calcium carbonate. TA was measured by open-cell titration with HCI1
0.1 M on 50 ml of sea ice melt samples, following Gran (1952) endpoint determination.
Titration was stopped for 10 minutes at pH 4.2 to ensure the dissolution of any calcium

carbonate crystals, prior to perform the measurements between pH of 4.2 and 3 required
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for the Gran function. The accuracy of TA measurements was 4 pumolkg—!. Data were
quality checked with certified reference material from Andrew Dickson (Scripps Institution

of Oceanography, University of California, San Diego).

I11.2.2.6. O, and Ar concentrations

The dry-crushing technique, developed for gas measurements in continental ice (Ray-
naud et al., 1982), was used to extract Oy and Ar from the ice samples. This technique
allows the extraction of both gas bubbles and gas dissolved in liquid brines. The ice core
was cut into 5 cm sections, and each ice cube of about 60 g was placed into a vessel, with
seven stainless steel balls. The latter was crushed in the vessel as described in Stefels
et al. (2012), at a temperature of -25°C and under a vacuum of 1072 torr. The vessel
was then kept at -50°C in a cold ethanol bath and connected to the gas chromatograph
equipped with a thermal conductivity detector for concentration analyses. We used He
(Air Liquide@®) — Alphagaz 2) as the carrier gas and a 22 ml packed column (Mole Sieve
5A 80/100; 5 m x 1/8 in.). The repeatability of the analyses (i.e., the precision of the
gas chromatograph) was 0.7% for Oy and 2.3% for Ar (Zhou et al., 2014).

111.2.2.7. Bulk ice pCO,; measurements

Bulk ice pCOy was measured using the method developed by Verbeke (2005) and Geil-
fus et al. (2012b) and adapted by Crabeck et al. (2014a). The general principle of the
method is to equilibrate sea ice samples with a No/CO, gas mixture of known concentra-
tion (standard gas) as close as possible to the in situ temperature (i.e. the temperature of
the ice upon ice collection). Once the ice sample is equilibrated, the gas phase is injected

into a gas chromatograph (Varian 3300) to measure the CO5 concentration (Geilfus et al.,
2012h).

The ice core was first cut with a vertical resolution of 5 cm. Ice sections were then
precisely cut into 4 x 4 x 4.5 cm cubes to tightly fit the equilibration container. Attention
was paid to maximize the sea ice volume, to minimize the headspace volume and to keep
it equivalent for each sample. Standard gas was injected at atmospheric pressure into the
headspace of the container containing the ice sample. Tests were carried out with standard
gas at 150 ppm, 300 ppm and 500 ppm. While the three standards gave consistent results
below 200 ppm, as expected the 150 ppm standard provided underestimated measurements
above 200 ppm. Standards at 300 ppm and 500 ppm provided consistent results below

350 ppm and above 500 ppm, overestimated values in between were observed with the
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standard at 500 ppm. As a consequence, we used a standard gas of 300 ppm for all
samples. The container, kept at -50°C during the standard injection, was then placed in
a thermostatic bath to bring the ice sample to the in situ temperature. After 20 h, the
sample was assumed to be in equilibrium with the standard gas (Crabeck et al., 2014a;
Geilfus et al., 2012b). The headspace was then injected in the gas chromatograph to
measure the CO, concentration. Shortly afterward, the sample temperature was measured
using a calibrated probe (TESTO®) 720). The method is expected to be valid if the ice
is permeable at the in situ conditions. Standard gas concentration should be as close
as possible from the expected concentration of the sample in order to achieve sufficient
accuracy (Verbeke, 2005).

The precision of the measurements was estimated based on 28 injections of standard
gas 300 ppmv (injection pressure ranged between 10 and 99 Torr). We obtained a mean

relative error of 2.1%, a standard deviation of 9.8 ppm and a variation coefficient of 3.3%.

I11.2.3. Computed parameters

111.2.3.1. Brine volume and Rayleigh number

The brine volume fraction (BrV), a proxy of sea ice permeability, was computed from
ice temperature and salinity following the equations of Cox and Weeks (1983) for ice
temperature <-2°C and Leppéaranta and Manninen (1988) for ice temperature > -2°C. We
considered that the ice was permeable for a brine volume fraction exceeding 5% (Golden
et al., 1998). The Rayleigh number (Ra) was used as a proxy of the intensity of brine
convection (Notz and Worster, 2008) which is driven by the density difference between
high-salinity brine in sea ice and the seawater underneath (Vancoppenolle et al., 2013a).
Theoretically, convection can occur in an ice layer when Ra exceeds a critical value of 10
(Notz and Worster, 2008) or 8 (Zhou et al., 2013) according to experimental studies. The
critical value could also be considered as low as 4 (Carnat et al., 2013; Vancoppenolle
et al., 2013b) although this critical value is still quite debated and also sensitive to the

potential delay between occurrence and observation.

I11.2.3.2. DIC

Dissolved inorganic carbon (DIC) was computed from TAf and pH (presented in Fig-
ure S1), according to CO acidity constants of Goyet and Poisson (1989) as suggested

by Brown et al. (2014) for measurement in brines at sub-zero temperatures, and other

95



constants proposed by DOE (1994). We used TAf for DIC computation in order to avoid
bias from the potential dissolution of particulate inorganic carbon (e.g. ikaite formed in

sea ice).

DIC and TAf were normalized to a salinity of 6, the mean bulk ice salinity, in order
to remove the salinity-related changes (i.e. brine rejection, concentration, and dilution).
The normalized DIC and TAf are referenced hereafter as DICg and TAfg, respectively.

I11.2.3.3. NCP from DIC

Net community production based on inorganic carbon deficits (NCPp¢), was com-
puted from changes in observed DIC, TAf, nitrate plus nitrite, and phosphates according

to:
ADIC 0 5ATA f+ANO; + ANO; + APO3~

NCPpe = — .
CPorc At At

(12)

where At denotes elapsed time between two stations (Delille et al., 2005). The second
term of the equation 12 corresponds to the difference in carbonate alkalinity due to the
formation or dissolution of calcium carbonate. ADIC is the difference between DICt,, 4
and DICt, normalized to the St,, .1, t, and t,;; corresponding to the station n and the
next station (n+1). ATAf, ANO;, ANO, and APO}~ were computed in the same way.
We assumed that no physical process has affected the bulk impurity content of the ice
from one station to the next one, and that all these changes are therefore due to biological

processes. NCPpj¢ is given in mgCm=2d 1.

I11.2.3.4. NCP from O;/Ar ratios

Oxygen concentrations in sea ice depend on both biological activity and physical
processes. We used argon measurements to remove the influence of physical impact on
O, concentrations. Argon has indeed no biological sources or sinks but it is affected by
physical processes in the same way as oxygen concentrations. Oy concentrations associated
to in situ biological activity ([O2]yi,) Were obtained from Oy/Ar ratios and their deviation
from saturation as described for seawater by Reuer et al. (2007) and adapted for sea ice
by Zhou et al. (2014).

O, /Ar ratios observed in ice were compared with atmospheric and seawater ratios to
determine the abiotic range of Oy/Ar values. Within the abiotic range of Oy /Ar values, it

is not possible to discriminate biological processes from physicochemical processes, since
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changes of Os/Ar ratio can be ascribed to biological processes but also to the input of
atmospheric air or underlying seawater. The atmospheric O,/Ar ratio is 22.5 based on
O, and Ar mixing ratios in the atmosphere (NOAA, 1976). Any gas input from the
atmosphere or gas bubble formation would push the bulk ice Oy/Ar ratio towards 22.5.
At the seawater interface, considering conditions of -1.8°C and a salinity of 34, the Oy /Ar
ratio is 20.5 (Garcia and Gordon, 1992; Hamme and Emerson, 2004). Given these ratios,
the abiotic range of O9/Ar in sea ice is determined to lie between 20.5 and 22.5. Out
of this range, Oy /Ar values were attributed to the impact of biological activity only and

have been considered for computation of net community production.

In order to do so, we first calculated the theoretical brine solubility of each gas using
temperature, the salinity of the brine calculated from ice temperature (Cox and Weeks,
1986) and the relationships from Garcia and Gordon (1992) for O, and Hamme and
Emerson (2004) for Ar. Brine solubility multiplied by the brine volume fraction gives the
gas solubility in bulk ice (hereafter referred as [Os]., and [Ar].,).

The Oy/Ar deviation from saturation was calculated as follows:

[02] /ar)

A(OQ/AT) — [OQ]EQ/[AT}W

—1 (13)
(O] and [Ar] are the sea ice concentrations measured at a vertical resolution of 5 cm and
interpolated using the IDL program (Harris Geospatial). Oy and Ar supersaturation are
commonly observed in sea ice (Zhou et al., 2014), indicating that equilibrium concentra-
tions can differ from their solubilities due to physical processes. In order to deal with
potential biases while using O and Ar solubilities for [Os]., and [Ar].,, we modified the

calculations from Zhou et al. (2014) as follows:

[Oa]phys = [Osleq(147/1471.4) (14)

The Oy concentration associated with in situ biological activity is then defined using the

following equation:

[O2lbio = [Oalphys (O2/ar) (pmol L) (15)

The daily O, production is given in pmolL~'d~!. We considered the ice thickness, a
O, /C ratio of 1.43 (Glud et al., 2002) and the molar mass of C in order to derive the C
uptake equivalent (mg Cm~2d~').

The propagation of uncertainties on [Oq]y;,, was estimated using a Monte Carlo ap-
proach. We neglected the error on gas diffusion assuming equivalent diffusivities for O,

and Ar in sea ice as in Crabeck et al. (2014a). Each parameter was given a distribution
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to represent its uncertainty sampled over 10° iterations. Normal or uniform distributions
between the mean + error of measurements were used. Measured parameters (T, S, Oq,
Ar) were given normal distribution with the mean population and an error of 0.2 for T,
0.1 for S, 0.7% for Oy and 2.2% for Ar. The error on [O2lea/[4r,, ratio is prone to larger
uncertainties and was therefore given an uniform distribution of 9.9% either side of cal-
culated value to account for gas bubble formation in sea ice (Zhou et al., 2014). The

obtained maximum uncertainty of [Os]y, was 19.6%.

Net community production (NCP) is determined from the change over time of oxygen

concentrations associated to in situ biological activity ([Os]p,), as follows:

[Oapio(tni1) = [Oalbio(tn)

NCP =
¢ At

(pmol L1 d™1) (16)

At denotes elapsed time between two stations, t,, and t,,; correspond to the station n

and the next station (n+1), respectively.

I11.2.3.5. Assessment of calcium carbonate content

Two different indicators were used to assess calcium carbonate precipitation: the

overall calcium carbonate content ([CaCOs]) and the saturation state of ikaite (kg ).

The overall CaCOg3 content was estimated from the difference between total alkalinity
of a nonfiltered sample, denoted as bulk alkalinity (TAb) and total alkalinity of the filtered
sample, denoted as filtered alkalinity (TAf) (Geilfus et al., 2013), according to

(CaCOy] — %(TAI) _TAf) (17)

Calcium carbonate precipitation (dissolution) can take place if the saturation state of
ikaite in brine Qs > 1 (21 < 1). The saturation state of ikaite in brine depends on the
concentrations of calcium and carbonate in brine and their solubility product described

as a function of temperature T(K) by Papadimitriou et al. (2013):
DK (sp,ikaite) = —15489.09608 + 623443.70216 T~' 4 2355.14596 InT (18)

While this solubility product has been established for temperatures above -8°C, we used
it below this threshold and assumed it constant. We acknowledge that we neglected
some physical processes such as concentration and dilution. This approach thus presents
some limitations. We estimated the salinity of brines using a third-order fit from Assur
(1958) and Notz (2005). We also computed TAp,.ines and DICy,i,e5 by considering their
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linear dependence to salinity in order to obtain CO3~ brine concentrations from CO2SYS

program for the carbonate system (Lewis et al., 1998). More details can be found in
Moreau et al. (2015).

II1.3. Results

II1.3.1. Sea ice and snow properties

Main sampling took place from late winter (September 2012), when daylight was still
short and the air temperature was low (down to -32°C), to late spring (November 2012).
Three stations were also carried out in December 2011 with an air temperature above 0°C
and high solar irradiance (Figure 21). The mean sea ice thickness ranged between 145
cm and 171.4 cm (Figure 20). The ice texture was homogenous between stations. From
top to bottom, we observed a thin layer of granular ice followed by a mixture of granular
and columnar ice, a thick layer of columnar ice, columnar ice with isolated platelets and

a bottom layer of columnar and platelet ice (Figure 20). The snow cover ranged from 0
to 4 cm thick, with salinities ranging from 7.4 to 24.5.
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Figure 21: Evolution of air temperature recorded by the ce-T buoy in 2012 (brown line), air temperature

(orange line), and solar radiation (gray line) in 2011 and 2012 recorded by the weather station at Arrival
Heights (23 km away from sampling location).

The bulk ice temperature ranged from -19.8°C to -0.8°C and showed a strong vertical
gradient (Figure 22a). The lowest ice temperature appeared in the upper layer in winter
while the temperature in bottom ice was close to the freezing point (i.e. -1.8°C). At the
end of the spring (stations YRS1 to YRS3), the ice displayed a nearly isothermal profile.

As the ice temperature increased in spring, the ice became fully permeable from station
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YRS10 (Figure 22¢), when the brine volume fraction exceeded 5%, the threshold for fluid
transport (Golden et al., 1998).

The vertical distribution of salinity showed little changes from YRS4 to YRS10 after
which surface salinity decreased (Figure 22b). Homogenous salinity profiles were observed
in late spring 2012 (stations YRS11 and YRS12) and 2011 (stations YRS1-3). The average
bulk salinity for the whole data set was 6. The Rayleigh (Ra) number started to increase
at station YRS7 and reached a maximal value of 17 at station YRS11, exceeding the
critical convection threshold of 10 (Notz and Worster, 2008). Ra values indicated a
convective event in station YRS11 (Figure 22d). However, apart from this specific event,
Ra values did not indicate any other obvious convection event, consistently with the

salinity distribution.
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Figure 22: Temporal evolution of (a) ice temperature, (b) bulk ice salinity, (c¢) brine volume fraction,
and (d) Rayleigh number. Plots were produced using the radial basis function method for interpolation
in Surfer 8 software. Black dots are data points from field sampling.
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I11.3.2. Ice carbon content

I11.3.2.1. A “three-layers” model based on DICg

DICs ranged from 194 to 563 pumolkg™! (Figure 23b) and exhibited strong vertical
gradients within the ice column. These gradients were used to discriminate the ice column
in three layers: surface, interior, and bottom. The layer between 20% and 83% of the
ice thickness is considered as the interior layer and corresponds to relatively constant
(standard deviation below 69 pmolkg™') and highest DICg values (except in late spring
from stations YRS1 to YRS3). The surface and bottom layers account for 20% and 17%
of the total ice column, respectively (Figure 23b).

DICg increased at all depths from stations YRS4 to YRS6 and then rapidly decreased
between stations YRS6 and YRS7. From station YRS7 onwards, DICs values in the
surface and bottom layers significantly deviate compared to the mean value observed in
the ice interior. Surface DICj oscillated with both increasing and decreasing periods
while bottom DICs remained low (<352 pmolkg™! except for station YRS11) and below
seawater values (mean DICgy normalized to salinity 6: 378.8 + 17.3 umolkg™! at 0
m depth), although slightly increasing at the end of the study (YRS 11-12). Changes in
DICg are mainly due to biogeochemical processes such as CO, consumption or production,

precipitation, and dissolution of calcium carbonate and exchanges of COz(g).
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Figure 23: Temporal evolution of (a) TAfs, (b) DICs, (¢) CaCOg3 content, and (d) omega ikaite. Black
dots are data points from field sampling. Horizontal blue lines mark the limits between the surface,
interior, and bottom layers of the ice. Plots were produced using the radial basis function method for
interpolation in Surfer 8 software.

I11.3.2.2. Calcium carbonate precipitation

TAfs increased gradually at the bottom of the ice from late winter (station YRST)
to late spring (station YRS12) reaching values up to 550 pmolkg™! (Figure 23a). The
CaCOg content followed the same trend as TAfs at the bottom of the ice suggesting lo-
calized calcium carbonate precipitation. We estimated that up to 350 pumolkg=! CaCOj3
precipitated in late spring (Figure 23c). Accordingly, high €z, values were mainly ob-
served at the bottom of the ice from stations YRS7 to YRS12 (Figure 23d). At the sea
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ice surface, no significant calcium carbonate precipitation occurred except potentially at
stations YRS11 and YRS12.

I11.3.2.3. Biomass and nitrate concentrations

Most of the ice algal biomass (66 to 99.9%) was concentrated in the bottom 10 cm of
the ice (Table S1) with values reaching over 2400 pugL~! in spring (Figure 24a). Under-
ice seawater concentrations remained low (<0.41 pg L' ) from stations YRS4 to YRS12.
The onset of the spring ice-algal bloom was initiated at YRS6 and chl-a was accumulating
until station YRS10.
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Figure 24: Temporal evolution of (a) chlorophyll a and (b) POC concentrations in sea ice. Plots were
produced using the radial basis function method for interpolation in Surfer 8 software. Gray dots are
data points from field sampling.

POC accumulated in parallel with the increasing algal biomass in the bottom ice.
POC concentrations increased by 1100 ymol L™! between stations YRS8 and YRS10 (in
12 days) to reach maximum value around 2600 gmol L™! in station YRS10 (Figure 24b).
Bulk concentrations of nitrate plus nitrite ranged from 0.1 pmolL~! to 97.1 umol L=}
(Figure S2). Changes over time of nitrate plus nitrite concentrations and POC concen-
trations, calculated using Eq. 11 are shown in the Figure 25a,b. Positive values indicate
an increase between the two stations considered while negative values indicate a decrease.
Both nitrate plus nitrite and POC concentrations were higher in absolute value at the
bottom of the ice than in the ice interior and at the surface. Concentrations increased
between each station until YRS10 before collapsing at station YRS11.
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I11.3.2.4.
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Figure 25: Temporal changes of (a) nitrate plus nitrite concentrations and (b) POC concentrations in
surface, bottom, and interior ice layers. Net community production derived from (c, d) O2/Ar and (e)

The O, and O, concentrations ranged from 14 to 272 pumolL~! and -13 to 206
pmol L1 respectively (Figure 26a, b). The maximum concentrations of Oy and Oagy,,
were encountered in the bottom sea ice where maximum values of chl-a were observed.
An increase in oxygen concentrations was observed from YRS4 to YRS8 during the ex-

ponential phase of the bloom and a decrease occurred afterward. Our data highlighted a



major biogenic contribution to the molecular oxygen pool: Oy, concentrations accounted
for 60 to 80% of the O pool at the bottom (Figure 26c¢).
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Figure 26: Vertical profiles of (a) Oy concentrations in bulk ice, (b) [O2]p;e calculated from Equation 15,
and (c) Oagp;,/O02 ratio.

I11.3.2.5. NCP

Figure 25 presents the variables used as tracers of production during this study, which
have been computed consistently (i.e. same depths and time steps). Tracers of production
are changes in nitrate plus nitrite (in gmol L' d~!, Figure 25a), POC (in pmol L='d ™
Figure 25b), NCP derived from Og/Ar ratios (NCPp,., in pmol L7'd™!, Figure 25¢)
and NCP derived from DIC (NCPp;c in mgCm~2d ™!, Figure 25¢). These assessments
are given for each layer (surface, interior, bottom) with the exception of NC'Pp;c given
only for the interior ice. While NC Pp,.4, accounts for gas exchanges thanks to the use
of Ar concentrations to trace physical processes, NCPpo is sensitive to COq fluxes at
the interfaces - surface and bottom layers -, preventing robust estimates in theses layers.
In order to allow comparison with the literature, we also provided integrated NCPg,. 4,

(mg Cm~—2d™!) for the entire ice column (Figure 25d).

Bottom NCPoy,., ranged between -4.3 to 3.8 umol L= d~!. Positive NCP indicates
an oxygen production (equivalent to an inorganic carbon uptake) while negative NCP
corresponds to oxygen consumption (equivalent to inorganic carbon production). We
compared our measurements with available data of net community production in Arctic

sea ice (Table 3). Our measurements fall within the estimates carried out either by Os/Ar
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assessment or oxygen incubation. Our values are at the lower end of previous estimates of
NCP for bottom Antarctic sea ice from McMinn et al. (2012) derived from in situ oxygen

fluxes across the downwards boundary layer estimated with an oxygen micro-electrode.

NCPo,.4r was higher in absolute value in the bottom sea ice compared to the upper
layers (Figure 25¢). At the bottom, NCP was positive at the end of the winter indicating
a net autotrophy (stations YRS4-8), then heterotrophy dominated during spring (YRSS-
11) before it turned back to autotrophy at the end of the spring (YRS11-12). In the ice
interior, the same pattern was observed, although with a lower amplitude. Autotrophy

dominated the sea ice surface except from stations YRS4 to YRS6.

We compared NCPy,.4, with NCPp;e for the interior ice. NCPp;e showed similar
trends and the same order of magnitude as NCPy, .4, for stations YRS8-10 and YRS11-12.

A discrepancy in terms of magnitude appeared for stations YRS6-8.

11.3.2.6. pCO,

The sea ice pCO5 ranged from 2 ppm to 810 ppm during the survey (Figure 27). The
strongest pCOy gradient throughout the ice column was observed at YRS6, where the
pCO; increased from 120 ppm at the bottom to 810 ppm at the top of the ice core. In
late winter, pCO4 under-saturation relative to the atmosphere was observed at the bottom
of the ice while pCO; increased towards the ice surface where over-saturation conditions

prevailed.

The upper 10 cm of sea ice became undersaturated at station YRS9 with surface pCO,
as low as 230 ppm. From station YRS10, the pCO, decreased throughout the ice column
with particularly low pCO, at the surface (< 45 ppm) for stations YRS11 and YRS12.
The YRS3 profile obtained the previous year at a similar stage of the ice melting season
showed a similar trend (Figure S3). The entire ice column was under-saturated in late

spring.

Bottom pCO; remained particularly low during the entire study period (below 210
ppm or even below 40 ppm for stations YRS11, 12 and 3).

The pCO, values observed in this study fall within the same range of previous sea ice
measurements in the Southern Ocean (Delille et al., 2014; Geilfus et al., 2014) despite the
fact that the measurement methods differ (bulk vs brines). All the studies reported in

Table 5 showed recurrent low pCO5 values observed in the ice and brines.
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Figure 27: Temporal evolution of pCOs. Samples were analyzed with a standard gas of 300 ppm. Black
dots are data points from field sampling. This plot was produced using the radial basis function method
for interpolation in Surfer 8 software.

Table 5: Summarized Data for Bulk and Brine pCOs Records in the Arctic and Southern Oceans as

well as in Saroma-Ko.

Location Ice type Method Season pCO; Reference
(ppm)
Landfast Computed from  brine . Nomura et al
Saroma-Ko, Japan ice DIC/TA Winter 2.7-195 (2010b)
Arctic Ocean
Computed  from  brine
Resolute Passage, i[éin(dﬁfj;t DIC/TA Sorin 200-1128 Brown et al.
Nunavut ) Brine pCO2 computed pring 93396 (2015)
year from bulk DIC/TA
In situ brine (peepers) 230-1280
Resolute Passage, 'Landfast I situ bulk Late 6 182 Geilfus et al.
Nunavut ice (1st Bulk  computed  from Spring 0-32 (2015)
year) DIC/TA
In situ brine 20-389
Landfast Ceilf " |
Point Barrow, Alaska ice (1st  In situ bulk Spring 23-442 crms e a
(2012b)
year)
Pack ice
Amundsen Gulf, Geilfus et al.
> and land- In-situ brines Spring 0-1839
Beaufort Sea fast ice (2012a)
Nuuk, Greenland iI;zndfast In situ bulk Spring 77-330 g?ﬁ;c)k et al
Southern Ocean
. Pack ice . . Geilfus et al.
Bellingshausen Sea (1st year) In situ bulk Spring 9-193 (2014)
Bellingshausen Sea, Pack . Spri
Weddell Sea, Indian - o©  °®  In situ brine PHIN&” 99 921 Delille et al. (2014)
sector of the SO (1st year) Summer
Cape  Evans (Ross  Landfast In situ bulk SPring- 5 ¢10 This study
Sea) ice Summer
I11.3.2.7. Air-snow-ice CO, fluxes

The CO, fluxes measured over bare sea ice and snow ranged from -2.51 mmolm 2 d !

to 1.81 mmolm~—2d~! , and from -9.76 mmolm—2d~! to 6.22 mmol m~2d !, respectively.

In late winter and early spring (September-October), fluxes at the snow-air interface

generally exceeded fluxes over bare ice (Figure 28). In late spring (end of November),

both negative and positive fluxes occurred over 24h periods (Figure 29).
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Data were slightly higher than values previously reported in Antarctica at the same
season and using the chamber technique, although falling within the same order of magni-
tude (Table 2). Available data showed that both negative and positive fluxes are observed

during spring in polar regions.
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Figure 28: Temporal evolution of (a) mean pCOsy (ppm, red symbols, left axis) for the top 15 cm
of the ice and the corresponding mean BrV (%, green symbols, right axis) (b) daily mean COgy fluxes
(mmolm~=2d~1) over the ice (light blue open circles) and the snow (dark blue crosses). Positive values
indicate CO5 release to the atmosphere, and negative values indicate COs uptake.
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II1.4. Discussion

I111.4.1. The bottom: biofilm implication

I11.4.1.1. The high TAf — high €);;, conundrum

The most striking feature of TAfs is the increase in the bottom layers at the end of
the spring 2012 (Figure 23a). The dissolution of calcium carbonate crystals (e.g., ikaite)
would have increased the TAfg. However, this increase in TAfg co-occurred with calcium
carbonate precipitation supported by high €2;z, and high estimated CaCOj3 content at the
bottom of the ice (Figure 23¢c,d). We find the origin of this particulate inorganic carbon to
be puzzling since inorganic calcium carbonate precipitation or any biogenic calcification
(i.e. colonization by planktic foraminifera) would decrease TAfs in a closed system, which

is opposite to our observations. This implies that excess TAfg must have a different origin.

This accumulation of TAfs mimics the increase of nutrients at the bottom of the ice
during the survey (Figure S2) that has been ascribed to the development of a biofilm
(Roukaerts, 2018). Ice-associated biofilms have been suggested in several studies (Boetius
et al., 2015; Deming, 2010; Meiners et al., 2003, 2008). Extracellular polysaccharide sub-
stances (EPS) secreted by bacteria and algae in sea ice (Krembs and Engel, 2001; Meiners
et al., 2003, 2008; Riedel et al., 2006, 2007) are forming a gelatinous network (Decho, 2000;
Decho and Gutierrez, 2017; Stewart and Franklin, 2008) and are therefore the backbone
of the biofilm. Roukaerts (2018) showed that the development of a biofilm could drive
the accumulation of nutrients at the bottom of the ice. In the same way, nutrient trap-
ping was suggested as one of the functions of EPS aggregates and associated biofilm by
Stewart and Franklin (2008). Biofilm microenvironments host intense remineralization of
organic matter and allow accumulation of nutrients due to the relatively slow diffusion of
dissolved compounds between the static biofilm and flowing brine (Stewart, 2003; Stew-
art and Franklin, 2008). We surmise that the increase in TAfg is partly due to the same
process or accumulation of dissolved compounds in the biofilm. Besides promoting the
storage of calcium carbonate, the presence of the biofilm might also trigger its precipita-
tion. EPS functional groups, mainly negatively charged, can bind to substantial amounts
of free Ca®" or other metals (Braissant et al., 2007). This calcium-binding property may
initially inhibit calcium carbonate precipitation, but subsequent sequential EPS degra-
dation can create nucleation sites and foster calcium carbonate precipitation (Braissant
et al., 2009). The authors developed a conceptual model of microbially mediated calcium
carbonate precipitation in the EPS matrix (Figure 30). In the first two steps, the cal-

cium binds to various EPS chemical functional groups (i.e. carboxyl, phosphate, amine,
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and sulfate esters). This EPS-Ca binding forms a complex with a low-molecular-weight
(LMW) organic carbon compound. Upon microbial enzymatic activity, the LMW organic
carbon compounds are released and oxidized to bicarbonate, which in turn increases the
alkalinity inside the biofilm. Enzymatic activity in sea ice is supported by the presence of
cold-active extracellular enzymes able to drive enzymatic hydrolysis or breakdown (Dem-
ing, 2007; Helmke and Weyland, 1995; Huston et al., 2000). Finally, the remaining free
EPS-Ca sites allow for calcium carbonate precipitation within the EPS matrix. Calcium
carbonate precipitation can thus occur in parallel with an increase of alkalinity within the
biofilm at the bottom of sea ice, as nitrate plus nitrite concentrations increase in parallel

with organic carbon production.

STEP 1 STEP 4 .)

Figure 30: Conceptual model of calcium carbonate precipitation in the biofilm from Braissant et al.
(2009). Step 1: EPS functional groups (A and B); step 2: calcium binding more or less tightly to
functional groups A and B; step 3: complex formation between LMW organic carbon compound and
calcium; step 4: release of LMW organic carbon by microbial activity and oxidation to HCO3; which in
turn increases TA within the biofilm; step5: CaCOj formation either on EPS or in pockets within the
biofilm. Permission of Federation of European Microbiological Societies.
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111.4.1.2. NCP as an indicator of trophic status

The contribution of O,,, to the oxygen pool in sea ice increases steadily with depth.
Besides the impact of physical processes (e.g., solubility changes, brine concentration or
dilution, vertical transport), biological processes account for up to 80% of the overall
oxygen content of the sea ice. The maximal contribution is observed at the bottom of
the ice, where the largest biomass concentrations are observed. Sea ice in McMurdo
Sound is indeed considered as very productive, with an extremely high build-up of chl-a
(Arrigo et al., 1995). Basal concentrations of chl-a reached up to 2443 ugL~1 and 2342
pg L1 (station YRS 9 and YRS10, Figure 24a) and particulate organic carbon up to 2600
pmol L=t. This massive build-up of biomass associated with Oy accumulation indicates
autotrophy. According to the O5/Ar ratio, autotrophy indeed dominated the bottom sea
ice but a transient heterotrophic period was observed between stations YRS8 and YRS11
(Figure 25¢,d). Heterotrophy associated with biomass build-up has been reported earlier
in the Arctic (Campbell et al., 2017; Rysgaard et al., 2008; Rysgaard and Glud, 2004). To
the best of our knowledge, this is the first report of a large biomass build-up associated
with a transient heterotrophic period in Antarctic sea ice. The best explanation for such
a striking feature at the bottom of the ice is the rapid remineralization of the organic
matter (Fripiat et al., 2017, 2014) entrapped within the biofilm (Roukaerts, 2018).

I11.4.2. The interior of the sea ice cover

I11.4.2.1. NCP

A significant imprint of biological processes on the oxygen pool can also be observed
in the ice interior (Figure 26¢). NCPg,. 4, in the ice interior exhibited the same temporal
trend as in the bottom ice with dominant autotrophy (Figure 25c,d). NCP values in the
interior ice were lower than in the bottom ice, in agreement with biomass concentrations,
except for stations YRS11 to YRS12. This higher NCP in the interior at stations YRS11
to YRS12 could be due to upward diffusion of biogenic oxygen enabled with the opening
of the brine network (Zhou et al., 2013).

NCPpjc in interior ice showed the same trophic dynamics (autotrophy vs. heterotro-
phy) as NCPg,.4, except for stations YRS4-6 and YRS10-11. From stations YRS11 to
YRS12, values agree within 3.4 mg Cm~2d~!. The largest difference from stations YRS6
to YRSS is 32 mg Cm~2d~!. Overall, with the exception of stations YRS6 to YRSS, this
suggests that biological activity was the main driver of DICy temporal changes in the ice

interior.
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111.4.2.2. pCO, gradient

Three temporal stages in pCOy dynamics have been identified based on physical pa-
rameters: (i) super-saturation in the upper half of sea ice (stations YRS5-6) was observed
during the winter-spring transition when brine contraction occurred due to cooling, lead-
ing to the concentration of salts, CO, and other gases associated with brine rejection
and upward transport. (ii) Surface under-saturation developed when the top layers be-
come permeable, i.e., when the BrV exceeded 5%, the theoretical permeability threshold
for fluid transport through sea ice, according to Golden et al. (1998). pCO, at the ice
surface decreases below saturation as a first consequence (YRS9 and 10). (iii) Complete
under-saturation of the ice column (stations YRS11, 12, and 3 even if preceded by 1 year)
was observed by mid-November, with low sea ice pCOs as a consequence of ice melting and

subsequent brine dilution, brine volume expansion and increase in sea ice permeability.

I11.4.3. The surface of the sea ice cover

I11.4.3.1. Carbon content

The dissolved inorganic carbon content of sea ice is affected by CO, exchanges. DICq
concentrations remained low (< 351 pmolkg™') at the top of the ice (first 5 cm), com-
pared to the ice interior. Such a depletion at the top of the ice has been repeatedly
observed (Geilfus et al., 2013; Kotovitch et al., 2016; Moreau et al., 2015). This depletion
can be ascribed to the COs release to the atmosphere since most primary production was
concentrated at the bottom of the ice, and no significant calcium carbonate precipitation
occurred at the sea ice surface except potentially at stations YRS11 and YRS12 (Fig-
ure 23c,d). COjy releases from the ice to the atmosphere occurred throughout all seasons,

as explained in the next section.

Precipitation of calcium carbonate at the surface in warm conditions has been rarely
reported. It has rather been reported at the surface in cold ice (Nomura et al., 2013a; Rys-
gaard et al., 2013). However, the slight increase of CaCO3 content at station YRS11 and
YRS12 (Figure 23c,d) indicates that precipitation develops at the ice surface consistently
with omega ikaite above 1. During the rest of the survey, no precipitation was detected at

the surface, while omega ikaite was lower and below 1 in cold surface ice (YRS5-YRS10).
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111.4.3.2. pCO, and air-snow-ice CO, fluxes

CO, fluxes exhibited seasonal and diel variations and were likely affected by the thin

wet and salty surface snow cover.

II1.4.3.2.1. Seasonal variations The seasonal pattern of air-ice CO, fluxes direc-
tion was consistent with the pCO; evolution at the sea ice surface. CO, release generally
occurred during the sea ice growth when pCO, was supersaturated (Figure 28). COq
uptake occurred mainly later in the season, during ice decay, when ice became permeable
(BrV > 5%), and pCO, was undersaturated. This seasonal pattern has also been reported
by others (Delille et al., 2014; Miller et al., 2011; Nomura et al., 2010a; Papakyriakou
and Miller, 2011). In late spring, fluxes were alternating between release and uptake on

a short-time scale.

When the ice was expected to be impermeable during winter, i.e. with brine volume
at the sea ice surface below the permeability threshold for fluid transport of 5% (Golden
et al., 1998), air-ice fluxes were generally close to zero. However, some significant CO,
releases over snow-covered ice were observed. These significant winter CO, releases have
been reported by others using eddy-correlation techniques (Miller et al., 2011; Sievers
et al., 2015). This questions the permeability threshold for gas transport in sea ice,
permeability being a major control of COy fluxes (Buckley and Trodahl, 1987; Delille
et al., 2014). The gas permeability threshold is still debated and has been assessed for
brine volumes ranging between 7.5% and 10% according to field observations (Zhou et al.,
2013), while models suggest a threshold around 10% of brine volume (Moreau et al., 2014).
However, at a smaller scale, the absence of discontinuity in the pCOy profiles (Figure S3)

can argue for a permeability threshold below 5%.

Indeed, the principle of the pCO; measurement method is based on the equilibrium
between the ice sample and the gas phase. Hence, the equilibrium depends on the ice
permeability for gases. A first-order estimate of this permeability range is the same as
the one for liquids (i.e. BrV > 5%). The method should not work below this threshold as
reported by Geilfus et al (2012b) in sea ice from Barrow (AK) where pCOs in impermeable
layers were constant around the concentration of the standard gas. Still, in this study, we
carried out pCO, measurements for BrV < 5%. The trend was consistent below and within
the range of liquid permeability and the pCO, exceeded the standard gas concentration in
impermeable layers, especially above 130 cm at stations YRS5 and YRS6 (Figure S3). As
we did not observe the obvious bias reported by Geilfus et al (2012b) or any significant

discontinuity in our pCOy profiles, our measurements seem to be valid below the 5%
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permeability threshold. This would suggest the BrV threshold for gas permeability to
be lower than 5% in sea ice of McMurdo sound. This calls for a better constraint of the

permeability threshold for gases.

An alternative explanation for winter CO, efflux is the formation of micro-cracks in
the landfast sea ice cover. Microcracking has been observed through acoustic studies in
the Arctic (Dempsey et al., 2018; Milne, 1972) and Antarctica, especially in McMurdo
Sound (Cole and Dempsey, 2004; Dempsey et al., 2018; Langhorne and Haskell, 1996). Ice
cracking in the Arctic has been ascribed by Milne (1972) to thermal stress - temperature
drop - in winter or spring. Temperature drops induce heat loss at the sea ice surface
and subsequent tensile stresses (Ganton and Milne, 1965; Milne, 1972). Cracks, which
relieve some of the stresses, are in turn produced along vertical planes and over tens of
centimeters (Milne, 1972). Accordingly, visual observations carried out by Light et al.
(2003) suggested large changes in microstructure as samples were cooled to -30°C and
the presence of microcracks around inclusions while the ice cools and brines are expelled

upward. This is consistent with the increase of pressure in sea ice related to ice cooling
(Crabeck et al., 2016).

In this study, in early spring (27 September 2012), a sharp air temperature decrease
(from -17°C to -25°C) was observed during the night (Figure 31). Ice temperatures fol-
lowed the same trend and dropped from —17°C to —21°C. Simultaneously, CO, efflux up
to 6 mmolm~2d ™! occurred over the snow and the ice. This event is potentially linked
to ice cracking. This calls for further investigation of the effect of microcracking on CO,

release too.
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Figure 31: CO; fluxes in early spring, air temperature (brown line, recorded at 6 cm above the ice

surface with ice-T buoy), and ice temperature (orange line, recorded at 6 cm below the ice surface with
ice-T buoy).
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111.4.3.2.2. Diel variations in CO, fluxes In late spring, both release and up-
take of CO4y occurred over a 24-hour period. Uptake occurred when air and ice tempera-
tures were above 0°C and -5°C, respectively, while release took place when temperatures

dropped again below these levels at nighttime (Figure 29).

This diurnal pattern of COy fluxes may be related to an increase of NCP during
daylight and a decrease of NCP during nighttime. However, nighttime heterotrophy is
questionable since solar irradiance was above 0.4 MJm~2h~! (Figure 29). Then CO,
release at nighttime should also be ascribed to physical processes. The CO, release and
uptake sequences could be related to diel temperature variations and the surface freeze-

thaw cycles.

Atmospheric temperature variations were mainly affecting the top 6 cm of the ice
(Figure 29). We assumed that the surface melt of sea ice was most likely occurring during
day time. The subsequent brine dilution can lead to a large decrease of surface pCO, as
observed at station YRS11 (sampled around midday) and allowed uptake of atmospheric
CO3. The nocturnal refreezing of the ice skin potentially induced CO, release to the
atmosphere. Similarly, Papakyriakou and Miller (2011) observed prominent diurnal shifts
from COs release to CO, uptake over landfast sea ice using the eddy covariance technique.
The uptake corresponded to local peaks in surface net radiation and air temperature while
the release was associated with night-time minima in net radiation and temperature.
These authors ascribed the diel variations to cooling and freezing of the brines during the

night.

Our results suggest that fluxes are highly variable on a diel cycle and that changes from
release to uptake within 24 hours are likely linked to diel changes in NCP or freeze-thaw

cycles during spring.

111.4.3.2.3. Effect of thin brine-wetted snow on CO, fluxes To date, only
a few studies distinguished the snow-air interface and the ice-air interface. We observed
larger CO, release and uptake over snow than over bare sea ice. Some studies have re-
ported larger fluxes at the snow-air interface (Fischer, 2013; Geilfus et al., 2012a; Nomura
et al., 2013a), but in opposite others pointed out impeded COs diffusion over snow-covered
sea ice (Nomura et al., 2010b). Indeed, deep snow cover may decrease the magnitude of
the fluxes compared to bare ice, especially if superimposed ice -a fresh ice layer formed

from snow meltwater- is forming (Delille et al., 2014; Geilfus et al., 2012a; Nomura et al.,
2010b; Zemmelink et al., 2006).

Early studies about fresh snow (i.e., snow without salt) over inland terrestrial ecosys-
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tems considered snow as an inert layer storing CO, and paid little attention to processes
within the snow (Brooks et al., 2005; Takagi et al., 2005). Only the impact of biological
processes (i.e. microbial respiration) has been studied and was reported not to be signif-
icant (Pirk et al., 2016). However, in terrestrial ecosystems close to the sea and even for
sea ice, several studies reported chemical and photochemical reactions (see Bartels-Rausch
et al. (2014) for a review). Sea salts in snow promote the formation of a surface liquid
layer with a high ionic concentration that hosts chemical reactions (Domine and Shespon,
2002).

During this survey, neither snow ice nor superimposed ice formation that could act as a
physical barrier to gas exchange were observed. The snow cover was characterized by high
salinity (7.4 - 24.5), low thickness (below 4 c¢cm), and high wetness due to brine wicking,
i.e. the upward migration of sea salt enriched brines from the sea ice to the snowpack
(Domine et al., 2004). Compared to previous studies (Delille et al., 2014; Geilfus et al.,
2012a; Nomura et al., 2010b; Papakyriakou and Miller, 2011; Zemmelink et al., 2006),
the snow cover was saltier and thinner during our survey. Wet and salty base snow can
be viewed as solid snow crystals partially surrounded by liquid (i.e. brine) or disordered
air-ice interface (Bartels-Rausch et al., 2014). Such a multiphase medium potentially
modifies ice-gas interactions. First, gas adsorption or desorption on snow crystals is
proportional to the specific surface area (SSA) — the surface area of snow accessible to
gases per mass unit (Legagneux et al., 2002). SSA is changing with snow properties and
types (e.g. temperature, density, morphology, crystal structure). Gas interactions within
wet snow cover are thus expected to be different from those within dry snow. In addition,
CO4 can dissolve within this multiphase medium. Higher salinity increases the CO4 buffer
capacity of liquids or disordered layers, so that salty snow is likely to have a larger CO,
storage capacity compared to fresh snow. The CO, storage capacity of salty base snow
would add up to the total sea ice CO, storage capacity so that sea ice with a salty snow
cover should have a larger COy storage capacity compared to bare ice. We therefore
suggest that the thin salty snow layer observed during the survey allowed CO, transport
due to its shallowness and provided an enhanced CO, storage capacity compared to bare

ice and related enhanced CO, fluxes.

I11.5. Conclusions

We investigated the inorganic carbon dynamics in Antarctic landfast sea ice. Besides
the first long-term monitoring of both pCO, and CO, fluxes at sea ice interfaces from
winter to summer, this study also investigated the trophic status of sea ice and proposed

a mechanism for calcium carbonate precipitation within the biofilm formed at the bottom
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of the ice.

Results revealed a succession of heterotrophic and autotrophic phases in the sea ice
interior during spring. However, the seasonal pattern of COs fluxes at the air-snow-
ice interface was decoupled from the trophic status observed in the ice interior. This
seasonal pattern of CO, fluxes was mainly driven by changes in pCO, at the surface
that were related to physical processes. In late spring, diel variations of CO4 fluxes were
superimposed on seasonal variations. It appeared that both biotic and abiotic processes
dominated the inorganic carbon dynamics at the sea ice surface in late spring. Diel
variations potentially correspond to diel changes in NCP or to freeze-thaw cycles affecting
basal snow and ice skin temperatures. As a result, a robust budget of air-snow-ice CO,
fluxes would require both long term and high-frequency measurements to capture both

seasonal and diel patterns.

McMurdo landfast ice is known to accumulate a substantial amount of biomass and
is recognized as one of the most productive biotopes of the global ocean. Accordingly, we
observed a large biomass build-up at the bottom of the ice but, strikingly associated with
transient heterotrophic activity and nitrate plus nitrite accumulation. This counterintu-
itive observation is likely due to the presence of a biofilm (microbial assemblages embedded
in extracellular polymeric substances) where remineralization and accumulation of nutri-
ents are taking place. Our results further suggest that such biofilm also promotes calcium
carbonate precipitation, which develops in parallel with an increase of salinity-normalized
TA, another counterintuitive observation. EPS functional groups within a biofilm can
bind substantial amounts of free calcium. Sequential EPS degradation due to microbial
activity creates nucleation sites for calcium carbonate precipitation and provides bicar-
bonate ions within the biofilm that increase alkalinity. These observations call for further

studies on the implication of biofilm formation at the bottom of sea ice.
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Figure S1: Temporal evolution of (a) filtered alkalinity and (b) pH in landfast sea ice. Plots were
produced using the radial basis function method for interpolation in Surfer 8 software. Black dots are
data points from field sampling.
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Figure S2: Bulk ice concentrations of nitrate plus nitrite. Plots were produced using the radial basis
function method for interpolation in Surfer 8 software. Grey dots are data points from field sampling.
Data are missing for station YRSI1.
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Figure S3: Sea ice pCO; profiles. Open diamonds indicate impermeable layers (BrV<5%), closed dots
indicate permeable layers. Samples were analyzed with a standard gas of 300 ppm.

Table S1: Bottom chl-a concentrations and abundances. Total chl-a concentration refers to the sum of
concentrations measured on the 10 and 0.8 pm filters.

Total chl-a in the Total chl-a in the Abundance of chl-

Station Station date ice column bottom 10 cm a in the jbottom 10
number L) (ug L) cm relative to the
(ng He ice column (%)
1 28 November 2011 294.5 285.5 96.9
2 3 December 2011 34.4 22.6 65.8
3 8 December 2011 36.5 24.9 68.2
4 19 September 2012  16.9 13.3 78.8
5 5 October 2012 50.9 45.3 89.0
6 18 October 2012 511.5 506.0 98.9
7 25 October 2012 1446.2 1440.7 99.6
8 1 November 2012 508.2 501.8 98.7
9 7 November 2012 2446.1 2443.4 99.9
10 13 November 2012 2345.6 2342.8 99.9
11 22 November 2012 1221.3 1203.6 98.5
12 30 November 2012 981.8 974.8 99.3
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Chapter IV. Bubble-driven gas enrichment in sea ice
drives CO, release to the atmosphere in

autumn.

F. C. Van der Linden, J.-L. Tison, G. Carnat, C. Sapart, J. de Jong, S. Stammerjohn, S.
Ackley & B. Delille

This chapter is in preparation for publication.

IV.1. Introduction

Carbon dioxide (COs) is a major anthropogenic long-lived greenhouse gas that con-
tributes to about 63% of the total radiative forcing of the Earth (IPCC, 2013). Predicting
its future atmospheric concentration is quite challenging because of the lack of knowledge
existing on the contribution of its natural sources and sinks (Fischer et al., 2010; Par-
mentier et al., 2013). Polar oceans in both the Northern and Southern hemispheres are
major sinks for atmospheric COy (Gruber et al., 2019b; Takahashi et al., 2002). Sea ice
plays a complex yet significant role in the carbon cycle of these polar waters that we
recently reviewed in the Arctic Ocean (Lannuzel et al., 2020). In particular, CO, fluxes
over Arctic and Antarctic sea ice have been repeatedly reported in spring and summer
(Brown et al., 2015; Delille et al., 2014; Geilfus et al., 2013, 2012a, 2015, 2014; Nomura
et al., 2013a, 2010b). For the Southern Ocean, two large scale assessments of air-ice COq
fluxes have been proposed so far (Delille et al., 2014; Rysgaard et al., 2011). Both studies
converge and suggest that sea ice in spring and summer would uptake between 0.019 Pg
C to 0.052 Pg C of CO, from the atmosphere. However, both approaches have the same
drawback: they do not account for autumn and winter fluxes. Indeed, little is known
about the winter CO, exchanges above the sea ice due to the logistical challenges to
achieve field observations during winter, especially in the Southern Ocean. CO, releases
during ice growth have been observed for artificial ice (Geilfus et al., 2016; Kotovitch
et al., 2016; Nomura et al., 2006). In the Arctic Ocean, north of Svalbard, Nomura et
al. (2018) showed CO; releases over young ice (thickness between 15 and 22 c¢cm) and
snow-covered ice during winter and spring. Winter CO, releases were also reported us-
ing eddy covariance techniques in an Arctic polynya in the Amundsen Gulf (Else et al.,
2011) or over landfast sea ice of the southern Beaufort Sea (Miller et al., 2011). Using

the same method, Sievers et al. (2015) reported periods of strong outgassing during the
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winter-spring transition (March) over landfast sea ice in northeast Greenland.

In the Southern Ocean, only two studies reported late winter /early spring air-ice COq
fluxes measurements. These studies showed contrasting results. In the Bellingshausen Sea
at around 70°S, Geilfus et al. (2014) observed that sea ice was under the influence of low-
pressure systems that bring heat and lead to marked temperature variations between -20°C
and +0.5°C. Early warm-up of sea ice led to negative air-ice CO, fluxes (fluxes from the
atmosphere to the ice). Further south, in McMurdo Sound, Ross Sea, we reported positive
fluxes in very late winter/early spring over snow-covered landfast sea ice (Chapter I11.). To
our best knowledge, no data of CO, fluxes during autumn and winter were reported for the
Southern Ocean, even less for early sea ice growth stages during the transition from open
to sea-ice covered ocean. Of particular interest to capture this transition are polynyas.
Polynyas are recurrent open water and high sea ice production areas where otherwise a
thicker ice cover is predominant (Armstrong, 1972; Barber and Massom, 2007). Coastal
(or latent-heat) polynyas occur frequently around Antarctica. They are bounded by land,
ice shelf, icebergs or glacier tongue on one side (Barber and Massom, 2007), and pack ice
on the other side. Their formation is linked to winds or oceanic currents maintaining ice
divergence. The Terra Nova Bay polynya (TNBP), a coastal polynya in the western Ross
Sea, is bounded to the south by the Drygalski ice tongue and maintained by katabatic

winds draining into the Terra Nova Bay.

Air-ice CO4 fluxes are controlled by the dynamics of dissolved inorganic carbon (DIC)
in sea ice. To our best knowledge, the DIC dynamics has not been documented in autum-
nal natural sea ice. It can be expected that key processes already described for winter ice
(Nomura et al. (2018), Chapter III.) control the DIC dynamics in autumn. Among them,
the formation of ikaite (CaCOj-6H50), a metastable form of calcium carbonate, received
attention since it has been suggested to act as a sink of CO, for the atmosphere (Delille
et al., 2014; Rysgaard et al., 2007; Rysgaard et al., 2011). In addition, bacterial respi-
ration (Chapter III., Sggaard et al. (2019), Zhou et al. (2015)) and physical processes,
i.e. brine migration, air-sea gas exchange, bubble-driven gas enrichment (Kotovitch et al.
(2016), Moreau et al. (2015), Zhou et al. (2013), Chapter III.) are likely majors controls

of the DIC dynamics in autumn during sea ice growth.

We present insights from the Polynyas, Ice Production and seasonal Evolution in the
Ross Sea (PIPERS) expedition and focus on the temporal and spatial changes of sea ice
inorganic carbon content and related air-ice CO, fluxes of pack ice during the rapid growth
and expansion phase of the Ross Sea ice cover, both inside and outside the polynyas. The
main goal of this study is to document the CO, dynamics during early sea ice growth,

from April to June 2017, and provide the first set of air-ice COy fluxes measured with
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chambers in an active Antarctic wintertime coastal polynya of the Ross Sea, the Terra
Nova Bay Polynya. Multiple sea ice types were sampled (frazil, pancakes, unconsolidated

and consolidated ice) in contrasting areas (marginal ice zones, polynyas, and the central
Ross Sea).

IV.2. Fieldwork and Methods

IV.2.1. Study site and work settings

The PIPERS survey was carried out in the Ross Sea, aboard the RVIB Nathaniel B.
Palmer (NBP), and aimed to investigate autumnal pack ice, particularly the early stages
of sea ice formation in the Terra Nova Bay polynya. We focused on 27 biogeochemical ice
stations performed between April 19 2017, the day of arrival at the ice edge, and June 4
2017. Unexpectedly, a delayed ice advance was observed in the Ross Sea in autumn 2017
(Ackley et al., 2020; Tison et al., 2020). The ice stations were located in the western Ross
Sea, close or within the marginal ice zone (MIZ) (inbound stations PIP1-5), the Central
Ross Sea (stations PIP18-25) and the Terra Nova Bay polynya (TNBP) (stations PIP6-
16) (Figure 32). These locations allowed us to sample both the main pack and the early
stages of ice formation in the TNBP. Three sampling methods were used to overcome
logistical constraints: full ice stations (long stations on sea ice), basket stations (short
stations on sea ice) and zodiac stations (short stations to sample frazil and very thin ice,
e.g. unconsolidated grey ice, proto-pancake or thin pancake ice). Collection of ice cores,
snow, brines and seawater down to 30 m (detailed in Tison et al. (2020)) was carried out
during the full stations. Limited sampling occurs during the basket and zodiac stations
(ice and seawater collection, fluxes measurements whenever possible, no snow or brine
sampling). Air-ice fluxes of COy were measured at almost all stations, air-sea fluxes were

measured only during zodiac stations.
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Figure 32: Track of the PIPERS cruise in the Ross Sea and location of the 27 biogeochemical ice
stations (red dots). MIZ, TNBP and RSP stand for Marginal Ice Zone, Terra Nova Bay Polynya and
Ross Sea Polynya, respectively. Map from Jacques et al. (in prep), created with Quantarctica, from the
Norwegian Polar Institute, NSIDC NOAA (https://nsidc.org/data/G02135/versions/3).

IV.2.2. Ice collection

During the so-called “full ice stations” and “basket stations”, consolidated ice was
collected with an electropolished stainless steel corer. Zodiac stations carried out using
rigid inflatable boat allow to sample the early stages of sea ice: free-floating frazil ice,
unconsolidated grey ice, proto-pancake or thin pancake ice. Free-floating frazil ice was
collected either by filling a polyethene plastic bag directly at the surface (denoted as un-
filtered ice) or by filtering water with a handheld sieve (denoted as filtered ice). Whenever
possible, we also grabbed by hand grey ice or proto-pancake (denoted as unconsolidated
ice), packed it swiftly in a polyethylene bag and placed it in a cooler box with freeze
packs (placed in a -20°C or -80°C freezer prior to the ice station) in order to freeze the
sample rapidly and therefore prevent brine drainage. We also collected frazil ice and
unconsolidated ice at the sea surface within a plastic box placed underneath, containing
the under-ice water (Cottier et al., 1999). Ice blocks were extracted with the plastic box
(i.e. with the under-ice water) and immediately stored in a freezer at -20°C after the
sampling. Once the under-ice water was frozen, the ice blocks were separated from the

frozen under-ice water by cutting. Ice collected with this method is denoted “bucket” ice.
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Hereafter, when the sampling collection (i.e., filtered, unfiltered, unconsolidated, bucket)
is not specified, the collection method corresponds to ice coring and the ice is referred as

“consolidated” ice.

IV.2.3. Measured parameters

IV.2.3.1. Ice temperature and bulk ice salinity

Ice temperature measurements were performed on ice cores immediately after collec-
tion with a vertical resolution of 5 cm using a calibrated probe TESTO®)720 (precision
+0.1°C, accuracy £0.2°C).

Salinity samples were processed with a Guildline Autosal Salinometer 8400, B cali-
brated with TAPSO standard seawater at a salinity of 10 to improve the accuracy of the
measurements (accuracy better than 0.002 psu). Salinity measurements were performed
with a vertical resolution of 5 cm for the top 10 cm of the ice cores and a vertical resolution

of 10 cm below.

IV.2.3.2. Total alkalinity and pH

Ice cores were cut into 10 cm sections whenever possible in a cold room (at -25°C).
For thinner ice cores, cutting was adapted according to the length of each core. Each
section was placed in a gas-tight polyethene/polyamide bag sealed under vacuum with
a vacuum sealer. The bagged sea ice samples were then melted in the dark at +4°C
on a rotary shaker. The latter speeds up the melting, keeps the water in the bags at a
homogenous temperature and allows to avoid hot spot formation detrimental for ikaite
crystal preservation (Dieckmann et al., 2008). Attention was paid to treat meltwater
as soon as possible after complete melting to avoid meltwater warming and subsequent
carbonate dissolution, as suggested by Dieckmann et al. (2008). Meltwater was shaken
to resuspend the crystals, and aliquots were collected for pH, bulk alkalinity (TAb) and
filtered alkalinity (TAf) analyses. pH was measured using a Metrohm(®) combined elec-
trode calibrated on the total hydrogen ion scale using NBS standard at pH 4 and 7. The
pH measurements were carried out at low temperature (typically below +4°C) to reduce
biais due to temperature changes. The accuracy of pH measurements was £0.01 pH units.
Samples for TAf were filtered on 0.2 pm polycarbonate filters. Filtration were carried out
at 4°C in order to avoid any dissolution of calcium carbonate. TAb and TAf were poisoned

with a saturated mercury chloride solution. Total alkalinity was measured by open-cell
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titration with HC1 0.1 M on 50 ml aliquots of sea ice melt samples, following Gran (1952)
endpoint determination. Titration was stopped for 10 minutes at pH 4.2 to ensure the
dissolution of any remaining calcium carbonate crystals before the measurements between
pH of 4.2 and 3 required for the Gran function. The accuracy of TA measurements was
+4 pmolkg™!. Data were quality checked with certified reference material from Andrew

Dickson (Scripps Institution of Oceanography, University of California, San Diego).

IV.2.3.3. Argon concentration

The dry-crushing technique, developed for gas measurements in continental ice (Ray-
naud et al., 1982), was used to extract Ar from the ice samples. This technique allows
extracting both gas bubbles and gas dissolved in liquid brines. The ice core was cut every
5 c¢m, and each ice cube of about 60 g was introduced into a vessel, with seven stainless
steel balls. The latter was crushed in the vessel as described in Stefels et al. (2012), at
a temperature of -25°C and under a vacuum of 1073 torr. The vessel was then kept at
-50°C in a cold ethanol bath and connected to the gas chromatograph equipped with a
thermal conductivity detector for concentration analyses. We used He (Air Liquide®) —
Alphagaz 2) as the carrier gas and a 22 ml packed column (Mole Sieve 5A 80/100; 5 m x
1/8 in.). The repeatability of the analyses (i.e., the precision of the gas chromatograph)
was 2.3% for Ar (Zhou et al., 2014).

IvV.2.3.4. CO; fluxes measurements with automatic and floating chambers

CO, fluxes were measured using a LI-COR®) LI-8100A soil CO, flux system. The
analyzer was connected to an automatic chamber (LI-COR®) 8100-104) for measurements
over solid ice. The chamber consists of a metal cylinder, with a diameter of 20 cm and
a height of 9.7 cm, closed at the top by a mobile cap to vent the chamber and maintain
an ambient pressure inside. A rubber seal surrounds the cylinder and ensures an airtight
connection at the chamber-ice interface. The chamber was placed either on the snow or
the ice after removing the initial snow cover. For measurements over snow, a stainless-
steel seal was mounted at the base of the chamber and pushed down to the ice to enclose
snow and prevent lateral diffusion of air in the snowpack. For CO, fluxes measurements
over open water and unconsolidated ice, the infrared gas analyzer LI-COR@®) LI-8100A
was coupled to POPI (floating Plastic chamber for OPen water and unconsolidated Ice

gas fluxes) developed at the University of Liege.

The infrared gas analyzer recorded the pCOs during a designated time interval (30
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min). The flux was determined by measuring the change of pCOy within the chamber.
Flux calculations were performed routinely using the LI-COR®) SoilFluxPro software,
with volumes adjusted to include collar offsets (i.e. rim height above the surface) for
the measurement carried out with the automatic chamber, and applying water vapor
corrections for dilution and band broadening. The fluxes were determined by the slope
of the linear or exponential regression of pCO5 over time, depending on the best fit. All
fluxes were visually checked to discard measurements biased by contamination or poor
sealing of the chamber. The uncertainty of the flux computation due to the standard

error of the regression slope was +8%.

IV.2.4. Computed parameters

IV.2.4.1. Brine volume fraction

The brine volume fraction (BrV), a proxy of sea ice permeability, was computed from
ice temperature and salinity following the equations of Cox and Weeks (1983) for ice
temperature < -2°C and Leppéaranta and Manninen (1988) for ice temperature > -2°C.
We considered that the ice was permeable for a brine volume fraction exceeding 5%
(Golden et al., 1998).

IV.2.4.2. Dissolved inorganic carbon

Dissolved inorganic carbon (DIC) was computed from TAf and pH, according to COq
acidity constants of GEOSECS (Takahashi et al., 1982), consistently with the use of
NBS scale for pH, with K; et Ky from Mehrbach et al. (1973). We used TAf for DIC
computation to avoid bias from the potential dissolution of particulate inorganic carbon
(e.g., calcium carbonate formed in sea ice). We used DIC normalized to a salinity of 35
(DICj35) in order to distinguish which processes, other than salinity changes, control the

carbonate system.

IV.2.4.3. Assessment of calcium carbonate precipitation

The overall CaCOg3 content was estimated from the difference between total alkalinity
of a nonfiltered sample, denoted as bulk alkalinity (TAb) and total alkalinity of the filtered
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sample, denoted as filtered alkalinity (TAf) (Geilfus et al., 2013), according to

(CaC O] = %(TAI) _TAf) (19)

The CaCOs3 content is given in umolkg™!. Based on the spread from observed data, the
detection limit was assessed to 50 pmolkg~! of CaCOs3 precipitated.

IV.2.4.4. Omega ikaite

The saturation state of brine (£2;,) depends on the calcium brine concentration, car-
bonate brine concentration and their solubility product described by Papadimitriou et al.
(2013). While the solubility product has been established for temperatures above -8°C, we
used it below this threshold and assumed it constant. We acknowledge that we neglected
some physical processes, such as concentration and dilution. This approach thus presents
some limitations. We estimated the salinity of brines using a third-order fit from Assur
(1958) and Notz (2005). We also computed TAp.ines and DICy,i,es by considering their
linear dependence to salinity in order to obtain CO3~ brine concentrations from CO2SYS
program for the carbonate system (Lewis et al., 1998). More details can be found in
Moreau et al. (2015).

IV.3. Results

IV.3.1. Physical and dissolved inorganic carbon parameters in different areas

of the western Ross Sea
IV.3.1.1. Inbound transect

The inbound transect includes stations performed in the marginal ice zone (MIZ)
on the way in (stations PIP2-3) as well as stations PIP4-5 from 19 April to 25 April
2017 (Figure 32). As observed in Figure 33, the lowest temperatures were observed
in the southernmost stations (PIP4-5). These two stations also exhibited spiky profiles
consistent with their dynamic origin (rafting and dragon skin process, Tison et al. (2020)).
As a result, brine volumes of PIP4 and PIP5 appeared to be below 5% - the threshold of
permeability for liquids (Golden et al., 1998) - for the upper part of the ice. The salinity
of the northern stations PIP2 and PIP3 increased steadily in the upper part of the ice.

Brine volumes were above 5% at all depths at these stations. TAf and DIC mimicked
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vertical changes of salinity and exhibited an increase at the ice surface. DICj35 vertical
profiles exhibited less clear patterns, but DICs5 values were mostly above mean DICj35 of

the surface waters.
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Figure 33: Temperature, salinity, brine volume, TAf, DIC and DIC35 vertical profiles in sea ice from
inbound stations (PIP2-5). The dashed line in the plot (C) indicates the fluid permeability threshold of
5%. The grey area in plot (F) indicates the seawater range of DIC35.

IV.3.1.2. Terra Nova Bay Polynya

Thin and thick pancakes, and consolidated sea ice were sampled in the TNBP. Low
ice thicknesses were observed, with a maximum value of 31 cm. Steep changes were
observed for most of the measured parameters in this thin ice cover (Figure 34). Thin
pancakes exhibited systematically higher temperatures at the surface compared to thicker
pancakes. Salinities were high compared to the values observed in the inbound transect or
the central Ross Sea and showed a marked increase at the surface. Consistently with high
salinities, brines volumes were above the permeability threshold of 5%, but they exhibited
a marked decrease at the surface. TAf and DIC profiles mimicked the vertical changes
in salinity. DICjs5 profiles exhibited lower value at the surface compared to the bottom,

with few exceptions.
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Figure 34: Temperature, salinity, brine volume, TAf, DIC and DIC35 vertical profiles profiles in sea ice,
thin and thick pancakes from the Terra Nova Bay polynya. The dashed line in the plot (C) indicates the
fluid permeability threshold of 5%. The grey area in plot (F) indicates the seawater range of DICs5.

IV.3.1.3. Central Ross Sea

Thicker ice cover was encountered in the central Ross Sea (up to 65 cm at station
PIP24). Salinity profiles exhibited a C-shape profile characteristic of growing ice (Fig-
ure 35). Impermeable layers were observed at mid-depth, between 7.5 cm and 23 cm. TAf
and DIC profiles followed the same trend as salinities profiles. Minimum DICs5 values
were observed at the surface and were below (stations PIP20, 21 and 24) or around (sta-
tions PIP22, 23 and 25) seawater values. We observed a steady increase in DICs5 for all
stations from the surface to the interior ice. The maximum values (up to 3400 ymolkg~!)
were observed between 20 cm and 30 cm. DIC35 decreased slightly towards the bottom of
the ice. A systematic offset of DIC35 values compared to the seawater range was observed
at the ice bottom. This offset ranged from 293 ymolkg™' (at PIP24) to 752 pmolkg™!
(at PIP22) compared to the highest seawater value.
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Figure 35: Temperature, salinity, brine volume, TAf, DIC and DIC3;5 vertical profiles in sea ice from
the Central Ross Sea. The dashed line in the plot (C) indicates the fluid permeability threshold of 5%.
The grey area in plot (F) indicates the seawater range of DIC35. The grey area in plot (F) indicates the
seawater range of DICgss.

IV.3.2. CO, fluxes at the air-sea, air-ice and air-snow interfaces

The largest CO, fluxes were observed during the earliest sea ice growth stages above
frazil ice, unconsolidated grey ice and pancake ice (Figure 36) and ranged from 0 to
21.8 mmolm=2d~!. Both COj; releases and uptakes of similar amplitude ranging from
-4.4 to 4.9 mmolm—2?d~! were measured at the air-snow interface over thick (more than
20 c¢m) consolidated ice (Table 5). These values fall within the range of CO, fluxes
recorded previously by Geilfus et al. (2016) over Antarctic pack ice in early spring in the
Bellingshausen sea, and in the range of our observations in late winter in McMurdo sound
(Table 6). Autumn CO, fluxes can also be compared with measurements carried out over
Arctic pack ice (Nomura et al., 2018) that ranged from 1 to 1.6 mmolm=2d~! with an
average of 1.3 mmolm~2d ™! for ice thickness ranging from 15 cm to 22 cm. Autumn CO,
fluxes were also similar to the observations of Geilfus et al. (2013) in a refrozen lead in
the Chukchi Sea that ranged from 4.2 to 9.9 mmolm=2d~! over 22 cm thick ice. The
mean value of our measurements on snow over consolidated ice was 0.5 mmolm—2d ™!,

so that consolidated ice was acting as a source of COy for the atmosphere in autumn.

90



Measurements carried out on consolidated sea ice after snow removal ranged from 0 to
3.8 mmolm—2d~! and presented less variability that measurements carried out over the
snow since they were always positive. Overall, sea ice in autumn was acting as a source
of COy for the atmosphere, and the fluxes were enhanced over young thin ice (i.e, grey

unconsolidated and pancake ice), compared to consolidated ice.
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Figure 36: Air-sea, air-ice and snow-ice COg fluxes measured during the PIPERS survey using the
chamber technique. Boxes are drawn from the 25th to 75th percentiles, and the medians appear as
horizontal lines in boxes. Whiskers indicate the 5th and 95th percentiles and grey dots are outliers.

Table 5: Means and ranges of CO5 fluxes measured above the frazil ice, unconsolidated grey ice, pancake
ice, snow covered consolidated ice and consolidated ice after snow removal. The related mean sea ice
depth, temperature, ice salinity and brine volume fraction observed at the top 5 cm of the ice are added.

Mean Mean
Mean CO2 Range of Mean sea Mean T salinit BrvV at
Ice type fluxes CO2 fluxes ice depth (°C) at the v the ice
o —o . at the ice
(mmolm~™2d 1) (mmol m 2a—1 (Cn’l) ice surface surface
surface (%)
Frazil ice 1.6 0.9 to 2.3 n.d. -1.9 n.d. n.d.
Unconsolidated grey ice 4.5 0 to 21.8 3 -5 19 23
Pancake ice 8.4 0.9 to 14 16 -5.8 25 21
Snow covered consolidated
ice 0.5 -4.4 to 4.9 50 -9.8 16 10
Consolidated ice after snow 13 0 to 3.8 57 93 14 8

removal
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Table 6: Means and ranges of COs fluxes measured over pack ice (PIPERS survey) and landfast ice
(YROSIAE survey) at the air-ice and air-snow interfaces.

Air-ice interface Air-snow interface
Range Mean Range Mean
€Oz fluxes in September over landfast 1 ¢ 0.08 -0.35t0 5.96  0.55
ice (mmolm~—2d~1)
CO2 fluxes over pack ice in autumn 0to 3.8 1.3 A4 to 4.9 05

(mmolm~2d~1)

IV.3.3. Overall DIC distribution in consolidated ice

DIC35 concentrations within consolidated pack ice ranged from 1831 to 3869 pmol kg~?
(Figure 37). Minimum values were observed in the top 10 cm of the ice with some DICs;
values below the seawater range. Lowest DIC35 values corresponded to brine volume
exceeding 12% (stations PIP20, 21 and 2). Maximum DICj5 values were observed between
10 and 30 c¢m in impermeable layers with BrV as low as 2%. Such feature is observed for
several stations in the central Ross Sea (PIP19 - 24, Figure 35).
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Figure 37: DICs;5 in consolidated ice as a function of depth (m). The color bar indicates the brine
volume fraction (%). The grey area refers to the seawater range of DIC35. The dashed grey contour
points out the impermeable layers enriched in DICss.
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IV.3.4. DIC3; and Ars; as a function of ice types

Figure 38a presents aggregated DICs; data discriminated by ice type, and vertical
distribution for consolidated ice. Lowest DICs5 values were encountered in bucket ice
and filtered ice. Median values of DIC3;5 of youngest sea ice stages (unconsolidated ice,
filtered and unfiltered ice) were close to the mean seawater value. An enrichment in DICj;
was observed in older sea ice types, i.e. pancake ice and consolidated ice, particularly
between 20 cm and 40 cm. Argon data, normalized to a seawater salinity of 35 (Arss),
were aggregated in the same way as the DICs; data. Args presented similar features
as DIC35 (Figure 38b). The minimum median Arss value (20.7 ymol L™1) was observed
at the surface, while the maximum median value (23 pmol L™!) was observed between
20 cm and 40 cm. All median Arss values of consolidated ice were above the seawater
saturation, and the median value at the surface was the closest to the seawater saturation.

The median value of Arss in pancake ice was below the seawater saturation.
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IV.3.5. Calcium carbonate precipitation

The CaCOj3 content (Figure 39) ranged between -50 pmolkg™' and 50 pmolkg™!,
except for some outliers. Omega ikaite was mainly below 1, except at the bottom of
stations PIP2 and PIP3. However, values above 1 do not correspond to the CaCOj

content outliers.
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Figure 39: CaCOg3 content and omega ikaite in unfiltered, bucket, pancake and consolidated ice.

IV.4. Discussion

IV.4.1. Calcium carbonate precipitation

The CaCO3 content derived from the difference between TAb and TAf can reveal
significant calcium carbonate precipitation, as it was observed at the bottom of landfast
ice in spring (Chapter III.). Surprisingly, Figure 39 shows meaningless negative values
ranging from -50 gmol kg ™! to 0 umol kg™!, as we also reported in Chapter IT1. (Figure 23,
page 62). These negative values correspond to analytical artefacts that result from the
cumulative measurement errors in TAb and TAf. We also observed slight differences in
salinity between TAb and TAf aliquots from the same sample. These differences are likely
to develop due to the filtration or poor conservation of the samples, for instance, if the
sampling bottles were not perfectly airtight. Such differences add up to the cumulative

error in the measurement of the total alkalinity.
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The negative values give some insight into the detection limit of the method. We
considered that values in the -50 gymolkg™! to 50 ymolkg™! range were not analytically
significant. Therefore, we considered that values below the threshold of 50 yumol kg~* were
below the detection limit of the method. Such a relatively high detection limit does not
prevent to measure significant precipitation of ikaite as observed during the YROSIAE
survey with values up to 350 pumolkg™! (Chapter III.), while value of CaCOj3 up to 700
pmol kg™t have been reported in the literature (Table 7).

Except for two outliers, the CaCOj3 content in pack ice in autumn during the PIPERS
survey was below the detection limit, i.e. 50 umolkg™'. Consistently, omega ikaite
(Figure 39) was generally below the threshold of 1 (with a few exceptions between 1 and
1.5), preventing precipitation of calcium carbonate. Such low values are consistent with
our late winter observations in the Ross Sea landfast ice in McMurdo sound that exhibited
values below the detection limit. In accordance, a survey in Eastern Antarctic pack ice

also reports values ranging between 1 ymolkg™' and 52 ymolkg~! (Fischer et al., 2013).

Significantly larger calcium carbonate content have been reported in Antarctic land-
fast ice in late spring. In the Chapter III., we observed values up to 350 pmolkg! in the
bottom 20 cm of productive landfast in McMurdo Sound. Fischer et al. (2013) measured
calcium carbonate precipitation using inductively coupled plasma optical emission spec-
trometry with a high vertical resolution and reported repeatedly high CaCOj3 values up
to 550 pumolkg™! in the top 5 cm of the ice. Still, both studies are converging towards
significantly lower values in the ice interior. Fisher et al. (2013) reported values between
10 cm and 30 cm of the ice ranging from 0 to 26 pmolkg™!, while we reported values

below 50 pmolkg ™! in the ice interior at all time (Table 7).

Overall values in Antarctic sea ice, but also in the Chukchi Sea (Geilfus et al., 2013)
or in Fram strait (Nomura et al., 2013a), appear to be significantly lower than values
repeatedly reported in landfast ice from Young sound (East Greenland) that ranged from
100 gmol kgt to 3000 pmol kg~ (Barber et al., 2014; Rysgaard et al., 2013; Sggaard et al.,
2019). This challenges the current view of ubiquitous significant (above 50 pmolkg™!)
calcium carbonate precipitation in sea ice. Significant calcium carbonate precipitation
seems to appear only in late spring at the very top and very bottom of Antarctic landfast

ice, or in Young Sound.

In most of the studies, calcium carbonate precipitation is located at the air-ice interface
(Barber et al., 2014; Dieckmann et al., 2010; Fischer et al., 2013; Nomura et al., 2013a;
Rysgaard et al., 2013). Precipitation at the surface has been ascribed to the lower tem-
perature and higher salinity encountered at the ice surface (Nomura et al., 2013a). This

would suggest that the calcium carbonate precipitation would intensify in cold autumn
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and winter sea ice. However, the lack of precipitation encountered during the PIPERS
survey, but also in September and October in McMurdo Sound (Chapter I11.), with omega
ikaite values below the threshold of 1 in both surveys, shows obviously that cold ice does

not favour calcium carbonate precipitation.

In McMurdo sound, we observed the largest calcium carbonate precipitation at the
bottom of the ice in late spring in the warmest ice layer (Chapter III.). Clearly, this cal-
cium carbonate precipitation was not related to the decrease of temperature and related
increase of salinity, but rather to the decrease of pCO, and DIC related to intense primary
production, and biofilm growth. Indeed, Papadimitriou et al. (2013) have shown that
calcium carbonate precipitation is facilitated in low pCOs conditions, i.e. when air-ice
COg degassing or primary production maintain the pCOs close or below the atmospheric
concentration. However, Delille et al. (2014), Geilfus et al. (2012a) and results in our
Chapter III. have shown that any decrease of sea ice temperature drives a significant pCOq
increase in brines in parallel with the increase of brine salinity. For instance, brine pCO,
is above the saturation for ice temperature below -6°C in the Southern Ocean and -3°C
in the Beaufort Sea (Geilfus et al., 2014). Accordingly, high pCO; observed in the ice
interior at low temperature does not favour calcium carbonate precipitation. As suggested
by Rysgaard et al. (2013), in winter, favourable conditions for calcium carbonate precipi-
tation are only found at the top of the ice, where gas exchanges can potentially maintain
pCO, of brine close to the atmospheric concentration. This challenges the current view
that low temperatures - and the related increase in brine salinity - control calcium carbon-
ate precipitation. This is consistent with the lack of relationship between temperature,
salinity and calcium carbonate precipitation reported by Nomura et al. (2013a). Instead,
we advocate that pCOs is a key control of calcium carbonate precipitation and that low

pCOs is a prerequisite for ikaite formation.

In the model of Mortenson et al. (2018), the value of 54 pmolkg™!, very close to the
detection limit of our method, was used to set the calcium carbonate precipitation within
arctic sea ice, and to assess its impact in term of atmospheric CO, uptake. Mortenson et
al. (2018) suggested that such ikaite precipitation and subsequent dissolution in the water
column during ice melt had a small impact on the net ocean carbon uptake estimated
at ~1%. This suggests that calcium carbonate precipitation below our detection limit,
i.e. 50 pmolkg™!, has a limited impact on global carbon fluxes. Overall, low calcium
carbonate concentration found in Antarctic ice interior suggests that the significance of

this precipitation process in sea ice CO, dynamics should not be overrated.
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Table 7: Calcium carbonate concentrations in sea ice, snow, frost flowers (FF) or brine skim from
different regions of the Arctic and Southern Oceans. SERF refers to Sea-ice Environmental Research

Facility (Manitoba).

CaCO3
ce Snow concentra-
Location Type Season depth  depth . Reference
(cm) (cm) tions range
(pmol kg )
Canada, SERF P, artificial sea g o0 90 1-9 2000 Rysgaard et al.
ice (2014)
Arctic Ocean
Thick snow cover . Sogaard et al.
Young Sound, Greenland (ICE 1) Winter 110 70 430 £ 43 (2019)
Thin snow cover . Sogaard et al.
Young Sound, Greenland (POLY T) Winter 30 17 250 + 27 2019 (2019)
Young Sound, Greenland Sea ice (ICE I) Winter 110 70 100-900 g}éslgga)ard et al
Young Sound, Greenland Sea ice (POLY I) Winter 30 17 200-700 g}éslgga)ard et al
Young Sound, Greenland FF and brine skim  Spring 5-20 0 500-3000 g%rﬁjr et al.
Alaska, Barrow FF and brine skim  Spring 20 0 15-25 (C;%lifgu)s et al
s Snow cover (sea- . Sggaard et al.
Greenland , Kapisigdlit sonal study) Winter 0-81 0-7 3-5 (2013)
Fram strait, North of Sval- . . 31- Nomura et al.
bard Pack ice Spring 500 1-39 30-60 (2013a)
Southern Ocean
Young and thick . 25- Dieckmann et
Weddell Sea lanfast ice Spring 295 N/A 0-103 al. (2008)
Late
winter
. . 49- Fischer et al.
Eastern Antarctica Top of pack ice - Early 133 N/A 1-52 (2013)
sum-
mer
Adélie Land Landfast ice Spring ~60 ~0 0-26 Fischer et al.
(2013)

- Top 5 cm of young . Fischer et al.
Adélie Land landfast ice Spring 15 0 25-550 (2013)
McMurdo Sound, Ross Sea  Landfast ice La.te 150 5 <50 Chapter III.

Winter
McMurdo Sound, Ross Sea (I;I?SdfaSt ice (top 5 Spring 170 5 0-70 Chapter III.
McMurdo Sound, Ross Sea .Land'fast ice  (ice Spring 170 5 <50 Chapter III.
interior)
McMurdo Sound, Ross Sea Landfast ice (bot- Spring 170 5 0-350 Chapter III.
tom 20 cm)
Western Ross Sea Pack ice Autumn  20-57 0-20 <50 Present study

IV.4.2. DICs5 enrichment in the ice interior

The vertical distribution of DICs35 showed an inverse C profile. The main feature
was an enrichment in the ice interior and at the bottom compared to the underlying
layer. In addition, the maximum DICjs; corresponded to the lowest brine volume - i.e.
the less permeable layers (Figure 37). We examined the main driving processes that can

potentially lead to this DICs5 enrichment.
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IV.4.2.1. Calcium carbonate precipitation

It should be noted that any precipitation should have decreased DICss5, especially
since DIC3; was derived from filtered total alkalinity measurements (TAf) where CaCOg
crystals have been removed. Calcium carbonate precipitation cannot lead to a DICss
enrichment. Besides, no significant calcium carbonate precipitation was observed during
the PIPERS survey. Overall, calcium carbone precipitation cannot explain the observed

DICj35 enrichment.

IV.4.2.2. Biological processes

Wauthy et al. (in prep) assessed the net community production (NCP) in the ice
derived from O,:Ar ratios. NCP levels ranged between -8.47 and 31.75 mgCm=2d!
with a mean value of 1.74 mgCm~2d!, suggesting that pack ice in the Ross Sea was
slightly autotroph. These NCP values were larger than values observed in autumn (Mock
et al., 2002) in the Weddell sea, and fell in the lower range of previous estimates of
Antarctic sea ice primary production in spring or summer (summarized in Arrigo (2017)).
Inbound stations (PIP1-5) showed the highest positive values of NCP at the end of April
(April 19 to April 28) while some light was still available as also indicated by the Oy/Ar
ratios on the figure 40. In the older ice of the central Ross Sea, heterotrophic activity was
observed in interior ice and younger and permeable bottom layers (with the exception of
the station PIP23) and at the margin of the TNBP polynya (stations PIP6-8). Overall,
limited NCP indicates a low net ecosystem production, that could be expected taking
into account (i) both the season and the low latitude of the measurement in the Southern
Ocean and related low incoming light (ii) low temperature that neither favours primary
production nor respiration. Hence, biological processes were likely playing a minor role

in the observed DIC35 enrichment.
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Figure 40: Vertical profiles of Og/Ar ratios at inbound stations (PIP2-5), Terra Nova Bay Polynya
(TNBP, PIP6-16) and central Ross Sea (PIP18-25). The black and grey lines refer to the atmospheric
Oz /Ar ratio and the Oz /Ar seawater ratio in TNBP, respectively.

IV.4.2.3. Physical processes

Given the relatively low biological activity, DIC35 vertical changes must be explained
by a significant impact of physical processes. The DIC35 enrichment is most likely related
to the decrease of gas solubility and related bubble formation in sea ice as it was observed
for Ar, a proxy of physical processes (Tison et al., 2016; Zhou et al., 2013). Briefly, dur-
ing ice growth, both the increase of gas concentrations and the decrease in gas solubility
linked to the salinity increase in brine inclusions with decreasing temperature lead to gas
supersaturation and bubbles formation. Once formed, the gas bubbles move upwards due
to their buoyancy and remain trapped under the impermeable surface layer while other
solutes are expelled downward together with the brines in the underlying water. More-
over, the replacement of brines by underlying seawater during the convection brings new
seawater enriched in gases. This incoming seawater will be subjected to the net decrease
of gas solubility occurring in brine inclusions, so that repeated convective events are likely
raising bulk ice Ar concentration through successive cooling and bubble nucleation and
migration (Tison et al., 2016). Hereafter, we denoted this process as “bubble-driven gas

enrichment”.

Accordingly, the highest DIC35 values are observed in the impermeable layers (Fig-
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ure 38). This suggests that the bubbles are moving upwards till they reached an imper-
meable layer. To validate our hypothesis of gas enrichment, we used argon data to track
the physical processes. Layers between 20 and 40 cm presented the higher median Arss
concentrations, estimated at 23 pmol L=!, while the seawater value at saturation is 18.2
pmol L™, This enrichment in argon corresponds exactly to the depth where the highest
DICj35 values were observed. A slight Arss enrichment is also observed lower in the ice
column. However, the layer between 60 and 70 cm includes only three measurements at
two different stations of the MIZ (stations PIP4 and 5) and should be considered cau-
tiously. Overall, vertical distributions of DIC35 and Arss are similar and suggest that the
observed enrichment of DIC35 in the ice interior is mainly driven by physical processes,

i.e. bubble-driven gas enrichment as introduced by Zhou et al. (2013).

IV.4.2.4. DIC;;5:TAf;5 relationship

The figure 41 provides insights on the processes occurring within consolidated, pancake
and frazil ice during PIPERS. We plotted normalized DIC (DIC35) versus normalized TAf
(TAfs5) to discard dilution/concentration changes from other processes controlling the

carbonate system.

Most of the DIC35 and TAfs5 values of consolidated, pancake and frazil ice in autumn
are significantly higher than in the underlying water. An obvious trend ranging between
CaCO3 dissolution and COs invasion is observed. As we reported only COs releases to the
atmosphere from the air-snow-ice CO, fluxes measurements, this suggests that any CO,
invasion relates mainly to bubble-driven CO, enrichment. The latter appears as one of
the main processes. The imprint of calcium carbonate dissolution is unclear as we did not
detect calcium carbonate crystals. However, we can not exclude that an auto-correlation
between DIC and TAf is responsible for this good relationship (R? = 0.94) along the slope
1:1.
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Figure 41: DICj35:TAf35 relationship in seawater, consolidated ice, pancake ice and frazil ice samples.
The different solid lines represent the theoretical evolution of DIC35:TAfss relationship following a pre-
cipitation or dissolution of calcium carbonate, a release of CO2 or invasion of COy (uptake from the
atmosphere or bubble-driven enrichment) and impacts of biological processes.

IV.4.3. DIC depletion at the surface

DIC35 and Arss values were decreasing above the impermeable layers, i.e. in the top 20
cm of the ice (Figure 38). The consistency between DIC35 and Arss distributions suggests
that this decrease is related to a physical process, i.e. CO4 exchanges with the atmosphere.
The increase in gas saturation in brines during freezing (Delille et al., 2007; Tison et al.,
2016) enhanced by bubble-driven gas enrichment in the ice lead to the oversaturation of
gases in brine, a driving force of air-ice gases exchanges. Therefore, gases, in excess in
brine inclusions of permeable layers compared to the atmospheric saturation level, are
released to the atmosphere. The decrease appears to be limited to the top 20 cm of the
ice, in accordance with our observations in landfast ice (Chapter II1.) where the top 20%
of the ice column were defined as the surface layer under an observable influence of air-ice

gas exchanges.
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IV.4.4. Air-ice CO, release over young ice

Figure 36 presents the CO, fluxes to the atmosphere depending on the ice type. Ex-
changes are enhanced above first stages of ice formation, i.e. unconsolidated grey ice and
pancake ice. Over frazil, fluxes are lower than over unconsolidated grey ice and pancake
ice as they corresponded to the combination of CO, uptake by cold surface water un-
dersaturated in CO, compared to the atmosphere and release of COy by growing frazil
crystals. The CO; release outweighed the uptake by the undersaturated surface water

(Figure 36 - open water), resulting in a modest positive flux over frazil ice (Table 5).

Enhanced fluxes of CO, over young ice are not surprising. Indeed, young ice is char-
acterized by a high mean brine volume ratio (Table 5) and high permeability that favour
brine and gas transports. Nomura et al. (2018) suggested that relatively high tempera-
tures encountered in young sea ice compared to the atmosphere, as we observed during
the PIPERS survey (Table 5), promote CO; releases. In addition, active brine rejection
develops in young ice. Downward brine rejection is an overwhelming transport pathway
in sea ice, but some part of the brines is also rejected upwards. Upward brine expulsion
(Eicken, 1992) enhances salinity at the surface and leads to high salinities at the bottom
of the snowpack, as indicated by the larger salinities in snow (ranging between 0.6 and
53) compared to ice. Upward gas expulsion, along with brine upwards expulsion, very
likely contributes to CO, releases to the atmosphere. Overall, high permeability, large
temperature gradients, and upward brine expulsion processes promote COs release to the

atmosphere.

IV.4.5. Impact of snow on air-ice CO, fluxes

Generally, snow is expected to hamper air-ice CO, fluxes (Delille et al., 2014; Nomura
et al., 2010b). This is suggested by the lower mean value of air-snow fluxes compared to
air-ice fluxes in autumn (Table 5). However, fluxes over snow exhibited larger variability
than fluxes over bare ice after snow removal. Indeed, fluxes over the snow showed both
positive and negative values, while fluxes over bare ice showed only positive values (Ta-
ble 5).The largest CO4 fluxes were also observed at the air-snow interface. This indicates
that in some case, the snow enhances CO, fluxes, in agreement with previous observations
of Papakyriakou and Miller (2011) and in our Chapter III. In other cases, fluxes above
the snow are reversed compared to fluxes over the ice. This suggests that snow is playing
a more complex role than a simple transient buffer of air-ice COy fluxes. The impact of
snow on air-ice CO5 fluxes is therefore not fully resolved due to the lack of understanding

of CO5 dynamics in saline snow.
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IV.4.6. Significance of CO, fluxes over polynyas

The figure 36 shows enhanced fluxes over early sea ice stages. In the table 8, we
assessed the significance of CO4 fluxes over early sea ice stages found in polynyas compared
to consolidated pack ice found elsewhere in the Southern Ocean (SO). Our assessment
is based on measurements carried out during PIPERS in the Terra Nova Bay Polynya
(TNBP). We assumed that only frazil ice was found during katabatic wind events (wind
speed > 17 ms™', Thompson et al. (2020)) while unconsolidated ice and pancake ice
were found in equal quantity during wind relaxation event. Katabatic wind events were
observed 21% of the time spent in the TNBP (Fig. 3 in Thompson et al. (2020)). Using
underway visual observations of ice concentration, we derived a mean ice concentration
in the TNBP of 0.85% (based on fig 4 in Ackley et al. (2020)). The mean flux over
open water measured with our floating chamber was -0.49 mmolm=2d~!. We expected
this number to be underestimated as measurements were carried out only in low wind
conditions. Indeed, this value is 40% lower than the mean value for the SO south of
45°S derived from the combined SOCAT and SOCCOM observations (Landschiitzer et
al., 2019). We assessed that the mean daily CO, flux in TNBP during PIPERS was 4.55
mmol m~2 d~! which is large compared to the mean air-sea fluxes in the open ocean south
of 45°S derived from SOCAT and SOCCOM measurement (Landschiitzer et al., 2019).
However, taking into account the extent of polynya provided by Kern (2009), we assessed
that the overall flux in autumn over polynyas was 1.3 1078 Tg C d~!, which is insignificant
compared to fluxes over consolidated ice (0.23 Tg Cd™!) or snow covered consolidated ice
(0.09 TgCd™'). This results from the surface extent of polynya, estimated to 245000
km? (Kern, 2009)), which is several order of magnitude lower than the SO sea ice extent,
estimated to 14600000 km? in September (Parkinson and Cavalieri, 2012).

We assessed the air-sea CO5 exchanges based on the pCOs climatology from Takahashi
et al. (2009) for the SO south of 46°S from April to June to -0.77 TgCd~!. The SO open
water autumn sink is significantly counterbalanced by air-ice and air-snow CO, releases.
Indeed, air-snow and air-ice CO, fluxes account for 12 and 30% of the air-sea CO, fluxes,

respectively, but with opposite direction.
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Table 8: Integration of CO4, fluxes over polynyas and consolidated pack ice. TNBP and SO refer to
Terra Nova Bay Polynya and Southern Ocean, respectively.

Underway measurement of ice concentration during in TNBP

during the PIPERS cruise (%) 0-85 Thompson et al. (2020)

Duration of katabatic wind event (wind speed > 17 m s~1) vs

wind relaxation period during the( PIPERS cruise (%) : 21 Ackley et al. (2020)

Coastal polynya extent (km?) 245000 Kern et al. (2009)

SO sea ice extent (km?) 14600000 Parkinson and Cavalieri (2012)
Mean CO; fluxes (mmolm=2d~T)

Open water south of 45°S from April to June -0.82 Landschiitzer et al. (2019)

Open water in TNBP measured with the floating chamber -0.49

Frazil ice 1.57

Unconsolidated ice 5.42

Pancake ice 7.45

Fluxes in TNBP (integrating frazil, unconsolidated ice, pan- 455

cake ice and open water) ’

Consolidated ice 1.35

Snow covered consolidated ice 0.51
Integrated CO> fluxes (TgCd—T)

Fluxes over polynyas 1.310°8

Fluxes over snow covered consolidated ice 0.09

Fluxes over bare ice 0.23

Air-sea fluxes April to June south of 46°S -0.77 Takahashi et al. (2009)

IV.4.7. Air-ice CO, fluxes in autumn over consolidated ice

Two large scale budgets of air-ice CO4y exchanges have been proposed (Delille et al.,
2014; Rysgaard et al., 2011). Both suggested that the Antarctic sea ice cover would act
as a significant sink for atmospheric CO, ranging from 0.019 Pg C to 0.052 Pg C for the
spring-summer period. Still, both studies do not address autumn and winter fluxes. The
budget proposed by Delille et al. (2014) is based on air-snow fluxes and in particular
the temperature relationship presented in the Figure 42. This relationship assumes that
the ice is impermeable, and fluxes are null accordingly, below a surface temperature of
-9°C. This holds true for salinity up to 8.5. However, during PIPERS survey, we observed
salinity values at the surface ranging from 14 to 25 for consolidated ice, and brine volume
ranging from 5.8% to 19.1%, with a mean around 10%, significantly above the permeability
threshold of 5%. As a result, we measured positive air-ice CO, fluxes for ice temperatures
ranging from -16.5°C to -9°C (Figure 42). Further south in McMurdo sound, we reported
positive fluxes, with a lower magnitude, in cold ice in September (Chapter III.). Nomura
et al. (2018) reported positive fluxes with a comparable magnitude over arctic ice, North
of Svalbard, in the same temperature range. Overall the ice appears to act as a source of

COy, for the atmosphere in autumn and winter.
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Figure 42: Air-snow CO, fluxes over consolidated ice as a function of the ice temperature. Blue
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IV.5. Conclusions

We carefully documented the vertical distribution of CaCOQOg in various locations and
within various ice types in autumn during the PIPERS cruise. We did not detect signif-
icant - i.e. above 50 pmolkg™! - calcium carbonate precipitation. This shows that the
decrease of temperature and related increase of salinity does not necessarily trigger cal-
cium carbonate precipitation. Instead, we advocated that pCO, is a key control of calcium
carbonate precipitation, as suggested by Papadimitriou et al. (2013). The absence of de-
tectable calcium carbonate precipitation in autumn pack ice, and our observations in land
fast ice in McMurdo Sound (Chapter III.) indicated that significant calcium carbonate
precipitation is limited to the top and the bottom of the ice in spring. This suggests that
sea ice calcium carbonate precipitation is not a common feature in the western Ross Sea
and that calcium carbonate precipitation, although commonly reported in Fram Strait
(Barber et al., 2014; Dieckmann et al., 2010; Nomura et al., 2013a; Rysgaard et al., 2013;
Sogaard et al., 2019), is not a ubiquitous process in sea ice, in particular in autumn and

late winter.

DIC35 and Arss vertical distributions showed similar behaviour in Antarctic pack ice
in autumn. The main features were (i) an enrichment in the interior and bottom ice

compared to the seawater surface values (ii) maximum values observed at about 20 cm,
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corresponding to the impermeable layers (iii) a marked decrease at the top of the ice
that led to concentrations close to the seawater value, or even below. The consistency
between DIC35 and Arss vertical distributions suggests that the main drivers of DICss
changes in autumn pack ice were physical processes: (i) the bubble-driven gas enrichment
as described by Zhou et al. (2014, 2013) and Moreau et al. (2014) within and below the

impermeable layers (ii) air-ice gas exchanges above the impermeable layers.

Measurements of CO, fluxes carried out during this study provided new data in au-
tumn - a prerequisite to budget air-ice CO, fluxes over the year and evaluate the large-scale
influence of these fluxes on the annual uptake of CO4 by ice-covered oceans. Air-ice COq
fluxes were enhanced over young ice, compared to consolidated ice, due to the high perme-
ability of young saline ice. High fluxes were supported by active upward brine expulsion
and the bubble-driven CO, enrichment of the ice, a key process that shapes vertical gas
profiles. This abiotic build-up of gases, including CO,, fuels CO, fluxes from the ice to
the atmosphere over the western Ross Sea pack ice. This calls for a revision of the current

budget of air-ice CO, fluxes to account for automnal fluxes at low ice temperature (i.e.
below -8°C).
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Chapter V. Conclusions and perspectives

The main objectives of this work were to investigate the inorganic carbon processes in
both pack and landfast sea ice from the Ross Sea, Antarctica. We focused on the seasonal
COy dynamics from autumn to spring, the role of sea ice in the regional carbon cycle
(CO4 source vs sink) and the key physical and biogeochemical processes driving the COx

dynamics.

We provided two data sets of COy fluxes measured above Antarctic sea ice, one in
autumn and a long-term monitoring from late winter until summer. Major findings are

summarized below and placed within the broader context of the polar carbon cycle.

V.1. Sea ice as a significant source of CO, in autumn and sink

in late spring?

In order to derive seasonal trends, CO, fluxes over snow and ice were averaged per
month, for both the PIPERS dataset (April-June) and YROSIAE dataset (September-
December). The mean CO, fluxes range from -0.07 mmolm=2d~! to +1.92 mmolm—2d~!

(Figure 43). Larger mean CO, fluxes are observed in winter than in spring.

Positive fluxes (fluxes from the ice to the atmosphere) are reported during sea ice
growth. Positive fluxes are expected given the strong abiotic processes taking place in
brines at this season (cooling, concentration of solutes in brines and related oversaturation
of gases, brine rejection and upward transport). It is consistent with high pCO, values
observed at the sea ice surface in late winter, and early spring (Figure 28 YRS, Chapter
3). When the sea ice growth slows down in October, the magnitude of the CO5 fluxes
decreases. The transition from a COy source to a COy sink occurs during November
while the bulk ice pCOy drops below the atmospheric pCO,. This transition took place
later in the season than in previous studies. In the Bellingshausen Sea, at approximately
69°S-71°S, Delille et al. (2014) and Geiflus et al. (2014) observed important negative
fluxes in October, pointing out that the transition occurred earlier in the season in that
area. While we cannot discard interannual variations in the phenology of sea ice, the late
transition in this study can be explained by the sampling location situated in one of the
southernmost area of the Southern Ocean (between 67°S-75°S for PIPERS, at 77°38’S for
Cape Evans, YROSIAE). In late spring (December), negative fluxes dominate and the

sea ice is a net sink.
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In April and from September to December, fluxes over snow are larger than fluxes
over bare ice (Figure 43). The thin snow layer (max 4 c¢m in spring and 5 cm in April)
appears to enhance gas fluxes. In May and June, the thicker snow layer (up to 20 cm)
seems rather to impede fluxes as it has already been suggested by Nomura et al. (2013b).
Seeing the snow layer as an inert barrier impeding gas fluxes appears to be too simple to
explain our observations. Still, for the time being, very little is known about saline snow
chemistry. Additional experiments are required to have a better grasp on snow chemistry

and its impact on air-ice fluxes.
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Figure 43: Mean CO fluxes over consolidated ice (blue open circles) and snow (blue-green dots) and
the associated range of raw CO3 fluxes (a), zoom on the mean CO5 fluxes (b).
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V.1.1. Air-snow-ice CO, fluxes through seasons

The figure 44 presents the air-snow-ice CO, fluxes measurements using the chamber
technique through seasons in Saroma-ko, the Arctic and Southern Oceans and allows to
place our new data in a broader context. The CO, fluxes measured during YROSIAE
and PIPERS are in the range of other studies. Our results fill a crucial gap by adding
measurements in autumn and late winter. Furthermore, the largest fluxes ever recorded
using the chamber technique were observed over young growing sea ice during PIPERS. In
winter, large positive fluxes are observed both at YROSIAE and in the Arctic. This was
unexpected given the cold and impermeable ice at this period. Furthermore, some negative
fluxes were also reported at this season, as in Saroma-ko while the air temperature rose
above 0°C during several sampling days. In spring, in the Southern Ocean (SO), mainly
negative fluxes were reported, the trend is less clear for the Arctic Ocean with limited
fluxes magnitude. During the spring-summer transition, Delille et al. (2014) and Geilfus
et al. (2016) observed negative fluxes over pack ice and artificial ice. The role of the snow

layer is unclear, sometimes impeding sometimes enhancing CO, fluxes.

To provide the mean air-sea CO, fluxes in the SO as indicated on the figure 44, we
used the free database from Landschiitzer et al. (2019). The air-sea CO, flux estimate
is based on the Surface Ocean CO, Atlas Database (SOCAT) from 1982 to 2017 and
Southern Ocean Carbon and Climate Observations and Modeling (SOCCOM) biogeo-
chemistry floats starting in 2014. Air-sea fluxes of this product are derived using high-
resolution Cross-Calibrated Multi-Platform (CCMP) wind speeds (Atlas et al., 2011) and
the quadratic gas transfer formulation of Wanninkhof (1992) rescaled to a global mean gas
transfer velocity of 16 cm h™'. Among the different products proposed by Landschiitzer
et al. (2019), we used the product based on the raw 2-step neural network sea surface
pCO; output in patm from both SOCAT and SOCCOM, with a potential bias of 4 patm
added to the floats. We integrated the air-sea fluxes south of 45°S for each season to

compare with snow-ice-air fluxes.
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Figure 44: Synthesis of the CO5 fluxes measurements using the chamber technique through seasons
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indicate a CO5 uptake. Red vertical lines indicate mean air-sea COs fluxes derived from the combined
SOCAT and SOCCOM observations (Landschiitzer et al., 2019).
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V.2. Seasonal DIC dynamics as a function of depth

In order to derive seasonal trends in DIC dynamics, we averaged the DIC data per
month. We distinguished three ice layers (i.e. surface, interior, and bottom) to discuss this
seasonal DIC dynamics as a function of ice depth. Strong vertical and seasonal changes
in DIC were observed within the ice column and over time (Figure 46). These changes are

supported by different physical and biogeochemical processes taking place in each layer.

V.2.1. Assessing the depth of the surface layer

Geilfus et al. (2013) estimated the release of COy during ice formation from the
observed DIC depletion at the surface of thin landfast sea ice. This DIC depletion refers to
the noticeable deviation between the observed DIC and theoretical DIC (DICy;,) computed
from DIC concentration at 7.5 cm extrapolated to the upper layers assuming a conservative
behaviour of DIC relative to the salinity. A similar approach was used in Kotovitch et al.
(2016) for young artificial sea ice, they found a DIC anomaly spreading from the top of
the surface down to 12.5 cm. This DIC depletion zone corresponds to the ice thickness

that is significantly affected by air-ice gas exchanges.

Both Geilfus et al. (2013) and Kotovitch et al. (2016) investigated thin ice. We
used the same approach to determine the DIC depletion zone for a consolidated thick ice
layer (over 1.5 m) during spring. This DIC depletion zone corresponded to the top 20%
of the ice column (or a depth of 33 cm on average). All computations of Chapter III.
were performed considering an average DIC depletion zone of 35 cm (Figure 45). This
highlights that the ice thickness under the direct and detectable influence of gas exchanges

does not exceed 35 cm for a consolidated thick ice layer (over 1.5 m).
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Figure 45: DIC profiles (black dots) and DICy;, (open circles) for the stations YRS4 to YRS12. The
red area refers to the DIC depletion zone/anomaly.

V.2.2. Assessing the depth of bottom and interior layers

The thickness of the bottom layer was determined by the layer under the influence
of seawater allowing replenishment of nutrients and build-up of biomass. We observed
that only the bottom 17% of the ice column (22 cm on average) presented a marked
decrease in DIC and high nutrient and biomass concentrations (Figures 23, 24 on pages 62,
63). The presence of a microbial biofilm can sustain high nutrient level even during the

algae bloom. We surmise that the development of a biofilm probably requires isothermal
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conditions since large temperature changes and the succession of freezing/melting events
would prevent the formation of stable ice walls on which the biofilm can grow. The
permeable bottom layers, where the temperature remains at the freezing point, present

an ideal media for the development of biofilm and associated large biomass build-up.

The rest of the ice column (between 20% to 83%) was denoted as the ice interior and
was characterized by limited vertical gradients in DIC and contrasting values of the main
biogeochemical parameters compared to the bottom layer (Figures 23 and 24 on pages 62
and 63). The ice interior is prone to significant seasonal changes in temperature - leading
to melting and refreezing events of the ice wall - and limited primary production that

both can hamper the biofilm formation.

To sum up, the surface layer where exchanges with the atmosphere occur refers to
the top 20% of the ice column. The bottom layer, where significant exchanges with
the underlying water take place and the development of a biofilm allows a large build-
up of biomass and nutrients, accounts for the last 17% of the ice column and the ice
interior extends between 20% and 83% of the ice column. The same references were used
to discriminate the pack ice column in autumn, where a clear DIC decoupling is also

observed between layers (Figure 38, page 94).

V.2.3. DIC evolution depth by depth

V.2.3.1. Bubble-driven gas enrichment at the beginning of ice formation

Figure 46 shows the evolution of DIC3; in consolidated sea ice and surface waters of
the Ross Sea from autumn to late spring. An enrichment in DIC35 in consolidated sea ice
compared to the water column is observed at all depths at the beginning of ice formation
in April (Figure 46). It can be ascribed to intense abiotic processes taking place in the ice
interior during ice growth while biotic processes appear to be less active. Gas enrichment
during ice growth has been first introduced by Zhou et al. (2013), measuring argon
concentrations in a nearshore single landfast ice station. This process, denoted as bubble-
driven gas enrichment, refers to the increase of gas concentrations and the net decrease
of gas solubility linked to the increase of salinity happening in brine inclusions with
decreasing temperature, which both lead to gas supersaturation and bubbles formation
(Zhou et al., 2013). Once formed, the gas bubbles tend to move upwards due to their
buoyancy and remain trapped under the impermeable surface layers. In contrary, other
solutes move downward and are expelled from the ice through brine convection. Because

of the partition in the gas phase, brine convection does not expel efficiently gas out of the
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ice to the underlying water. Moreover, the replacement of brine by underlying seawater
during the convection brings new sea water enriched in gases. This incoming seawater
will be subjected to the net decrease of gas solubility occurring in brine inclusions and
leading to the formation of new bubbles. Convective processes at the bottom of the ice
therefore fuel the gas-enrichment process. Overall, intense convective processes occurring
during ice growth lead to gases and DIC35 enrichment compared to salts at all depths in

consolidated sea ice.
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Figure 46: Mean DICs; in layers of consolidated ice (i.e. surface, interior and bottom) during PIPERS
(April to June) and YROSTAE (September to December) surveys. The black line presents the DIC35 of
surface waters averaged per month.

V.2.3.2. Ice surface

At the surface, the initial DIC35 enrichment compared to the underlying water disap-
pears rapidly in May and June as the excess of CO, is released to the atmosphere. Colder
surface temperature and related increase in brine salinity maintain COy oversaturation
and sustain important CO4 release to the atmosphere. The release of CO5 to the atmo-
sphere drives the decrease in DICs; in surface layers during autumn and winter, which
falls below the seawater level in June and reaches a minimum value in September when
the coldest ice temperature were observed. In October, the temperature at the surface
starts to increase, the pCOy decreases (Figure 27, page 67) due to the melting and related
brine dilution, but the oversaturation in CO, and related CO, release to the atmosphere
are maintained until November (Figure 43). Despite the observed CO, release to the at-
mosphere, DIC35 increases from September to November. A possible explanation of this
discrepancy would lie in the onset of bacterial respiration in October and November at the

surface as the temperature is increasing. That process would then appear as a significant

115



source of COj in the surface layers. An alternative explanation is brine overturning taking
place at the end of November while the surface salinity decreased. In late November, the
sea ice surface becomes undersaturated in CO5 and shifts from a source to a sink of CO,
for the atmosphere. As a result, DIC35 values show a marked increase. Overall, DIC35 in
the surface layer appears to be mainly controlled by physical processes: (i) air-ice COq
exchanges, (ii) brine dilution and concentration (iii) bubble-driven gas enrichment during

the ice growth and potential bacterial respiration.

V.2.3.3. Ice interior

In the ice interior, the DIC35 enrichment is enhanced compared to the other layers
and lasts from April to November (with an exception in September). From September
to October, DIC35 increases strongly in impermeable layers (BrV < 5%) of landfast sea
ice (Figure 22c, on page 60). In the central Ross Sea, internal impermeable layers also
show higher values of DIC35 (Figure 37, page 92). This DIC35 accumulation is observed
in first-year consolidated pack ice from the central Ross Sea and first-year landfast ice
in interior ice but not in very young and thin ice in autumn. This suggests that the
bubble-driven gas enrichment is a slow process that requires time to develop and then

significantly affects DIC35; content.

A striking feature is the parallel evolution of surface and internal values of DIC35. As
sea water is transported from the ice-water interface towards colder (but permeable) ice
above, the bubble-driven gas enrichment can temporarily restart and refuel the internal

and surface layers in DIC.

Results of our surveys suggest that this mechanism of gas enrichment (i) impacts sig-
nificantly COq processes (ii) is a common process in sea ice as we observed it in Antarctic

pack and landfast ice in numerous locations.

Over the spring, a succession of autotrophic and transient heterotrophic phases was
observed in the ice interior but had unclear impact on DICjs5. It is only in late spring (i.e.
December) that intense autotrophic activity combined with ice melt drove a net decrease
in DICjs5.

V.2.3.4. Ice bottom

A DICj5 enrichment, compared to seawater, was also observed at the bottom during ice

growth in autumn. In contrast, in spring as primary production develops at the bottom
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of the ice, DIC35 appears to be depleted compared to seawater values. This depletion
increases in late spring, simultaneously with the seasonal peak in biomass. In December,

the DIC35 exhaustion reaches 45% of the overall seawater DICs5 content.

V.3. No impact of calcium carbonate precipitation on CO, fluxes?

Calcium carbonate precipitation is potentially a significant process in sea ice altering
the carbonate system (Papadimitriou et al., 2004; Papadimitriou et al., 2014; Rysgaard
et al., 2007; Rysgaard et al., 2013; Rysgaard et al., 2011). Indeed, this process leads to the
decoupling of a solid form of inorganic carbon and dissolved CO,, with potential impact
for atmospheric CO as discussed in Delille et al. (2014). Currently, the significance of
this process is still debated.

Although Rysgaard et al. (2011) suggested that this process can act as a significant
sink for atmospheric CO,, several other model studies (Grimm et al., 2016; Moreau et
al., 2016) suggested limited impact of calcium carbonate precipitation on the net ocean
carbon uptake. Similarly, Mortenson et al. (2018) suggested that an ikaite concentration
! as reported in Geilfus et al. (2016)) had

a limited impact on the net ocean carbon uptake estimated at ~1%. However, larger

of 50 pmolL™! (i.e. around 54 pmolkg™

ikaite concentrations were reported both in the Arctic and Antarctica (e.g Rysgaard et al.
(2013), Fisher et al. (2013) or in this work, Chapter III.). The value used in the model
of Mortenson et al. (2018) corresponds to the detection limit of our method to estimate
calcium carbonate precipitation. Since we cannot detect lower precipitation and such
low precipitation has a limited impact on the net CO, uptake as shown by Mortenson et
al. (2018), we considered that calcium carbonate precipitation below the threshold of 50

pmolkg™! is “not significant”.

Significant precipitation at the sea ice surface was expected to occur as a result of low
ice temperature (below -19°C), high brine salinity and ikaite saturation state observed
in late winter (September). However, only a small amount of calcium carbonate precipi-
tated at the surface during the winter. Surprisingly, high calcium carbonate precipitation
was observed at the bottom of the ice (Figure 23c,d, page 62) during the high primary
production period and the build-up of EPS rich biofilm. Further north, in young sea ice
from the Terra Nova Bay polynya and in pack ice from the central Ross Sea, we hardly
detected significant calcium carbonate precipitation (i.e. above 50 ymolkg™!) during au-
tumn. Calcium carbonate precipitation seems therefore non-ubiquitous in Antarctic sea

1ce.
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V.3.1. Calcium carbonate precipitation in low pCQO, conditions

A closer look of the YROSIAE survey gives some insights about the lack of significant

calcium carbonate precipitation in Antarctic sea ice.

The ikaite saturation state is the driving force for calcium carbonate precipitation.
This ikaite saturation state depends on the calcium brine concentration, carbonate brine
concentration and their solubility product determined by Papadimitriou et al. (2013).
According to Papadimitriou et al. (2013), calcium carbonate precipitation is facilitated
in low pCOy conditions close to the saturation with the atmosphere. Papadimitriou et
al. (2013, 2014) carefully assessed calcium carbonate precipitation during ice growth
in laboratory and modeling experiments - Pitzer model of ionic interactions (Marion,
2001) - with “open” and “closed” systems settings. The “open” system corresponded to
laboratory experiment or model simulation where pCQOs is maintained at the atmospheric
concentration. The “closed” system corresponded to the setup where pCO, increases along
with the decrease in temperature and related increase in brine salinity, or due to the release
of COy by calcium carbonate precipitation. Both laboratory and model experiments
clearly showed that the “closed” system prevents calcium carbonate precipitation, so that
precipitation can only develop when pCOs remains low as a result of CO5 exchanges with

the atmosphere and/or primary production.

A thorough examination of the Figure 23 (page 62) shows a slight decrease of TAfg
with values below the seawater value in the top 5 cm of the ice in September and October.
This indicates that a limited precipitation may be possible in the surface layer subjected
to exchanges with the atmosphere that potentially drive low pCO, conditions at the top
few cm of the ice. The interface with the atmosphere mimics the “open” system setup of
Papadimitriou et al. (2013), so that calcium carbonate precipitation is likely to develop
at the very top of the ice in late winter and early spring. Such precipitation of calcium
carbonate limited to the skin layer at the ice-snow interface was hardly detectable with our
methods. In late spring, while a marked pCOs decrease took place (Figure 27, page 67),
we observed more clearly calcium carbonate precipitation above the detection limit in

parallel with the increase in omega ikaite above the threshold of 1 (Figure 23, page 62).

Calcium carbonate precipitation did not appear in the internal layer where limited
transfers of gases take place due to physical settings that mimic the “closed system”
setup used by Papadimitriou et al. (2013) which is unfavorable for calcium carbonate
precipitation. The simple box model in Table 9, carried out with the CO25YS program
(Lewis et al., 1998), shows that in a closed system, the carbonate concentration in brine

does not evolve linearly with salinity and remains low during cooling. Once the system
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is open and exchanges take place (pCOy at equilibrium with the atmosphere), carbonate
brine concentration significantly increases, likely promoting calcium carbonate precipi-
tation. Such simulations present limitations and need to be carefully considered since
CO2SYS program used the CO, dissociation constants of Goyet and Poisson (1989) es-
tablished for the temperatures and salinities observed in open ocean waters (T > 1°C and

salinities of 35).

At the bottom of the ice during YROSIAE, particularly low pCO, conditions were
reported in spring (below 210 ppm or even below 40 ppm in late spring, Figure 27 on
page 67). Simultaneously, large amounts of calcium carbonate precipitation and high
omega ikaite were observed, resulting either of complex processes taking place within the
biofilm (Chapter III.) and/or low pCOy conditions. In this simulation, such low pCO,
conditions push up the ;, close to 1 while our results showed values higher than 5
(Figure 23 on page 62). The first pCO, measurements from the PIPERS study indicate
values around 200 ppm. According to our simulation, this corresponds to high calcium
carbonate concentrations and an $2;,, around 1.5. However, our dataset presents only
some Q. values close to 1.5 and all the others below this level (Figure 39, page 95).
The actual threshold of §2;, for significant precipitation can be well above 1. Crystals

formation is a complex process that does not rely only on the saturation state.

Table 9: Simulated carbonate brine concentrations and pH conditions in closed and open systems using
CO2SYS program and dissociation constant of Goyet and Poisson (1989). Salinity of brines was computed
from the temperature, according to Notz et al. (2005). We used mean DICs; and TAss of surface water
observed during the YROSITAE survey. The model was forced according to the values in bold. DIC and
TA at high salinity are computed assuming a conservative behaviour regarding to the salinity. For the
open system, we forced the model using TA and atmospheric pCOq (i.e. 410 ppm). The saturation state
of brine (£;x,) was computed following the same method as in Chapter IV. described on page 87

TA —DIC cozZ- pCO3

Case Salinity T (°C) (umolkg=1)  (umolkg~1) pH (umolkg—1) (ppm) Qika
Observed surface water 35 -1.8 2351 2210 8.1 109 301 0.23
Cooling in closed 87 -5 5862 5470 8.2 253 1007 0.4
system 123 -8 8316 7798 8.7 227 1318 0.33
Open system 123 -8 8316 7089 9.1 550 410 0.8
Bottom SI at YRS 40 -2 2617 1949 8.9 450 40 0.96
PIPERS first pCOz re- o9 -8 8316 6556 9.4 859 200 15

sults
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V.3.2. Conceptual representation of our current understanding of calcium

carbonate precipitation

To sum up, the figure 47 presents our current view and understanding of calcium
carbonate precipitation within sea ice from autumn to spring. At the ice surface, calcium
carbonate precipitation is below our detection limit in early spring and becomes significant
(> 50 umol kg™!) at the end of the spring, leading to potential CO, release since the ice is
permeable at that time. At the bottom of the ice, due to the biofilm formation initiated in
September providing nucleation sites for calcium carbonate precipitation as described in
Chapter III. and /or due to low pCOy conditions, significant amounts of calcium carbonate
were measured. The fate of the produced CO; by calcium carbonate precipitation is still
unknown (released to underlying waters, diluted in parallel with ice melting, expelled to

the atmosphere or used by algea).
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Figure 47: Schematic representation of the Antarctic sea ice active carbon processes of calcium carbonate
precipitation and dissolution throughout the year.

V.4. Permeability threshold for gases: a critical issue

In this work, we repeatedly used a first-order estimate of the gas permeability thresh-
old in sea ice, assuming that gas permeability is similar to liquid permeability. Liquid
permeability appears to be well constrained, but only in columnar-like ice (Golden et al.,

1998). Granular ice appears to be less permeable (Golden, personal communication).
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As explained in section V.2.3. (page 114), the DIC accumulates below or in imperme-
able layers as a result of gas enrichment during the ice growth. The proposed mechanism
assumes that the permeability in interior ice layers is large enough to allow the upward
migration of gas bubbles and low enough in impermeable layers to allow accumulation.
This assumption is currently not verified and difficult to confirm since the permeability
threshold for gases is not yet established. The COs releases observed in late winter while
the ice surface is considered impermeable raise also questions about the permeability
threshold for gases, even if we proposed that winter transport in impermeable conditions
is supported by sea ice micro-cracking. Still, sea ice micro-cracking is poorly constrained
as well. This inconsistency between fluxes and permeability threshold is still puzzling but

critical for our understanding of gas fluxes, and calls for further investigations.

The efficiency of both diffusion processes and bubbles upward migration depends on
certain conditions of temperature and ice texture as it has been suggested for fluid trans-
port by Golden et al. (1998). Currently, an higher permeability threshold was discussed
for gases (section 11.4.4.2., page 26) and potentially ascribed to the tortuosity of brines
channels slowing down bubble migration (Crabeck et al., 2014b; Kotovitch et al., 2016;
Loose et al., 2010; Moreau et al., 2014). However, given the limited knowledge and lit-
erature on the interactions between bubbles themselves and between bubbles and brine
channels walls, it is not possible to evaluate the tortuosity effect and validate these esti-
mates of gas permeability threshold. Recent observations of gas bubbles number, size and
pressure effects on bubbles nucleation were performed using X-ray tomography (Crabeck
et al., 2016) or high-resolution imagery (Crabeck et al., 2019) and could be included in

future research and models.

V.5. Perspectives for future research

There has been growing interest in the sea ice carbon cycle and related transfers across
the air-ice-ocean interfaces in the last decades. The data presented in this thesis contribute
to the understanding of sea ice carbon cycle in Antarctic sea ice, focusing particularly on
the seasonal and diel patterns of CO, fluxes and the dissolved inorganic carbon dynamics
at the early stages of sea ice formation and from late winter to summer. However, open
questions remain, and further research is necessary to complete our understanding of the

carbon cycle during a complete cycle of sea ice growth and decay.

COg fluxes measurements during winter and summer are of particular interest. Only
a few winter expeditions were conducted in Antarctica, even including the two data sets

of this thesis, resulting in a critical gap in our knowledge. One of the major aims of
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the YROSIAE survey was to obtain a temporal series at a dedicated location, allowing
us to track seasonal and diurnal variations of CO, fluxes. Further long-term and high-
frequency measurements, especially during winter and summer, are still necessary to both
capture seasonal and diurnal patterns and robustly evaluate the regional carbon budget
of sea ice (net source or sink). The closed-path eddy covariance system, recently improved
by Butterworth and Else (2018) thanks to the addition of drying devices to remove the
moisture of the sampled air, offers the possibility of critical long-term and high-frequency

measurements.

Snow properties likely impact CO, exchanges. Gas interactions within wet snow cover
are expected to be different from those within dry snow as discussed in Chapter III..
The thickness of the snowpack could impact the magnitude of the fluxes. However, the
futur snow regime in Antarctica is unknown. The recent IPCC Special Report on the
Oceans and Cryosphere in a Changing Climate states that snow accumulation changes
in Antarctica are difficult to predict since available data are limited in time and space
(Meredith et al., 2019).

e In case of increased snow accumulation, more flooding is expected. Providing fresh
nutrients and algae, flooding will increase the primary production and subsequent
CO4 uptake in spring and summer. But more snow tends also to decrease the light
availability and the algae productivity, this will contribute to reduce the sea ice
CO, uptake capacity. The balance depends on when snow accumulation occurs, in
winter or during the bloom period. In winter, the snow insulation will enhance the

permeability and CO, exchanges.

e In case of reduced snow accumulation in winter, shrinking brines channels could
hamper CO, exchanges while the increased light availability in spring could allow

larger primary production and CO, uptake.

Future sustained snow observations are needed to evaluate the impact of new snow

conditions on COy exchanges.

Unexpected COs releases were observed while the ice was theoretically impermeable in
late winter/early spring. In the Chapter III., we suggested the formation of microcracks
in the landfast sea ice cover as a potential process triggering these winter CO releases.
Microcracking has already been observed through acoustic studies in Antarctica, espe-
cially in McMurdo Sound (Cole and Dempsey, 2004; Dempsey et al., 2018; Langhorne
and Haskell, 1996). However, the relation between microcracking and COs gas exchanges

was never investigated in depth. It might be worth coupling continuous CO, fluxes mea-
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surements with monitoring of cracking events by using acoustic devices (like transducers

mounted in the ice surface).

Recently, the formation of biofilms in sea ice was suggested (Deming, 2010; Meiners
et al., 2003, 2008), although not directly observed and not mentioned under that specific
name. We reported the presence of microbial biofilm in landfast ice (Roukaerts et al.,
submitted) at three locations in Antarctica (Ross Sea, Prydz Bay, Terre Adélie). Each site
presented simultaneous high biomass and nutrients accumulation at the bottom. In young
pack ice, in autumn, neither high biomass accumulation nor nutrients accumulation was
detected at the bottom. Autumn pack ice seems therefore be devoid of biofilm formation.
Further analyses, on both landfast and pack ice, are required to confirm that the biofilm’s
formation differs according to ice types and is potentially a seasonal process. Taking a
closer look at the conditions required for the biofilm formation (i.e. temperature range,
salinity, pH, POC availability), timing and speed of development and its location in the

ice column (restricted to ice bottom or not?) could be highly relevant.

Furthermore, the biofilm could play a role in calcium carbonate precipitation. In
spring, we found large calcium carbonate precipitation at the bottom of landfast sea
ice as a consequence of complex interactions on EPS (Chapter II1.). The link between
biofilm and calcium carbonate precipitation seems worth exploring. Although several
model studies (Grimm et al., 2016; Moreau et al., 2016; Mortenson et al., 2018) suggested
limited impact of calcium carbonate precipitation on the net ocean carbon uptake, sea-
ice carbon processes need to be considered at a regional scale. These models did not
take into account calcium carbonate precipitation at the sea ice bottom supported by
biofilm formation. Adding new winter and summer observations of calcium carbonate
precipitation could therefore be interesting to obtain a global overview of this process
and better estimate its impact at both a regional and global scale. The evolution of the
biofilm in warmer climate conditions is, moreover, difficult to predict. In such warmer
conditions in Antarctica, the biofilm formation might start earlier in the season and extend
higher in a warmer and thinner ice column. This extended biofilm formation might allow
larger calcium carbonate precipitation, not restricted to the bottom of sea ice, and in turn

impact the sea ice carbon pump.

123



List of Figures

1 Observed changes in atmospheric concentrations of carbon dioxide (COs,
green), methane (CHy, blue), and nitrous oxide (N5O, red). Diamonds indi-
cate ice cores data, dots indicate recent atmospheric data. CO4 concentra-
tions are provided by NOAA /ESRL and CH,; and N,O concentrations are
provided by AGAGE (Advanced Global Atmospheric Gases Experiment,
MIT). 4

2 [ce growth forms in turbulent conditions. Pictures from the Ross Sea,

winter 2017, during the Pipers cruise. Pictures by F. Van der Linden . . . 7

3 Ice textures, examples from ice cores collected in McMurdo Sound, Antarc-

tica, during the YROSIAE field campaign. . . . . . . .. .. .. ... ... 8

4 Typical positions of different ice types and algae communities in (a) pack

ice and (b) landfast ice from Arrigo (2014). . . . . . . . . ... L. 9
5t Sea ice extent in both poles for the last 4 years and the minimum /maximum
records. Plots are from NSIDC (2019). . . . ... ... .. ... ... ... 11

6 Location of deep water and shelf water polynyas and processes implicated.
Figure from Morales Maqueda et al. (2004). . . . .. ... ... ... ... 13

7 Location of (A) the Arctic polynyas (SLIP is the St. Lawrence Island
Polynya, NEW is the North-east Water, and K is the Kashevarov Bank
polynya) and (B) the Antarctic polynyas (W is the Weddell polynya, M
is the Maud Rise polynya and C is the Cosmonaut Sea polynya). Dashed

lines indicate the maximum ice edge. Figure from Martin (2001). . . . . . 14

8  Schematic illustration from Bromwich & Kurtz (1998) showing the mech-

anisms maintaining the ice free area in Terra Nova Bay. . . . . . . . . . .. 15

9  Bjerrum plot from Zeebe and Wolf (2001) showing the concentrations of
CO,, HCO3, and CO3~ as functions of pH=-log;o[H/*]. The concentrations
are plotted for a DIC concentration of 2100 pgmol kg™!, S = 35 and T =

10 Processes affecting DIC and TA according to Zeebe and Wolf (2001). . . . 19

124



11

12

13

14

15

16

17

Three main ocean carbon pumps: the solubility pump, the biological carbon

pump and the carbonate pump. Figure adapted from Legendre et al. (2015). 20

Scheme from Moreau et al. (2015) presenting the seasonal inorganic carbon
dynamics in first year landfast sea ice. Physical processes (ice growth/decay,
incorporation of DIC and TA) appear in blue and active carbon processes
(CaCOg precipitation/dissolution, CO5 exchanges and net community pro-

duction) are presented inred. . . . .. ... L

Seasonal evolution of integrated ice algal biomass in Antarctic landfast sea
ice (mg m~?2) from Meiners et al. (2018). The main sampling locations are
Syowa (yellow), Davis (blue), and McMurdo (red) stations. Grey symbols
refer to other locations. The thick, thin and dashed lines indicate the
monthly median, interquartile and mean biomass of full (>3 ice sections
for the entire ice thickness), complete (<2 ice sections) and intermittent

(sampling gaps) COTes. . . . . . . . ...

Annual cycle of salinity-normalized concentrations of nutrients in Antarctic
pack ice, Fripiat et al. (2017). The red, green, and blue boxes indicate the
concentration ranges in surface (0-0.2 m), interior, and bottom -most 0.1
m- layers in sea ice, respectively. The solid lines indicate the concentration
range in seawater and the dashed line indicates the average solar radiation.
The two stars indicate occasions with less than 15 data points in a depth

interval. . .. L

Scheme from Deming (2016) showing a brine inclusion with bacteria (white
cells) and a pair of diatoms embedded in EPS lining the pore space. EPS
provide a defense against viruses (hexagons). Also shown are organic sub-
strates (black triangles) and extracellular enzymes (green) hydrolysing the

substrates. . . . ..

Scheme of chemical heterogeneity in biofilm due to reaction-diffusion inter-
actions (Stewart and Franklin, 2008): a) metabolic substrate consumed
in biofilm, its concentration decreases towards the biofilm’s interior b)
metabolic product produced and concentrated in the biofilm ¢) metabolic

intermediate with solutes both produced and consumed in the biofilm. . . .

Ross Sea Circulation observed in the past 50 years from Smith et al. (2012)
with CDW in red, AASW in light blue, SW in purple, MCDW in yellow
and AABW in dark blue. . . . . ... ..o oo
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Map of McMurdo Sound from Barry (1988). Arrows represent the westward

coastal current. . . . .. L

Location of the YROSIAE year-round sea ice biogeochemistry station,
along Ross Island, Ross Sea, Antarctica. The satellite picture is a visi-
ble image from NASA’s Moderate Resolution Imaging Spectroradiometer
(MODIS) Terra on November 29, 2012. . . . . . . . ... ... ... ....

Ice texture of Yrosiae (YRS) stations from 2011 and 2012. . . . ... ...

Evolution of air temperature recorded by the ce-T buoy in 2012 (brown
line), air temperature (orange line), and solar radiation (gray line) in 2011
and 2012 recorded by the weather station at Arrival Heights (23 km away

from sampling location). . . . . . . .. ...

Temporal evolution of (a) ice temperature, (b) bulk ice salinity, (c¢) brine
volume fraction, and (d) Rayleigh number. Plots were produced using the
radial basis function method for interpolation in Surfer 8 software. Black

dots are data points from field sampling. . . . . . .. ... ... ... ...

Temporal evolution of (a) TAfs, (b) DICs, (¢) CaCOj3 content, and (d)
omega ikaite. Black dots are data points from field sampling. Horizontal
blue lines mark the limits between the surface, interior, and bottom layers
of the ice. Plots were produced using the radial basis function method for

interpolation in Surfer 8 software. . . . . . . ... ..o

Temporal evolution of (a) chlorophyll ¢ and (b) POC concentrations in
sea ice. Plots were produced using the radial basis function method for
interpolation in Surfer 8 software. Gray dots are data points from field

sampling. . . ...

Temporal changes of (a) nitrate plus nitrite concentrations and (b) POC
concentrations in surface, bottom, and interior ice layers. Net community

production derived from (c, d) Oy/Ar and (e) DIC. . . . . ... ... ...

Vertical profiles of (a) Oy concentrations in bulk ice, (b) [Os]y;, calculated

from Equation 15, and (c¢) Oagy;,/Oz ratio. . . . . . oo oo 0oL
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Temporal evolution of pCO,. Samples were analyzed with a standard gas
of 300 ppm. Black dots are data points from field sampling. This plot was
produced using the radial basis function method for interpolation in Surfer

S software. . . . . . .

Temporal evolution of (a) mean pCO, (ppm, red symbols, left axis) for the
top 15 cm of the ice and the corresponding mean BrV (%, green symbols,
right axis) (b) daily mean CO, fluxes (mmol m~2 d™!') over the ice (light
blue open circles) and the snow (dark blue crosses). Positive values indicate

COg release to the atmosphere, and negative values indicate CO, uptake. .

CO; fluxes in late spring (crosses for snow-atm fluxes and open circles for
ice-atm fluxes), air temperature (brown line, recorded at 6 cm above the
ice surface with ice-T buoy), ice temperatures (orange, yellow, and green
lines, recorded at 6, 11, and 18 cm below the ice surface with ice-T buoy),

and irradiance recorded at Arrival Heights (gray line). . . . . . . . . . . ..

Conceptual model of calcium carbonate precipitation in the biofilm from
Braissant et al. (2009). Step 1: EPS functional groups (A and B); step 2:
calcium binding more or less tightly to functional groups A and B; step 3:
complex formation between LMW organic carbon compound and calcium;
step 4: release of LMW organic carbon by microbial activity and oxidation
to HCO; which in turn increases TA within the biofilm; step5: CaCOg
formation either on EPS or in pockets within the biofilm. Permission of

Federation of European Microbiological Societies. . . . . . . . ... . ...

CO; fluxes in early spring, air temperature (brown line, recorded at 6 cm
above the ice surface with ice-T buoy), and ice temperature (orange line,

recorded at 6 cm below the ice surface with ice-T buoy). . . . . . ... ..

Temporal evolution of (a) filtered alkalinity and (b) pH in landfast sea ice.
Plots were produced using the radial basis function method for interpola-

tion in Surfer 8 software. Black dots are data points from field sampling.

Bulk ice concentrations of nitrate plus nitrite. Plots were produced using
the radial basis function method for interpolation in Surfer 8 software.

Grey dots are data points from field sampling. Data are missing for station
YRSL. . e
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Sea ice pCOs profiles. Open diamonds indicate impermeable layers (BrV<5%),
closed dots indicate permeable layers. Samples were analyzed with a stan-

dard gas of 300 ppm. . . . . ... 79

Track of the PIPERS cruise in the Ross Sea and location of the 27 biogeo-
chemical ice stations (red dots). MIZ, TNBP and RSP stand for Marginal
Ice Zone, Terra Nova Bay Polynya and Ross Sea Polynya, respectively. Map

from Jacques et al. (in prep), created with Quantarctica, from the Norwe-

gian Polar Institute, NSIDC NOAA (https://nsidc.org/data/G02135 /versions/3).

Temperature, salinity, brine volume, TAf, DIC and DICj; vertical profiles
in sea ice from inbound stations (PIP2-5). The dashed line in the plot (C)
indicates the fluid permeability threshold of 5%. The grey area in plot (F)

indicates the seawater range of DIC35. . . . . . . . . ... ... ... ... 88

Temperature, salinity, brine volume, TAf, DIC and DICs5 vertical pro-
files profiles in sea ice, thin and thick pancakes from the Terra Nova Bay
polynya. The dashed line in the plot (C) indicates the fluid permeability
threshold of 5%. The grey area in plot (F) indicates the seawater range of
DICs5. . . . o 89

Temperature, salinity, brine volume, TAf, DIC and DICs; vertical profiles
in sea ice from the Central Ross Sea. The dashed line in the plot (C)
indicates the fluid permeability threshold of 5%. The grey area in plot (F)
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Air-sea, air-ice and snow-ice CO, fluxes measured during the PIPERS sur-
vey using the chamber technique. Boxes are drawn from the 25th to 75th
percentiles, and the medians appear as horizontal lines in boxes. Whiskers

indicate the 5th and 95th percentiles and grey dots are outliers. . . . . . . 91

DICj3;5 in consolidated ice as a function of depth (m). The color bar indicates
the brine volume fraction (%). The grey area refers to the seawater range
of DIC35. The dashed grey contour points out the impermeable layers
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Boxplots of (a) DICs; for pancake, bucket, filtered, unfiltered, unconsoli-
dated ice, and consolidated ice and (b) Arss concentrations in pancake ice
and consolidated ice. Values for consolidated ice are binned into 20 c¢m
intervals. The dashed lines correspond to the mean DICs5 of seawater in
the plot (a) and the argon saturation of seawater in the plot (b). Boxes
are drawn from the 25th to 75th percentiles, and the medians appear as
vertical lines in boxes. Whiskers indicate the 5th and 95th percentiles and

black dots are outliers. . . . . . . . . ..

CaCOj3 content and omega ikaite in unfiltered, bucket, pancake and con-
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Abstract

Given rapid sea ice changes in the Arctic Ocean in the context of climate warming, better constraints on the
role of sea ice in CO, cycling are needed to assess the capacity of polar oceans to buffer the rise of atmospheric
CO, concentration. Air-ice CO, fluxes were measured continuously using automated chambers from the
initial freezing of a sea ice cover until its decay during the INTERICE V experiment at the Hamburg Ship
Model Basin. Cooling seawater prior to sea ice formation acted as a sink for atmospheric CO,,but as soon
as the first ice crystals started to form, sea ice turned to a source of CO,, which lasted throughout the whole
ice growth phase. Once ice decay was initiated by warming the atmosphere, the sea ice shifted back again to a
sink of CO,. Direct measurements of outward ice-atmosphere CO, fluxes were consistent with the depletion
of dissolved inorganic carbon in the upper half of sea ice. Combining measured air-ice CO, fluxes with the
partial pressure of CO, in sea ice, we determined strongly different gas transfer coefficients of CO, at the
air-ice interface between the growth and the decay phases (from 2.5 to 0.4 mol m™ d™" atm™). A 1D sea ice
carbon cycle model including gas physics and carbon biogeochemistry was used in various configurations in
order to interpret the observations. All model simulations correctly predicted the sign of the air-ice flux. By
contrast, the amplitude of the flux was much more variable between the different simulations. In none of the
simulations was the dissolved gas pathway strong enough to explain the large fluxes during ice growth. This
pathway weakness is due to an intrinsic limitation of ice-air fluxes of dissolved CO, by the slow transport
of dissolved inorganic carbon in the ice. The best means we found to explain the high air-ice carbon fluxes
during ice growth is an intense yet uncertain gas bubble efflux, requiring sufficient bubble nucleation and
upwards rise. We therefore call for further investigation of gas bubble nucleation and transport in sea ice.

1. Introduction

Among the natural systems, the role of sea ice in CO, cycling is not well constrained. Several studies report
air-ice CO, fluxes that show that sea ice is a permeable medium under certain conditions of temperature
and salinity (Semiletov et al., 2004; Nomura et al., 2006, 2010b; Miller et al., 2011b; Delille et al., 2014),
thereby refuting the assumption that sea ice impedes the air-ocean gas exchange. However, observational
difficulties, in particular the lack of continuous observations covering the entire ice growth and decay cycle,
hinder the understanding of carbon exchange processes in ice-covered seas. Some studies suggest that active
sea ice processes are significant (Rysgaard et al., 2011; Delille et al., 2014), while others assume them to be
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Air-ice carbon pathways

negligible (Cross et al., 2014). Given the rapid sea ice changes in the Arctic Ocean in the context of global
warming (IPCC, 2013), better constraints on the role of sea ice in CO, cycling are needed to assess the future
capacity of polar oceans to buffer the rise of atmospheric CO, concentration.

Sea ice is a composite of pure ice, brine and gas inclusions. Various biological, chemical and physical
parameters may affect the concentration of gases in sea ice (e.g., Tsurikov, 1979; Zhou et al., 2014a).
Temperature appears to be one of the main controls of CO, concentration in sea ice (Geilfus et al., 2012a;
Delille et al.,2014). When temperature decreases, brine inclusions shrink, concentrating salts, gases and other
impurities in the brine. In contrast, when temperature increases, the melting of ice with the increase in size
of brine inclusions dilutes their content (e.g., Vancoppenolle et al., 2013; Delille et al., 2014). The increasing
concentration of gases in brine due to the shrinking of brine inclusions triggers the nucleation of bubbles
(Tsurikov, 1979; Killawee et al., 1998; Tison et al., 2002; Light et al., 2003). Gases are therefore found in
sea ice in both dissolved (i.e., brines) and gaseous forms (i.e., bubbles). Bubbles are indeed observed at the
onset of sea ice growth, when air inclusions are trapped within the ice structure. Crabeck et al. (2014b) and
Zhou et al. (2014a) suggested that bubbles further develop during ice growth when the gases concentrates
within the brine. Conversely, during ice decay, brine dilution and the related decrease of gas concentration is
hypothesized to promote the dissolution of gases in the brines.

Sea ice is considered as permeable when the brine fraction is above 5% (Golden et al., 1998). As sea ice
becomes permeable, air-ice gas exchange increases (Delille et al., 2014). Brine convection or gravity drainage
(Notz and Worster, 2009; Hunke et al.,2011) is the main process responsible for the rejection of dissolved gases
to the ocean during ice growth (Moreau et al., 2014). In the absence of convection, the diffusion of dissolved
gases becomes the main pathway to transport dissolved gas across the ice (Gosink et al., 1976; Loose et al.,
2011; Shaw et al., 2011). This diffusive flux is driven by dissolved gas gradients (Delille et al., 2007; Nomura
et al., 2010b; Miller et al., 2011b). Gas bubbles may provide an alternative gas transport pathway (Zhou et
al., 2013; Crabeck et al., 2014a). The efficiency of this pathway depends on whether bubbles can only diffuse
molecularly (Loose et al., 2011) or rise due to their buoyancy (Moreau et al., 2014).

Considering the need to better understand carbon cycling in ice-covered seas, the absence of measurements
over the whole ice growth and decay cycle and the difficulty of performing these measurements on natural sea
ice, we carried out a controlled ice growth and decay experiment during which the air-ice CO, fluxes were
monitored using the chamber method. The CO, transfer coeflicient during both ice growth and ice decay
was computed and compared to a sea ice model integrating carbon dynamics.

2. Methods

2.1 Experimental setting

The experiment was carried out at the Arctic Environmental Test Basin facility of the Hamburg Ship Model
Basin (http://www.hsva.de) in the framework of the INTERICE V project. Eleven polyethylene bags of 1.2
m® were filled with about 1000 L of filtered seawater from the North Sea. The experiment reproducing ice
growth and ice decay took place over a period of 19 days. The day “0” of the experiment was 30 May 2012.
The air temperature above the mesocosms was set to -14 °C the first 14 days (hereafter denoted as the“growth
phase”), then to -1 °C until the end of the experiment (the “melting phase”). More information about the
experimental settings are provided by Zhou et al. (2014b).

We carried out continuous i7 sifu measurements of ice temperature and air-ice CO, fluxes: A chain of 10
thermistors was placed at 2 cm intervals through the whole ice thickness. Ice cores were also collected regularly
(every 1 to 3 days). On a given day, all samples (ice, under-ice water) came from the same mesocosm. Once the
ice in a mesocosm was sampled, it was compromised and not used again in the experiment. So each sampling
day corresponded to a different mesocosm, except on day 19, when we sampled two mesocosms. Ice cores
were wrapped in polyethylene bags for storage below -25 °C in the dark and for subsequent measurements

of bulk ice salinity, total alkalinity (TA) and partial pressure of CO, (pCO,).

2.2 Ice pCO, at high vertical resolution

We applied the method developed by Geilfus et al. (2012b) and reviewed by Crabeck et al. (2014b) and Geilfus
etal. (2015) for the measurement of the bulk pCO, (denoted as pCO, ;) within permeable sea ice. The goal
is to equilibrate the sea ice samples with a N,/CO, gas mixture of known concentration at a temperature as
close as possible to the in situ temperature (the temperature of the ice upon sampling). Samples were cut to
fit tightly into a square container, 4 x 4 cm, that was 4.4 cm high to minimize the headspace. The container
containing the sample was sealed and connected to a vacuum pump for 15 min. A standard gas of known
concentration (500 ppm of CO,) was then injected at a pressure of 1013 mbar. Standard gas and ice sample
were equilibrated for 20 hours in a constant temperature bath at the iz situ temperature. Gas was then recovered
and injected in a Varian 3300 gas chromatograph to measure the CO, concentration. Shortly afterward, the
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sample temperature was measured to check for experimental drift. Measured pCO, ,, was corrected for the
temperature difference between the sample and the 77 sizu temperature according to the corrections proposed
by Copin-Montegut (1988).

2.3 Total alkalinity

We measured total alkalinity (TA) on melted sea ice (TA,) using 50 g of sea ice melt collected at a 2 cm
vertical resolution. TA was measured on all mesocosms except SW 9. We derived TA for all SW 9 ice sections
using the strong linear regression between salinity and TA observed for all of the other samples. We also
collected seawater for TA measurement. Melted bulk ice and seawater samples were poisoned with a solution
of super-saturated HgCl, and then stored in the dark, until analysis (one year after the sampling). TA was
measured by open-cell titration with 0.11 M HCI and the endpoints were determined according to Gran
(1952). Routine analyses of Certified Reference Materials (provided by A. G. Dickson, Scripps Institution
of Oceanography) ensured that the uncertainty of the TA measurements was less than 4 pmol kg™

2.4 Dissolved inorganic carbon

We computed the dissolved inorganic carbon of bulk ice from TA, and pCO,,,; using a 2 step computation.
We estimated the salinity of brines according to the ice temperature using the relationship of Cox and Weeks
(1983) derived from data compiled by Assur (1960). We then computed TA,., at the salinity of brines from
the linear relationship between TA and salinity. We computed the total dissolved inorganic carbon (DIC) of
brines (denoted as DIC,;,,) from TA,., and pCO, ,,; using the CO2SYS program for the carbonate system
(Lewis and Wallace, 1998). We used the CO, dissociation constants of Mehrbach (1973) refitted by Dickson
and Millero (1987) and the other constants advocated by Dickson and Goyet (1994). We then converted
DIChines to DIC,, assuming a linear relationship between DIC and salinity. Nonetheless, there are some
limitations with this approach that should be noted: the dissociation constants have been established for the
ranges of temperatures and salinities of open ocean waters (i.e., temperatures above 1 °C and salinities of
35). We assumed that the CO, dissociation constants were applicable at sub-zero temperatures, as suggested
by Marion (2001) and Delille et al. (2007). We refer the reader to Brown et al. (2014) for a discussion on
the validity of the constants.

2.5 Seawater pCO,

To measure the underlying seawater pCO, a hole was drilled through the sea ice cover. Seawater was pumped
from the hole using a peristaltic pump (Masterflex® - Environmental Sampler) and supplied to a sea ice
equilibrator system (SIES; Delille et al., 2007) for measurements of the pCO, and recycled back to the
seawater through the same hole. The SIES is based on a membrane contractor equilibrator (Membrana®
Liqui-cell) coupled to an infrared gas analyzer (IRGA, Li-Cor® 6262). Seawater flowed into the equilibrator
at a maximum rate of 1 L min™ and a closed air loop ensured circulation through the equilibrator and the
IRGA atarate of 3 L min™". The IRGA was calibrated before and after the experiment with N,and CO,:N,
mixtures with mixing ratios of 388 and 813 ppm supplied by Air Liquide Belgium. During the experiment,
the drift of the IRGA was corrected with N,. Uncertainty during this experiment was less than 6 patm.

2.6 Air—ice CO, fluxes

2.6.1 Measurements at the automated chamber

In this paper, positive CO, flux refers to CO, flux from the ice to the atmosphere, while negative CO, flux
refers to a flux from the atmosphere to the ice. We measured air-ice CO, fluxes using an automated chamber
placed above the water surface or on top of the ice. The chamber consisted of a mobile cap and a plastic
cylinder, or so-called collar, with a diameter of 20 cm and a height of 9.7 cm. A rubber seal surrounded the
cylinder and ensured an airtight connection between the ice and the chamber. Each hour, the cap closed the
chamber and the pCO, was measured over 15 min. At the beginning of the experiment one chamber was set
above the surface of the water with the collar lowered a few millimetres below the water surface of a dedicated
mesocosm apart from the 21 mesocosms used for ice collection. However, ice freezing and consolidation
pushed the collar upward so that the collar was not properly sealed. After the fifth day of the experiment,
the chamber was therefore moved to mesocosm 11 and was properly sealed. A pump within the LI-COR
Multiplexer (LI-8150) circulated the air in the chamber at a flow rate of 2.1 L min™". When the pCO, of
ice is higher than atmospheric pCO,, CO, is transferred from the ice to the atmosphere and the automated
chamber records a positive flux. A negative flux is observed in the opposite case. Water-corrected CO, flux
was computed automatically with LI-8100 File Viewer 3.1.0 package provided by LI-COR Biosciences. The
flux was either calculated with a linear or an empirical exponential regression depending on which method
provided the best fit (assessed from the normalized sums of the squares of the residuals).
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2.6.2 Computation of a gas transfer coefficient for CO,

As described above, gases are transported through sea ice to the atmosphere by convection, diffusion and/or
the ascent of bubbles to the ice surface. In the present study, we calculated an effective gas transfer coeflicient
for CO, (K, in mmol m™ d™ atm™), using the equation developed by Liss and Slater (1974) and Sarmiento
and Gruber (2004):

F=K(pCO; = pCO; ;) 1)

where Fis the air-ice CO, flux in mmol m? d, pCO, ;. is the pCO; in the ice and pCO,,,; is the pCO,in
the air, both expressed in atm. In this equation we assume that F'and K reflect both diffusive flux and bubble
buoyancy (i.e., the rise of bubbles to the ice surface).

2.7 Assessment of the precision of derived variables

A Bootstrap resampling statistical analysis procedure, using random values of the measured parameters
(temperature, salinity, pCO,, DIC and TA) between the mean * precision over 1000 iterations, was used to
estimate the propagation of errors to the computed parameters (ADIC and K). This method was used as a
way to show the effects of the imprecision of the data set on the calculated parameter.

2.8 Modelling air-ice CO, fluxes

In order to understand the factors that drive air-ice CO, fluxes during the experiment, we ran a one-dimensional
thermodynamic sea ice model representing sea ice halo-thermodynamics and carbon dynamics, including
air-ice CO, fluxes (Vancoppenolle et al., 2010; Moreau et al., 2015). Vertical carbon transport and air-ice
carbon fluxes are explicitly separated between dissolved and gaseous form contributions.

The dissolved gas pathway combines the vertical transport of dissolved inorganic carbon in brine and the
diffusive air-ice CO, flux, F°°? (mmol m™ d™), which is assumed proportional to the CO, partial pressure
(pCO,) difference between the surface brine (in the top 5 cm of the ice) and the atmosphere, and is a function
of the near-surface brine fraction:

FCO; — /%CO) . 52/3 ,(é‘CO; _KOfCOz) (2)

where 2% (m s7) is the piston velocity, e is the brine fraction near the ice surface, e*” represents the fractional
surface open to brine-air diffusive CO, fluxes, {“* is the brine CO, concentration (mmol m™), £ % is
the atmospheric CO, fugacity (atm), and K, is the Henry’s constant (mmol m™~ atm™). We consider that
= pu, * 1%, where p,,, is the atmospheric pressure (atm) and 7CO,,,,, is the atmospheric CO, mixing
ratio measured within the chamber. The piston velocity is calculated from the molecular diffusion coefficient
of dissolved CO, (Dpin m* s™) and the thickness of the diffusive boundary layer (zz; in pm):

%= Dag s, ©)

This piston velocity neglects the effects of snow and wind, absent in these tank experiments, and only includes
the contribution of dissolved CO,, In contrast, equation 1 includes both gas bubble and dissolved contributions
as F and pCO,,,, are direct measurements without distinction between dissolved and gaseous forms. The
Zp; is highly uncertain and therefore has been used as a tuning parameter to adjust the magnitude of air-ice
CO, fluxes, whereas D,is better constrained by observations. For our control simulation (CTRL), we used
D,z=0.97 107 m? s7' (the diffusion coefficient of CO, in water from Broecker and Peng, 1974) and zy, =
0.5 pm (Moreau et al., 2015; Table 1).

The gas bubble pathway was developed in the model to simulate Argon dynamics (Moreau et al., 2014)
and implies explicit gas bubble reservoirs in every layer. The gas concentration in the bubble reservoir changes
due to bubble nucleation/dissolution, upward migration of buoyant gas bubbles, and bubble escape to the
atmosphere. Nucleation of gas bubbles transfers dissolved CO, from brine to the bubble compartment as
a function of the CO, super-saturation. At each time step, a fraction R* of the CO, super-saturation is
transferred to bubbles. The bubbles migrate upward when the brine network is connected, which is assumed
to happen above a given brine fraction threshold (e.g., e = 0.07, Zhou et al., 2013; Moreau et al., 2014).
If the fraction of sea ice with e > ¢;#* includes the ice surface, all gas bubbles escape to the atmosphere and
contribute to the air-ice CO, flux. For our CTRL simulation, we used R’ =10% h™" and e;#*=0.07 (Table 1).

In order to understand the potential reasons to explain the underestimation of the observed air-ice CO,
fluxes by the model, we performed three series of sensitivity experiments (Table 1). First, we tested the impact
of a more intense dissolved CO, pathway, by changing D,y and zp; (runs 2—4). The D, value of Broecker
and Peng (1974) is derived from seawater and only includes diffusive effects. We tested the slightly higher
D,value of Loose et al. (2011), derived from sea ice experiments, which can potentially include both diffuse
and bubble contributions. A lower z, (0.05 pm) value was also tested. In a second series of experiments
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Table 1. Description of the sensitivity runs used to test the sensitivity of air-ice CO, fluxes to model parameterization®

Run Name R ert” Dy 51 Ikaite precipitation Number of ice layers Misfit
1 CTRL 10 0.07 0.97 0.5 Yes 10 0.1
2 Loose-D,;" 0 0.07 24 0.5 Yes 10 0.08
3 No-bub 0 0.07 0.97 0.5 Yes 10 0.08
4 Low-z;, 0 0.07 0.97 0.05 Yes 10 0.08
5 No-ikaite 0 0.07 0.97 0.5 No 10 0.10
6 20-layers 0 0.07 0.97 0.5 Yes 20 0.06
7 Low-bub 1 0.07 0.97 0.5 Yes 10 0.07
8 High-bub 20 0.07 0.97 0.5 Yes 10 -0.05
9 Moreau-bub® 0.1 0.07 0.97 0.5 Yes 10 0.08

‘Different parameterizations include the bubble formation rate (R, % h™), the molecular diffusion rate (D, 10° m™ s™), the boundary
layer thickness (2, um), ikaite precipitation and the number of vertical ice layers. Model-data misfit (mmol m™ d™') are also presented
for each run.

"Loose et al. (2011)

“Moreau et al. (2015)

doi: 10.12952/journal.elementa.000112.t001

(runs 5-6), the impacts of higher resolution (20 layers instead of 10) and ikaite precipitation/dissolution were
investigated. Third, we tested the impact of a more intense gas bubble pathway by changing R”*, the bubble
nucleation rate (runs 7-9), which is highly uncertain.

To evaluate which scenario is closest to the observed fluxes, we computed a model-data misfit for each
of the model runs. The misfit were computed from the difference between the flux observed and the flux
modelled. We report averages for each of the model runs in Table 1.

All other parameters are from Moreau et al. (2015). The simulation spans 31 May — 18 June 2012. The
time step is 1 h. Based on the present observations, initial seawater TA and DIC concentrations were set
to 2300 mmol m™ and 2090 mmol m, and sea ice TA and DIC concentrations were set to 850 mmol m™
and 750 mmol m™.

3. Results and discussion

Detailed information about sea ice physical properties can be found in Zhou et al. (2014b). Briefly, the first
phase of the experiment — the growth phase —lasted from day 1 to day 15. Air temperature above the tank was
set to —15 °C and sea ice grew continuously, reaching a maximum thickness of 24 cm. A strong temperature
gradient was observed between the top and the bottom of the ice. Salinity exhibited a typical C-shape profile
with a lower salinity at the ice interior compared to the top and the bottom of the ice. Then from day 16 to
19, the air temperature was set to -1 “C, sea ice thickness slightly decreased, temperature exhibited a more
homogeneous profile through the whole thickness, and salinity decreased in the top and bottom parts. The
brine volume fraction remained above 5% during the whole experiment. On the whole, the sea ice remained
thin, warm and permeable during both the growth and the melting phase.
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Figure 1
Linear regression between TA
and salinity within bulk sea ice.

The ice growth and melting
phases are colored in blue and red,
respectively.
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3.1 Total alkalinity

TA concentrations in bulk sea ice (i.e., melted sea ice) are consistent with the values reported in the literature
(Gleitz et al., 1995; Delille et al., 2007; Nomura et al., 2010b; Fransson et al., 2011; Miller et al., 2011a;
Geilfus et al., 2012a; Rysgaard et al., 2013) and were highly correlated with salinity (r* = 0.95; Figure 1).

The repeated inspection of freshly melted ice using a binocular microscope (Leitz Laborlux® with 125
to 500 x magnification) did not reveal the presence of ikaite, a hydrated calcium carbonate polymorph
(CaCO;6H,0). Taking into account the thermodynamic constraints (Papadimitriou et al., 2013) and the
kinetics to simulate the ikaite precipitation (Papadimitriou et al., 2014), the maximum value of ikaite simulated
by the model in the ice surface layer was 13 pmol kg™!, whereas the error on TA measurement was 4 pmol
kg™'.(parameters from the CTRL simulation of Moreau et al.,2015). This concentration falls at the lower end
of the range of ikaite concentrations reported in sea ice (7-93 pmol kg™ in Dieckmann et al., 2008; 15-19
pmol kg in Geilfus et al., 2013; 100-900 pmol kg™ in Rysgaard et al., 2013). This evidence indicates that if
ikaite precipitated during the experiment, it was not significant.

3.2 CO, exchange at the air-ice interface

3.2.1 Continuous measurements of air-ice CO, fluxes

During seawater cooling, and before the formation of the ice crystals, CO, fluxes measured with the automated
chamber showed negative values, down to -6 mmol m2d™ (Figure 2). Within hours after the formation of
the first ice crystals, CO, fluxes became mostly positive (ranging between -0.4 mmol m2d™ and 0.75 mmol
md™ with an average of 0.2 mmol m™ d™* for the growth phase), consistent with the observed super-saturation
of CO,in bulk ice (i.e., pCO, ., above 400 ppm). During the melting phase, CO, fluxes turned to negative
(ranging between -2.1 mmol m~ d™ and 0 mmol m d™! with an average of -0.24 mmol m d™) in parallel
with the decrease of pCO, ,;, that passed below saturation. The pCO, of the underlying seawater remained
under-saturated during the whole experiment, while the surface (first 5 cm) pCO, . showed values above or
below the atmospheric pCO, during the growth and the melting phase, respectively.

Although the chamber was not properly sealed between day 0 and day 5, air-ice CO, fluxes from the whole
measurement period were consistent with previous measurements carried out with chambers over artificial
sea ice (between 0 and 0.27 mmol m™ d™'; Nomura et al., 2006) and slightly lower than measurements over
natural sea ice. Delille et al. (2014) measured CO, fluxes ranging from -5.2 mmol m d" to 1.9 mmol m™
d™ on Antarctic pack ice in spring, and ascribed these fluxes to seasonal pCO, gradients between the brine
and the atmosphere. Geilfus et al. (2012a) measured CO, fluxes at the sea ice interface ranging from -2.63
mmol m™d ™ up to 0.84 mmol m™d™ in the Arctic coastal zone, while Nomura et al. (2010a) measured CO,
fluxes ranging from -1 mmol m™ d™ to 0.7 mmol m™ d™' over land fast ice in Barrow at the end of spring.
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Figure 2

Air-ice CO, fluxes, sea ice surface
temperature and pCO, over time.

a) Evolution of the air-ice CO,
flux (black corresponds to a
period with the chamber not
properly sealed, blue to a period
with a correct sealing of the
chamber) and temperature 2
cm above the air-ice interface
(in red). The green horizontal
step line corresponds to the
flux calculated from the DIC
anomaly. The shaded areas refer
to working hours and the related
increase of atmospheric pCO,.
b) Atmospheric (black line), ice
surface (green triangles down)
and seawater (blue triangles up)
pCO,. The ice surface pCO,
corresponds to the first 5 cm of
the bulk sea ice measured with
the method of high vertical
resolution.
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The temperature and the pCO, ,, measured within the automated chamber exhibited daily variations,
rising during “working hours” due to the presence of the researchers in the experimental room and decreasing
outside “working hours”. The pattern of air-ice CO, fluxes is clearly opposite and strongly affected by the rise
of atmospheric pCO, during working hours. These imperfections are inherent to the environmental constraints
of this experimental study and could hardly be avoided. Nevertheless, the results can still be interpreted in
terms of the main factors driving the CO, fluxes, and the overall pattern of observed air-ice CO, fluxes is
consistent with i7 sizu observation of a seasonal cycle, with upward CO, fluxes during ice growth (Nomura
et al., 2010a; Geilfus et al., 2012a; Delille et al., 2014) and downward CO, fluxes during ice melt (Delille et
al., 2014; Geilfus et al., 2015).

3.2.2 Integrated estimates of air-ice CO, fluxes

In parallel with direct measurements of air-ice CO, fluxes, we derived air-ice CO, fluxes from DIC depletion
in the top layers of the ice (Geilfus et al., 2013). DIC was normalized to a salinity of 7 (7 corresponds to the
mean bulk ice salinity during the whole experiment, noted as DIC;) to remove the salinity-related changes
(brine rejection, concentration and dilution; Figure 3). If no biogeochemical processes occurred (biological
activity, CaCQO; precipitation, CO; transfer to the gas phase and CO, exchange with the atmosphere), DIC;
profiles should be homogeneous over the ice column. During the growth phase, a clear decrease in the top
12.5 cm of the young ice was measured compared to the bottom ice horizons. Because no significant primary
production was possible due to absence of primary producers (Zhou et al., 2014b) and ikaite precipitation
was insignificant (section 3.1), we assumed that DIC; depletion in the top 12.5 cm of the growing ice was
due to CO, release from the super-saturated ice to the atmosphere above. Whereas, during the melting phase
we observed a DIC; increase in the top 12.5 cm. This increase can be linked to the downward air-ice CO,
flux measured during the melting phase.

Besides the measurements of air-ice CO, fluxes, the amount of CO, released to the atmosphere during the
sea ice growth was assessed using a method proposed by Geilfus et al. (2013). First, a “theoretical DIC”(DIC,;)
was calculated from the raw DIC concentration at 12.5 cm (DIC;;5.,), assuming that, if biogeochemical
processes are null, DIC and salinity (S) should follow a linear relationship:

DIC:/;, i =DICps5,,° (Sz /S12.5m) (4)

where DIC,, ; and DIC;, ., are computed for each sampling event and expressed in pmol kg™'. The index, i,
refers to the upper two sampling depths, 2.5 cm and 7.5 cm. From the theoretical DIC, we derive the “DIC
anomaly” for each sampling day (ADIC, in mmol m™):

ADIC,=% (i=2.5 to 12.5 em) (DIC,, ;- DIC;) (5)

As the DIC anomaly was mainly due to the release of CO, from the ice to the atmosphere during the present
experiment (see above), integrating DIC anomalies over time gives the theoretical air-ice CO, flux between
two sampling events:

F=((ADIC,, ,— ADIC,)/ At) - dx - p (6)

Elementa: Science of the Anthropocene = 4:000112 « doi: 10.12952/journal.elementa.000112

163

Figure 3
Bulk sea ice DIC and surface
DIC depletion during ice growth.

a) Bulk DIC profiles and b) DIC
profiles normalized to a salinity
of 7 (DIC,), where the grey area
refers to the DIC depletion zone.

doi: 10.12952/journal.elementa.000112.f003



Air-ice carbon pathways

Table 2. Gas transfer coefficient calculated for each day of the experiment*

Day of the experiment T Bulk S K
2 -3.0 11.5 2.43(£0.9)
5 -5.1 8.8 2.59 (£0.9)
8 -5.0 9.5 2.66 (+£0.9)
14 -5.8 8.0 2.22(£0.9)
15° -3.3 3.0 2.1
16 -2.5 6.1 2.9
19 -1.8 6.9 0.5 (+0.08)
19 -1.8 6.9 0.3 (+0.08)

“Mean ice surface temperature (7, °C), bulk salinity (Bu/k ) and gas transfer coefficient for CO, at the air-ice interface (K, mol m™ d™!
atm™") for each day of the experiment

"Refers to the transition period

doi: 10.12952/journal.elementa.000112.t002

where Az is the time frame between two sampling events in days, dx is the distance in meters between two
sampling depths, and p is the sea ice density for each layer defined from temperature and salinity and using
relationships given by Cox and Weeks (1982), in kg m™. Based on the precision of the measured variables
(salinity, temperature, TA, pCO,; see Methods section), the precision on F is assessed at + 0.03 mmol m™
d™ (which represents an error of 15% for the averaged CO, flux of 0.2 mmol m= d™).

From these DIC anomalies, the calculated air-ice CO, fluxes (black triangles in Figure 2a) are in good
agreement with the observed air-ice CO, fluxes, except on day 16 where the difference represents more
than 1 mmol m™ d; integrated measurements cannot accurately capture the rapid transition from the
freezing to the melting decay phase. With the exception of this transition phase, the consistency between
the continuous and integrated fluxes suggest that in an indoor experiment, the automated chamber provides
accurate measurements of air-ice CO, fluxes when snow cover is absent, despite the large variation of the
atmospheric pCO,.

3.3 Determination of a gas transfer coefficient for CO, in artificial sea ice

Using equation 1 for gas exchange, we calculated a gas transfer coefficient for CO, at the air-ice interface
for each sampling day of the experiment (see K; Table 2), where F' corresponds to the air-ice CO, fluxes
measured with the automated chamber, pCO, ,;, to the pCO, at the air interface and pCO, 4 to the pCO,
at the ice interface (0 cm to 5 cm). The numbers in light grey in Table 2 refer to the transition phase which
was not taken into account in the final value computed for K. The values for K and ancillary data detailed in
Table 2 are close during the whole growth period. The mean X for the sea ice growth period, from day 2 to
day 14 inclusive, is K= 2.5 mol m™>d™ atm™. A Bootstrap resampling statistical analysis of the propagation
of the uncertainties of the measured variables (salinity, temperature, measured CO, fluxes, pCO, ,,, and
2C0,,,) gives an uncertainty for K of 0.9 mol m™?d™ atm™ where standard error deviation is only 0.25 mol
m~d™ atm™. For the melting phase (which corresponds to two measurements on day 19) the mean K value
was 0.4 mol m™ d™! atm™ (the uncertainty derived from a Bootstrap resampling statistical analysis was 0.08
mol m?d™ atm™). K was therefore 6 times higher during the growth phase than during the melting phase.

In order to get a measure of gas exchange that does not depend on the gas solubility, Wanninkhof (1992)
proposed to use 4, the gas transfer velocity, defined from:

K="F. Sol (7)

where So/ (mmol m™ atm™) is the solubility of CO, in salt water (here brine), a function of temperature (7)
and salinity (S), following Weiss (1974):

In Sol =4, +4,(100/T) + A;In(1/100) + S [B; + B,(77/100) + B;(77100)*] 8

We used the 7'and S of sea ice brine. The resulting value, k = 0.164 (£ 10%) cm h™, falls within the range of
values given by Liss and Merlivat (1986) for a smooth surface regime and the values given by Crusius and
Wanninkhof (2003) for gas exchange over a lake at low wind speed. However, solubility as described by eq. 8
is most likely not adequate for the range of temperature and salinity encountered within sea ice, as suggested
by Zhou et al. (2014a). X, the gas transfer coefficient, is solely deduced from measurements and does not
depend on an uncertain solubility value.

Thin sections of the ice cores were processed following Tison et al. (2002). Bubbles were observed during
the growth phase, particularly near the ice surface (Figure 4). We suggest that these bubbles (trapped at the

very beginning of ice growth or newly formed) were likely moving upward due to their own buoyancy. Once
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Day 2

bubbles reached the ice surface, they collapsed and CO, was released to the atmosphere, corresponding to
an ebullition flux. K-values calculated during the growth and melting phases indicate that gas transport was
about 6 times faster during ice growth than during ice decay. We hypothesize that air-ice CO, fluxes during
the melting phase are driven mainly by molecular diffusion, while during the growth phase, ebullition fluxes
add to molecular diffusion. This hypothesis suggests that the ebullition fluxes are a dominant pathway for
gas transport and exchange during the growth phase.

3.4 Model sensitivity experiments on the CO, transport pathways through sea ice

Here we use the model to frame the CO, flux into further theoretical considerations. The various model
simulations described in Table 1 are compared to the observations, in order to understand which parameters
are most influential in shaping the model response (Figure 5).

First, the sign of the CO, flux is consistent between observations and all model simulations. All model
runs show an efflux of CO, during the growth period and an influx during the melt period. The direction
of the flux depends mostly on the dissolved gas pathway, itself driven by the air-brine pCO, difference,
ultimately set by the near-surface ice temperature evolution, which is quite well understood. In addition, some
of the short-term variations of the observed CO, fluxes are reproduced. The model gives a good estimation
of downward CO, fluxes during ice melting although the time of the onset of downward CO, fluxes occurs
earlier than observed in the model.

By contrast, the magnitude of the air-ice CO, flux is highly variable among the different model runs,
in particular during the growth phase. The most influential but uncertain factors clearly lie within the gas
bubble pathway (Figure 5¢). By contrast, the dissolved pathway is found rather insensitive to parameterization
choices (e.g., gas diffusivity D,y boundary layer thickness z;, vertical resolution, ikaite, etc.). In turn, the
total (dissolved + bubble) air-ice CO, flux is essentially determined by the gas bubble nucleation rate R,
which acts as a bottleneck parameter for the efflux of CO, to the atmosphere via the gas bubble pathway.
This bottleneck effect explains why R” was used as a tuning parameter, set to 10% h™ in the CTRL run, the
value that gave the best agreement with observations.

Why is the dissolved pathway rather insensitive between the different runs? As in Moreau et al. (2015),
we investigated whether the dissolved gas pathway could have been more intense than simulated. To answer
this question, we tested to what extent modifying the uncertain parameters zp; and D could increase the
upward CO, fluxes during ice growth. None of our trials was successful. For example, increasing D,z up to
2.4x10° m? s (run 2: Loose-D,) barely affects the upward CO, fluxes during ice growth. Decreasing 2z,
down to 0.05 pm did not significantly increase the simulated air-ice CO, fluxes either. This model behavior
arises because the ultimate limitation for the air-ice CO, diffusive flux is the near surface stock of DIC: supply
to the near-surface DIC is not rapid enough to sustain CO, fluxes to the observed magnitude. This result
was already obtained by Moreau et al. (2015; see their Figure 9b where the simulated outward CO, fluxes
during winter at Barrow reach asymptotically 1.3 mmol m™ d' when zy; is decreased down to 10~ pm).
By contrast, the gas bubble pathway is much more variable between the different runs and characterized by
much larger uncertainties, because gas bubble flux can originate further down in the ice and is not limited by
near-surface DIC stocks. The model-data misfit presented in Table 1 shows that the best model-observation
agreement was achieved for a strong gas bubble pathway, which corresponds to high values of R (10-20%
h'). Yet, the bubble nucleation rate R* is far from being well constrained from observations. In Moreau et
al. (2014), this value was tuned to 0.1% h™", corresponding to a characteristic time scale of 40 days, in order to
match observed gas bubble concentrations over simulations spanning several months. In the present context
(curve Moreau-bub in Figure 5¢), such value gives a weak gas bubble pathway and an underestimation of CO,
fluxes by the model. Forty days is rather long for bubble nucleation, much larger than expected, typically less
than one hour (see, e.g., Brennen, 1995). The most obvious reason why such an unrealistically large 40 day
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Figure 4

"Thin sections of surface ice cores.

Thin sections of ice cores for day
2,5,14 and 15 of the experiment.
The contrasted circles and tubes
are bubbles while the gray-shaded
features are brine inclusions.
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value had to be used by Moreau et al. (2014) is that pressure effects are missing in the model, which should

quickly inhibit gas bubble nucleation once a large enough stock of gas bubbles is built up, which would

typically occur for impervious sea ice over a few days. Larger R values of 10-20% h™' strongly intensify the

gas bubble pathway. They also correspond to more realistic time scales for gas bubble nucleation (4-8 hours).

'The influence of several other processes, known to occur in natural conditions and contribute to the ice-

air CO, fluxes, was also considered. As far as frost flowers are concerned, they were not observed in the tank
experiment, and hence are not relevant to the present discussion of air-ice CO, fluxes. The precipitation of

ikaite could have influenced ice-atmosphere CO, fluxes (e.g., Geilfus et al., 2013; Rysgaard et al., 2014);
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Figure 5

Observed and simulated air-ice

CO, fluxes.

a) Simulated air-ice CO, fluxes
(mmol m™? d?) for runs Loose-
D,y (grey, where D= 24 10" m’
s™), No-bub (green, where R =
0% h™ and Dz=0.97 10 m’s™")
and Low-z, (dark blue in dash,
where zz; = 0.05 pm). The three
curves for runs Loose-D,; No-
bub and Low-z; are confounded
on the plot. Observed CO, fluxes
are given in blue.

b) Simulated air-ice CO, fluxes
(mmol m™ d™) for runs No-ikaite
(dark red, where there is no ikaite
precipitation) and 20-layers (dark
blue, where the number layers of
ice was set to 20 instead of 10).
Observed CO, fluxes are given in
blue.

¢) Simulated air-ice CO, fluxes
(mmol m? d) for runs CTRL
(in  black), Low-bub (grey,
where R™ = 1% h™'), High-bub
(cyan, where R = 20% h™') and
Moreau-bub (dark grey, R =
0.1% h™). Observed CO, fluxes
(mmol m™ d™) are given in blue.
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however, as discussed above, ikaite precipitation was not observed under the microscope and the model CTRL
simulation predicts a rather low ikaite concentration of 13 pmol kg™'. The lack of ikaite influence is further
corroborated by the model run with no ikaite precipitation (and no bubbles; Run 6, Table 1) which barely
differs from the no-BUB run in terms of air-ice CO, flux (Figure 5b).

We also tested the role of vertical resolution of the simulated CO, fluxes by running the model with 20
vertical ice layers instead of 10, and with no bubbles (Figure 5b). More layers better resolve and increase the
near-surface pCO,, which slightly intensifies the dissolved gas pathway during the growth phase.

3.5 Synthesis

As detailed in Zhou et al. (2014b), the artificial sea ice was likely permeable to gas exchange during the
whole experiment. Convection was likely only present during the growth period and limited to near the ice-
water interface (see Rayleigh numbers in Figure 3 of Zhou et al., 2014b) and was nearly negligible during
the whole period of decay. We therefore consider that only diffusion and/or buoyancy processes occurred
in the upper parts of the ice. Both the computation of the gas transfer coefficient and the model sensitivity
analysis support this assumption. As described previously, bubbles were observed during the growth phase,
particularly near the ice surface (Figure 4).

The values of K were about 6 times lower during the melting phase as compared with the growth phase
(Table 2). At this stage, based on model simulations, we cannot explain this difference without assuming a
significant contribution of the gas bubble pathway during the growth of sea ice. However, this explanation
is not based on direct observation of gas bubble processes but rather on inference from model simulations
characterized by large uncertainties, in particular in terms of the gas bubble nucleation rate. The latter is the
key tuning bottleneck parameter sourcing gas bubbles to the model gas bubble ice-atmosphere pathway. All
the other surface processes that we could envision were, to the best of our present investigation capability,
not able to supply enough carbon to the atmosphere. During ice melt, the model is in agreement with the
much lower K values, suggesting that air-ice CO, fluxes are dominated by the dissolved pathway, apart from
the short under-sampled transition period when other processes such as episodic convection events might
have taken place.

Using our best model run (CTRL), we compared the contribution of all processes based on the computation
of the model DIC budget, following Moreau et al. (2015; see Figure 6). Sea ice is gaining DIC throughout
its growth (Figure 6a). Large quantities of DIC are incorporated into sea ice by growth, although 80% of
this DIC is rejected through brine drainage (Figure 6b). Ikaite precipitation does not significantly contribute
to the budget of DIC. Ice-atmosphere CO, fluxes (Figure 6¢) are dominated by the escape of gas bubbles
during ice growth. However, only the dissolved pathway affects CO, fluxes during ice melt. As suggested by
Moreau et al. (2015) the budget of DIC in sea ice is driven mainly by physics while biogeochemical processes
(only chemical here), although significant, are secondary.

a) Total DIC (TDIC) b) Terms of tendency for TDIC
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Figure 6
CO, budget.

a) Daily budget of vertically
integrated DIC (TDIC, mmol
m™) dissolved into CO, (black),
CO;” (light grey), and HCO™
(grey) for the CTRL run. b)
Corresponding  daily ~ mean
changes (mmol m™ day”) in
TDIC due to total sea ice growth
and melt (dark blue), brine
drainage (light blue), and ikaite
precipitation/dissolution  (red).
¢) Corresponding daily mean
changes (mmol m™ day”) in
TDIC due to diffusive CO, fluxes
(light blue) and gas bubble fluxes
(dark blue).
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Based on these considerations, we expand to ice-atmosphere exchanges of CO, the suggestion that gas
bubbles provide important contributions to the stocks of gaseous compounds in sea ice (Mock, 2002; Tison
et al., 2002; Rysgaard and Glud, 2004; Zhou et al., 2013; Moreau et al., 2014). The conceptual view that
we propose is based on three key arguments. 1. Gas bubbles easily form in sea ice because brine shrinking
with temperature induces drastic increases in gas concentrations, and because there is a net decrease in gas
solubility with decreasing temperature in brine inclusions. 2. Gas bubbles in the liquid brine rise upward
if the connectivity of the brine network is sufficient. 3. The dilution of brines during warming brings CO,
concentration in brine below saturation, which brings trapped gas bubbles back into dissolved form. Because
there is no analytical method to assess the partitioning of gases between dissolved and gaseous forms in sea ice
brine, it is difficult for the time being to confirm this conceptual view directly. In natural sea ice, other surface
processes likely affect air-ice CO, fluxes as well (e.g., the formation of frost flowers, brine skim; Geilfus et al.,
2013; Barber et al., 2014). In the present experiments, however, they were not observed.

Finally let us stress that there are only a few processes able to sustain enhanced CO, fluxes during a long
period. The presence of frost flowers would be transient and have only short-term effects on CO, fluxes. Other
processes (e.g., melting/freezing cycle of the ice surface) modulate air-ice CO, fluxes, but few of them can
actually sustain CO, fluxes for extended periods of time as we observed during the experiment. Processes that
sustain CO, for extended periods of time must involve either the production of CO,, like bacterial respiration,
or the transfer of CO, from a large reservoir (like the ice interior or the ocean) to the surface.

4. Conclusions

The first aim of this study was to determine experimentally the air-ice CO, transfer coefficient from
continuous CO, flux measurements during an ice growth and decay cycle in an ice-tank experiment. Discrete
measurements of air-ice pCO, gradients and DIC anomalies reflected well the amplitude and the patterns
of the air-ice CO, fluxes, supporting the reliability of our methods and results, including the calculation of
a bulk gas transfer coefficient. The second aim was to discriminate the different drivers of air-ice CO, fluxes
using a 1D sea ice carbon cycle model (Vancoppenolle et al., 2010; Moreau et al., 2015), including explicit
empirical representations of dissolved gas and gas bubble ice-atmosphere pathways and testing for several
gases (Ar, O,, CO,) at a few locations.

There are three key findings in the paper. 1. The observation-based gas transfer coeflicient, retrieved
by dividing the observed CO, flux by the air-brine pCO, difference, was ~6 times higher during growth
(K=2.5molm?d™ atm™) than during melt (K= 0.4 mol m2d™" atm™). 2. The time evolution of the sign of
the air-ice CO, flux, characterized by an efflux from the ice during growth and an influx during melting, was
consistent between observations and the nine model simulations, as well as with previous literature (Nomura
et al., 2010a; Geilfus et al., 2012a; Delille et al., 2014; Geilfus et al., 2015). Such evolution must therefore be
seen as typical and robust. 3. The magnitude of the observed CO, flux is consistent with previous literature
but not between the different model simulations. The simulated dissolved CO, flux clearly underestimates the
observed value because of an intrinsic limitation by DIC stocks in the model already identified by Moreau
et al. (2015). The observed magnitude of the ice-air CO, flux can only be reached in the model by invoking
an intense escape of gas bubbles through an ice-atmosphere pathway. Such an intense pathway was achieved
by tuning the gas bubble nucleation time scale down to a few hours, which contrasts with the value of a few
weeks used in a previous 6-month simulation of Argon dynamics in natural sea ice (Moreau et al., 2014).

Based on these concordant findings, we infer that the gas bubble ice-atmosphere pathway is likely a
significant contributor to air-ice flux in young growing sea ice, next to diffusion. This intense gas bubble
pathway in growing sea ice proposed here is plausible at this stage but subject to caution, because it does
not rely on direct process observations, but rather on inference from air-ice CO, flux and a single sea ice
model, characterized by a number of assumptions. Further evaluation of the proposed scenario and reduction
of uncertainties rely on improvements of both observation and modelling techniques. Observations of gas
bubbles from X-ray tomography (Crabeck et al., 2016) provide new insights on gas bubble size and number
distribution, and might be used to document the upward migration of gas bubbles. Future models should
include at least pressure effects on gas bubble nucleation and perhaps tortuosity effects on gas bubble rise,
as well as improved representations of brine dynamics (e.g., Griewank and Notz, 2013; Turner et al., 2013;
Rees Jones and Worster, 2014).

The multiphase nature of CO, in sea ice is well established, with contributions of dissolved species, gas
bubbles (Tison et al., 2002; Zhou et al., 2013; Crabeck et al., 2014a; Moreau et al., 2014, 2015) and ikaite
crystals (Papadimitriou et al., 2004; Dieckmann et al., 2008), a solid inorganic compound that contains inorganic
carbon. This multiphase nature of CO; is, to our best knowledge, a unique feature in marine environments.
Clarifying the partitioning of CO, between the gaseous and dissolved phases and the gas transport pathways,
as well as the contribution of surface ice processes, is a critical challenge for future research related to gas
dynamics and the carbon cycle in ice-covered seas.
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Abstract

This work presents the results of physical and biological investigations at 27 biogeochemical sta-
tions of early winter sea ice in the Ross Sea during the 2017 PIPERS cruise. Only two similar
cruises occurred in the past, in 1995 and 1998. The year 2017 was a specific year, in that ice
growth in the Central Ross Sea was considerably delayed, compared to previous years. These con-
ditions resulted in lower ice thicknesses and Chl-a burdens, as compared to those observed dur-
ing the previous cruises. It also resulted in a different structure of the sympagic algal community,
unusually dominated by Phaeocystis rather than diatoms. Compared to autumn-winter sea ice in
the Weddell Sea (AWECS cruise), the 2017 Ross Sea pack ice displayed similar thickness distri-
bution, but much lower snow cover and therefore nearly no flooding conditions. It is shown that
contrasted dynamics of autumnal-winter sea-ice growth between the Weddell Sea and the Ross
Sea impacted the development of the sympagic community. Mean/median ice Chl-a concentra-
tions were 3-5 times lower at PIPERS, and the community status there appeared to be more
mature (decaying?), based on Phaeopigments/Chl-a ratios. These contrasts are discussed in the
light of temporal and spatial differences between the two cruises.

Introduction

Sea ice plays a major role in the Earth System: It greatly increases the albedo of the ice-free
open ocean (e.g. Perovich, 1996), it is an important driver of global oceanic circulation through
bottom water formation (e.g.Williams and others, 2008; Oshima and others, 2013), and it acts
as a dynamic biogeochemical reactor at the interface between the ocean and the atmosphere
(e.g. Tison and others, 2017a). Sea ice hosts microbial communities throughout the year
and actively or passively controls gas, energy and matter exchanges between the ocean and
the atmosphere (e.g. Arrigo and Thomas, 2004; Arrigo and others, 2010; Dieckmann and
Hellmer, 2010; Rysgaard and others, 2011; Zhou and others, 2013, 2014; Delille and others,
2014). It also plays a major ecological role in the polar ocean systems (e.g. Bluhm and others,
2010; Leu and others, 2011; Flores and others, 2012).

Major changes are clearly occurring in the Arctic sea-ice system, with an indisputable trend
of reduced ice cover, both at minimum and maximum extent (IPCC and others, 2013; IPCC,
2019). Antarctica, on the contrary, and in contradiction with global climate model outputs,
showed a slight increase in circumpolar averaged extent for most of the last four decades
(since satellite observations consistently began in the late 1970s). This circumpolar increase
masks large regional contrasts however, with longer sea-ice seasons in the Weddell and
Ross Seas and shorter sea-ice seasons in the Bellingshausen-Amundsen Seas and in the
Amery Ice Shelf sector (Stammerjohn and others, 2008). There has been however a marked
change toward record low circumpolar sea ice since late 2016 (Parkinson, 2019).

Global biogeochemical models have been developed only relatively recently, and are still in
need of fully incorporating the processes at work in sea ice. This is particularly true for winter
processes, given the relative scarcity of observations during that period, especially in the
Antarctic. A better knowledge of winter sea-ice behavior is however also crucial to yearly bud-
geting exchange processes between the ocean and the atmosphere in polar regions, and in
understanding their trends in a changing climate.
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In a recent publication, Tison and others (2017b) presented
the physical and biological properties of winter pack ice in the
Weddell Sea during the AWECS (Antarctic Winter Climate
Ecosystem Study) 2013 cruise. This was the most recent of only
three winter sea-ice studies in the Central Weddell Sea (1986,
1992 and 2013). The winter 2013 showed a relatively warm sea-ice
cover, due to the combined effect of a deep snow cover and warm
cyclone events progressing southward from the open Southern
Ocean. This resulted in high ice permeability and frequent forma-
tion of ‘brine tubes’ from cyclic events of brine movements within
the sea-ice cover and the consequent development of an internal
microbial community, evidenced by relatively high Chl-a concen-
trations. The authors also showed that large-scale sea-ice model
simulations suggest a trend of deeper snow, warmer ice and larger
brine volume fractions across the three observational years.

In this paper, we present results from the Polynyas, Ice
Production and seasonal Evolution in the Ross Sea (PIPERS)
cruise, devoted to the space/time evolution of air-ice-ocean inter-
actions during autumn and early winter 2017 in the Ross Sea. The
cruise documented a full set of physical and biogeochemical prop-
erties of the whole atmosphere-sea-ice-ocean system, with a spe-
cific focus on the Terra Nova Bay and Ross Sea Polynyas (TNBP
and RSP). Here we will focus on the basic physical and biological
properties of the sea-ice cover in the context of a delayed autumn
sea-ice advance, in line with the recent decrease in Antarctic
sea-ice extent that started late 2016 (Turner and others, 2017;
Parkinson, 2019), and see how it might have affected the sea-ice
biogeochemistry. Physical data are presented in order to docu-
ment the specific environmental constrains for the biological
components of the ecosystem.

Field work and analytical methods
The PIPERS cruise

The PIPERS cruise sampled the Ross Sea pack ice between 19 April
2017 (Julian Day 109) and 4 June 2017 (Julian Day 155) (Fig. 1, see
Ackley and others (2020) in this volume for an overview of the
cruise). A total of 27 biogeochemistry sites were occupied. The
aim was to gather a suite of physical and biogeochemical para-
meters in order to decipher winter sea-ice biogeochemical dynam-
ics and the control it potentially exerts on exchanges across the
atmosphere—ice-ocean interfaces. Although the initial goal was to
sample both the TNBP and the RSP as well as the main pack,
unfortunately biogeochemical stations could not be conducted in
the RSP for logistical reasons. It was however possible to document
the sea-ice cover of the Western Ross Sea on its southbound leg to
Terra Nova Bay (TNB, ice stations 1-5) and the sea-ice cover of the
Central Ross Sea (CRS) on its northbound leg from the Ross Sea
Polynya (ice stations 18-24). Six main groups of stations will there-
fore be discussed: the marginal ice zone on the way in (MIZ-in, sta-
tions 1-3), the transit to TNBP (Transit TNBP, stations 4 and 5),
the TNBP (stations 6-16), the transit to the RSP (Transit RSP, sta-
tion 17), the CRS (stations 18-25) and the marginal ice zone on the
way out (MIZ-out, stations 26-27). Sea-ice sampling was also per-
formed at additional stations for physical properties only. These
will only be used briefly here to assess the representativeness of
the biogeochemical stations and discussed in detail elsewhere.

Field work

At each of the biogeochemical stations (BGC, stations 1-27), we
attempted to collect the full set of physical and biogeochemical
parameters. For safety reasons however, especially in the TNBP,
with its dynamic ice cover of thin ice pancakes, sampling could
only be done from man-basket or zodiac, reducing the sampling
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time to less than an hour. At those stations, only a limited number
of sea-ice samples could be collected, reducing the breadth of vari-
ables measured. Otherwise, the sampling procedure was similar to
the one applied during the 2013 AWECS cruise in the Weddell Sea
(Tison and others, 2017b). It is briefly summarized here below.

Once the ice floe had been selected and the ship anchored to it,
a trace metal clean biogeochemical 10 x 10 m sampling site was
chosen and flagged. Access was only permitted to operators wear-
ing clean suits to prevent contamination (Lannuzel and others,
2006). Snow samples were first collected in the central part of
the restricted area. Then, a first core was drilled and its vertical
temperature profile was measured. The core was then immediately
placed into a plastic bag and stored with —30°C cooling bags
within a core storage box, to prevent brine drainage and limit
microbial activity. The core was later cut into 0.05m thick sec-
tions for bulk ice salinity measurements onboard the ship. A set
of 12 supplementary ice cores were collected at a maximum spa-
tial spacing of ~0.20 m to limit the effects of spatial differences.
These cores were dedicated to a whole suite of biogeochemical
measurements (nutrients, POC, DOC, PON, DON, gases, texture,
fabrics, etc.) either on-board the ship or later in the laboratory.
Cores were stored and transported below —25°C and in the
dark at all times. Most of the cores were retrieved using 0.10 or
0.14 m electropolished stainless steel core barrels. For thin ice sta-
tions (below 15-20 cm), cutting of sea-ice blocks was preferred,
using a non-contaminating curved hand-saw.

The drill hole of the temperature/salinity core was used to
sample sea water at various depths, and brine ‘sackholes’ (incom-
plete ice core holes reaching a specific depth into sea ice) were
drilled to collect the brine. Finally, gas fluxes (CO,, N,O) were
measured at the surface of the ice and at the surface of the
snow using the ‘chamber’ technique (Tison and others, 2017a).

Only the basic physical (texture, temperature, bulk ice salinity,
brine salinity, brine volume, Rayleigh numbers, brine upward vel-
ocities) and biological (Chl-a, Phaeopigments) properties will be
discussed in this paper.

Direct measurements

Ice temperature measurements were performed using a calibrated
probe (Testo 720). The probe was inserted into holes matching
the diameter of the probe, drilled perpendicular to the ice core
axis or to the ice block surface, with a depth resolution of 0.02-
0.05 m. Precision of the probe was +0.1°C. As recommended by
Pringle and Ingham (2009), temperature measurements were
completed within 5 min after ice core extraction.

Bulk ice salinity was measured at a depth resolution of 0.02-
0.05 cm, on melted ice samples at room temperature, using a port-
able electrical conductivity meter (Orion Star Series meter
WP-84TP, calibrated before and after the cruise). Cores were
cut horizontally such that samples were centered on the depths
of the discrete temperature measurements. To improve the accur-
acy of the measurements (<+0.1), the same samples were
re-measured in Europe on a Guildline Autosal Salinometer
8400, B calibrated with IAPSO standard sea water (precision bet-
ter than 0.002 psu). A calibration curve was then established to
correct the conductimeter salinities according to salinometer sali-
nities. The latter are used here.

Ice thin sections (~600 pm thick) were produced following the
standard procedure of Langway (1958), using a microtome (Leica
SM2400). The sections were examined and photographed between
crossed polarizers on a universal stage system.

Chl-a and Phaeopigments were measured on a dedicated ice
core or ice block, cut at a 0.05-0.10m vertical resolution.
Samples were melted in 0.2 um filtered sea water (1:4 volume
ratio) to avoid osmotic stress, in the dark. Melted samples were
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Fig. 1. Location of the 27 PIPERS biogeochemical stations, and mean ice (black) and snow (grey) thicknesses for the major groups of stations. The global area of
investigations is shown as a red rectangle on the Antarctic map of the lower-right insert. The Terra Nova Bay area is enlarged at the black arrow.

size fractionated by filtering on 10 then 0.8 um polycarbonate fil-
ters. This allows differentiation of larger microalgae species from
the smaller ones. Filters were analyzed by fluorometry, according
to standard protocols (Arar and Collins, 1997).

Species cell counting for ice algae community assemblages was
performed at specific stations, at a 10-20 cm resolution, on
Lugol-preserved samples. Identification of ice algae was deter-
mined following Thomas (1997) and Scott and Marchant
(2005). The sample was concentrated using a sedimentation
tube. Cell counting was performed using a microscope
(Olympus, IMT-2, Tokyo, Japan) with 10x oculars and 40x
objective. For each sample, three countings were done, and, for
each counting, 100 uL of the sample was placed on a counting
plate (50 pm slits). Results are given as average +1 std dev. (n=3).

Data processing

Based on ice temperature (T) and bulk ice salinity (S) measure-
ments, a series of descriptors of phase composition and of fluid
transport through sea ice were derived.

The phase composition properties, namely brine salinity (Sp,)
and brine mass fraction (@), as well as the sea-water freezing
point were derived from the T —§ data, using the FREZCHEM
phase diagram equations (Vancoppenolle and others, 2018),
based on the resolution of the Gibbs-Pitzer equations for stand-
ard sea water (Marion and others, 2010). As demonstrated in
Vancoppenolle and others (2018), brine mass fraction and brine
volume fraction are quasi-linearly related and differ by a very
small amount (<1% absolute difference and <10% of relative dif-
ference, in our natural sea-ice range). For coherence with previous

studies, we are using the latter. Brine volume fraction controls
permeability and therefore the mobility of biogeochemical com-
pounds within sea ice and across its interfaces with the atmos-
phere and the ocean. For brine in columnar sea ice, it has been
shown (Golden and others, 1998; Freitag, 1999; Eicken and
others, 2004) that permeability increases by at least 1 order of
magnitude above a relative brine volume of 5% (Golden and
others, 1998). This threshold might be higher for gases in sea
ice (7%, Zhou and others, 2013) or for brine in fine grained
granular ice (10%, personal communication from Golden, 2016).

The fluid transport properties were calculated on a vertical grid
composed of the midpoint of the core sections, and an extra point
at the bottom of the ice core, required to have well-posed Rayleigh
number and upwelling convective velocity calculations. The calcu-
lation nodes are labelled from top to bottom (i=1, ..., N+1).
Observed temperatures were taken from the exact same core
when possible (in the majority of the cases), or from the nearest
core (typically <10 m distance) taken on the same day and at the
sampling station. At the core bottom, S and T were not measured.
There, S is assumed to be of 34gkg_1, representative of surface
waters in the area, assuming continuity at the ice-ocean interface
(Notz and Worster, 2009). Temperature at the base was considered
to be at the freezing point T, calculated with a salinity of 34 gkg ™.

The porous-medium Rayleigh number (Ra, Notz and Worster,
2008), is here defined following Rees Jones and Worster (2014)
and Thomas and others (2020):

_ BB — ST,

Ra(z) o

—2), (V)
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where z is the depth counted from the upper sea-ice surface and is
positive downward, and h is the sea-ice thickness. S,, is the ocean
salinity (34 gkg™', see above) and f=75x10"*kgg " is the
saline density coefficient. II is the effective permeability, taken
as the harmonic mean of permeability from between depths z
and h. Permeability is computed from the formulation of
Freitag (1999). The formulation of Freitag (1999) for ice perme-
ability was developed for young sea ice (<30 cm), and a more
appropriate formula would be the one of Eicken and others
(2004) derived from first-year ice at Barrow. However, we chose
to compute permeability using the formulation of Freitag
(1999) for consistency with the calculations of Thomas and others
(2020). g is the acceleration due to gravity, whereas c=4x
10°Tm—™ K™Y, k=0523Wm™ K™, and v=18x10"°m?~!
are reference values for the volumetric heat capacity, thermal con-
ductivity and kinematic viscosity of brine, respectively.

Ra is often used as a proxy for gravity drainage (i.e. brine con-
vection), which would initiate once Ra surpasses a critical thresh-
old value (Notz and Worster, 2008). This threshold however is
still not very well constrained (Notz and Worster, 2009; Hunke
and others, 2011; Carnat and others, 2013), with values ranging
from 2 to 10 and depending on many assumptions in the calcula-
tions. The interpretation can therefore still only be qualitative
today, especially in the context of discrete measurements in time
and space.

Upwelling convective velocity profiles were computed following
methods elaborated in Thomas and others (2020) based on the
concepts developed by Wells and others (2011), Griewank and

Notz (2013) and Rees Jones and Worster (2014). The convective
upwelling velocity, as introduced by Rees Jones and Worster
(2014), informs on the theoretical intensity of the net salt loss
(and of all other solutes). In this calculation, it is implicitly
assumed that a convective circulation holds, made of a downwell-
ing flow within infinitely narrow brine channels and an upwelling
flow within the rest of porous ice.

The calculated convective upwelling velocity is from a recast
version of the parameterization of Griewank and Notz (2013):

k
Z max{Ra; — Ra,, 0}Az;,

o
W= ——
pi:l

@

where a = 6.67 x 107> kg m™3s™! is the convection strength
parameter, ¢,, = 1020 kg m~ is a reference brine density, Ra;
is the porous-medium Rayleigh number in the i layer, Ra, =
2.4 is a critical Rayleigh number, and Az; is the thickness of the
i™ core section. Both a and Ra, are parameters, tuned by
Thomas and others (2020) within the exact same calculation
framework, as to minimize the difference between simulated
and observed salinity and rhodamine in artificially grown sea-ice
experiments.

Crystal sizes have been estimated from detailed high-resolution
thin-section photographs for the TNBP stations 6-16. At each sta-
tion, a set of six lines were randomly chosen across the thin sec-
tion, and individual crystals counted along each line. The length
of the line is then divided by the number of crystals counted to
give an estimate of individual crystal diameters. This method,
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Fig. 3. (a) Reconstructed sea-ice margin at various dates in 2017 (red: 8 March; orange: 11 March; green: 20 March; blue: 29 March; black: 8 April and grey: 19 April),
from high-resolution AMSR2 satellite imagery (Beitsch and others, 2014; Bremen, 2018); (b) arrows show fields of sea-ice movement for April-March 1995 from

Arrigo and others (2003).

referred as the ‘Linear intercept method’, is of course semi-
quantitative, due to the irregular shape of the crystals and the
fact that they are rarely cross-cut along their mean dimension.
Another indicator is also calculated, the ‘equivalent disc area’,
which is the area of a circular disk of equivalent diameter.

To describe the peculiar evolution of the sea-ice cover on that
year and understand stations locations in this context, Ice margin
tracking was reconstructed from high-resolution AMSR2 imagery,
using the approach of Beitsch and others (2014). Daily sea-ice
concentration maps were retrieved from the open access server
at the Universitdt Bremen (2018) from January to June 2017.
These images were georeferenced and introduced into the
Quantarctica GIS (Matsuoka and others, 2013). Comiso and
others (2003) proposed the threshold of 10% sea-ice concentra-
tion as the limit between sea ice and open ocean. For readability
reasons, we have kept the 10-20% interval to track the temporal
evolution of the ice margin within Quantarctica.

Ice margin tracking integrates both dynamic (ice drift) and
thermo-dynamic (ice growth) sea-ice processes, and does not
allow reconstruction of specific growth history at a given station.
To address this, we used backward motion trajectories to retrace
the location of each sampled ice floe during PIPERS.
Trajectories were calculated using a dataset of AMSR2 maximum
cross correlation-derived sea-ice motion vectors (Kimura, 2004).
We use the station location of each sampled floe as an end
point for the backward trajectory calculation, which is advected
with the nearest-neighbor velocity and run for up to 200d. On
occasion, to produce longer trajectories in the case of missing
data, we substitute the mean velocity field of up to eight nearest
neighbors. Back trajectories were truncated when they came
within 60 km of the coastal mask due to coastal contamination
of the underlying velocity dataset. Time series of sea-ice

divergence/convergence at each station’s location was also calcu-
lated from the sea-ice motion dataset. The discrete partial deriva-
tive of x and y velocities were added together to calculate the
divergence, using the four nearest neighbors.

A suite of drifting sea-ice buoys was deployed at ice stations at the
outflow of the TNBP and in the CRS on the transit out of the ice.
Here, we show tracks for five GPS buoys that were deployed at, or
very near to several of the biogeochemistry ice stations and survived
for several months. Theses buoys were comprised of a NAL
Research Corporation 9602-LP low-power Iridium satellite tracker
with built-in GPS that reported position every 30 min. These were
enclosed in a waterproof enclosure and fixed to the floe.

Results and discussion

Ice and snow thicknesses, freeboard, ice types and ice growth
history

The mean ice thickness at the biogeochemical stations was 0.35 m.
It was however biased toward low thicknesses due to the denser
sampling in the TNBP (Fig. 1). Maximum ice thicknesses were
encountered both in the northern CRS (up to 0.71 m at station
25) and on the Western Ross Sea continental shelf area (transit
to TNB, 1.02 and 0.69m at stations 4 and 5, respectively).
Quite low snow thicknesses were observed overall at the biogeo-
chemical stations, with a mean value of 0.04 m (Figs 1 and 2).
The highest snow thicknesses (up to 0.15 m) were found on the
thicker, older ice of the northern CRS.

Freeboards (red numbers in Fig. 2) were positive at all stations,
with very rare evidence for previous flooding events, although
some flooding was observed around ridged areas, not sampled
for biogeochemistry. This observation is consistent with the
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Fig. 4. Calculated back trajectories (blue) and observed buoy trajectories (‘Forward’, green) for some of the 27 PIPERS stations (red dots). Back trajectories are shown with convergent (light blue) and divergent (dark blue) status. Each blue or green
dot corresponds to a daily position, allowing semi-quantitative visual reconstruction of the velocity. Red crosses indicate the origin of the ice sampled at a given station (station number recalled in white in Central Ross Sea). Black dots indicate days
where there was not enough data to calculate an 11 d-centered moving average for divergence/convergence due to low ice concentrations - **’ in the left table indicate stations for which back trajectories could not be fully reconstructed due to the
proximity of the coast at early stages of growth (coastal contamination of the sea-ice velocity dataset). Light and dark green are used to decipher overlapping buoys trajectories. Some of the buoys were laid on the sea-ice cover at the biogeo-
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Fig. 5. Close up of textural properties of PIPERS Terra Nova Bay polynya biogeochemical stations 6-16. All pictures are illustrative vertical thin sections viewed
under crossed polarizers, at the same scale. Numbers in the top left corner of each picture are respectively ‘mean grain diameter’ (top) and ‘equivalent disk
area’. The ‘mean grain diameter’ is obtained by the ‘linear intercept method’ and the ‘equivalent disk surface’ is the surface of a circular grain of equivalent diam-
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station 12. Satellite image is Terra SAR-X from DLR (German Aerospace Centre).

very small amounts of snow ice observed during the cruise, as dis-
cussed in more details in a companion paper.

Figure 2 shows a clear textural contrast between the marginal
ice zone (MIZ) and the TNBP on the one hand, and the CRS and
the continental shelf stations of the Western Ross Sea (transit to
TNB) on the other hand. TNBP and the MIZ share a dominant
granular ice texture (frazil), while the CRS is predominantly of
columnar texture. A distinction can be made in the latter between
the stations 18-22, showing decreasing granular ice contribution
northwards, and a surprisingly constant thickness over nearly 4
degrees of latitude (70-74°S), and the thicker northerly stations
23-25, showing either a contribution from snow ice (23, 24) or
increasing granular ice (25) at the top.

These characteristics of the CRS pack ice agree well with the
peculiar sea-ice growth conditions of the autumn 2017. Indeed,
Figure 3a shows the sea-ice margin at various dates in March/
April 2017 (just before our access to the ice), from high-resolution
AMSR2 satellite imagery (see methods). Figure 3b shows sea-ice
motion vectors for April-March 1995, from a study of Arrigo
and others (2003). Clearly, while the whole of the Ross Sea was
already covered with sea ice on 6 April 1995, there is still open
water present in the CRS on 8 April 2017 (black line). The area
lies just north of Pennel Bank, a shelf break promontory, that pro-
trudes northward of the mean east-west trending shelf break.
Reports of very high ocean to ice heat fluxes, up to 35 Wm?,
in this area during the cruise (personal communication from
T. Maksym), suggest that these might result from obstructions
of the westward flowing slope current near the shelf break

that may have caused local upwelling of warm Circumpolar
Deep Water.

The Central Ross Sea

Figure 4, a plot of backward trajectories with divergence/conver-
gence history at each station, together with selected observed (for-
ward) buoy trajectories, on top of the same sea-ice margin
evolution as in Figure 3, allows further interpretation of the history
of the ice at each station. In the CRS, for stations 18-21, sea ice ori-
ginates along the outflow of the RSP, at a similar distance from the
ice-shelf front. The steadily decreasing lifetime from station 18 to
21 explains why these stations show an initial contribution of frazil
accumulation from the RSP of decreasing proportion going north
(Fig. 2). Advection of that ice over an area of very high ocean-
ice heat fluxes would have retarded further basal growth and main-
tained a relatively constant ice thickness (~0.4 m).

Over that part of the cruise track, the sea-ice cover was very
uniform, with few indications of dynamical thickening. This is
consistent with the predominance of divergent flow conditions
(i.e. unfavorable conditions for ridging or rafting, dark blue
dots, Fig. 4). The same holds for the ice cover at station 17, situ-
ated in the outflow of the McMurdo Sound polynya. The ice cover
at stations 22-24 originated further to the north and shows a
lower (and relatively constant) frazil/granular ice layer at the
top. Their trajectory is also located East of the remnant open
water area (that was initially observed in the CRS; cf. Figs 3 and
4), suggesting that the ice cover might have been somewhat
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more removed from the high oceanic heat flux (that was assumed
to have been present in the remnant open water area), and there-
fore show a larger ice thickness for a similar initial growth date. It
is indeed interesting to note that stations 23-25 all initiated
growth within a very short time window (around year day 77),
illustrating the very fast growth that eventually occurred in the
remnant open water area. Sea ice at station 25 formed in a period
of fast marginal expansion, fully outside the Ross Sea embayment,
which might explain the larger proportion of frazil/granular ice in
the upper section of the cores (Fig. 2).

Overall, the forward buoys trajectories shown in Figure 4
clearly indicate that, around mid-August 2017 (about day 225,
when buoys launched at stations 18 and 20 take a sharp turn
East), a general pattern of eastward circulation was initiated, as
the sea-ice cover was caught up into the ACC (Antarctic
Circumpolar Current). This is similar to what has been previously
described for the outer Ross Sea, although it was then happening
much earlier on in the year (mid-May) (e.g. Arrigo and others
(2003), their Figure 4).

The Terra Nova Bay Polynya

Details of the textural properties of the TNBP stations are shown
in Figure 5. A clear grain size contrast exists between stations 6, B1
to B3, 16 and 13 showing larger grain sizes (1.7-2.97 mm?®) and
stations 8-11 with smaller grain sizes (0.50-0.92 mm?). Stations
7, 14 and 15 show intermediary values (1.19-1.38 mm?). The spa-
tial arrangement of these grain size contrasts is not random as
these differences roughly correspond with backscatter banding in
satellite synthetic aperture radar (SAR) imagery (Fig. 5). We sug-
gest that smaller grain sizes correspond to very fast ice growth

during strong katabatic wind episodes (three of these occurred
between sampling of stations 7 and 8, 11 and 12 and 13 and
14), while larger grains denote quieter times, allowing further crys-
tal growth in the surface water, before aggregation as pancakes.
Thin pancakes (a few centimeters) formed during the quieter
phases of sampling indeed show larger grain sizes, often with elon-
gated disk-like shapes (not shown, but similar to those seen at sta-
tions 26-27 in Fig. 2). Figure 6 proposes a schematic of the process
of this ‘banding’ buildup, following successive episodes of katabatic
winds. This is supported by the SAR imagery, with brighter bands,
indicative of rougher ice formed from the original outflow of an ice
plume during a katabatic event, having typically finer grained ice,
while the coarser grained ice formed in the darker, more quiescent
bands that subsequently formed behind the lighter bands. Dragon
skin ice (see above, and Worby and others (1998) for full descrip-
tion) has mainly been observed at the outer margin of the polynya,
where it accumulates and meets drifting coastal sea ice from the
South, but it has also occasionally been seen within the polynya
itself.

Apparently, as shown by the forward buoys trajectories in
Figure 4, the ice from the TNBP (buoys from stations 10 and
16) appears to join the pack ice originating from further south
(i.e. the McMurdo Sound area — buoy from station 17) and to
be pushed further northward along the Victoria Land Coast
past Coulman island, at least until midwinter (end of tracks on
Julian Day 177-192, i.e. 26 June-11 July). Nonetheless, the
TNB sea ice does not seem to contribute significantly to the
pack ice in the CRS, given that its trajectory remains close to
the Victoria Land Coast. This might also explain the difficulties
the N.B. Palmer had during its southbound leg into TNB, it
was basically traversing this coastal convergent flow.
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Fig. 7. Temperature profiles at the 27 PIPERS biogeochemical stations. Profiles for all cores are shown in each panel as thin black lines. Profiles for the cores within

each indicated group are shown as color dots.

The Western Ross Sea

The western shelf sea-ice stations 4 and 5 both show peculiar tex-
tures (Fig. 2), but of potentially different origin. Station 4
remained in nearly the same position for a month and a half
(Fig. 4), and shows clear signs of rafting processes (Fig. 2, also
confirmed with the bulk ice salinity profiles, see below), with
recurrent alternation between granular and columnar ice, oblique
crystal elongations and ice type boundaries. These dynamical fea-
tures could be expected in a more coastal area where locally
formed land-fast sea ice meets granular pack ice drifting north-
wards. Station 5 is fully granular, but with large crystal size
changes, oblique layering in the granular ice (only apparent in
the bottom 0.70-0.90 m in Fig. 2, but present nearly everywhere)
and oblique growth of bottom columnar ice. This also suggests an
important dynamical component to ice thickening, confirmed by
the large-scale ‘dragon skin’ characteristic of the sea-ice surface in
that area (both at stations 5 and 6, see picture insert in lower left
part of Fig. 2). We propose that these specific dynamical features
result from the convergence of pancake ice pushed out from TNB
by katabatic-driven winds, joined with coastal pancake ice drifting
northwards from the southern McMurdo Sound area. Clearly, the
history of stations 4 and 5 is one of convergent flow (light blue
dots in Fig. 4).

Ice thermohaline properties

Profiles of ice temperature, bulk ice salinity, brine volume frac-
tion, Rayleigh numbers and brine upwards velocities are pre-
sented in Figures 7-11, respectively. All profiles are shown for

each group, and the profiles specific to the group enhanced
with color dots.

All temperatures display near-equilibrium profiles, monoton-
ically increasing downwards (Fig. 7), to the exception of surface
samples, adjusting to air temperatures at the time of sampling.
The southernmost station (17, —17°C) shows the coldest profile,
and some of the TNB stations show colder surface temperatures
(—12 to —13°C).

The remaining of the stations show a surface temperature
hovering between —8 and —10°C. Warmer surface temperatures
occur in the MIZ.

Salinity profiles (Fig. 8) generally show a ‘classical’ C-shape
(growing ice), with the exception of some MIZ and TNBP stations
(a few) and the western shelf stations, in Transit TNBP. The MIZ
stations show a clear transition from isohaline (station 1) to
C-shaped profiles (stations 2 and 3), as thickness increases.
Both stations 4 and 5 show a vertically §agged’ profile, consistent
with their dynamic origin (rafting and dragon skin process, see
above). The mean salinity profile is higher in the MIZ and the
TNBP than in the CRS and Transit TNBP and RSP (less mature
brine drainage processes in these young ice stations).

All brine volume fractions (Fig. 9) are above the permeability
threshold of 5% in the TNBP and in the MIZ, with the exception
of the more southerly station 3 that already shows impermeable
layers at mid-depth. Impermeable layers at mid-depth are a com-
mon feature at both the CRS stations and the transit stations.
Station 25 is however slightly above the permeability threshold
at all depths, probably due to its slightly younger age.

Rayleigh numbers are shown in Figure 10. They generally
reflect the age and maturity of the sea-ice cover. The younger
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Fig. 8. Bulk ice salinity profiles at the 27 PIPERS biogeochemical stations. Profiles for all cores are shown in each panel as thin black lines. Profiles for the cores

within each indicated group are shown as color dots.

ice, such as the one in the TNBP and at the MIZ, shows record
values (maximum close to 200, a record for sea ice in the existing
literature), mostly at or far way above the conservative critical
value of 10, above which convection is expected to occur. In the
more mature ice of the CRS or the Transit RSP, only the very bot-
tom value, the few centimeters where the ice might still be actively
growing, is above 10. Note the contrast for the transit stations to
the TNBP, where station 5 is fully convective, while station 4 is
entirely below the threshold.

An illustrative way to show the potential impact of brine over-
turning that avoids the uncertainty in the value of the critical
Rayleigh number above which convection occurs is to examine
the theoretical upwards brine velocities derived from the mushy
layer theory (Thomas and others (2020), see methods). These
are plotted in Figure 11 for the PIPERS stations. They clearly pro-
vide a more gradual view of the efficiency of the overturning in
the brine system, with low values overall (approximately below
maximum 2.107° ms™, i.e. ~7cmh™) in the CRS vs values up
to more than five times higher in the TNBP. A good illustration
of the interest of plotting vertical brine velocities is the enhanced
contrast between the profiles of the CRS and those of the western
transit stations to the TNBP (stations 4 and 5), where the slightly
higher Rayleigh numbers correspond to considerably higher brine
upwards velocities. These contrasts between the two approaches
have a clear significance for sea-ice biogeochemistry, nutrient
transport and spatial variability.

Figure 12c illustrates the relationship between the vertically
averaged Rayleigh numbers (Ra, Eqn (1)) and the vertically aver-
aged upwards brine velocities (w, Eqn (2)). A strict relationship
exists up to about Ra =5, after which considerably higher brine

velocities occur for a slightly higher Ra value, suggesting that
Ra =10 maybe a rather ‘conservative’ threshold for Ra.. Figures
12a and b show the general direct/indirect relationships of w to
mean bulk ice salinity (S)/mean ice temperature (T'), respectively.

Algal standing stocks (Chl-a), size distribution, species and
health state

Figure 13 shows Chl-a concentration in green (ug L"), which can
be used as a proxy of algal standing stocks. Sea-water values (indi-
cated at the bottom of each graph) are very low at all stations
(0.02-0.2 ug L"), the maximum being observed at one of the
polynya stations (station 9).

In the ice of the MIZ, Chl-a values become significant (above
1ugL™", commonly referred to as a ‘bloom’ threshold in the
ocean water) and the community switches from internal commu-
nities (station 1) to bottom communities (stations 2 and 3) as the
ice thickens and ages. The ice is also dominated by large organ-
isms (dark green in the profiles), a common feature for a ‘well-
established” sea-ice community in unflooded sea ice (e.g. Carnat
and others, 2014; Carnat and others, 2016; Tison and others,
2017b). A similar evolution is seen for the ice in the TNBP.
Starting from an internal community with low Chl-a concentra-
tions (<1 ug L_l), the ice cover then develops a bottom commu-
nity with an increasing concentration toward the margin of the
polynya (stations 6 and 7, showing continuity with older stations
4 and 5, to the north, showing the highest concentrations encoun-
tered during the cruise). This is also the typical signature of the
southern CRS stations (18-22), as the ice sourced from the RSP
quickly advects into the area of delayed freezing (Figs 3 and 4).
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Fig. 9. Brine volume fraction profiles at the 27 PIPERS biogeochemical stations. Profiles for all cores are shown in each panel as thin black lines. Profiles for the

cores within each indicated group are shown as color dots.

The thicker northern CRS stations (23-25) similarly show a low
Chl-a (1-2 pg L™") internal community, with the exception of lar-
ger concentrations observed at station 23.

A major contrast, however, between the Central and the
Western Ross Sea stations is in the algal size distribution. While
the western shelf stations are dominated by large size algae
(>10 um), the CRS stations generally show a larger proportion
of small size algae (0.8-10 pm), to the exception of a few bottom
layers. In a recent study, De Jong and others (2017) describe that
Phaeocystis antarctica and diatoms are the two major phytoplank-
ton groups in the Ross Sea sea water, with Phaeocystis blooms
occurring in the CRS in the summer, followed by diatom blooms
later in the season in the Western Ross Sea Sector. Arrigo and
others (2000) and Arrigo and Van Dijken (2004) also previously
observed blooms of P. antarctica in the unstratified waters north
of the Ross Ice Shelf in the Spring (October to mid-December),
followed by diatom blooms later in the year (December-
January), in association with the highly stratified surface waters
of the western shelf, including TNB. Close to our study cruise
track, Garrison and others (2005) compare sympagic (sea ice)
communities in the Ross Sea during the Nathaniel B. Palmer
(US) autumn-winter cruise (‘NBP 98-3’, same season as PIPERS
‘NBP17-04’) and summer NBP99-01 cruise. Similar to our obser-
vations, during their autumn-winter cruise, most of the biomass
was found within ice floes as interior and bottom layer commu-
nities. During summer, surface-layer slush communities occurred
throughout the ice-covered regions. The authors state that,
although the biomass was highly variable throughout the study
region during both cruises, diatoms dominated the internal and
bottom autotrophic biomass. This was also true in terms of

mean cell abundance (Diatoms: 2.4 10° cells L™! in autumn and
2.7 10%cellsL™! in summer; Phaeocystis: 2.6 10°cells L™ in
autumn and 2.3 10°cellsL™" in summer). The summer surface
communities were however dominated by Phaeocystis,
Pyramimonas and Gymnodium.

Given that diatoms and Phaeocystis can be considered as the
two major phytoplankton groups in the Ross Sea, and given
their large size difference, we can surmise, as a first approxima-
tion, that our large size class is dominated by diatoms, while
Phaeocystis might significantly contribute to the small size class.
Following that rationale, we see that our CRS stations in 2017
show a different picture from the year 1998, both sampled at
nearly the same period (NBP 98-3 covered Julian days 129-162
while PIPERS covered Julian days 109-155). Instead of being
dominated by large size algae (presumably diatoms), small sizes
are the rule (presumably Phaeocystis). This specificity can be
related to the peculiar sea-ice growth history in 2017, as discussed
above. The delayed but then very fast ice cover progression
between 29 March and 8 April (blue line to black line in Fig. 3)
likely resulted in entrapment of small size algae from the sea
water within the growing columnar ice (presumably Phaeocystis
present in surface waters of the CRS), with not enough time avail-
able or no suitable conditions for the transition toward a larger
size diatoms community before the permeability closes-off, to
the exception of the more permeable bottom layers (e.g. below
0.40m at stations 22-24, Fig. 13). It has indeed been shown
recently, in an Arctic case of algal colonization of young Arctic
sea ice in the Spring, that there is a progressive shift from a ciliate,
flagellate and dinoflagellate ‘sea-water inherited’ community (bio-
mass fluctuating between 3 and 42 mg Cm™) toward a pennate
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diatoms community (biomass steadily increasing from 0 to >500
mng_3) in ~2 or 3 weeks (Kauko and others, 2018, their
Figure 5). This suggests that the delayed but fast sea-ice growth
resulted in a shift of algal speciation in the CRS in 2017, as com-
pared to 1998.

To test this hypothesis further, we have performed cell abun-
dance counts at three contrasted PIPERS stations: station 3 for
the MIZ (unfortunately, only the bottom ice was available), sta-
tion 4 for the Western Ross Sea and station 23 for the CRS
(Table 1, Fig. 14). Clearly, Phaeocystis is the more abundant in
all layers, with the exception of the bottom of stations 3 and 23,
supporting our interpretation. However, this dataset also under-
lines the limitations of our working hypothesis. Indeed, station
4 showing overwhelming large size fractions Chl-a (Fig. 13) is
actually dominated by Phaeocystis cells. Conversion of cell abun-
dance to Chl-a concentrations is not trivial. Indeed, Chl-a cell
quotas for a given species largely depend on environmental fac-
tors (temperature, salinity, light conditions) and individual
sizes. This is especially true for diatoms, less for Phaeocystis.
However, using an upper bound value of the Chl-a cell quota
of 1.68 pgChl-acell™ for polar Phaeocystis in the literature
(Baumann and others, 1994; Schoemann and others, 2005), con-
version of cell number in the 0.2-0.4 m interval at station 23 gives
2.5ug Chl-a L™, a value reasonably close to the observed value of
2.41 ug Chl-aL™", given the uncertainties. Therefore, using the
same cell quota to convert our Phaeocystis cell counts at station
4 into Chl-a concentrations, we obtain estimates for 0.8-10 um
Chl-a concentrations on the average four times higher, and max-
imum ten times higher than observations. This suggests that some
of the Phaeocystis cells could have been in the colonial form, and
therefore be collected as part of the large size cells (>10 um).

Preservation in Lugol for several months before cell abundance
counting might have deconstructed most of these colonies.
Another potential explanation of the discrepancies at station 4
is that the size of the diatom cells was there on the high side,
therefore boosting the Chl-a concentration of the large size
cells. The rafted nature of station 4 could have easily brought
large size diatoms, initially at the bottom, further up in the ice
cover. On the contrary, diatoms in the internal layers of unrafted
station 23, incorporated during fast columnar ice growth, might
have remained on the low size side. A first semi-quantitative
estimate partly supports this hypothesis, with diatoms sizes ran-
ging 58-120 um x 4-65 um at station 4 and 20-25pum x 4 um at
station 23.

As shown in Figure 15 and consistent with the associated
single-cell biomass of the two phytoplankton groups, the late
sea-ice growth in 2017 resulted in a generally lower Chl-a bur-
den than in 1998 for the same period. Dejong and others
(2017, 2018) have recently looked at late-summer frazil
ice-associated algal blooms around Antarctica using daily
MODIS visible spectral band satellite imagery. They produced
a map of the percent of years between 2003 and 2017, where
polynyas around Antarctica in March appear green from high
photosynthetic productivity on the satellite images. TNB
(greenest hot spot in the whole dataset) and the RSP were
blooming between 61 and 100% of the time for the months
and period considered. The authors suggest that the heavy fra-
zil ice production in the polynyas enhances convective pro-
cesses and deepens the mixed layer so that nutrients are
efficiently delivered to the surface water, favoring surface
photosynthesis, as long as light is available. De Jong and others
(2017) surmise that this sustained polynya production is
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quickly exported below 200 m depth in the Polynya itself. This
planktonic material could nevertheless be the seeding source
for the ice exported from the polynyas. We however could
not find any significant Chl-a accumulation in the top granular
ice of the cores from the TNBP or from the southernmost CRS
stations (<1pgL™', Fig. 13) that would have been inherited
from potentially sustained production in the source polynyas
earlier in the year. Satellite imagery of the TNBP in 2017 indi-
cated clear discoloration prior to our arrival on site (personal
communication from Jan Lieser), but nothing could be
detected from the ship’s deck during our stay. The higher
Chl-a levels observed at stations 4-7 could however be partly
inherited from earlier production in TNB, given the specific
sea-ice dynamics in the area, as described above.

Finally, as already shown for the winter sea ice from the
Weddell Sea (Tison and others, 2017b), sea-ice Phaeopigments/
Chl-a ratios are very different from those in the sea water below
(Fig. 13). While sea-water Phaeopigments concentrations are gen-
erally 2-3 times higher than Chl-a concentrations (with very low
concentrations for both), in sea ice this ratio generally remains
much lower. As discussed in Tison and others (2017b), the
Phaeopigments/Chl-a ratio can be interpreted in terms of algal
community health (proportion of living cells vs dead cells) and
active growth. Several examples from the Arctic and the
Antarctic (Mock and others, 1997; Mock and Gradinger, 1999;
Krembs and others, 2011; Arrigo and others, 2014; Zhou and
others, 2014) show that Spring/early Summer sea ice, with
active primary production, is characterized by low
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Phaeopigments/Chl-a ratios which then increases steadily as ice
ages and decays. The same should be true for active autumnal
sympagic communities, therefore implying that most of our
PIPERS stations are ‘healthy’ and possibly actively growing.
The main exception is the bottom ice of station 23 with ratios
equal or higher than sea-water values.

Ross Sea vs Weddell Sea

In this section, we will place our PIPERS dataset in perspective,
comparing it to recent winter pack ice observations in the
Weddell Sea (The AWECS cruise (Tison and others, 2017b)).
The AWECS cruise took place in June-August 2013, or mid-late
winter, while PIPERS took place a few months earlier during the
autumn freeze-up. It is nevertheless worth the comparison, given
the scarcity of data from these seasons.

Figure 16 compares physical and biological properties during
the AWECS (blue) and PIPERS (red) winter cruises. To enlarge
the statistical validity of our approach, we have also considered
ice thickness, snow thickness and freeboard datasets that were,
for both cruises, collected by dedicated ice physics teams. These
are usually transects of 50-100 m sampled at a 1 m spatial reso-
lution. Transects are chosen to be representative of the various
ice types found at a given station, while the biogeochemical sta-
tions are usually biased toward thinner level ice.

During the AWECS cruise, the distribution of the BGC ice
thicknesses (Fig. 16b) was similar to that sampled along the phys-
ics transects (Fig. 16a, blue bars). This was clearly not the case for
the PIPERS BGC stations where the ice was generally thinner and
level compared to the physics transects which were designed to
cross deformed ice (mean of 0.38 vs 0.79 m, respectively, Figs
16a and b, red bars). This is easily understood, when looking at
the respective locations of the BGC and the physics transects sec-
tions (Fig. 160). Only one out of nine physics transects locations
was performed at the margin of the TNBP, while 11 out of 27
BGC stations were located within the thin ice of the polynya.
Snow thicknesses at BGC stations were generally consistent with
the physics transects during both cruises (Figs 16c¢ and d).
Although not apparent in the frequency distributions, the mean
and median snow thicknesses at PIPERS however suggest a bias
toward thinner snow at the BGC stations, due to the higher pro-
portion of snow-depleted polynya stations.

No significant difference exists in overall ice thickness distribu-
tion between AWECS and PIPERS (Fig. 16a). There are however
differences in terms of ice texture, ice types and their spatial dis-
tribution. Granular ice dominates the Weddell Sea ice samples,
due to the combination of the pancake cycle in the region (frazil
ice and rafting) with the greater occurrence of snow ice ( present at
nearly all stations, with thicknesses between a few and 0.40 m
(Tison and others, 2017b, their Fig. 5)). This is consistent with
seasonal differences in snow ice formation (Jeffries and others,
2001). Columnar ice was dominant at only one AWECS near-
coastal station close to the Antarctic Peninsula. In the Ross Sea,
during our 2017 cruise, granular frazil ice dominates the ice
cover in the polynyas and downstream of it, and in the MIZ.
The CRS, on the contrary, has columnar ice as the principal com-
ponent. Snow ice was only present in some of the CRS samples
and in the MIZ, with a thickness between 0.05 and 0.40m (a
more detailed study of the snow ice dynamics at PIPERS is
beyond the scope of this paper and will be presented elsewhere).

Mean snow thickness is clearly lower at PIPERS stations (mean
of 0.07 vs 0.27 m at AWECS, Fig. 16c), resulting in a freeboard
distribution shifted toward positive values (Fig. 16e) and scarce
observations of flooding. Brine tubes, thought to result from the
combination of flooding and frequent alternation of warm and
cold spells (Tison and others, 2017b), were observed regularly
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Table 1. Cell abundance (cells mL™) for selected PIPERS stations

PIPERS 23

PIPERS 4

PIPERS 3

0.10-0.20 0.20-0.30 0.30-0.40 0.40-0.50 0.50-0.62 0.62-0.72 0.72-0.82 0.82-0.92 0-0.20 0.20-0.40 0.40-0.60

0-0.10

0.29-0.39

Microorganism

Diatoms

156+29

476 +63

47+5

641+81

64+6

414+33
0

Fragilariopsis sp.

143+24

+4

Pseudo-nitzschia s
Corethron sp.

+

Chaetoceros sp.

20+15

Thalassiosira sp.

Asteromphalus sp.
Nitzschia sp.

Dactyliosolen sp.

+

+

Coscinodiscus sp.
Prymnesiophyceae

511+52 550+17 528 +61 920+81 1766 +47 495+ 50 2519+19 2885+ 107 3012+138 105+38 1473+ 144 85+23

104+10

Phaeocystis sp.
Dinoflagellata
Silicofagellata

Dictyocha sp.

15
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and the NBP 98-3 cruise (green dots) as a function of position. The two cruises
occurred at a similar period (April-June), but the PIPERS cruise spent more time
in the Terra Nova Bay polynya, therefore under-sampling the Ross Sea Polynya.

during AWECS, while not seen at all during PIPERS. Despite a
temperature distribution skewed toward lower values (Fig. 16f),
higher bulk ice salinities (especially in the TNB and MIZ areas)
resulted in higher mean and median relative brine volumes at
PIPERS (Figs 16g and h). Note, however, that, for both cruises, a
minority of brine volumes were below the 5% permeability thresh-
old. PIPERS stations are clearly more convective than AWECS, as
shown by the comparison of the Rayleigh numbers in Figure 16i,
but it should however be remembered that the PIPERS distribution
is somewhat biased toward thin, young ice in the TNBP.

With similar values observed in the water for the two cruises
(Fig. 16m), mean/median Chl-a concentrations in the ice are 5-
3 times lower at PIPERS, with a narrower distribution
(Fig. 16k). Although in both cruises ice (Fig. 16l) appears much
more biologically ‘healthier’ than water (Fig. 16n), PIPERS sta-
tions are shifted toward more ‘mature’ (larger proportion of
dead cells vs living cells) ice and water Phaeopigments/Chl-a
ratios (Figs 161 and n respectively).

The comparison above is clearly affected by important sam-
pling spatio-temporal differences between the two studies: (a)
PIPERS stations are spanning a more southerly latitudinal range
(67-76°S vs 60-71°S at AWECS), potentially implying colder con-
ditions and lesser influence from synoptic conditions (snow pre-
cipitations and warmer temperatures) and (b) PIPERS cruise
occurred earlier in the winter. The lower Chl-a concentrations
at PIPERS could result from the fact that the ice is younger and
thinner because of (a) the bias from over-representation of

polynya samples and/or (b) the earlier time of the year.
Figure 16j shows a moderate correlation between ice thickness
and Chl-a burden for our PIPERS stations. However, if we trust
this correlation and move our mean BGC ice thickness (0.39 m)
toward the physics stations mean ice thickness (0.79 m), to take
our polynya bias into account, it would only increase the burden
by 0301 mgm™>, with a rather insignificant corresponding
increase of Chl-a concentration of 0.012 ug1™". Autumnal growth,
as opposed to winter, should favor higher Chl-a at PIPERS
(autumnal blooms) although this might be counterbalanced by
the more southerly location of the PIPERS stations. Clearly, the
polynya blooms detected in March 2017 (in satellite data) had dis-
appeared by the time of our arrival in the TNBP (April-May
2017).

A significant factor influencing the spatio-temporal differences
discussed above is the observation that the Ross Sea ice growth
was delayed in 2017 (Parkinson, 2019), resulting in thinner ice
and lower Chl-a concentration compared to the NBP98-3 cruise,
within the same time window. This is part of a recent trend in the
Ross Sea pack ice cycle. For the last decades, both the Weddell and
the Ross Sea were characterized by a longer ice season (earlier
growth and later decay (Stammerjohn and others, 2008)). As sug-
gested by Tison and others (2017b), this longer ice season in the
Weddell Sea would have resulted in thicker, more concentrated ice
and sufficient increase in snow depth to warm the ice, increased
flooding, brine tubes formation and boosting of an internal sym-
pagic community. The delay in ice growth in the Ross Sea in 2017,
on the contrary, has limited the potential for developing that
community and establishing the typical diatom-dominated sym-
pagic speciation. With later growth, in this colder more southerly
(Ross Sea) region, the lack of light, thinner snow depths limiting
flooding and the impermeable status of internal layers should not
favor major biomass increases and species shifts later in the win-
ter. In that respect, the higher Phaeopigments/Chl-a ratio in the
Ross Sea vs the Weddell Sea might be an early sign of the decaying
trend of the sympagic community in the Ross Sea.

Our PIPERS dataset suggests that, if the autumn ice advance
continues to be delayed, as might be expected if we are now seeing
the foreseen long-term decline of the Antarctic sea-ice cover, that
trend in ice seasonality could have important implications for the
sea-ice sympagic community in the Ross Sea.

Conclusions

Early winter sea ice is typically under-sampled in terms of both
physical and biogeochemical properties. Links between polynya
activity and pack ice seasonal growth are still often debated.
The Ross and the Weddell Seas have both been characterized by
a longer sea-ice season on the long term. However, recent anom-
alies in the observed trend of a generally increasing Antarctic
sea-ice extent make it even more important to document
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Antarctic winter sea-ice behavior and changes, and its potential
impact on ecosystems.

Here, we have documented the late development of the CRS
sea-ice extent in 2017, and show how it has affected its physico-
chemical and biological properties: thinner ice, with less early
winter snow cover, seeded by granular ice from the RSP, but
dominated by columnar ice growth, however slowed down by a
larger than usual oceanic heat flux. This has resulted in a less
‘mature’, internal, sympagic community with a majority of
small cells and a lower total biomass in the CRS.

Sea-ice growth and discharge from the TNBP is shown to
mainly feed the coastal Western Ross Sea, in a very dynamic
environment favoring rafting and dragon skin ice formation.
The biological community there shows higher biomass, domi-
nated by large celled communities and developing clearer bottom
ice locations.

These properties are in clear contrasts with those recently
observed in the Central Weddell Sea, demonstrating the crucial
interest of enlarging our sea-ice biogeochemical database to win-
ter times, a mandatory step to unbiased yearly budgets.
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The Arctic sea-ice-scape is rapidly transforming. Increasing light penetration will initiate earlier seasonal primary production.
This earlier growing season may be accompanied by an increase in ice algae and phytoplankton biomass, augmenting the emis-
sion of dimethylsulfide and capture of carbon dioxide. Secondary production may also increase on the shelves, although the loss
of sea ice exacerbates the demise of sea-ice fauna, endemic fish and megafauna. Sea-ice loss may also deliver more methane
to the atmosphere, but warmer ice may release fewer halogens, resulting in fewer ozone depletion events. The net changes in
carbon drawdown are still highly uncertain. Despite large uncertainties in these assessments, we expect disruptive changes

that warrant intensified long-term observations and modelling efforts.

manifestations of global climate change, with implications

for the planetary albedo and ocean stratification, accelerating
global warming and possibly affecting the global overturning circu-
lation and northern hemisphere weather patterns. At the interface
between the ocean and atmosphere, sea ice is a thin, ephemeral and
active environment through which heat, momentum and mass (for
example, fluid, gas and solutes) are regulated. These fluxes contrib-
ute to physical and biogeochemical processes (Fig. 1) that influence
the climate system, provide food and support businesses.

Primary producers within the ice (ice algae, sympagic) and in the
underlying ocean (phytoplankton, pelagic) rely on light and nutri-
ents to grow. When conditions are optimal, sea ice harbours dense
communities of algae, with sea-ice chlorophyll a concentrations
among the highest ever recorded for any aquatic environment'. Ice
algae and phytoplankton form the base of the food web, supporting
key foraging species such as Arctic cod (Boreogadus saida), which
sustain subsistence species like ringed seals and beluga whales™.
Primary producers also control the production and export of par-
ticulate organic carbon (POC) to the deep ocean, the so-called
‘biological carbon pump™’. This biological pump can be particu-

| he reduction in Arctic sea ice is one of the most prominent

larly efficient in sea-ice-covered areas because ice algae often form
fast-sinking aggregates™’.

The sea-ice zone is also chemically active. The distribution, tim-
ing and properties of the sea-ice cover control the air-sea exchange
of carbon dioxide (CO,), and the Arctic Ocean is currently a sink
for atmospheric CO, (refs. ©7). Sea ice also regulates the uptake and
emission of other climate-relevant gases such as methane (CH,) and
dimethylsulfide (DMS), providing positive and negative climate
feedbacks, respectively (Fig. 1). The ecosystem services provided by
sea ice are however under threat in the Arctic due to its rapid retreat
(Fig. 2) at a pace dictated by cumulative CO, emissions® as well as
other anthropogenic stressors (Box 1).

The decrease in Arctic sea-ice extent spans all seasons and cul-
minates in summer’. Arctic sea ice has also thinned over the last
four decades' in response to warming. Older ice that has survived
multiple summers (multi-year ice (MYI)) is rapidly shrinking and
being replaced by first-year ice (FYI) that melts completely dur-
ing the spring and summer each year”''. Freeze-up also starts later
and melt onset is earlier than in the recent past, leading to a longer
ice-free period'’. The snow cover is becoming thinner”, while the
extent of highly biologically productive marginal ice zones (MIZ) is
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Fig. 1| Schematic of seasonal sea-ice biogeochemical processes in the Arctic Ocean. Black arrows represent the directionality of biogeochemical
exchanges; for example, across an interface (such as CO, efflux from the ocean to the atmosphere and release of reactive halogen species from the ice
surface) or throughout an interval (such as brine drainage and convection along the ice-water interface, and heterotrophic remineralization of organic
material throughout the brine network). Dashed lines illustrate diffusive gradients, such as that of dissolved inorganic carbon (DIC). Yellow arrows indicate
solar radiation. Ice-associated and pelagic microalgal communities and their grazers are represented by orange shading and symbols. The biological
carbon pump links carbon exchange processes in the surface to sequestration at depth through POC and dissolved organic carbon (DOC) export,
illustrated by arrows penetrating below the mixed layer (darker shading). Surface processes further impact climate active gases, such as DMS and CH, as
well as volatile organic compounds (VOC), which can contribute to the formation of cloud condensation nuclei (CCN). Figure adapted from ref. '°.

on the rise in summer, mostly advancing poleward towards regions
where sea ice is increasingly younger and thinner'!. These trends
are projected to continue (Fig. 2), with their amplitude depending
on the carbon emission scenario considered'®. Several models pre-
dict a nearly ice-free summer Arctic Ocean by the end of the cen-
tury or earlier under the Representative Concentration Pathway 8.5
(RCP8.5) ‘worst-case’ emission scenario'® (Fig. 2c). Rain, rather than
snow, may become the dominant form of precipitation by the end
of the century'’, and ocean stratification is projected to increase'®.

As a consequence of these changes, sea ice is expected to gener-
ally become thinner, younger and more ephemeral than before (Fig.
2). This Perspective assesses potential changes for key sea-ice cli-
matic, biogeochemical and biological properties as well as processes
in response to environmental changes, and highlights crucial uncer-
tainties in the understanding of the Arctic sea-ice system. With this
assessment, we aim to motivate future scientific efforts, raise public
awareness and facilitate policy making.

Framework
We consider the following aspects of change in the region.

Arctic sea-ice regions. The interplay between ocean circulation,
continental influences, riverine input and complex bathymetry lead
to vastly different sea-ice conditions across the Arctic. For example,
the Canadian Arctic Archipelago (CAA) exhibits a large fraction of
perennial land-fast sea ice. The Central Basin contains both sea-
sonal and perennial pack ice, whereas the Eastern Arctic sector is
mostly covered by seasonal drift ice’ (Fig. 3). This contrast across
icescapes leads to regional differences in biogeochemical processes
and associated ecosystems. Ice-covered regions located north of the

Arctic circle are discussed in this paper, and, when possible, our
future expectations reflect regional differences.

Forcing categories. The near-future (that is, middle of this century)
expectations address the potential response of key variables in two
categories of physical forcings:

(1) Changes in sea-ice coverage (that is, horizontal changes): re-
duced overall sea-ice concentrations and reduced duration of
the sea-ice season (later freeze-up and earlier break-up).

(2) Changes in sea-ice properties (that is, vertical changes): young-
er and thinner sea ice, and decreasing snow accumulation (and
increasing rain).

Changes in environmental conditions

Changes in the properties and coverage of sea ice directly impact
the light, nutrients and space available for primary producers to
grow, with cascading effects on the entire Arctic marine ecosystem.

Light. Light is a primary driver of algal growth in the sea-ice
zone. At high latitudes, a strong seasonality in light cycle' dic-
tates the timing and magnitude of ice algal and phytoplankton
blooms*?!. Downwelling solar radiation is largely reflected back
to space due to much higher albedos for sea ice and snow than for
seawater. Albedo is higher for deep snow-covered and thick ice,
and lower when moisture is present within the snow, accumulated
at the surface as melt ponds or as open water between ice floes™.
The fraction of light available within sea ice decreases exponen-
tially with depth; absorption is larger for snow than for sea ice and
scattering depends on the presence of brine pockets, air bubbles
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Box 1| Other anthropogenic stressors

Reduced sea-ice extent will result in an increase in human pres-
sure on wildlife in the Arctic through shipping, oil and gas ex-
ploration, fisheries and tourism. In addition to direct pressure
on stocks by fishing activities, general disturbance by an increas-
ing human presence will have negative effects on the life cycles
of many megafauna species. Smaller species seem to be more
sensitive to pollution due to their higher surface area-to-volume
ratios''’. Concentrations of microplastics in sea ice are several
orders of magnitude higher than in the underlying water'"’, with
potential to affect both sea-ice properties (for example, salinity
and albedo) and marine life'?. Given the small size of the par-
ticles (<50 pm), which are in the same range as sea-ice algae,
it is likely that they are incorporated into the food web with yet
unknown consequences.

Models suggest sea-ice retreat will promote ocean
acidification due to increased air-sea exchange and meltwater
input'"®. However, these models do not account for the rejection
of CO,-rich brines that further promote ocean acidification'",
nor for the dissolution of calcium carbonate in sea ice during
melt, which can act to potentially decrease the effect of ocean
acidification at the most critical time of the year in ice-covered
areas''” or remove alkalinity from the Arctic Basin via sea-ice
drift and exit through the Fram Strait''°. Mortenson® found that
summer calcium carbonate saturation states are overestimated
when the sea-ice carbon pump is excluded from models.
Nonetheless, while the impact of changes in sea-ice properties
is uncertain, changes in sea-ice coverage will probably promote
ocean acidification overall.

and impurities. Thus, depending on sea-ice and snow conditions,
anywhere from less than 1% to ~20% of the incoming sunlight is
transmitted to the ocean underneath”. Ice algae and phytoplank-
ton directly respond to changes in available light stemming from
variations in ice thickness, snow depth”, lead opening*' and/or
melt pond formation®.
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Changes in both sea-ice coverage and sea-ice properties
have similar effects on light availability. There is little doubt that
because of snow and ice thinning, as well as longer surface melt and
open-water seasons, the Arctic planetary albedo has decreased by
4-6% between 1979 and 2011 (ref. **). Thus, the light supply to ice
algae and phytoplankton has likely increased over the same period,
as indicated by model simulations®. Increased transmission of light
includes greater exposure to potentially damaging ultraviolet (UV)
radiation”. However, sympagic algae have shown capacity for UV
photoprotection® and the positioning of a majority of cells beneath
UV-absorbing materials (for example, snow, ice and other algae)
likely makes UV impact minimal®. More light at the ocean surface
contributes to initial increases in overall pelagic Arctic primary pro-
duction, which has been captured by ocean colour®. Earth system
model simulations reproduce this increase as long as nutrients are
sufficient’®.

Future expectations. Likely increase in light availability (Fig. 4).

Nutrients. Nutrients are also key for algal growth. Both in sea
ice’”! and in the water column®, nutrients are thought to regulate
the bloom magnitude and termination. However, compared to light,
large uncertainties remain in the understanding of nutrient dynam-
ics in sea ice. The ultimate source of nutrients in sea ice is seawa-
ter, with a possible atmospheric contribution” depending on the
season. Nutrient concentrations in sea ice are controlled by brine
circulation and exchange with underlying seawater as well as bio-
geochemical processes such as assimilation and remineralization™.
Adsorption to brine channel walls and biofilm processes likely affect
sea-ice nutrient availability and mobility™. Nutrients in the underly-
ing seawater are controlled by stratification and the origin of water
masses (that is, nutrient-rich Pacific versus nutrient-poor Atlantic
waters), river and glacial runoff, and advection®.

Sea-ice coverage. Increased meltwater and riverine input’* enhance
surface-water stratification, whereas thinner ice with larger
open-water fraction increases exposure of the surface ocean to wind
and waves”, promoting mixing. These processes have competing
and uncertain effects on the supply of sub-surface, nutrient-rich
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waters to phytoplankton and ice algae, and therefore on primary
production. Earth system model simulations and theoretical argu-
ments suggest that increasing stratification and decreasing nutrients
will dominate in the pelagic environment'®. Other models predict
an increase in atmospheric deposition, which may overcome the

nutrient limitation induced by the increasing stratification™.

Sea-ice properties. Changes in nutrient concentrations in sea ice are
mainly affected by vertical processes (for example, brine dynamics
and ice-ocean fluxes), and future brine dynamics depend on ice
temperature and salinity. Ice temperatures may increase because
of a warmer atmosphere but could also decrease due to less snow
accumulation. Sea-ice salinity is expected to increase in autumn and
winter—because FYT is more saline than MYI—but would become
lower in summer, due to increased flushing associated with earlier
melt onset*’. If seawater nutrient concentrations remain unchanged,
more saline brine in winter would imply higher nutrients in sea ice
in spring and possibly increase sympagic productivity. However, the
nutrients gained from dynamics within sea ice would be counter-
balanced if seawater nutrient concentrations decrease'.

Future expectations. High uncertainties on future nutrient stocks in
open waters and on nutrient dynamics in sea ice (Fig. 4).

Habitat. Sympagic algae depend on sea ice as a substrate to grow.
Since a large fraction of Arctic sea ice is FYI, and more FYI is pro-
jected to replace MYI in the future (Fig. 2), sea ice may be consid-
ered a limiting resource and controlling factor of algal growth.
Sea-ice-algal biomass flourishes in brines mostly close to the
underlying seawater (Fig. 1), where nutrients are easily accessible,
and extends as far upwards as brine permeability allows fluid trans-
port and nutrient supply’’. The permeable space within sea ice
therefore sets a boundary for algal biomass accumulation. Sea-ice
permeability is determined by brine temperature and salinity: that

is, the colder and saltier the ice, the lower the brine volume and per-
meability. We anticipate that ongoing climate warming will result in
two possible categories of change in terms of sea-ice permeability
and, consequently, space for colonization inside the ice.

Sea-ice coverage. In the most extreme case, the total disappearance
of sea ice in some regions will have the obvious consequence of
a disruption of sea-ice sympagic productivity in these areas. The
delayed formation and earlier melt onset of seasonal sea ice will fur-
ther reduce the space available for colonization. The loss of sea ice
as a physical habitat for organisms may become a primary factor
limiting ice-associated organisms and biodiversity in some Arctic
regions®’.

Sea-ice properties. During the melting period, the current and
future increase in temperatures at the interface between the lower
atmosphere and the surface snow, ice or ocean (the so-called ‘skin
temperature’) would lead to warmer and more permeable sea ice,
thus to more habitable space. In winter, however, snow insulation,
sea-ice temperature and permeability would decrease with thinner
snow (Fig. 2d), contracting brine volume and reducing the space
available for colonization.

Future expectations. Overall, the sea-ice habitat will likely decrease
as sea ice continues to shrink (Fig. 4). Within the remaining sea ice,
the space available for colonization may increase with warmer ice
temperatures in spring-summer, allowing for higher local biomass
build-up in ice, while in autumn-winter, the reverse will occur.

Changes in biota

Changes in the light, nutrient and habitat conditions discussed
above affect the timing, composition and abundance of primary
producers and, more specifically, the relative contribution of ice
algae versus phytoplankton. Changes in primary production may
then subsequently impact secondary production (microbial and
metazoan consumers), higher trophic levels and ocean carbon
sequestration.

Microalgal communities. Shifts in ice algae and phytoplank-
ton communities will have cascading consequences for the Arctic
marine ecosystem. For example, the efficiency of carbon export and
role of organisms in the food web are dependent on the size and
shape of algal cells. Furthermore, production of secondary aerosol
precursors (that is, volatile organics, including DMS) varies between
algae species.

Sea-ice coverage. The transition from MYT to FYI will reduce the
availability of overwintering habitat and will possibly result in a
decrease in diversity of the ice algae community*>*!. Intrusion of
sub-Arctic phytoplankton species like Phaeocystis into the high
Arctic”' will result in a more uniform latitudinal distribution of
species. In particular, the abiotic changes described above will
favour phytoplankton with greater capacity for growth under
higher light conditions, and possibly lower nutrients and salinities
compared to present communities*. This may include a greater
presence of flagellate species within communities that at present
are overwhelmingly dominated by diatoms*. We also anticipate
a decrease in abundance of sea-ice specialists, such as Nitzschia
frigida, in favour of cryo-pelagic species, like Fragilariopsis cylin-
drus. Melt ponds might become an increasingly dominant feature
of spring sea ice, and they may favour the development of dense
algal colonies like the centric diatom Melosira arctica®, which
presently drives episodic pulses of carbon export to the benthos®.
Under-ice pelagic diatom species (Chaetoceros, Thalassiosira and
Fragilariopsis) are also likely to increase in prevalence with melt
pond coverage'.
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(black). For further details, see Box 2.

Both open-ocean and under-ice phytoplankton production are
expected to increase in magnitude and aerial extent as well as com-
mence earlier in the spring due to earlier melt onset and increased
light availability. However, the overall increase in phytoplankton
production will be constrained by the finite availability of nutrients
in the water column. Autumn phytoplankton blooms are likely to
become a regular feature as a result of later freeze-up, particularly at
the periphery of the Arctic Ocean®.

Sea-ice properties. The predicted increase in light availability from a
thinning ice and snow cover will increase the potential for ice-algal
primary production across the Arctic. The substantial thinning of
the snow cover is expected to have the greatest effect south of 66
°N, where light availability will significantly extend the length of
the sympagic growing season®’. From 66 to 74 °N, the decrease in
duration of ice cover into spring and summer will set an upper limit
to the total accumulation of ice-algal biomass. In the Eurasian
shelf areas and the CAA, the bloom of sea-ice bottom micro-algal
communities may start and end earlier in the spring”. We expect

NATURE CLIMATE CHANGE | www.nature.com/natureclimatechange

the largest relative increase in algal primary production in the
high Arctic due to the more productive FYI largely replacing the
less productive MYI*. Whereas an increase in stratification of the
upper water column would decrease the availability of surface water
nutrients for bottom-ice communities, some regions will experience
enhanced vertical mixing due to new open-water areas exposed
to winds and storms®, enhanced tidal currents® or increased
upwelling’', which would benefit ice-algal production.

The presence of under-ice phytoplankton blooms will become
more frequent as the Arctic ice cover becomes thinner and more
transparent, with possibly greater coverage of melt ponds™ and
leads™ that act as windows into the underlying ocean. However, the
blooms may also become smaller in magnitude and shorter in dura-
tion if nutrients become more limited.

Future expectations. Overall, increasing open-ocean conditions
are expected to favour phytoplankton growth and an overall shift
towards cryo-pelagic and pelagic species. As light availability and
surface stratification increase, nutrients will become increasingly

195



PERSPECTIVE

NATURE CLIMATE CHANGE

Box 2 | Uncertainties in these prognoses

Our group of sea-ice experts has generated future expectations of
how the changing sea-ice environment is likely to impact biogeo-
chemical systems, based on the current knowledge of the Arctic
(Fig. 4). These attempts are not quantitative. New and sustained
field data and improved models are crucially needed to improve
predictive capabilities. The most pertinent knowledge gaps in-
clude: sustained snow observations; the relative importance of
freshwater inputs and storm events on Arctic Ocean stratifica-
tion and nutrient budgets; contributions of the Pacific and Atlan-
tic water masses to the nutrient reservoirs in the Arctic Ocean;
the effect of shorter but more intense sea-ice algal blooms on
biogases, consumers and carbon export; the composition of cur-
rent sympagic algal communities and the potential shifts in spe-
ciation as a consequence of environmental changes; long-term
trends in under-ice phytoplankton blooms; the life cycles of
sympagic flora and fauna, and their resilience to habitat change
or loss; the diversity, distribution and standing stocks of pelagic
macrofauna, especially fish, in the Central Basin; partitioning
between pathways of carbon transmission and nutrient cycling
in the ecosystem, and their effect on the biological carbon pump;
air-ice-water gas fluxes over the annual cycle, particularly in
winter; the impact of shifts in phytoplankton phenology on pe-
lagic DMS production; and the impact of ocean acidification on
ice-associated species.

limiting for both sympagic and pelagic production. The sign and
magnitude of changes in primary production will vary regionally,
with the largest relative increase expected in the Central Basin (Fig.
4). In the Western Arctic, where FYI is expected to largely replace
MY], a general increase in primary productivity is expected (Fig. 4)
alongside a likely loss in ice-algal biodiversity. In the Eastern Arctic,
where a large fraction of FYI is shrinking, the potential increase
in primary productivity will be constrained not only by uncertain
future nutrient inventories, but also by the potential loss of habitat
(Fig. 4).

Microbial loop. Although growth temperatures in sea ice are well
below optimal, bacterial production in sea ice can exceed rates mea-
sured in the productive waters of temperate regions™. Carbon used
to support this heterotrophic production is largely sourced from
primary producers™. As a result, primary and secondary microbial
production in the sympagic realm are expected to exhibit similar
changes with climate warming.

Sea-ice coverage. As MYI has a low brine volume fraction compared
to FYI, a shift from MYI to FYI will promote heterotrophic activity.

Sea-ice properties. The thinner and warmer sea ice in summer will
support a greater degree of heterotrophic activity”. Because the
brine channels in warmer ice are more connected—with larger pore
spaces that may facilitate the grazing of bacteria by bacterivorous
protists—there is the potential for a strengthened carbon transfer
from microbial compartments to upper trophic levels. Following
the trends in primary productivity, pelagic microbial heterotrophic
activity is most likely to increase following spatial and seasonal
changes in primary production.

Future expectations. Changes in the Arctic will result in increased
heterotrophic activity (Fig. 4). The heterotrophic microbial com-
munity will directly benefit from increases in primary productivity.
Secondly, heterotrophic activity will increase with warmer sea-ice
temperatures.

Metazoan consumers. The continuing transformation of sea-ice
habitats will profoundly change the biodiversity of Arctic meta-
zoan consumer communities that depend significantly on ice algae
as a carbon source™. On the Arctic shelves, a warmer ocean with
a shorter seasonal ice coverage will promote the replacement of
polar communities by sub-polar communities, causing a retreat of
cold-adapted and sympagic species towards the Central Basin>”".

Sea-ice coverage. Changes in the areal coverage and timing of sea ice
may disrupt the life cycles of sympagic consumers, especially those
not adapted to survive in the water column®. Shorter ice-algae
bloom seasons in the Eastern Arctic”® will reduce sympagic food
availability for ecologically important species, such as Calanus™, ice
amphipods and polar cod. Emerging mismatches of the timing of
ice algae and phytoplankton blooms with grazer reproductive cycles
could reduce reproductive success***. In some regions, an increase
in total production of the Arctic Ocean, with a shift from sympagic
to pelagic producers, would promote growth of herbivorous con-
sumers”. Omnivores and predators (Themisto spp., euphausiids, jel-
lyfish) may regionally increase in biomass too™.

Sea-ice properties. The change to thinner, younger and more
dynamic sea ice will alter the distribution patterns of sympagic
consumers, including under-ice amphipods, in-ice meiofauna and
forage fish. Species-specific habitat requirements cause variations
in consumer community structure in response to variations in
sea-ice properties®’. On the shelves, the anticipated replacement of
polar sympagic consumers by sub-polar pelagic consumers will pre-
dominantly result in a replacement of large, lipid-rich zooplankton
by more numerous but smaller, and comparatively lipid-poor, spe-
cies; for example, Pseudocalanus spp., Metridia spp. and Cyanea spp.
Furthermore, these changes will negatively affect higher levels of the
food chain; for instance, the replacement of polar cod with capelin
and sand lance species of lower energetic contents”. In the future
seasonally ice-covered Central Basin, a potential relative increase in
primary production is unlikely to support large stocks of consumers
if they cannot adapt their life cycles to the altered algal phenology***.
Furthermore, declining taxonomic diversity” could cause a decline
of functional diversity, reducing resilience to environmental stress.

Future expectations. We expect an overall decrease in biomass and
diversity of sympagic consumers (Fig. 4) due to altered algal phenol-
ogy and lower algal food quality. On the shelves, pelagic secondary
productivity will mostly increase, but a shift to small and gelati-
nous zooplankton will profoundly affect food web structure. In the
Central Basin, secondary productivity will remain low but loss of
biodiversity will negatively affect the resilience of the ecosystem to
environmental perturbations and anthropogenic stress.

Higher trophic levels and marine living resources. As sub-polar
and Atlantic fish expand their ranges north, the biomass of polar
cod and other cold-adapted fish resident to the Arctic Ocean®”’
will continue to decline across many of the Arctic shelf regions™®.
These species have shifted their distribution range towards the
northern shelf slope”. Benthic secondary production will gener-
ally decline due to reduced sympago-benthic coupling and a lack of
ice-algae downfalls in spite of locally enhanced food availability due
to increasing pelagic productivity®. In shallow regions, increased
light and ice-scouring due to sea-ice retreat might positively impact
macroalgal growth (for example, kelp®), and through increased
planktonic primary production may also locally favour benthic ani-
mal communities including sponges®. Continued declines in key
prey fish, such as polar cod, will likely intensify the loss of sym-
pagic predators, including ringed seals, beluga whales and polar
bears>***’, which is already being observed. Consequently, these
mammals may face local- to regional-scale extinctions in the Arctic
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shelf domains. In contrast, the presence of generalist predators
like baleen whales, orcas and certain seabird species is expected to

increasingly expand into Arctic shelf seas®®.

Future expectations. The abundance of species endemic or com-
mon to the Arctic like beluga whales, polar bears and polar cod will
decline (Fig. 4) as sub-polar species become increasingly abundant
in Arctic waters. Iconic Arctic fauna face the risk of local to regional
extinction.

Biological carbon pump. A small fraction of the POC produced
at the surface of the Arctic Ocean by sea-ice algae and under-ice
phytoplankton can be directly exported to the seafloor. More spe-
cifically, events of massive downward flux of Melosira can cause epi-
sodic maxima of carbon export’ in the Central Basin. The export
of this POC can be significantly enhanced by minerals released by
sea ice that ballast sinking algae aggregates and by zooplankton®".
Primary producers also serve as a vital source of food for sympagic
and (meso-)pelagic consumers. Through respiration, feeding and
excretion during vertical migrations’, as well as through faecal pel-
let production’, (meso-)pelagic and sympagic consumers play an
important role in the POC export and carbon burial at the seafloor.

Changing sea-ice habitats and nutrient limitation will promote
a more heterotrophic food web”. The predicted shifts in food web
structure will result in greater recycling and retention of carbon in
the pelagic food web®, which will directly compete with the inten-
sifying biological carbon pump to determine the net flux of carbon
in the Arctic Ocean. The most abundant sympagic and cryo-pelagic
consumers (ice amphipods and Calanus spp. copepods) pro-
duce large and fast sinking faecal pellets’. As a result, the shift
towards organisms that produce smaller faecal pellets (for example,
Pseudocalanus spp.) will decrease the contribution of consumers
to POC export on the Arctic shelves. In the Central Basin, future
POC export by consumers is expected to remain low”, but it has the
potential to further decrease when populations of sympagic fauna
decline.

Future expectations. The expected increase in primary productivity,
shift towards smaller algae and warmer ice will lead to more graz-
ing by smaller zooplankton and higher microbial remineralization.
So, except for potentially periodic Melosira blooms and subsequent
export pulses, all processes point towards a less efficient biological
carbon pump (Fig. 4), as we expect a shift from an export system to
a retention system.

Changes in climate-active gases

Gas dynamics and fluxes in sea ice strongly depend on ice tempera-
ture, salinity and texture. In addition, most climatically active gases
(for example, CO,, CH, and DMS) are produced and/or consumed
by organisms living in or under the ice, and are taken up or released
during the natural cycle of sea-ice formation and melt. The cycles of
these ‘biogases’ are therefore closely linked to biological processes.
Ice algae, phytoplankton and bacterial communities will adapt to
changes in sea ice, with direct consequences for the uptake and
release of climate active gases.

CO,. During autumn and winter, sea ice acts as a source of CO, (ref.
7®) due to high brine partial pressure of CO, (pCO,) and precipi-
tation of calcium carbonate (Fig. 1)””. However, during spring and
summer, sea ice acts as a sink of CO, due to brine dilution, calcium
carbonate dissolution and the biological carbon pump, driven by
algal productivity’®. The balance may be a net sink due to the net
export of brine to underlying waters.

Sea-ice coverage. In the Central Basin, the formation of more new
ice will result in an increased CO, efflux to the atmosphere in win-
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ter’””. However, sea-ice formation will also increase the rejection of
CO,-rich brines to the ocean®’. Model simulations indicate that this
rejection to the ocean and export to depth of CO,-rich brines com-
bined with precipitation and transport of calcium carbonate dur-
ing sea-ice growth and melt processes (sea-ice carbon pump) has
a minor effect on the global oceanic carbon uptake but can have
larger regional effects®"*.

The increase in ice-free ocean area and consequent carbon draw-
down may have enhanced the CO, sink by as much as 1.4 TgC yr!
between 1996 and 2007 (ref. *°), and including the ice algal system
may have added another 2% per decade to the pan-Arctic Ocean
carbon uptake®’. In winter, storms and openings in the ice cover,
such as leads and cracks, will allow for increased ocean CO, uptake
in undersaturated areas. Outgassing will increase in open waters
that become supersaturated (from excess respiration over photo-
synthesis), particularly in upwelling areas and coastal regions influ-
enced by large rivers*¥. Model results indicate that enhanced fluxes
due to continuing sea-ice retreat extend the maximum uptake in fall
and reduce the uptake in summer®, and the projected increase in
ocean stratification will further limit the ocean’s capacity to absorb
CO, and possibly lead to widespread outgassing in summer**>*

Sea-ice properties. The shift from MYT to FYI will promote the for-
mation of frost flowers and upwards brine rejection, which medi-
ates ice-to-atmosphere CO, transfer in winter’>””. The general
increase in ice temperature and permeability will favour air-sea ice
gas exchange. However, with warmer and more rainy conditions,
snow will tend to melt and refreeze (superimposed ice formation),
decreasing air-sea-ice gas exchange”. In spring, precipitation (snow
and rain) may promote melt pond formation, leading to greater CO,
uptake from the atmosphere. The prediction of higher primary pro-
duction at the bottom of Arctic FYI should enhance CO, uptake
from the water” in spring and summer. A change from MYI to
FYT will increase brine drainage and, therefore, increase brine CO,
export from the ice to underlying water.

Future expectations. Increased air-sea fluxes, due to more
open-ocean area and more leads over undersaturated waters, and
increases in CO,-rich brine export may lead to an increase in the
Arctic Ocean CO, sink. This additional sink would be offset by
increased stratification (capping CO, uptake) and outgassing in
some regions due to enhanced vertical mixing with deep CO,-rich
waters, and to our prognosis that the Arctic Ocean will transfer
from a carbon export system to a carbon retention system.

CH,. The impact of sea ice on ocean-atmosphere fluxes of CH, is
still unclear. Recent studies highlighted a CH, super-saturation in
sea-ice-influenced waters of the Central Basin® and an enhanced
CH, efflux to the atmosphere above areas with fractional sea-ice
cover”. An impermeable sea-ice cover likely enhances CH, expo-
sure to microbial oxidation”. This process would have the potential
to reduce CH, sea-air fluxes, particularly above continental shelves
whose sediments represent the main source of CH, to the Arctic
Ocean””.

Sea-ice coverage. More open water will facilitate the efflux of excess
CH, to the atmosphere. Shorter sea-ice seasons and warmer tem-
peratures will also result in an increase of sea-ice permeability,
allowing CH, in under-ice seawater or in the sea ice itself to escape
more readily. Indeed, seasonality directly influences ice permeabil-
ity, which is one of the major physical processes controlling CH,
storage in sea ice”.

Sea-ice properties. The shift from MYI to FYI will accelerate CH,
cycling and likely increase the transfer of CH, from sea ice to the
atmosphere.

197



PERSPECTIVE

Future expectations. Significant uncertainties are still associated with
the current and future CH, cycle in the Arctic Ocean. Nevertheless,
sources of CH, are expected to increase. A decreasing sea-ice cover,
enhanced sea-ice permeability and a shift from MYI to FYI will
facilitate the CH, flux from the seawater to the atmosphere, likely
resulting in an overall increase of the oceanic source of CH, in the
Arctic (Fig. 4).

DMS. DMS is a precursor of sulfate aerosols in the atmosphere, lim-
iting the exchange of both short- and long-wave radiation between
Earth’s atmosphere and space. Mainly derived from dimethylsul-
foniopropionate (DMSP) produced by macro- and microalgae in
response to stress (freezing, high salinity), DMS occurs at high con-
centrations in sea ice”. DMSP is either converted to DMS in the ice
by bacterial activity and then released to the atmosphere or released
to the underlying water where it is partly converted to DMS. The
fraction of DMSP resulting in DMS emissions is strongly related to
the abundance and taxonomy of microalgae, bacterial activity and
environmental conditions. Model simulations highlight that the
sea-ice sulfur cycle particularly affects DMS emissions in spring,
when the accumulation of DMS under ice can sporadically escape
and cause spikes in atmospheric concentrations high enough to ini-
tiate cloud nucleation'*'*" (Fig. 1).

Sea-ice coverage. Given that sea ice acts as a source of DMS to the
atmosphere, sea-ice loss should weaken this source. However, an
anticipated increase in under-ice and pelagic blooms—especially
when consisting of Phaeocystis sp.—may increase the pelagic DMS
source. Reduced ice extent may therefore have an insignificant
impact on net, basin-scale DMS fluxes. However, regional changes
in total primary production, microplankton assemblages and gas
transfer velocity may result in very large regional variations in DMS
fluxes.

Sea-ice properties. The shift from MYT to FYI, in association with
less snow accumulation and ensuing shifts towards more Phaeocystis
sp. and increased primary production, will promote DMS release
to the atmosphere. The impact of increasing sea-ice mobility and
related turbulence can potentially increase the fluxes, while increas-
ing rain would promote flushing and release of DMS into the water
column'®,

Future expectations. Since DMS pulses are associated with ice types
of the MIZ, an increased aerial coverage of the MIZ is anticipated to
result in increased DMS production (Fig. 4).

Halogens and ozone interactions. Reactive halogen species are
responsible for atmospheric cleansing and ozone depletion events
(ODEs) as well as associated mercury deposition in the polar tropo-
spheric boundary layer'””. Young sea ice is strongly associated with
ODEs'*, which have been ascribed to the release of reactive halo-
gen species (bromine and iodine compounds)'® (Fig. 1). Sea ice,
frost flowers and saline snow are potential sources of atmospheric
halogens'”*, and blowing snow above sea ice has been confirmed as
a halogen source in the Southern Ocean'®.

Sea-ice coverage. A shift from sea-ice-covered seas to open waters
will decrease ODEs.

Sea-ice properties. Younger and more permeable ice will likely pro-
mote salty ice and snow surfaces by brine wicking and related halo-
gen activation. However, warmer sea-ice conditions may impede
active bromine species release and ODEs requiring low surface tem-
peratures'”. In parallel, more rain and less snow accumulation are
likely to reduce the specific surface area for halogen activation as
well as the blowing-snow vector of halogen mobilization.

NATURE CLIMATE CHANGE

Future expectations. Decrease in ODEs (Fig. 4).

Challenges and future directions

The Intergovernmental Panel on Climate Change (IPCC) spe-
cifically calls for improvement in the fundamental understanding
of sea ice to advance its representation in global climate models.
Reducing uncertainties is currently the main challenge (Box 2).
Ice algae production and biogeochemical exchange processes are
now included in some Arctic ocean modelling efforts, but model
intercomparisons reveal significant differences between models.
Particularly important gaps include understanding and parameter-
izations of: (i) light transmission through snow and ice; (ii) controls
on primary production and diversities in sea ice, as well as ice algal
incorporation and release; and (iii) fluxes, deposition and emission
of climatically active gases and aerosols.

In the short term, primary productivity is predicted to generally
increase in both sea ice and seawater in the Arctic, as long as nutri-
ents are plentiful'®*’. The timing of the blooms is, however, likely
to change, with negative downstream effects on ice-dependant
consumers™'”, A number of studies****” are reporting declines in
condition, health and population sizes of high-Arctic top predators,
which must be seen as a warning sign that ecosystem changes could
be more disruptive than expected. Understanding the consequences
of ecological changes in sea-ice habitats for resource conservation
and management is fundamental to the development of marine
governance schemes that consider both socio-economic and eco-
logical changes.

There is an urgent need for the establishment of long-term
observing platforms in climate-sensitive sea-ice regions (for
example, the CAA, East Siberian Shelf and Central Basin) to col-
lect benchmark data and to record seasonal and decadal trends,
as well as to anticipate thresholds and tipping points for the full
suite of variables discussed in this Perspective. Sea ice is still con-
sidered biogeochemically inert in most large-scale Arctic models
and, in particular, Earth system models. As computer resources
continue to become more affordable and available, we advocate for
new modelling studies that can address the role of sea-ice biogeo-
chemistry in the Earth system. This holistic approach will allow
the science community to deliver firmer predictions on how the
Arctic system is (and we, as a community, are) responding to the
Great Arctic Thaw.
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