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Down in the South, by the waste without sail on it—  
Far from the zone of the blossom and tree—  

Lieth, with winter and whirlwind and wail on it,  
Ghost of a land by the ghost of a sea.  

Weird is the mist from the summit to base of it;  
Sun of its heaven is wizened and grey;  

Phantom of light is the light on the face of it—  
Never is night on it, never is day!  

Here is the shore without flower or bird on it;  
Here is no litany sweet of the springs—  

Only the haughty, harsh thunder is heard on it,  
Only the storm, with a roar in its wings!  

 
Shadow of moon is the moon in the sky of it—  

Wan as the face of a wizard, and far!  
Never there shines from the firmament high of it  

Grace of the planet or glory of star.  
All the year round, in the place of white days on it—  

All the year round where there never is night—  
Lies a great sinister, bitter, blind haze on it:  
Growth that is neither of darkness nor light!  

Wild is the cry of the sea in the caves by it—  
Sea that is smitten by spears of the snow;  

Desolate songs are the songs of the waves by it—  
Down in the South, where the ships never go.  

 
Beyond Kerguelen – Henry Kendall  

(selected stranzas)  
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Abstract 

 
Despite the fact that the Southern Ocean (S.O.) is a high nutrients-low chlorophyll area 

(HNLC), it acts as a significant sink for atmospheric CO2. We addressed the temporal and 
spatial variations of the frontal system of the Indian sector of the S.O. using remote sensing 
measurements of sea surface temperature (SST) and we present the first synoptic 
partitioning of the main physical-biogeochemical provinces. In the Crozet basin, if the 
signature of the fronts is well marked in the mesoscale distribution of the partial pressure of 
CO2 (pCO2), this latter hardly reflects the chlorophyll a (Chl a) distribution during the summer 
post-bloom period. Scaling in situ pCO2 measurements using remote sensing measurements 
of SST and Chl a, we assessed spring and summer air-sea flux of CO2 per physical-
biogeochemical province. Spring and summer air-sea CO2 fluxes in the Indian sector of the 
S.O. ranges from -0.048 PgC, to -0.057 PgC and -0.04 PgC in the North Subantarctic, South 
Subantarctic and Polar Frontal zones, respectively. A further collaborative effort was carried 
out applying a similar approach to the western Pacific sector of the S.O.. Integrating CO2 
fluxes over the year shows that this area acts as a sink for atmospheric CO2 of 0.08 PgC yr-1. 
Both studies provide lower estimates than the Takahashi et al. (Takahashi et al., 2002; 
Takahashi, 2003) climatology but corroborate (Metzl et al., 1999; Takahashi et al., 2002) the 
conclusions of inverse models, indicating that this climatology overestimates the CO2 sink in 
the S.O. (Gurney et al., 2004; Jacobson et al., 2005). 

We present a three years survey of pCO2 in Subantarctic coastal waters surrounding the 
Kerguelen Archipelago, with a particular attention on the role of Macrocystis giant kelp beds. 
Primary production of Macrocystis lasts from early spring to late autumn and is tightly linked 
to solar irradiance. Maximum net kelp community production can be as high as 15 gC m-2 d-1 
at the solar irradiance climax. Such production strongly affects pCO2 within kelp bed. Coastal 
waters of the archipelago experience earlier and more intense phytoplanktonic blooms than 
offshore waters, which markedly affect pCO2. However, over the year near-shore waters of 
the archipelago act as a source of CO2 of 0.32TgC yr-1. 

The role of sea ice cover in the budgets of exchanges of CO2 between the S.O. and the 
atmosphere has been neglected, since it was assumed as an impermeable and inert cover 
that prohibited air-sea fluxes of gases. We report the first direct measurements of pCO2 
within first year pack ice, multi-year pack ice and land fast sea ice, and corresponding CO2 
fluxes at the air-sea ice interface. Internal spring and summer sea ice specific processes 
(dilution with ice crystals, dissolution of carbonate minerals and primary production), drive 
drastic decreases of pCO2 and lead to marked undersaturation of CO2 with respect to the 
atmosphere. Despite its thinness, the Antarctic sea ice cover thus appears to sustain a 
significant uptake of atmospheric CO2. We scaled measurements CO2 fluxes over bare sea 
ice using remote sensing measurement of sea ice surface temperature: in spring and 
summer, the Antarctic sea ice cover acts as a sink of atmospheric CO2 ranging from 0.015 
PgC to 0.024 PgC which represents 6% to 9% of the annual uptake of the S.O. south of 50°S 
(0.27 PgC yr-1). However, we surmise that the present evaluation of the sea ice CO2 sink is 
an underestimate, since it does not account for the uptake of CO2 by biologically active sea 
ice surface communities. Eddy-covariance measurements of air-sea ice CO2 fluxes over 
slush - a mixture of melting snow, ice and flooding seawater covering sea ice - which hosts 
abundant surface communities showed 4-fold higher fluxes than over bare sea ice. On the 
whole, sea ice represents an additional significant CO2 sink that should be taken into account 
when budgeting exchanges of CO2 fluxes between the S.O. and the atmosphere. 
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Résumé 
 
Nonobstant que l’Océan Austral (O.A.) est une zone de forte concentration en 

nutriments-faible concentration en chlorophylle, il se comporte comme un puits de 
CO2 atmosphérique. Nous avons étudié les variations spatio-temporelles du système 
de fronts dans le secteur Indien de l’O.A. à l’aide de mesures satellitaires de la 
température des eaux de surface et présentons la première partition synoptique des 
principales provinces hydrologiques. Si la signature des fronts est bien marquée 
dans la distribution de la pression partielle en CO2 (pCO2) dans le bassin de Crozet,  
cette dernière reflète peu la distribution de la chlorophylle a dans cette période 
estivale post-efflorescence. En extrapolant des données de pCO2 in situ en utilisant 
des mesures satellitaires de température des eaux de surface et de concentration 
chlorophylle a, nous avons estimés les flux air-mer printaniers et estivaux par 
province hydrologique. Ces derniers varient de -0.048 à -0.057 et -0.04 PgC an-1 
pour respectivement les zones Nord Subantarctique, Sud Subantarctique et du Front 
Polaire. Une approche  similaire a été mené en collaboration avec d’autres groupes 
pour la secteur Ouest-Pacifique de l’O.A.. L’intégration des flux de CO2 sur l’année 
montre que cette zone se comporte comme un puits de CO2 atmosphérique à 
hauteur de 0.08 PgC yr-1. Ces deux études convergent vers des estimations moins 
élevées que la climatologie de Takahashi et al. (2002,2003), mais corroborent les 
conclusions des modèles atmosphériques inverses qui indiquent que cette 
climatologie surestime probablement les flux de CO2 dans l’O.A. (Gurney et al., 2004).  

Nous présentons un suivi de trois ans dans les eaux côtières subantarctiques qui 
ceinturent l’Archipel de Kerguelen avec une attention particulière portée au rôle des 
herbiers de Macrocystis, des algues géantes. La production primaires des ces 
dernières s’étend depuis le début du printemps jusqu’à la fin de l’automne et est 
étroitement liée à l’insolation. La production nette maximale à l’échelle de la 
communauté peut atteindre 15 gC m-2 j-1 au maximum annuel de l’insolation. En 
corollaire, une telle production affecte fortement la pCO2. En outre, les eaux côtières 
de l’archipel sont marquées par une efflorescence de phytoplancton plus précoce et 
plus intense que les eaux au large, ce qui affecte la pCO2. Toutefois, intégrée sur 
l’année, les eaux situées à proximité immédiate des côtes de l’archipel se comportent 
comme une source de CO2 de 0.32 TgC an-1. 

Le rôle de la banquise dans les budgets de CO2 de l’O.A. a été négligée du fait 
qu’elle été considérée comme une couverture imperméable et inerte qui empêche les 
échanges air-mer de gaz. Nous rapportons les premières mesures de la pCO2 dans 
la glace de l’année, multi-annuelle, et rattachée au continent, avec des mesures de 
flux à l’interface air-glace. Les processus internes propres à la glace de mer (dilution 
par les cristaux de glace, dissolution des carbonates et production primaire) sont 
responsables d’une forte décroissance de la pCO2 et conduisent à une sous-
saturation marquée du CO2 par rapport à la concentration atmosphérique. En dépit 
de sa faible épaisseur, la banquise Antarctique apparaît donc soutenir une forte 
absorption de CO2 atmosphérique. Nous avons extrapolé les mesures de flux de CO2 
au-dessus de la glace de mer nue en utilisant des mesures satellitaires de 
température de surface. Au printemps et en été, la banquise Antarctique se comporte 
comme un puits de CO2 atmosphérique compris entre 0.015 et 0.024 PgC qui 
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représente 6 à 9 de l’absorption annuelle de CO2 par l’O.A. au sud de 50°S (0.27 
PgC an-1). Toutefois, nous estimons que cette évaluation du puits de CO2 par la 
banquise est sous estimée du fait qu’elle ne tient pas en compte l’absorption par les 
communauté de surface. Les mesures de flux turbulent de CO2 air-glace de mer au 
dessus du slush – un mélange de neige fondante, de glace et d’eau de mer infiltrée – 
qui abrite d’abondantes communautés de surface, présente des valeurs 4 fois plus 
importantes qu’au dessus de la glace de mer nue. Dans l’ensemble, la glace de mer 
représente un puits de CO2 additionnel qui doit être pris en compte dans les budgets 
de flux de CO2 de l’O.A.. 
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1 Introduction 
 
 
 
 
 

The biological pump after Chisholm (2000) modified from Johnson 
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1.1 Chemistry of the carbonate system 

 
If the theory of di-acids as carbonic acid is learnt in high school, it is still worth to 

say that the chemistry of CO2 in seawater raises numerous subtleties that can be 
bewildering at first. Even the well-known notion of pH is intrinsically linked in 
seawater to the CO2 system but is ‘‘for many people, a confused and mysterious 
topic’’ (Dickson, 1993). Which modeller, biologist or student has not ever been a little 
confused by the four different pH scales used by marine chemists?  

 

1.1.1 Dissociation of the carbonic acid and equilibrium constants 

 
The carbonate system represents the different dissociated species encountered in 

seawater of the carbonic acid H2CO3. This di-acid is dissociated in several species: 
carbon dioxide (CO2), bicarbonate ( -

3HCO ) and carbonate ( -2
3CO ) whose 

concentrations depend on thermodynamical equilibriums which are related to salinity, 
temperature and pressure. 

In seawater the two electrically forms H2CO3 and aqueous carbon dioxide CO2(aq) 
are analytically indistinguishable and H2CO3 concentration is much lower than that of 
CO2 (aq). General use combines therefore these two species according to: 

 [ ] [ ] [ ]3222 COH(aq)COCO +=  (1) 

In standard seawater conditions CO2 dissociates according to: 

+−+− + →←+ →←+↔ 2HCOHHCOOH(aq)COCOH 2
3

K
3

K
2232

21  (2) 

 
where K1 and K2 are the thermodynamic equilibrium constants (first and second 

dissociation constants of the carbonate system): 

2

3HCOH
1K

COa

aa −+ ×
=   (3) 

and  

−

−+ ×
=

3

2
3

HCO

COH
2 a

aa
K  (4) 

expressed in terms of activities and are while CO2 refers to both CO2 (aq) and 
H2CO3 accordingly to (2). 

Since only the activity of H+ can be directly measured, and that for the other 
quantities it is only analytically possible to measure the total concentrations, 
empirically determined apparent equilibrium constants refer to molal concentrations 
rather than activities. They can be used for media with a constant, high ionic strength 
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such as seawater. These apparent equilibrium constants *
1K  and *

2K  are valid only 
for the pH scale, concentration scale and ionic strength for which they were 
determined (Millero, 1995): 

 

[ ]

+ -
3*

1
2

H × HCO
K =

CO

   
     (5) 

and  
+ 2-

3*
2 -

3

H × CO
K =

HCO

   
   

 
 

 (6) 

 
The condition of a constant high ionic strength is not followed when pH 

measurements in seawater (a high ionic strength media) are calibrated on the infinite 
dilution scale with U.S. National Bureau of Standard (NBS) standards produced with 
freshwater. Mixed equilibrium constants ( '

1K  and '
2K ) which contain both activities 

and molal concentrations are used on the NBS scale: 
 

[ ]
+

-
3H'

1
2

× HCO
K =

CO

a  
   (7) 

and 

+
2-
3H'

2 -
3

× CO
K =

HCO

a  
 

 
 

 (8) 

 
aH is operationally defined under the infinite dilution convention (e.g. (Skirrow and 

Whitfield, 1975; Dickson, 1984)). 
 
 

First and second apparent dissociation constants of the carbonic acid ( '
1K  and 

'
2K ) are given in mol kg-1 according to Mehrbach et al. (1973) refitted by Dickson and 

Millero (1987) on the total pH scale. 
 

2
(K)

(K)

*
1 S0.000116S0.0118)ln(T9.794462.008

T
3670.7pK ×+×−×+−=   (9) 
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and  

2

(K)

*
2 S0.000118S0.01847774

T
71394pK ×+×−+= ..  (10) 

in mol kg-1, and where T(K) is the absolute temperature (K) and S salinity. 
The apparent dissociation constants from Mehrbach et al. (1973) refitted by 

Dickson and Millero (1987) have been determined to be the optimal apparent 
dissociation constants for the carbonate system computations (Wanninkhof et al., 
1999; Lueker et al., 2000; Lee et al., 2000) among others sets from Hansson (1973) 
refitted by Dickson and Millero (1987), Peng et al. (1987), Goyet and Poisson (1989) 
and Roy et al. (1993). An alternative formulation of the dissociation constants from 
the Mehrbach et al. (1973) data set has been proposed by Lueker et al. (2000). 

 
On the NBS scale, the mixed dissociation constant are given according to 

Mehrbach et al. (1973) refitted by Millero (1979): 

S
T

34.020.0221)T45.0575ln(
T

14554.21290.9097)ln(K
(K)

(K)
(K)

'
1 ×










++−−=  (11) 

and 

S
T

92.650.9805)ln(T648533
T

11843.79207.6548)ln(K
(K)

(K)
(K)

'
2 ×










−+−−= .   (12) 

 
in mol kg-1, and where T(K) is the absolute temperature (K) and S salinity. 
 
Other relevant formulations are provided in the annexes: 

• 8.1.1.1 Alternative carbonic acid dissociation constants (page 295) 

• 8.1.1.2 Effect of pressure on carbonic acid dissociation constants (page 295) 

• 8.1.1.3 Dissociation constant of boric acid (page 296) 

• 8.1.1.4 Dissociation constant of HSO4
- (page 297) 
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1.1.2 Bjerrum plot 

 

The plot of logarithm of the concentrations of CO2, -
3HCO  and -2

3CO versus pH, the 
so-called Bjerrum plot, is represented on Figure 1.1-1. At equilibrium with the 
atmosphere (pCO2=370 ppm, pH=8.062), the concentration of CO2, -

3HCO  and 
-2

3CO accounts for, respectively, 0.9%, 93.8% and 5.3 % of the total pool of inorganic 
carbon, the so-called dissolved inorganic carbon (DIC, also denoted TCO2 and 
ΣCO2). In standard conditions, DIC is mainly present as -

3HCO . According to the 
Bjerrum plot, in standard seawater conditions the changes between the different 
species can be represented, in first approximation, by the equilibrium: 

OHCOCO2HCO 2
2
323 ++↔ −−  (13) 

This is a useful and easy representation of the dynamics of the carbonate system 
in the standard condition of seawater. 

 
While salinity, temperature and pressure allow to compute the dissociation 

constants, the complete computation of the speciation of the carbonate system 

pH (total scale)

2 4 6 8 10 12

Lo
g 

[c
on

ce
nt

ra
tio

n 
(m

ol
 k

g-1
)]

-10

-8

-6

-4

-2
CO2 HCO3

- CO3
2-

pH=8.062
pCO2= 370 ppm

Figure 1.1-1 : Bjerrum plot showing the changes of CO2, HCO3
- and CO3

2- in standard 
condition of Antarctic surface waters (T°=5°, salinity=34, P= 1 atm, DIC=2100 µmol kg-1). 
The horizontal dotted line corresponds to the equilibrium with the atmosphere. 
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requires to solve a system of 2 equations ((5) and (6) for example) with 4 unknowns. 
Two additional equations that do not introduce additional unknowns are required to 
solve the system, which are provided by a couple from the four parameters which 
can be analytically determined: pH, total alkalinity (TA), DIC and the partial pressure 
of CO2 (pCO2).  

 
DIC is generally expressed in µmol kg-1 of seawater: 

[ ] [ ] [ ]−− ++= 2
332 COHCOCODIC  (14) 

 

1.1.3 Partial pressure and fugacity of CO2  

The pCO2 of a seawater sample refers to the partial pressure of CO2 in the gas 
phase that is in equilibrium with that sample. The concentration of CO2 in seawater is 
given by Henry’s law:  

[ ] 202 pCOKCO ×=  (15) 

where K0 is the solubility coefficient of CO2 in seawater given after Weiss (1974): 

[ ]2
(K)(K)

(K)
(K)

0

)T0.010.0047036(T0.00023656-0.023517S

)Tln(0.013.35852
T
10093.4517-60.2409)ln(K

×+××+

××+×+=
 (16) 

in mol kg-1 atm -1 and T(K) and S denote the absolute temperature (K) and the 
salinity, respectively. 

 
Accordingly to Dalton’s law, the partial pressure of an ideal gas is defined as the 

pressure of a single ideal gas in the mixture as if that gas alone occupied the 
container. For real gases Dalton’s law is an approximation, and fugacity should be 
preferred. Fugacity is the pressure value needed at a given temperature to make the 
properties of a non-ideal gas satisfies the equation for an ideal gas, i.e.   

22 pCOfCO ×=ν  (17) 

where 2fCO  is the fugacity of CO2 and ν  is the fugacity coefficient. For an ideal 
gas ν =1 and 1→ν  in the limit of infinitely dilute mixture. The relationship between 
fugacity and partial pressure is analogous to the relationship between activity and 
concentration of ions in aqueous solutions. 

For CO2 ν  is given by : 










 +
×=

(K)RT
2Bpexp δν    (18) 

where p denotes the total pressure is given in Pa (1 atm=101325 Pa), B is the first 
virial coefficient of CO2 , δ is the cross virial coefficient, R is the ideal gas constant 
(R=8.314 J K-1 mol-1), T is the absolute temperature (K). 
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B (in m3 mol-1) is given by Weiss (1974): 

6
3
(K)

5

2
(K)

2
(K)

10.
T10.16528.3

T10.27957.3T0408.1275.1636
B −

−

−















×+

×−×+−
=   (19) 

and δ  (in m3 mol-1) is given by: 

( ) 6
(K) 10T1180757 −×−= ...δ   (20) 

pCO2 in seawater can be measured by equilibration in a dried air stream, and 
atmospheric pCO2 data are by convention expressed in dry air. This requires the 
conversion of pCO2 in dry air to pCO2 in wet air (saturated in water vapour): 

))OH(VP1(xpCOpCO 2airdryin2airwetin2 −=      (21) 

where VP(H2O) is the water vapour pressure in atm. 
DOE (1994) provides a very accurate but rather complex procedure to compute 

the water vapour pressure that for the purpose of the conversion and required 
accuracy can also be computed from the Weiss and Price (1980) relationship as 
recommended by Körtzinger et al. (2000) 

Sx000544.0)
100
T

ln(x8489.4)
T
100(x4509.674543.24))OH(VPln( )K(

)K(
2 −−−= (22) 

where VP(H2O) is the water vapour pressure in atm, T is the absolute temperature 
(K) and S salinity. 

 

1.1.4 pH scales 

The conventional definition of pH is given by: 
pH=-log[H+]  (23) 
This equation is not useful while studying seawater since free protons are not 

present in significant amounts in this media (Dickson, 1984) as protons are bounded 
to water molecules, forming H3O+ among other hydrates. Furthermore, protons are 
also complexed with other ions, mainly sulphate ions (SO4

2-) and fluroride ions (F-).  

Thereafter, it comes that the proton activity ( +Ha ) should be used instead of 
concentration: 

+= Ha a -logpH   (24) 

However, it is not always possible to determine experimentally activities, since the 
concentration of a single ion cannot vary independently since electroneutrality is 
required. Hence, as for most other chemical quantities in oceanography (salinity, 
carbonic acid dissociation constants,…), operational definitions of pH were proposed. 
Four operational definitions of pH in seawater are used. In some studies, the pH 
scale is not always clearly stated, yielding confusion. Furthermore, misuse of pH 
scales brings substantial errors in the computation of the speciation of the carbonate 
system. 
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NBS scale 
The first operational pH scale, the so-called NBS scale, was proposed by the U.S. 

National Bureau of Standards and aimed to give access to the proton activity: 

aNBS pH pH ≈  (25) 

This pH scale involves the use of the mixed carbonic dissociation constants ( '
1K  

and '
2K  ; (7) and (8)) which contain proton activity and the molal concentrations of 

the other species of the carbonate system and (Mehrbach et al., 1973).  
The reference state for pHa and pHNBS is a infinite dilute solution, i.e. as we dilute a 

solution, the distance between solutes increases and in the limit of infinite dilution, 
the solutes are infinitely far apart. The activity coefficient +Hν  approaches 1 – i.e. 
activity approaches concentration - when [H+] approaches zero in pure water. 

The NBS scale applies for low ionic strength solutions, and the corresponding 
standards (buffers) have a very low ionic strength. NBS buffers are inadequate for 
high ionic strength solutions like seawater while using combined electrodes, since in 
order to overcome the error due to the junction potential (a superimposed potential, 
proportional to the ionic strength, which cannot be determined analytically) it is 
required to use buffers of the same ionic strength of the samples. 

On the whole the use of NBS scale is not recommended for seawater 
measurements, but it is appropriate for pH measurements in fresh and brackish 
waters, in particular in estuarine systems (Frankignoulle and Borges, 2001a). 

Three other pH scale have been developed for seawater based on the use of 
buffers made from artificial seawater, that largely overcome the problem of the 
junction potential, since buffers and samples have similar ionic strengths and 
compositions. These pH scales imply the use of apparent dissociation constants ( *

1K  

and *
2K  ; (5) and (6)). The three scales differ in the way protonation encountered in 

seawater is accounted in the definition of the pH (Table 1-1) 
 

Table 1-1 : Definition of pH valid for seawater 

Free scale [ ]FF HlogpH +−=  (26)

Total Scale [ ] [ ]( )−+ +−= 4FT HSOHlogpH  (27)

Seawater scale [ ] [ ] [ ]( )HFHSOHlogpH 4FSWS ++−= −+  (28)
 
 
The free scale is probably the more intuitive as it only takes into account “free” 

protons. However, in seawater, protons interact with sulphate ions according to: 

−+− + →← 2
4

K
4 SOHHSO

*
S        (29) 

so that the “total” hydrogen ion concentration is: 
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[ ] [ ] [ ]−++ += 4TH HSOH F     (30) 

and only [H+]T can be determined analytically (Dickson, 1993). The use of the  

“free” sale requires therefore to know [ ]−4HSO  which is difficult to determine. 

 
Total Hydrogen ion scale 
The total hydrogen ion scale or total scale is probably the pH scale most widely 

used for pH measurements in seawater. This scale includes the effect of protonation 
by sulfate ions in its definition and therefore does not require the experimental 

determination of [ ]−4HSO . A useful set of buffer standards was proposed in artificial 
seawater containing sulphate ions (Dickson, 1993), whose assigned pH values was 
accurately determined on the “total scale” (Dickson, 1993; DelValls and Dickson, 
1998). Furthermore, a set of consistent apparent dissociation constants (Roy et al., 
1993) were accurately determined on this pH scale based on similar artificial sweater 
composition as the buffers proposed by Dickson (1993). 

Dissociation constants of sulfate ion is provided in the annexes (8.1.1.4) 
 
Seawater scale 
A more accurate pH scale takes into account the protonation with fluoride ions: 

−+ + →← FHHF
*
FK  (31) 

The total hydrogen ion concentration in this pH scale is therefore: 

[ ] [ ] [ ] [ ]HFH 4SWS ++= −++ HSOH F   (32) 

The difference between the total and the seawater scale lies is the fact whether 
the medium on which the scale is based contains fluoride or not. However, the 

difference between the two pH scales is small (typically 0.001) since [ ]−4HSO  is much 
larger than [ ]HF in seawater. A set of apparent dissociation constants consistent with 
this scale was determined by Goyet and Poisson (1989). 

 
Choice of pH scale and dissociation constants 
Conversion formulae between different pH scales, together with the conversion of 

acidity constants between different pH scales have been proposed (Dickson and 
Millero, 1987; Dickson, 1993). However, the best approach is to avoid such 
conversion and to use consistent sets of pH scale, buffers, and dissociation 
constants. In fresh and brackish waters, it is preferable to use the NBS pH scale 
(which require to use NBS buffers) and mixed dissociations constants of Merhabch et 
al (Mehrbach et al., 1973) refitted by Millero (1979). In seawater, it is preferable to 
use the “total” pH scale (using buffers proposed by (Dickson, 1993)) with apparent 
dissociation constants from Mehrbach et al. (1973) refitted by Dickson and Millero 
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(1987) since they have been estimated to be the optimal apparent dissociation 
constants for seawater (Wanninkhof et al., 1999; Lee et al., 2000). 

 

1.1.5 Total Alkalinity 

1.1.5.1 Definition of total alkalinity 

The currently accepted definition of total alkalinity (TA) was proposed by Dickson 
((Dickson, 1981; DOE, 1994)):  the number of moles of hydrogen ion equivalent to 
the excess of proton acceptors (bases formed from weak acids with a dissociation 
constant pK ≥4.5, at 25°C and zero ionic strength) over proton donors (acids with pK 
< 4.5) in one kilogram of sample. 

For seawater, such definition yields: 

[ ] [ ] [ ] [ ] [ ] [ ] [ ]
[ ] [ ] [ ] [ ] [ ] [ ]434F3

43
3
4

2
44

2
33

POHHFHSOHHSNH

SiOHPO2HPOOHB(OH)CO2HCOTA

−−−−++

++++++=

−+−

−−−−−−−

 (33) 

 
where [H+]F is the free concentration of protons.  
 
TA relates readily to the titration of seawater with a strong acid, usually HCl, in 

which the equivalence point is determined by following the decrease of pH. Total 
alkalinity is therefore sometimes referred as titration alkalinity. During this work, the 
equivalence point of was determined using the Gran function (Gran, 1952). The 
equivalence point of the titration generally occurs at around pH=4.3 and corresponds 
to the endpoint of the titration of the carbonic acid, as carbonic acid is the dominant 
weak acid-base system in seawater (Fig. 1.1-1). This leads to the consistent choice 
by Dickson (1981) of the pK value of 4.5 to distinguish proton donors and acceptors. 
The extended Bjerrum plot of the figure 1-2 provides an overview of the main acid-
base systems present in seawater and in addition gives an idea of their relative 
concentrations in the course of the titration. It can also be used to distinguish which 
compounds are accounted in TA, and are either considered as proton acceptors 
(bases formed from weak acids with pK ≥4.5 ) or proton donors (acids with pK < 4.5). 

 
According to figure 1-2, carbonic acid and boric acid (in addition to water itself) are 

the most important acid-base systems in seawater. A good approximation of TA, 
namely the practical alkalinity (PA) is therefore given by accounting only the 
contribution of carbonic acid, boric acid, and water. 

The contribution of carbonic acid is denoted as carbonate alkalinity (CA) which is a 
useful and simple approach of alkalinity: 
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[ ] [ ]−− += 2
33 CO2HCOCA  (34) 

The contribution of boric acid to PA, the borate alkalinity, is: 

Borate alkalinity = [ ]−4B(OH)  (35) 

It can be derived from the following equation: 

+− + →←+ HB(OH)  OHB(OH) 4
K

23
B  (36) 

where BK is the dissociation constant of boric acid that is a function of salinity and 
temperature. The concentration of total borate (Bt) is conservative and a function of 
salinity (Culkin, 1965). 

Figure 1-2 : Bjerrum plot with main acid-base systems present in standard seawater after 
Zeebe and Wolf-Gladrow {Zeebe & Wolf-Gladrow 2001 2044 /id/d} 
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[ ] [ ]−+= 43t B(OH) B(OH)B  (37) 

It comes: 

[ ] [ ] t

Bt
4

BH
K*B

B(OH) 
+

=
+

−  (38) 

This expression can be readily computed from temperature, pH and salinity. 
The contribution of water to PA can be expressed as: 

Water Alkalinity= [ ] [ ]FHOH +− −  

 
Hence the definition of the practical alkalinity (PA) can be expressed as: 

[ ] [ ] [ ] [ ] [ ]F4
2
33 HOHB(OH)CO2HCOPA +−−−− −+++=  (39) 

  
 

1.1.5.2 Conservation of total alkalinity 

As every solution, the principle of electroneutrality applies to seawater. Hence, it 
comes: 

[ ] [ ] [ ] [ ] [ ]
[ ] [ ] [ ] [ ] [ ] ( )[ ] [ ] 0=−−−−−−−−

+++++
−−−−−−−

+++++

...OHOHBCO2HCONOSO2Cl

H...KCa2Mg2Na

4
2
333

2
4

F
22

 (40) 

Seawater is a complex solution, and only the most abundant ions appear in this 
equation. If we place on the left part of the equation the strong cations and anions 
(completely dissociated and whose concentration is therefore not affected by pH), it 
comes: 

[ ] [ ] [ ] [ ] [ ] [ ] [ ]
[ ] [ ] ( )[ ] [ ] [ ] [ ] TAcompoundsminor/HOHOHBCO2HCO

...NOSO2Cl...KCa2Mg2Na

F4
2
33

3
2
4

22

=−+−+++=

−−−−++++
+−−−−

−−−++++
   (41) 

The left part of the equation gathers the ions originating from strong bases and 
acids. Hence, their relative concentrations do not depend on equilibrium constants, 
and they are not affected by pH, temperature, salinity or pressure. Indeed, the 
relative concentration of major ions in seawater is constant (Dittmar’s principle) and 
mainly depend on salinity. Their concentrations are in fact conservative, and the left 
member of the equation is therefore conservative. Corollary the right member, which 
represents the most important contribution to TA, and is very similar, neglecting the 
term ‘minor compounds’ to the definition of the Practical Alkalinity (PA), is also 
conservative. 

The conservative property of the TA is useful since it can be used as a water mass 
tracer in addition to salinity. This approach was used to investigate distribution of 
Barium in the Crozet Basin (Jacquet et al., 2002). 
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1.1.6 Buffer factor 

 
The response of the oceanic reservoir to increasing atmospheric carbon dioxide 

has three aspects: (1) the kinetics of the exchange processes of CO2 between 
atmosphere and ocean, (2) as well as within the water masses; and (3) the uptake 
capacity of seawater for additional CO2, a thermodynamic property. 

Item (1) that relates to air-sea exchange is discussed in section 1.1.8 while item 
(2) is discussed in the section 1.4.1. The other important factor controlling the uptake 
capacity of the oceanic reservoir (item 3) is the buffer factor, which relates the 
changes of pCO2 to the changes of the overall pool of inorganic carbon, namely DIC. 
The homogeneous Revelle factor was introduced by Sundquist and Plummer (1981):  

∆DIC
DIC

pCO
∆pCO

dln(DIC)
)dln(pCOβ

2

22 ×==    (42) 

It describes the change in pCO2 relative to the DIC change induced by an 
input/output of dissolved CO2. It results from equilibrium dissociation reactions of the 
carbonate system and is a function of several physico-chemical conditions, among 
them on the pCO2 itself.  
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Figure 1.1-4: Buffer factor of the carbonate system for increasing partial pressure of CO2 in 

the following conditions: salinity of 31.3, temperature of 10.0°C and TA of 2150 mmol kg-1. 
Glacial conditions correspond to the pCO2 of last glacial period (pCO2 = 180 ppmV), 'present' 
denotes the present pCO2 (pCO2 = 370 ppmV) and 'year 2001l' denotes the predicted pCO2 
accordingly to the Intergovernmental Panel on Climate Change ‘‘business as usual’’ scenario 
IS92a, after Delille et al. (2005) 

 
In the context of raising atmospheric pCO2 and consequently in the ocean, the 

buffer factor of the ocean increases with the increase of pCO2, which means that the 
capacity of the ocean to buffer the increase of atmospheric pCO2 will be reduced.  
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The evolution of the buffer factor from glacial to future atmospheric pCO2 values is 
given in the figure 1.1-4. 

β increases from 9.6 in the 'glacial' conditions (pCO2 = 180 ppmV) to 12.8 in the 
'present' conditions (pCO2= 370 ppmV) and to 16.6 in the 'year 2100' conditions 
(pCO2 = 700 ppmV, accordingly to the Intergovernmental Panel on Climate Change 
‘‘business as usual’’ scenario IS92a). For the same removal of CO2 by primary 
production, the corresponding decrease of pCO2 is 6 times higher in the 'year 2100' 
conditions (∆pCO2 = 116 ppmV for ∆DIC= 20 µmol kg-1 and β= 16.6 at pCO2 = 700 
ppmV, and DIC= 2000 µmol kg-1) than under the 'glacial' conditions (∆pCO2 = 20 
ppmV for ∆DIC= 20 µmol kg-1 and β= 9.6 at pCO2 = 180 ppmV and DIC= 1740 µmol 
kg-1). Hence, in the future CO2 rich world, other processes - temperature oscillations, 
upwelling of CO2 rich waters or precipitation of calcium carbonate (Frankignoulle et 
al., 1994) among others - will also contribute to the thermodynamic enhancement of 
the amplitude of pCO2 changes from daily to seasonal time-scales. In the same way, 
a higher spatial heterogeneity of pCO2 can be expected from local to global scales. 

 

β is also a useful tool for identifying the biogeochemical processes that mainly 
affect the inorganic carbon dynamics, such as primary production, calcification or 
water mass mixing. It can be obtained by plotting ln(pCO2) versus ln(DIC), and when 
dissolved CO2 is the only inorganic species involved in the carbon exchange (e.g. air-
sea exchange, primary production) or in other words when TA remains constant, β 
corresponds to the Revelle factor (Revelle and Suess, 1957) and its about 10 for 
average present day seawater conditions. However, β  also depends on other 
processes that modify the inorganic species involved in the CO2 system speciation. 
Thus, if organic matter production/respiration by organic metabolism has no effect on 
β, this value can decrease down to -7 under the influence of inorganic metabolism 
(e.g. uptake or release of bicarbonates and/or carbonates by calcifying organisms). 
When organic and inorganic carbon metabolisms occur simultaneously, one can use 
the relation β=-7.02+0.186×%Corg (Frankignoulle, 1994) where ×%Corg is the 
percentage of change in inorganic carbon concentration due to organic metabolism 
compared to inorganic carbon metabolism. 

Using this approach, Robertson et al. (1994) studied a coccolithophorid bloom in 
the North Atlantic, while Wanninkhof and Feely (1998) discussed the influence of 
aging water masses from the Atlantic to the South Indian and South Pacific Oceans. 
Furthermore, the homogeneous buffer factor may provide substantial help in 
understanding inorganic carbon dynamics even in coastal waters where complex and 
intense biogeochemical processes co-occur (Frankignoulle et al., 1996a; 
Frankignoulle et al., 1996b). 

1.1.7 Inorganic carbon dynamics 

1.1.7.1 Temperature changes 

By influencing both the solubility coefficient 0K and the speciation of the carbonate 

system through the dissociation constant 1K and 2K , temperature readily affects 
pCO2. This effect can be easily computed from the algorithms of Copin-Montégut 
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(1988,1989). These algorithms are used for corrections in pCO2 measurements, or to 
remove temperature effect on temporal/spatial changes of pCO2. 

It comes: 
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where t is the temperature (°C) and S the salinity.  
 

1.1.7.2 Salinity changes 

Evaporation/precipitation by concentrating/diluting DIC and TA, and through the 
changes on the equilibrium constants affects pCO2 and the speciation of the 
carbonate system. This effect can be enhanced in the marginal ice zone while sea 
ice growing/melting affects salinity of the water column, but this in sea ice itself that 
the effect of salinity have a tremendous effect on the inorganic carbon dynamics in 
line with the huge variations of salinity and the formations of brines. Effect of salinity 
changes on the carbonate system can be readily estimated since both TA and DIC 
are proportional to salinity. While discussing the relative effect of physical and 
biogeochemical processes n inorganic carbon dynamics, the effects of salinity 
changes can be “removed” through the use of DIC and TA normalized at a constant 
salinity (denoted as DIC35 and TA35, respectively) accordingly to: 

S
35DICDIC35 ×=   (46) 

and 

S
35TATA35 ×=    (47) 

where DIC and TA are given at the salinity S. 
In the present work, equations (46) and (47) were used for normalization 

purposes, although they assume a zero value for both DIC and TA in freshwater, 
which is un-realistic. This has lead to a more complex normalization procedure by 
Friis et al. (2003). However, this procedure can only be applied when DIC and TA are 
conservative, hence, when normalization is of little use. 

 

1.1.7.3 Water masses mixing 

Water masses mixing, advection, upwelling, vertical mixing significantly affect 
significantly pCO2 and the carbonate system speciation. They can be estimated from 
DIC and TA which are conservative through mixing processes (cf 1.1.5.2). 
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1.1.7.4 CO2 exchanges at the air-sea interface 

The effect of the CO2 exchanges at the air-sea interface on the pCO2 and 
speciation of the carbonate system generally does not appear clearly since it is a 
rather slow processes compared to immediate effects as temperature changes (cf 
1.1.7.1) or fast processes as CO2 fixation through biosynthesis (cf 1.1.7.6). They can 
be more obvious during autumn and winter, when the effects from the other 
processes on pCO2 are less marked. It can be assessed by iterations using k-wind 
relationships (cf 1.1.8.2) although prone to large uncertainties. 

 

1.1.7.5 Precipitation/dissolution of CaCO3  

Precipitation of calcium carbonate (CaCO3) in standard seawater conditions is 
described by: 

OHCOCaCO HCO2Ca 2233
2 ++→+ −+   (48) 

The precipitation of one mole of CaCO3 produces CO2 and decrease DIC by one 
mole and TA by two moles. Such precipitation can be biologically mediated by 
calcifying organisms like coccolithophores or occurs spontaneously, for instance 
within sea ice, as a result of large increases of CaCO3 saturation owing to salinity 
increase. 

Dissolution of CaCO3, in standard seawater conditions, corresponds to the reverse 
of equation (48). 

 

1.1.7.6 Photosynthesis/respiration 

According to the classical Redfield-Ketchum-Richards (RKR) reaction of 
biosynthesis (Redfield et al., 1963; Richards, 1965)  

( ) ( ) 2431631062

2
-

42
-

32
O 138POHNHOCH 

  OH 122  H 17 POH  NO 16 CO 106
+

→++++ +
  (49) 

one mole of H+ is consumed for each mole of NO3
- or H2PO4

-  consumed through 
biosynthesis, increasing TA by one mole. Thus, photosynthesis decreases DIC and 
pCO2 and increases TA (H+ consumption). Aerobic respiration involving a complete 
recycling of nitrogen in first instance corresponds to the reverse of the equation (49) 
and then increases DIC and pCO2 and decreases TA. 

Photosynthesis as predicted by the RKR equation involves the assimilation of 
nitrate. If the assimilation of +

4NH  occurs instead of assimilation of −
3NO , 

photosynthesis decreases TA (H+ production): 

OHHNHRNHOHR 224 ++−↔+− ++   (50) 

where R- represents organic matter. The equation (50) is the reverse equation to 
ammonification which then increases TA (H+ consumption): 



 1 – Introduction 25

++ +−↔++− 422 NHOHR OHHNHR  (51) 

Nitrification on the other hand decreases TA (H+ production) according to: 

 OHH2NOR2NH 2
-
324 ++−↔+ ++ O   (52) 

The complete recycling of nitrogen involves both ammonification and nitrification 
and leads to a net production of H+ and decrease of TA and eventually corresponds 
to the equation (49). 

 

1.1.7.7 Anoxic processes 

After the exhaustion of O2, organic matter decay by bacteria involves a series of 
anoxic reactions which occur depending of the availability of electron acceptors and 
the energy efficiency of the corresponding oxidation reactions. The following 
reactions are listed accordingly to their decreasing free enthalpy, the first equation 
having the highest free enthalpy and then occur preferentially. The term OCH2  
represents the organic matter. 

 
Denitrification: 

22232 2NO7H5CO4H4NOO5CH ++→++ +−    (53) 

 
Manganese (IV) reduction: 

++ ++→++ 2MnO3HCO4H2MnOOCH 2222   (54) 

 
Iron (III) reduction: 

++ ++→++ 2
22322 4FeO5HCO8HO2FeOCH  (55) 

 
Sulfatoreduction: 

SHO2H2CO2HSOO2CH 222
-2

42 ++→++ +  (56) 

 
Methanogenesis: 

422 CHCOO2CH +→  (57) 

 
With the exception of methanogenesis (57), all processes (53)-(56) consume H+

 
and therefore increase TA. These processes occur mainly in the sediments, and due 
to the much larger abundance in seawater of -2

4SO , sulphate-reduction is the main 
anaerobic diagenetic organic matter degradation pathway. In presence of O2, H2S is 
oxidized producing proton. Hence, a net flux of TA from the sediment to the water 
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column should not occur unless reduced sulfur is permanently trapped, namely as 
pyrite, which only significantly occurs in iron rich sediments which are not abundant. 
However, the acidification related to the production of protons from the oxidation of 
H2S in sub-oxic and oxic layers of the sediment can lead to the dissolution of CaCO3 
and a net TA production (e.g. Ku et al. (1999); Barrón et al. (2006)). 

 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 

Table 1-2. Main physical and biogeochemical processes and their interactions with pCO2 and 
the carbonate system. The quantitative examples of processes were chosen arbitrary. pCO2 
changes were computing for standard S.O. conditions (temperature of 5°C, salinity of 34, TA= 
2400, DIC= 2233.5) using CO2 speciation was calculated using the CO2sys.xls package 
(Pelletier et al., 1998) the CO2 acidity constants of  Mehrbach et al. (1973) refitted by Dickson 
and Millero (1987), the CO2 solubility coefficient of Weiss (1974), the SO4

2- dissociation 
constant of Dickson (1990a), the borate acidity constant of Dickson (1990b) while the total 
borate molality was calculated using the Uppström (1974) ratio to chlorinity. pCO2 changes 
related to water masses mixing involves mechanisms beyond the scope of the table. Last 
column provides the theoretical slope of the processes in DIC35 vs TA35 plots. 
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1.1.8 Air-sea exchange 

1.1.8.1 Theoretical considerations  

It is possible to determine nowadays the speciation of the carbonic system with a 
high accuracy, compared to the spatial and temporal variability. While studying CO2 
issues and related CO2 fluxes, generally the main uncertainties lie in the lack of pCO2 
data and poor assessment of CO2 fluxes. To overcome the under sampling issue, 
several solutions have been developed, from autonomous pCO2 measurements units 
deployed on buoys and moorings, to the increasing use of Volunteer Observing 
Ships (VOS), and the use of relationships between pCO2 and variables that can be 
derived from remote sensing (mainly chlorophyll a and sea surface temperature) to 
interpolate at larger temporal and spatial scales from satellite imagery. Even if the 
implementation of some of these solutions is hardly achievable in remote/ice covered 
areas as the Southern Ocean, it is worth noting that an increasing number of time-
series are available. Then, one of the main sources of uncertainty is the assessment 
of CO2 fluxes from the air-water CO2 concentration gradient measurement, i.e. the 
poor constrain of the gas transfer velocity of CO2. 

 
A good starting point to understand CO2 gas transfer velocity issues, is the mass 

transfer equation of molecular diffusion given by the Fick’s law: 

x
CDJ
∂
∂

−=  (58) 

where J (mol m-2 s-1) is the diffusion flux, D is molecular diffusion coefficient (m2 s-

1), 
x
C
∂
∂  is the concentration gradient of a given solute (mol m-2). 

If we consider the air-sea exchange of CO2, this equation written according to: 

)λCk(CF aw −=  (59) 

where F is the air-sea flux of CO2 (mol m-2 s-1), k is the gas transfer velocity (m s-1), 
Cw is the concentration of CO2 in the bulk of water near the interface (mol m-3, λ  is 
the dimensionless Ostwald solubility coefficient defined as the volume of gas (at T 
and P) dissolved per unit volume of solvent and Ca is the concentration of gas in the 
air phase near the interface. Indeed, aλC can be expressed as αPCO2 where α is the 
solubility coefficient (mol m-3 µatm-1) and PCO2 denotes conventionally the partial 
pressure of CO2 in air (while pCO2 denotes the partial pressure of CO2 in water). α 
corresponds to K0 of the equation (15) provided in unit of volume rather than in unit of 
mass. The flux can be written: 

)PCO(pCOαkF 22 −×=  (60) 

where k denotes the gas transfer velocity 
or 

)PCO(pCOKF 22 −=  (61) 
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where K denotes the gas exchange coefficient (Etcheto and Merlivat.L, 1988). 
Equations (60) and (61) hold true if fugacity is used instead of partial pressure. 

The main resistance of the transfer across the air-water interface for sparingly 
soluble gases such as CO2 lies in the water phase, through a micro-layer of water 
where the transfer depends on molecular diffusion (e.g. Liss and Slater (1974)). 
Under low turbulent conditions, the micro-layer thickens and the resistance to air-sea 
exchange increases, while under turbulent conditions, the micro-layer is eroded and 
the resistance to air-sea exchange decreases. Hence, k depends on water 
turbulence, which is introduced as the kinematic viscosity of water, through the 
Schmidt number. Schmidt number is dimesionless and describes the ratio of transfer 
coefficient for momentum and mass, i.e. the ratio of kinematic viscosity of water ν  
(m2 s-1), and the molecular diffusion coefficient D (m2 s-1) of a given gas in water: 

D
Sc ν

=    (62) 

The Schmidt number depends on the nature of the gas, salinity and temperature. 
For CO2, it ranges from 600 in freshwater to 660 in seawater at 20°C (e.g. 
(Wanninkhof, 1992)). A function to compute the Schmidt number at salinity of 35 from 
temperature is given by Wanninkhof (1992): 

32 0.043219T3.6276T125.62T2073.1Sc −+−=  (63) 

where T is temperature (°C) 
The concept of a resistive diffusive sub-layer provides the base for the models of 

gas transfer at water surfaces. If this layer is stretched or eroded in some way the 
result will be an increase of the gas flux, at least locally. Different models have been 
proposed which differ in the way in which turbulence produced outside the layer acts 
to erode it or to mix it altogether. The turbulence may be produced by interaction of 
water currents with the bottom, as in rivers and estuaries; by the breakdown of the 
wind-driven shear layer; by the rupture of the surface caused by breaking waves or 
the return of bubbles to the surface; or by the interaction of injected momentum from 
wave breaking into the relatively vorticity free environment beneath the waves. The 
choice of appropriate model depends on which of these agents for thinning or 
rupturing the diffusive sub-layer is considered to be dominant. How turbulence is 
taken into account is reflected in the way these models take the Schmidt number into 
account. Three general models have been proposed hitherto. 

 
Film model 
In the film model, air-sea exchange of gas is mainly limited by molecular diffusion 

through a stagnant layer or film water at the air-water interface with a constant 
thickness which depends on given circumstances (Whitman, 2006). The gas transfer 
velocity is therefore proportional to molecular diffusion: 

1ScDk −∝∝    (64) 

 
Boundary layer model for rigid and rough surfaces 
If the source of turbulence is the breakdown of the shear flow imposed by a 

tangential stress at the surface, turbulent diffusivity can be used. It relates mixing 
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length (linked to the distance from the boundary) and the local velocity gradient 
(shear) and leads to: 

 2/32/3 ScDk −∝∝  (65) 

 
Surface renewal models 
Surface renewal models, introduced by Higbie (1935) and Danckwert (2006) are 

based on the concept that turbulent eddies bring fluid from the bulk to the surface 
periodically and it is this “renewal rate”, r, that determines the rate of gas exchange 
rather than the thickness of the diffusive layer. The renewal events are assumed to 
occur randomly with a frequency and intensity that are related to the turbulence 
properties in the bulk or to the degree of wave breaking. 

In these models: 
0.50.5 ScDk −∝∝     (66) 

 
The film model is applicable to a limited number of cases. Boundary layer model 

appears to represent better air-sea gases exchange across smooth liquid interfaces, 
while for an interface with waves, surface renewal models are more reliable. 
However, it must keep in mind that the Schmidt number exponent (Sc-n) varies 
substantially with the transfer regime, tending to increase (becoming less negative) 
for more turbulent regime (Wanninkhof et al., 1993) and n ranges from 0.2 to 1 have 
been reported (Jähne and Haussecker, 1998; Jean-Baptiste and Poisson, 2000) 

Other factors not explicitly accounted in these conceptual models, also affect gas 
air-sea exchange (Fig.  1.1-5). 
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Figure 1.1-5. Processes influencing air-sea gas. 
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Surfactants 
Surfactants can affect air-water gas fluxes in several ways. At high concentrations, 

surfactants can act as a third medium, in which case an added boundary layer has to 
be taken into account, since gases will have to transfer through the water boundary 
layer, surfactant, and air boundary layer. The solubility of the gas in the, often 
heterogeneous, surfactant materials will affect the rate of transfer. This condition 
seldom occurs in open ocean waters. More often, the surfactant layer is not 
continuous or little more than a mono-molecular layer such that most of its effect is 
related to decreasing the gas transfer velocity rather than influencing the chemical 
gradient. Surfactants damp waves and decrease near-surface turbulence. This effect 
is pronounced even with slightly soluble surfactants and in cases where surfactant 
concentrations are less than required to create a mono-molecular surface. Most 
experimental investigations on surfactant effects have been carried out in laboratory 
conditions, and there is little at sea evidence of the applicability of the conclusions 
derived from these experiments. An elegant laboratory study of the effect of 
surfactants on k is provided by Frew (1997). Water was collected along a transect 
from Narragansett to Bermuda, covering coastal waters to open oceanic waters, and 
was studied for k in large tanks with variable and adjusted turbulent conditions (with 
stirrers). Significant decreases in k were linearly correlated to Chl a, dissolved 
organic carbon (DOC) and surfactant concentrations. However, during IronEX 2, 
chlorophyll a concentrations increased from 0.3 to 3.0 µg L-1 and a reduction of 60% 
in k would have been expected if the laboratory results of Frew (1997) were 
applicable to real oceans. However, k remained constant throughout the experiment 
as did wind speed (Nightingale et al., 2000a). Wanninkhof et al. (2004) report k 
values during SOFex that are consistent with previously published k-wind 
relationships. During the course of this experiment, a shift from low to high Chl a 
concentrations was also observed, without inducing a significant effect on k values. 

 
Chemical enhancement 
Chemical reactions of the gas in micro-layer can enhance air-sea gas exchange, 

especially under calm condition, since as the gas molecules react in the boundary 
layer, their concentration is affected and thereafter the concentration gradient across 
the interface. Such chemical enhancement depends on the gas, the chemical 
characteristics of the medium and the chemical reaction time relative to the diffusion 
time and thereafter to the turbulence conditions. For CO2, chemical enhancement is 
mainly ascribed to the first dissociation of CO2 acid into bicarbonates (2) and 
hydration with H2O. This may enhance the air-sea exchange of CO2 by 2 to 3% under 
low turbulent conditions (Liss and Slater, 1974; Wanninkhof, 1992; Wanninkhof and 
Knox, 1996). 

 
Breaking waves and bubbles 
k increases non-linearly with increasing wind speed and sea state (Fig.1.1-6) and 

part of this increase is likely to be related to breaking waves and the injection of 
bubbles. Wave breaking injects bubbles into the upper layer of the ocean. Ambient 
air is therefore injected below the interface where diffusion occurs between the gases 
in the bubble and those dissolved in adjacent water. Bubbles can surface (disrupting 
the micro-layer and enhancing turbulence) and release therefore their final content or 
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they can dissolve completely. Some attempts have been made to describe the gas 
transfer due to breaking waves and bubbles (e.g. Asher et al. (1996), Woolf (1997), 
Asher and Wanninkhof (1998), Woolf et al. (2006)), but there are limited data with 
which to test each model. 

 
Convective cooling 
 
Cole and Caraco (1998) show an enhancement of k at low wind speeds (<2 m s-1) 

in Lake Mirror that they attributed to convective cooling. Diurnal heat fluxes generate 
daytime surface ocean stratification and subsequent large nighttime buoyancy fluxes, 
leading to enhanced water turbulence, independently from wind stress. GasEx-2001 
in the equatorial Pacific shows that this process is also significant in open ocean 
waters under low wind speed conditions (McGillis et al., 2004). 

 
 
Water currents 
 
In streams, the interaction of the gravity flow and bottom topography generates, 

due to bottom shear, turbulence that is frequently considered to be the main factor 
controlling k of sparingly soluble gases, in these sheltered systems where wind is 
usually very low. This has led to various parameterizations of the gas transfer 
velocity as a function of water current and depth based on empirical or conceptual 
approaches, reviewed by Bansal (1973) and more recently by Melching et al. (1999) 
and Gualtieri et al. (2006). The frequently referenced conceptual relationship of 
O’Connor and Dobbins (1958) relates k to water currents and depth : 

k = 1.719w0.5h-0.5  (67) 
in cm h-1, where w is the water current in cm s-1 and h is the depth in m. 
This relationship has been shown to satisfactorily predict k at low wind speeds in 

estuarine environments based on measurements using the gradient flux technique 
and floating domes (respectively, Zappa et al. (2003); Borges et al. (2004a)). Borges 
et al. (2004b) showed that in the Scheldt estuary tidal currents can contribute up to 
30% to k besides wind stress. 

 
Rain 
 
The relationship between rain and k has been examined in a series of laboratory 

experiments, in both freshwater (Ho et al., 1997) and seawater (Ho et al., 2004). 
Recent field measurements in a tropical reservoir confirm the conclusions and 
parameterizations from these laboratory experiments (Guérin et al., 2006). Raindrops 
falling on the water surface can significantly enhance the rate of gas exchange 
across the air-water interface and k increases systematically with the kinetic energy 
flux to the water surface supplied by the raindrops. Additionally, raindrops entrain 
bubbles also enhancing gas exchange. However, rain-induced air-water gas 
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exchange is mainly caused by turbulence-driven exchange processes (Ho et al., 
2000). Recently laboratory experiments show that rain and wind combine linearly to 
influence air-water gas exchange (Ho et al., 2006). 

 
On the whole, wind speed is recognised as the main factor on k, as its intensity 

determines the model to be used, the relative importance of additional processes 
(chemical enhancement, the ability surfactants to form a mono-molecular surface) 
and drives some additional processes such as wave breaking and bubbles. Hence, 
numerous studies aimed to constrain air-sea exchanges as function of wind speed. 
Besides making some sense theoretically, such relationships are very useful since 
wind speed is a variable that is easily measured on ships, can be modelled from 
pressure fields or derived from radar backscatter satellite imagery. Other predictors 
of water turbulence and hence k such as significant wave height show the same 
among of scatter than k-wind relationships (e.g. Nightingale et al. (Nightingale et al., 
2000b)). 

 
 

1.1.8.2 Empirical gas transfer relationships 

Several methods have been used to estimate air-water gases exchanges, namely 
direct field measurement using the chamber method, eddy covariance, eddy 
accumulation methods, vertical gradient flux technique, gas mass balance in wind 
tunnels, assessment from natural and/or bomb produced 14C, carbon mass balance, 
222Rn deficiency method and deliberate tracers (sulphur hexafluoride (SF6) and 
tritium (3He)). 

 
We describe herewith some experiments which led to the most used k-wind 

relationships. It is worth noting that it is not the wind itself which drives gas 
exchanges across the interface, but wind-related effects on the interface - wind-
generated turbulence and bubbles injection among others-. A k-wind relationship 
constrains the interaction between wind and wind-related effects of importance for 
gas exchange, turbulence for instance. However, numerous factors affect these 
interactions, as, fetch, bottom depth, surfactants,…, so that a k-wind relationship is, 
strictly speaking, only valid in the conditions it has been established. As pointed out 
by Wanninkhof (1992) wave fields over the open ocean “grow” over distances of 
hundreds of kilometers off shore suggesting that surface turbulence over the ocean 
influencing gas transfer might be fetch dependent. If we consider a k-wind 
relationship established in the open ocean, it intrinsically constrains the effect of wind 
stress on waves in the area where it has been established, and such interaction 
depends on the fetch for instance. In a sheltered coastal area with limited fetch, the 
effect of wind on waves will be different from the open ocean area, and corollary the 
effect of wind on gas transfer will be different. The reliability of the open-ocean k-wind 
relationship is then questionable. The same applies for the effect on wind on 
turbulence and waves as a function of bottom depth, for instance. Besides, non wind-
dependent factors, thus hardly included in k-relationship, are of importance, like tidal 
currents in estuaries, stream currents in rivers, rain, occurrence of surfactants which 
depends in part of biological processes, etc. This explains in part  the reason why 
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different k-wind relationship exist, and underline that while choosing which k-wind 
relationship to be applied to compute air-water gas exchanges in an area, attention 
must be paid to use a relationship established in comparable conditions to this area, 
if possible. 

 
Liss and Merlivat (1986) relationship 
 
This relationship is derived from a deliberate tracer experiment with SF6 in a lake 

(Wanninkhof et al., 1985) for wind speeds up to 13 m s-1 and extended to higher wind 
speeds based on wind tunnel experiments (Broecker et al., 1978; Broecker and 
Siems, 1984). This relationship reflects some of the considerations of the models 
described  above (especially in the way Sc is taken into account) and distinguishes 
three regimes: a smooth surface regime (68), a rough surface regime, i.e. capillary 
waves (69)  and a breaking wave regime (70): 
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in cm h-1, where 600 is the Schmidt number in fresh water at 20°C and u10  
denotes wind speed at a height of 10 m (m s-1). Wind speed depends on the height 
and can be converted using the drag coefficient (e.g. Hwang (2005)). This 
relationship is probably an underestimate as noted by Wanninkhof (1992) since SF6-
derived measurements carried out in a lake are strongly effected by fetch limitation. 

 
 Wanninkhof (1992) relationship 
It is an elegant theoretical fit to the bomb derived 14C inventory at global scale 

(Broecker et al., 1985) and in the Red Sea (Cember, 1989). This quadratic 
relationship was favorably compared with dual tracer experiment (Wanninkhof and 
Thoning, 1993; Wanninkhof et al., 1997). Wanninkhof (1992) pointed out that k is not 
linear with wind speed. The variability of wind speed and its time scale are therefore 
important in calculating the gas transfer. He then proposed two relationships, one for 
short term (71) measurements of steady wind as provided by shipboard 
anemometers or remote sensing data and one to be used for long term (72) 
averages of wind speed. Both relationship are linked by the global ocean wind speed 
frequency distribution which can be approximated using the Rayleigh probability 
distribution function (Hennessey, 1977; Wentz et al., 1984): 
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in cm h-1, where 660 is the Schmidt number in seawater water at 20°C. 
 
 
Wanninkhof  and McGillis (1999) relationship 
This relationship is derived form a SF6 and 3He dual tracers experiment carried out 

in the North Atlantic that compared favorably with covariance measurements carried 
out during Gas Ex-98. A short-term (73) and a long-term (74) cubic relationship were 
proposed: 
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where 660 is the Schmidt number in seawater water at 20°C. 
 
Wanninkhof  and McGillis (1999) k-wind relationship was fitted to the data to 

constrain the global ocean inventory of bomb 14C of DIC given by Broecker et al. 
(1985). It has been claimed that the bomb radiocarbon ocean inventory of Broecker 
et al. (1985) is an over-estimate, hence the Wanninkhof (1992) and Wanninkhof  and 
McGillis (1999) parameterizations would over-estimate k (Hesshaimer et al., 1994; 
Peacock, 2004). 

 
Nightingale et al. (2000b) relationship 
This relationship is based on part on previous tracer experiments (Wanninkhof et 

al., 1993; Wanninkhof et al., 1997) and in particular revised Watson et al. (1991) SF6 
and 3H North Sea experiment plus additional experiments in the North Sea involving 
a third non-volatile tracer, the spores of the bacterium Bacillus globigii var. Niger. The 
following relationship was proposed: 
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Figure 1.1-6 Summary of short-term relationships between k660 and u10. Black solid line 

(LM86): Liss and Merlivat (1986)- eqs.(68)(69)(70), medium grey dashed line (N00): Nightingale 
et al (2000)-eq.(75), light grey solid line (W92): Wanninkhof (1992)-eq.(71), black dotted line 
(WM99): Wanninkhof and McGillis (1999)-eq.(73). 

 
It is worth noting that high wind speeds are regularly encountered in the Southern 

Ocean, while the different k-wind relationships greatly differ at high speed (Fig. 
1.1-6). This leads to significant differences of k660 values obtained with the 4 k-wind 
relationships, especially for wind speed above 15 m s-1. Indeed, there are very few 
measurements carried out at high wind speed which would allow to constrain k-wind 
relationships at high wind speed. In order to fill this gap, two experiments were 
carried out in the Southern Ocean area. The experiment of Jean-Baptiste and 
Poisson (2000), despite the remoteness of the site, conducted out a SF6 and 3H 
release experiment in the Lake Suisse of the Kerguelen Archipelago, which at some 
points is comparable with a natural wind tunnel which would be submitted to high 
wind stress. Their measurements agree with the experiment of Wanninkhof et al. 
(1993) while k-wind relationship from Liss and Merlivat (1986) underestimate k by 
40%. However, they also observed a large range (from 0.9 up to 0.2) of the Sc 
exponent and questioned the validity of the normalization method for kCO2 from gas 
transfer experiments based on dual tracers, especially in high-wind regimes. 
Wanninkhof et al. (2004) carried out some air-sea gas transfer measurements with 
dual deliberate tracers (SF6 and 3H) during the Southern Ocean Iron Fertilization 
experiment (SOFex) carried out in the Pacific sector of the Southern Ocean. Due to 
uncertainties in the measurements, it was difficult to definitely determine if a 
quadratic or cubic k-wind relationship was the best fit of their results, yet the cubic 
relationships tended to provide better results. On the whole, both experiments, lead 
us to conclude that both Wanninkhof (1992) and Wanninkhof and McGillis (1999) k-
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wind relationships should be used to derive CO2 fluxes from pCO2 measurements in 
the S.O. but it is worth noting that these issue deserves further investigations. 

 
 
 
 
 
 

1.2 The Southern Ocean 

A "barren" ocean full of paradoxes… 
 
For decades, the Southern Ocean was considered as a somewhat "barren" area, 

yet quite full of paradoxes. The persistence of high concentration of macronutrients 
(nitrate and phosphate) and relatively low chlorophyll a concentrations raised several 
long-lived intriguing questions. First striking feature, the low productivity of surface 
waters despite the persisting high concentration of macronutrients was most 
commonly referred as the "Antarctic Paradox", yet indeed this corresponds to High 
Nutrient-Low Chlorophyll (HNLC) definition. Corollary, this first paradox comes to a 
second one; primary production was, at first sight, insufficient to support the 
population of Southern Ocean grazers, including krill, copepods, microzooplancton, 
etc, ( whose biomass is high enough to provide enough food resources to the largest 
animal on earth, the blue whale). Finally, another striking feature was the 
discrepancy observed between the low rate of production of diatoms in the surface 
waters of the Southern Ocean, and the opal abundance in the sedimentary deposits 
in Antarctica, which was known as the "opal paradox". 

 
Improvement of measurement techniques allowed to resolve the two last 

paradoxes. New measurements of biogenic silica production rates, opal rain rates in 
the water column and opal sediment burial rates for the Indian Ocean sector of the 
Southern Ocean showed that the assumed opal paradox is a result of 
underestimated opal production rates and overestimated opal accumulation rates 
(Pondaven et al., 2000). Furthermore, up scaling of primary production derived from 
remote sensing yield to a significant increase in the estimate of primary production 
for the Southern Ocean consistent to grazer biomass (Arrigo et al., 1998). Work of 
Martin et al. (1990), was the beginning of an active research on the role of the iron as 
the limitating micronutrient of primary production of the HNLC waters of the southern 
ocean which make the notion of "Antarctic paradox" somewhat obsolete. 
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1.2.1 Ocean dynamic and zonation of the Southern Ocean 

1.2.1.1 General considerations 

Ocean dynamic has been described in details by Tomczac and Godfery (1994). 
Briefly, even if the S.O. is not strictly speaking recognized by the International 
Hydrographic Bureau which generally delimits sea and ocean with geographical 
criteria - boundaries are related to continent or referenced with regard to land 
positions -.  However, the S.O. connects three main ocean basins (Pacific, Atlantic 
and Indian) and its unique features are repeated in each basin; on this ground the 
Southern Ocean undoubtedly deserves its own name. Its most conventional definition 
is the region south of the Subtropical Front (STF). If we refer to ocean dynamics, a 
classical definition of this definition is the line where the tropical/temperate dynamics 
- a balance between three dynamic regions, the ocean interior, the surface boundary 
of Elkman Layer and the western boundary region – break downs. This occurs where 
the permanent thermocline reaches the surface, i.e. at the Subtropical Convergence. 
Its southern limit is marked by a frontal region of limited width known as the 
Subtropical Front (STF). It is worth noting the northern limit of the S.O. is not a well 
defined line, but a broad zone of transition between tropical/temperate and polar 
ocean dynamics. This limitation given, the surface are of the S.O. represents 
approximately 77 106 km², corresponding to 22% of the surface of the world ocean. It 
encompasses several seas, some of them being permanently ice covered: Ross Sea, 
the Bellingshausen Sea, the Scotia Sea and the Weddell Sea.  

Among its particular features, Tomczac and Godfery (1994) pointed out that the 
S.O. is the only region where the flow of water can continue all around the globe – 
the circumpolar flow - nearly unhindered and the circulation therefore comes closest 
to the situation in the atmosphere. Furthermore, the permanent thermocline reaches 
the surface in the Subtropical Convergence and does not extend into the polar 
regions. Indeed, temperature differences between the sea surface and the ocean 
floor close to the continent are below 1°C and generally do not exceed 5°C. In the 
same way, density variations with depth are small and the pressure gradient force is 
more evenly distributed over the water column. As a result, currents are not restricted 
to the upper few hundred meters of the ocean but extend to great depth. Observation 
in Drake Passage show mean current speeds of 0.01 – 0.04 m s-1 at 2500 m depth, 
or 10-30% of the speeds observed at the 500 m level. The Circumpolar Current has 
the largest mass transport of all ocean currents, as it moves a 2000 m thick layer of 
water with speed comparable to other surface currents.  

Taking into account that circumpolar current is present at all depth, the bottom 
topography (figure 1.2-1) has a much larger impact on the current and in the 
hydrology in general than in the any ocean. Garaboato et al. (2004) reported that 
turbulent mixing over rough topography in the Southern Ocean is remarkably intense 
and widespread. Mixing rates exceeding background values by a factor of 10 to 1000 
are common above complex bathymetry over a distance of 2000 to 3000 km at 
depths greater than 500 to 1000 m. Some interactions between sea floor topography 
and ocean dynamics (in particular frontal patterns) are discussed in the chapter 2.1.  
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Figure 1.2-1 Top - Main frontal systems encountered in the S.O. (from north to south). The 

fronts or the sea ice edge determine discriminate the different provinces of the S.O.. Bottom, 
S.O. frontal scheme based on salinity and temperature profiles after Belkin and Gordon (Belkin 
and Gordon, 1996). The Antarctic Zone (AZ) denotes the region south of the PF. Dashed lines 
show poorly defined frontal positions. Sometimes the PFR refers as a narrow band 
surrounding the PFZ (Moore and Abbott, 2002). 

Wind regime in the S.O. is largely dominated by a circumpolar belt of geostrophic 
winds dominated by frequent storms which start in the north and angle south-
eastwards to die near 65°S where the winds turn into easterlies. Close to the 



40 Inorganic carbon dynamics and air-ice-sea CO2 exchanges in the S.O. 

Antarctic continent wind direction is reversed from eastward to westward. Polar 
easterlies blows along the coast which drive the East Wind Drift, a narrow coastal 
current which flows westwards against the dominant eastward flowing Circumpolar 
Current.  

The combined effect of consistently large wind speeds with little variation in wind 
direction, and no land barriers lead to the build-up of a fully developed sea. The 
combination of infinite fetch around Antarctica and high average wind stress makes 
the Southern Ocean the region with the largest average wave height. 

 

1.2.1.2 Fronts and zonation of the Southern Ocean 

The Southern Ocean is characterized by a latitudinal succession of circumpolar 
frontal structures which delimit different zones. The Subtropical Convergence is of 
some 1000 km meridional extent and is the subduction region for Central Water. It 
corresponds to a narrow band around Antarctica where the salinity changes rapidly 
between 35.0 and 34.5 from north to south and temperature drops rapidly as well. Its 
Southern limit is the STF. This STF can split in two fronts the North Subtropical Front 
(NSTF) and South Subtropical Front (SSTF). The area between these two fronts is 
then called the Subtropical Zone (STZ). Southwards, two other frontal structures are 
encountered: the Subantarctic Front and the Polar Front. These frontal structures 
together with sea ice edge delimit several zones whose terminology is provided in the 
figure 1.2-1. Map of the front of this figure have been determined form salinity and 
temperature profiles. However remote sensing data allow a synoptic approach using 
distribution of sea surface temperature (Moore et al. (1999), chapter 2.1) or altimetry 
(Park and Gambéroni, 1995; Kostianoy et al., 2003).  

The figure 1.2-2 provides a hydrological section through the S.O.. It describes the 
different water masses and relates sharp gradients in temperature and salinity to 
frontal structures. It is worth noting that the ranges of values associated to the frontal 
structures vary in time and the fonts generally refer to the maximum of the horizontal 
gradient (chapter 2.1). Frontal structures also include meanders, convolutions and 
eddies of various sizes (section 2.2.5.1). They can merge (section 2.2.5.1) or split 
(chapter 2.1).  

The positions of the fronts present large longitudinal differences which are partly 
due to the interaction with bottom topography while, large shifts in the latitudinal 
positions occurs (chapter 2.1), probably in response to variations in the wind stress. 
How this variability in the atmospheric conditions translates into variability of the 
oceanic conditions is not known, but it can reasonably be argued that variations in 
the position of the Subtropical Front might be larger in regions of strong meridional 
shifts of the boundary between the Trades and the Westerlies than elsewhere. 
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Figure 1.2-2 Hydrological sections through the S.O. (summer conditions). Top: temperature 

section in the eastern Indian sector. The Polar Frontal Zone is indicated by the 3-9°C isotherms 
and the split into the Subantarctic (SAF) and Polar (PF) Fronts by the crowding of isotherms at 
the surface around 7-9°C and 5-6°C. The Subtropical Front (STF) is indicated by the crowding 
of isotherms near 13-15°C within the Subtropical Convergence (STC). From Ewdards and 
Emery (1982). Bottom: salinity section in the eastern Atlantic sector. Crowding of isohalines 
near 34.5 indicates the STF. The Antarctic Divergence (or Southern Antarctic Circumpolar 
Front – SSACF) is located poleward of the section; near 65°S its salinity maximum is found just 
below 150 m.upwelling of North Atlantic Deep Water (NADW) towards the divergence is 
indicated by the rise of the salinity maximum and sinking of Antartcic Intermdiate Water (AAIW) 
from the Polar Front by the associated salinity minimum. Based on Bainbridge (1980). From 
Tomczak & Godfrey  (1994) 

The zones delimited by the frontal structures are provided in the figure 1.2-2. Their 
surface area are provided in the table  1-3 

 

Zone Surface area (km²) 
SAZ and PFZ 3 106 

POOZ 14 106 

SIZ 16. 106 
WRR 0.9. 106 

Table 1-3. Surface area of the zones of the Southern Ocean. After (JGOFS Synthesis group, 
2001). 

1.2.1.3 Water masses and circulation 

The Antarctic Divergence or Southern Antarctic Circumpolar Current Front mark 
the southern limit of Circumpolar Current and is produced by upwelling of water in the 
transitional zone between Westerlies and Easterlies. It corresponds to a latitudinal 
salinity maximum. At the surface the maximum is masked by low salinity from high 
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precipitation and additional melting of ice, but it is clearly discernible below 150 m 
(figure 1.2-2, bottom). The upwelling is unique in that the water reaching the surface 
comes from great depths; in the Atlantic Ocean, it is lifted from between 2500 m and 
4000 m. The deep upwelling occurs for two reasons. Firstly, there is equatorward 
movement in the intermediate water (Antarctic Interemedate Water -AAIW) and 
above, and again in the bottom water (Antarctic Bottoma Water (AABW) below 
4000m m depth. Poleward movement must therefore occur in the intermediate depth 
range due to the mass conservation, and this water must be lifted to the surface 
somewhere, to replace the water which sinks to form the Intermediate and Bottom 
Waters. The general southward and upward movement of high salinity North Atlantic 
Deep Water from depths below 2000 m is reflected in the shape of the isohalines. A 
substantial portion of this water comes to within 200 m of the surface at the Antarctic 
Divergence where it warms the surface water, melting the sea ice and the snow that 
falls on it, and sinks again at the PF. By the time it is subducted it can no longer be 
recognized as Deep Water, having been warmed and diluted by rain and snow on its 
northward passage, and is then known as the low salinity Antarctic Intermediate 
Water. In the S.O. the effect of precipitation on sea surface salinity is augmented by 
the loss of salt from the surface in winter, as brine rejected by sea ice sinks to great 
depth, and the melting of ice in summer; this explains the low salinity of near-surface 
water in the Antarctic region. 

 
Figure 1.2-3 Interplay of strong zonal currents, meridional flow caused by deep convection, 

convergences and divergences, and water mass formation and spreading in the Southern 
Ocean. This is a long-lived block diagram adapted from Sverdrup et al. (1942). Names of the 
zones slightly differ with current accepted ones from the figure 1.2-1.  CWB: Coastal Water 
Boundary). 

 
Modification of properties in the vicinity of the fronts is particularly strong during 

winter when convection creates a deep surface layer with water of uniform 
temperature and salinity in a region of usually strong horizontal and vertical 
gradients. Water in such layers is often called Mode Water and the winter water in 
the SAZ referred to as Subantarctic Mode Water (SAMW). This water contributes to 
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the Central Water of the southern hemisphere. In some areas it is responsible for the 
formation of Antarctic Intermediate Water (AAIW). In the Antarctic zone, water at the 
surface has very low temperatures, ranging down to the freezing point of -1.9°C, and 
low salinities as a result of ice melting in summer. This water is called Antarctic 
Surface Water. In the Subantarctic zone, surface water has a larger temperature and 
salinity range since seasonal variations of solar heating, rainfall, and evaporation 
become more important. The temperature range of this Subantarctic Upper Water 
spans 4 - 10°C in winter and 4 - 14°C in summer, with a salinity varying between 33.9 
and 34.9 and reaching as low as 33.0 in summer as the ice melts. This produces a 
shallow surface layer of low salinity and an intermediate salinity maximum between 
150 m and 450 m depth. 

The transformation of North Atlantic Deep Water into Antarctic Intermediate Water 
occurs as a mixing process between the deeper waters and surface water at the 
Antarctic Divergence. South of Australia Intermediate Water consists of some 60% 
Subantarctic Upper Water and 40% Circumpolar Water. Antarctic Circumpolar Water 
is formed through the missing of NADW and Antarctic Bottom Water. 

 

1.2.1.4 Deep water formation 

Origin of Antarctic Bottom Water lies in deep convection at the continental shelf 
driven by the freezing of sea ice but its final properties are shaped during intense 
mixing with the water of the Circumpolar Current (Circumpolar Water) while sinking to 
the bottom. The areas where convective sinking occurs are believed to be relatively 

limited in size. With the exception of the Bransfield Strait, the sinking occurs 
underneath the ice (Weddell Sea, Ross Sea, and along the Adélie Coast and 
Enderby Land). When sea ice forms, it freezes freshwater and leaves most of the salt 
behind in the ocean water, resulting in an increase in salinity of the ocean water. Sea 
ice takes up only about 10~15% of the seawater salt. Above shelves, this can 
increase the density of the surface waters to the point where they flow off the shelf 
and into deep waters. The Antarctic Bottom Water (AABW) is the general name for 
the deep water formed over the continental shelf or in deeper water in the Antarctic.  

The Weddell Sea probably contributes most to Bottom Water formation. The water 
as it sinks underneath sea ice flows westward under the influence of the Coriolis 
force, forming a thin layer of extremely cold water above the continental slope. It 
mixes with the overlying water, which is recirculated with the large cyclonic eddy in 
the central Weddell Sea to form the Weddell Deep Water. 

Above the shelf surface waters freezes and forms either the Weddell Sea Winter 
Water or the Eastern Shelf Water, which subsequently flows either down the 
continental slope or southwards under the ice shelf. Under the Ice, this water melts 
the shelf ice, and due to the high pressure under the ice shelf, the water becomes 
fresher and supercooled, and forms Ice Shelf Water (ISW). ISW flows northwards 
again and its density becomes higher than the surrounding water. When the ISW 
descends along the continental margin it attains high velocity and consequently 
entrains ambient water, to form Weddell Sea Deep Water and Weddell Sea Bottom 
Water.  On reaching 65°S some of the water gets injected into the Circumpolar 
Current, where it continues to mix with the Circumpolar Water. The further path of 
Antarctic Bottom Water surrounds Antarctica and receives significant input from the 
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Adélie Shelf and the Ross Sea where cold and saline water is injected from the 
surface. Eventually, the water spreads from the Circumpolar Current (i.e. with the 
properties of Circumpolar Water) into all three oceans. Estimates of northward flow of 
Antarctic Bottom Water range from 2.5 to 5 Sv.  

 

1.2.2 The biological pump of the Southern Ocean. 

 
The biological pump is the suite of biologically-mediated processes that transform  

CO2 to biogenic carbon and transport it from the euphotic zone to the mesopelagic 
and bathypelagic regions, where long term circulation prevent the release to the 
atmosphere of the CO2 issued from remineralization, at the time scale of ocean 
overturning (about 1000 yr). In the euphotic layer, CO2 is taken up by 
photosynthesising organisms which require for their growth light, inorganic nutrients 
(phosphate, ammonium or/and nitrate, and dissolved silica) and inorganic 
micronutrients (like iron). Depending on the phytoplankton assemblages and 
associated food-web, the organic carbon fixed through photosynthesis is either 
released as CO2 in the mixed layer by microbial respiration or exported below the 
pycnocline as phytoplankton cells, plankton detritus or zooplankton faecal pellets. In 
the latter case, a larger fraction of carbon is retained within the ocean rather than 
released back to the atmosphere.  

The net uptake of carbon through the biological pump depends on: 
- light conditions, availability of macro- and micronutrients and top-down control 

by grazers, that set net primary production rates, ecosystem structure and 

sedimentation rates 

- mineralization of the exported carbon throughout its descent toward the ocean 

floor, mineralization in the sediments and final burial rate in the sediments.  

 
Nowadays, the crucial role of iron in fostering primary production in the HNLC 

Southern Ocean is well documented (section 1.2.2.2). Low concentrations of iron, a 
micronutrient involved in the fixation of nitrogen/nitrate by phytoplankton, hampers 
large primary production. In addition, light limitation, silicate limitation and grazing 
also control primary production and the succession of phytoplankton assemblages.  
This succession leads to changes in primary production rates, food web structure, 
sedimentation rates and overall organic carbon export, with an overall impact on the 
efficiency of the carbon pump. We review hereafter the contribution of primary and 
secondary producers to the carbon pump of the S.O. and the role of iron in the 
limitation of phytoplankton growth. Such review should not overcome the fact that the 
effficiency of the biological pump does not rely only on the overall primary production, 
but also on organic carbon export to the deep waters and mesotrophic processes. 
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1.2.2.1 Primary producers and their impact on the biological pump 

 
Microbial network and related regenerated production 
 
Pasquer et al. (2005) point out that there is a background plankton ecosystem of 

pico/nano phytoplankton, which recycles within the euphotic zone most of the 
available chemical elements (C, N, P, Fe), and acts as an efficient retention system 
(e.g. (2000)). Sedimentation rates of pico/nano phytoplankton are low, owing to their 
small size, and their abundance is limited by protozoans grazing pressure. As a 
consequence, pico/nano phytoplankton do not export much carbon. On the whole, 
such microbial network and related regenerated production regime do not export 
significant amount of organic carbon and constitute a low-efficiency biological pump. 
Microbial network regenerated production based ecosystems are ubiquitious and 
dominate in iron-poor and deep mixed areas like the POOZ. In such ecosystems the 
major form of nitrogen is ammonia which is easily utilised by the phytoplankton cells, 
as opposed to nitrate which must be reduced by the iron-rich enzymes nitrate- and 
nitrite reductase.  

 
Major phytoplankton groups of productive regions-New production 
 
When growth conditions including light, major macronutrients (N, P, Si) and 

micronutrients (Fe) concentrations are more favourable, intense blooms of generally 
larger-sized  phytoplanktoners which are able to use nitrate as the primary N source, 
provided sufficient iron availability. Such ecosystems result in new production. In 
favourable conditions, four main taxonomic groups are able to support significant C 
export: diatoms, Phaeocystis sp., N2-fixing diazotrophs, and coccolithophorids. 
diatoms, Phaeocystis sp account for most of the biological pump in the S.O.. They do 
not bloom together and are found in different biogeochemical zones of the S.O..  

 
Diatoms 
Diatoms account for about one third of the annual primary production in the global 

ocean (Nelson et al., 1995; Sarthou et al., 2005). In the S.O. diatoms are abundant 
and can represent at the peak of the bloom as much as 80% of the total 
phytoplankton biomass. However, the larger iron requirements of nitrate using 
diatoms place them at a competitive disadvantage with the smaller size classes of 
phytoplankton at low iron concentrations. Timmermans et al. (2006) reported that 
half-saturation constants (Km) for growth of 4 S.O. diatoms species were low (0.19–
1.14 nmol L-1 Fediss), and close to the ambient Fediss concentrations of 0.2 nmol L-1. 
However, the range in Km varied with the size of diatom, being larger for large 
species. Hence iron concentration affects diatoms assemblages, low concentration 
hampering the growth of the large species. 

At the end of the bloom, large diatoms usually sink massively. Along the melt-
water regions of the Antarctic Peninsula, biomass of diatoms can be 10 to100-fold 
higher than those of average oceanic regions, being the main food for the abundant 
larval forms of the krill Euphausia superba (Capella et al., 1992; Nelson et al., 1995). 
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On the whole, diatoms blooms are an efficient pathway for biologically-mediated CO2 
sequestration, owing to their high sedimentation rates or the grazing by large 
zooplankton. 

 
Phaeocystis 
Although characterized by a complex life cycle involving free flagellated cells, the 

most striking feature of Phaeocystis sp. blooms is the occurrence of large (100 –1000 
µm) colonies. These are composed of mucus-like polysaccharides, which form TEP, 
that may potentialyl lead to particule aggregation at the end of the bloom (Hong et al., 
1997; Engel et al., 2004b; Schoemann et al., 2005). Such aggregates significantly 
enhance sedimentation of organic carbon (Passow, 1991). Within wind-driven, 
nutrient-rich surface mixed layers (SML) of 80 m depth of the Southern Ocean, 
pelagic light-adapted phytoplankton as diatoms require meltwater-induced stability of 
the water column to provide sufficient light for initiation of their spring- summer 
blooms in coastal waters. Populations of Phaeocystis antarctica, a shade-adapted 
colonial prymnesiophyte, may dominate in the more deeply mixed waters because of 
their ability to maintain near-maximal photosynthetic rates at much lower irradiance 
levels than diatoms as proposed by Arrigo et al. (1999). P. antarctica bloom first in 
spring within coastal Antarctic waters (Perrin et al., 1987; Moline et al., 1997) 
succeeded by the other major functional groups of diatoms and cryptophytes 
(Smetacek et al., 1990; Jacques and Panouse, 1991) as sea ice melting drives 
enhanced stratification. DiTullio et al. (2000) reported the early and rapid carbon 
export of P. antarctica blooms to deep water and sediments of the Ross Sea, and 
suggest that senescence may not be a prerequisite for P. antarctica carbon export.  
By comparing C:P ratio of diatoms and P. Antarctica, Arrigo et al. (1999) suggested 
that P. antarctica can be potentially more efficient than diatoms in fixing atmospheric 
CO2. These authors also pointed out that predicted enhanced upper ocean 
stratification (in response to an increase of temperature) may favour light-adapted 
diatoms and then reduce the ability of the ecosystem to absorb CO2. However, Walsh 
et al.  (2001) pointed out that the decrease of sea ice extent could lead to deeper 
surface mixed layers. This should drive a shift of the food web, from diatoms grazed 
by euphausiids to smaller shade-adapted flagellates consumed by salps.  

 
Diazotrophs  
Diazotrophs such as the colony-forming cyanobacteria Trichodesmium sp. play an 

unique role in the nitrogen global cycle due to their ability to fix atmospheric N2. 
Cyanobacteria known as “nitrogen fixers” accomplish this energetically-expensive 
process to produce biologically available nitrogen to meet their N requirements. This 
newly “fixed” nitrogen makes its way through the microbial network into other 
organisms and the environment (LaRoche and Breitbarth, 2005). Nitrogen fixation 
provides a source of new nitrogen from the atmosphere rather than from the deep 
ocean and enhances new production and fixation of atmospheric CO2. However, 
growth of Trichodesmium sp. is iron limited (Rueter, 1988; Rueter et al., 1990; 
Berman-Frank et al., 2001) as nitrogen fixation relies on the nitrogenase enzyme, 
which contains iron. Temperature also controls the growth of cyanobacteria is the 
temperature has reported by (Murphy and Haugen, 1985). 
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Coccolithophore 
The production of CO2 through calcification is superimposed to the uptake of CO2 

by photosynthesis by coccolithophores but these organisms generally lead to net sink 
of CO2. Blooms of Emiliania huxleyi may be more efficient carbon sinks than other 
phytoplankton blooms, as a result of the higher sedimentation of coccolithophore 
cells and zooplankton feacal pellets, due to the high density of calcite (Buitenhuis et 
al., 2001). This is supported by sediment trap data below 1000 m which show that 
ballast minerals, and in particular CaCO3, drive the sinking of organic carbon to the 
bathypelagic zone (Armstrong et al., 2001; Klaas and Archer, 2002). Besides the 
ballast effect, C export by coccolithophores is favoured by production of TEP (Engel 
et al., 2004a; Delille et al., 2005). However, even if coccolithophores have been 
observed in the Weddell Sea as a consequence of oceanic transport from Agulhas 
Current (Winter et al., 1999), blooms of these organisms are concentrated in sub-
polar and temperate latitudes (Iglesias-Rodriguez et al. 2002, chapter 2.2). The S.O. 
south of the polar front is the only major oceanic regions with the high Arctic Ocean 
where coccolithophores are very rare or absent (Davidson and Marchant, 1992). 
Coccolithophores develop preferentially in highly stratified water, due to high light 
requirement (Dower and Lucas, 1993), while open Southern Ocean waters are 
characterized by very deep mixed layers. Furthermore, coccolithophores are 
sensitive to micronutrients limitation, in particular iron and zinc (Schulz et al., 2004; 
Xu et al., 2005). Conversely, it should be noted that the inventory of particulate 
inorganic carbon (PIC) inferred from remote sensing (Brown and Yoder, 1994; Balch 
et al., 2005) exhibits huge amounts of PIC in the whole S.O. during the phytoplankton 
blooming season. Hence, the abundance of calcifying organisms in the S.O. certainly 
deserves further investigation. 

 

1.2.2.2 High nutrients - low chlorophyll, the role of iron 

 
“Give me a half tanker of iron, and I will give you an ice age.” John H. Martin 
 
In the 1930s, Joseph Hart speculated that HNLC areas might be due to an iron 

deficiency. Some decades later, J.H. Martin investigated the presence of iron in 
plankton and highlighted that the concentration of iron in the oceans was 
overestimated due to analytical flaws (mainly contamination). By developing and 
applying clean trace metal analytical techniques, J.H. Martin and co-workers 
evidenced that metal concentrations in the ocean were orders of magnitude lower 
than previously thought that in the HNLC regions iron concentration was exceedingly 
low or non-existent. They then hypothesised that iron acts as a micronutrient for 
phytoplankton production, and therefore the lack of iron was the sole cause for such 
low phytoplankton levels in HNLC waters. J.H. Martin tested this hypothesis in the 
late eighties in the north-east Pacific subarctic waters and showed that iron 
enrichment strongly stimulates phytoplankton growth (1988). He also tested this 
hypothesis in the Drake Passage, and claimed that iron levels could in part be 
responsible for past glacial periods (Martin et al., 1990; Martin, 1990). The impact of 
trace metals on phytoplankton growth was also investigated in the Weddell Sea 
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(DeBaar et al., 1990; Buma et al., 1991) that lead an intense research effort on iron 
fertilization issues in the Southern Ocean (Boyd et al., 2000; De Baar et al., 2005). 

 
The assimilation of nitrate by microalgae is mediated by a group of enzymes called 

assimilatory reductases, which come in both nitrite- and nitrate-reducing varieties. 
Butler (1998) pointed out that many essential life processes, besides nitrogen 
fixation, such as photosynthesis, respiration, proteolysis, and the enzymatic 
equilibration of carbon dioxide and bicarbonate involve multi-electron transformations 
or hydrolytic transformations. The essential steps in all of these processes are 
catalyzed by metalloenzymes which contain iron and other transition metals.  

Iron-enrichment experiments (both shipboard and in situ) and survey of naturally 
iron-enriched regions suggest that iron fosters large class of phytoplankton (DeBaar 
et al., 1990; Martin et al., 1990; Buma et al., 1991; Boyd and Abraham, 2001)  mainly 
chain diatoms (de Baar et al., 1995; De Baar et al., 2005; Lancelot et al., 2006). 
However, nanoplankton or picoplankton such as Trichodesmium can be also be iron 
limited (section 1.2.2.1). 

Since the first in situ iron fertilization experiment IronEx-1 (Iron Experiment -1)  -
(Martin et al., 1994; Coale et al., 1996a; Coale et al., 1996b) nine other have been 
conducted so far. All these experiments have shown a strong stimulation of primary 
production by iron addition. However, the impact on the carbon pump does not only 
rely on enhanced primary production. The comparison of the nine experiment by de 
Baar et al. (2005)  shows that the efficiency of iron fertilization in terms of CO2 uptake 
is inversely correlated with the depth of the mixed layer that controls the light 
availability for phytoplankton growth. In addition to light conditions, temperature and 
grazing affect the overall primary production in the mixed layer. Even if large diatoms, 
which are generally associated to strong downwards fluxes of biogenic matter, 
benefit from iron addition, the efficiency of iron addition in terms of export of organic 
carbon remains to be firmly proven (De Baar et al., 2005). For instance, during the 
Southern Ocean Iron Enrichment Experiment (SOIREE) (Boyd et al., 2000), there was 
no significant increase in the vertical export flux of biogenic particules (Charette and 
Buesseler, 2000; Trull and Armand, 2001; Nodder and Waite, 2001) while during 
Southern Ocean Iron Experiment (SOFeX), Buesseler et al. (2004) reported carbon 
fluxes similar in magnitude to those of natural occurring blooms in the Southern 
Ocean. 

Recently, Dehairs et al. (2006) observed on cultures of Phaeocystis antarctica 
(Haptophyceae) and Thalassiosira gravida (diatoms), two widespread phytoplankton 
species of the Southern Ocean, that there was no effect of iron enrichment on the 
saturating light intensity. This underlines that light limitation remains a crucial factor 
for phytoplankton growth even in iron-replete areas, as also suggested by de Baar et 
al. (2005). In contrast, iron addition affects the morphological forms, enhancing the 
presence of the colonial form compared to the free-living cells for P. antarctica, and 
increasing the occurrence of long chains of diatoms versus free living cells for 
Thalassiosira gravida. This is relevant for the efficiency of the biological carbon pump 
since the morphological forms of primary producers determines its fate and cycling in 
the planktonic food web. Free-living cells lead to carbon retention within the microbial 
food-web. Larger structures (colonies or chains) also participate in the microbial food 
web by liberating single cells, or lead to C export through aggregates. On the whole, 
higher sedimentation rates were measured under iron enriched condition. 
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It has also been suggested that iron could be a limiting factor for bacterial growth 
in the S.O. (Tortell et al., 1996). Dehairs et al. (2006) pointed out that the extent to 
which iron regulates bacterial dynamics in the HNLC areas remains unresolved. They 
observed in cultures that the bacterial activitiesare not directly enhanced by iron 
addition, but rather by the improved quality of the phytoplankton-derived organic 
matter.  

Iron is not the only limiting micro-nutrient of phytoplankton growth. For instance, 
Peers et al. (2005) suggest that Cu may be an important micronutrient for 
phytoplankton growth in low iron regions because of its role in iron acquisition. 
Phytoplankton growth can be co-limitated by iron and light (Armstrong, 1999; Boyd et 
al., 2000; Boyd et al., 2001) . Silicic acid has also been suggested to be a limiting 
nutrient, but some experiments have shown that iron is the primary nutrient limiting 
phytoplankton over much of the Subantarctic Southern Ocean (Sedwick et al., 1999; 
Boyd et al., 2001). Silicic acid nevertheless plays an important role in structuring 
phytoplankton natural assemblages (Hutchins et al., 2001).  

 

1.2.2.3 Primary production of the Southern Ocean waters 

 
Table 1-4 provides an overview of the estimates of annual primary production in 

the Southern Ocean. Annual primary production (south of 50°S) scaled from satellite 
data and simulated by models ranges from 2900 Tg C yr-1 to 4414 Tg C yr-1. Primary 
production peaks in December to reach 816 Tg C yr. However, such assessments do 
not account for the productive area located north of 50°S (mainly PFR).  

A less restrictive definition of the extent of the Southern Ocean can lead to much 
higher primary production estimates. The estimate of primary production in the 30°S-
50°S band from Moore and Abbott (2000) is 5-fold higher than the one south of 50°S. 
Smith and Gordon (1997) pointed out the hyper-productivity of the Ross Sea with 
maximum measured rates of primary production exceeding 6 g C m-2 d-1 in the Ross 
Sea polynya. In the same way, Arrigo et al. (1998) computed that the Ross Sea 
contributes for 28% of the annual production of the S.O. south of 50°S. However, this 
estimate was challenged by Moore & Abbott (2000), these authors considered a 
larger northwards extent of the S.O. and pointed out that the northern regions like the 
STFZ are highly productive.  

Antarctic sea ice is also characterized by high rates of primary production, and its 
integrated primary production ranges from 36 TgC yr-1 to 70 TgC yr-1. This 
corresponds to about 10%-28% of the annual primary production of ice covered 
regions and 1%-2% of the whole Southern Ocean south of 50°S. In the same way, 
the MIZ exhibits markedly higher primary production rates than the POOZ, but its 
relative contribution to the primary production of the Southern Ocean is relatively 
small, owing to its size. 
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Region Net primary 
production 

(gC m-2 yr-1 ) 

Integrated 
primary 

production 

(TgC yr-1) 

Zone References 

PFZ 73.2 385 All (Moore and Abbott, 2000) 

PPOZ  2942 All (Arrigo et al., 1998) 

POOZ 58.5 509 All (Moore and Abbott, 2000) 

POOZ 

(Coastal) 

45-290  South Orkney 
Islands 

(Horne et al., 1969) 

(Whitaker, 1982) 

(Clarke and Leakey, 1996) 

Coastal (POOZ 
& SIZ & WRR) 

 80 

 

All (Arrigo et al., 1998) 

PPOZ/SIZ 10-175 

 

 Bransfield 
Strait 

(von Bodungen, 1986; Holm-
Hansen and Mitchell, 1991; 

Wefer and Fisher, 1991) 

POOZ/SIZ 25-65 

 

 Between 
South 

Shetlands 
and 

Peninsula 

(El-Sayed and Taguchi, 
1981; von Brockel, 1985) 

(von Bodungen et al., 1988) 

MIZ  422 All (Arrigo et al., 1998) 

MIZ 54.2 96 All (Moore and Abbott, 2000) 

MIZ  180 All (Legendre et al., 1992) 

Under-Ice  44 All (Legendre et al., 1992) 

WRR  55 All (Moore and Abbott, 2000) 

Sea ice cover  63-70 All (Legendre et al., 1992) 

Sea ice cover  36 All (Arrigo et al., 1997) 

Open Ocean 10   (El-Sayed and Turner, 1977; 
Holm-Hansen et al., 1977) 

Open Ocean 

 

 11270 30-50°S 
band 

(Moore and Abbott, 2000) 

Whole S.0.    4414 South of 
50°S 

(Arrigo et al., 1998) 

Open Ocean 
south of 50°S 

62.4 2900 South of 
50°S 

(Moore and Abbott, 2000) 

Whole S.O. 
south of 30°S 

131 14170 South of 
30°S 

(Moore and Abbott, 2000) 

Table 1-4. Annual primary production from nutrient budgets, sediment trap estimates 14C 
measurements (Horne et al., 1969; El-Sayed and Turner, 1977; Holm-Hansen et al., 1977; 
Whitaker, 1982; von Bodungen, 1986; Clarke and Leakey, 1996), Sea-viewing Wide Field-of-view 
Sensor (SEAWIFS) data (Arrigo et al., 1998), sea ice model outputs (Arrigo et al., 1997) and 
vertically generalized production model (VGPM) constrained by remote sensing outputs (Moore 
and Abbott, 2000). 
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 Csat (mg m-3) 
Oligotrophic ≤0.1 
Mesotrophic 0.1≥ and <1.0 

Eutrophic ≥1.0 
Table 1-5 : Classification of waters based on satellite derived pigment concentrations (Csat) 

according to Antoine et al. (Antoine et al., 1996) and Berenfeld and Falkowski (Behrenfeld and 
Falkowski, 1997) 

Considering the classification of table 1-5, Arrigo et al. (1998) estimated that less 
than 0.1 % of the Southern Ocean waters can be classified as oligotrophic, and that 
primary production occurs mostly in mesotrophic waters (68% of the total), while 32% 
occurs in eutrophic waters.  

 

 

1.2.2.4 Secondary producers and their impact on the biological pump. 

 
As pointed out in section 1.2.2.1, when light or iron availability limits algal growth 

which, in many areas may be for most of the year, the Southern Ocean is dominated 
by the microbial network in winter and the microbial food web in summer. In winter 
heterotrophic bacteria are grazed by flagellates, which are in turn prey to ciliates. 
Flagellated and ciliates release dissolved organic matter which is used by bacteria. In 
summer, small pico/nano phytoplankton are grazed by protozoan, nano-flagelates 
and micro-zooplankton. In such microbial food webs, much of the grazed material is 
retained and recycled in the upper mixed layer, and not vertically exported.  

The key secondary producers in the Southern Ocean are large microphagous 
zooplankton (salps, krill and some large copepods) (Le Fevre et al., 1998; Voronina, 
1998). They are of crucial importance in regulating the efficiency of the biological 
pump, especially in large areas of the Southern Ocean where the microbial network 
predominates. They provide an efficient pathway to organic carbon export as they 
ingest microbial-size particles and repackage small, non-sinking particles into both 
metazoan biomass and large, rapidly sinking faeces. In the wide areas, where the 
microbial network predominates, large zooplankton that are omnivorous or able to 
ingest small particles have a competitive advantage over herbivorous zooplankton. 
Krill efficiently transfer carbon to apex predators while their faecal pellets are 
vertically exported during transient spring sedimentation events (von Bodungen et al., 
1987; Bathmann et al., 1991). The exoskeletons of krill are relatively fast-sinking, 
while the contribution of their faecal pellets to downwards biogenic flux depends on 
size, packing index and diet. Less documented, salps prefer warmer waters than krill 
(Foxton, 1966; Le Fevre et al., 1998; Nicol, 2000; Pakhomov et al., 2002), and 
oceanic regions with lower food concentrations than krill (Le Fevre et al., 1998; 
Pakhomov et al., 2002) . Salps therefore tend to occupy the extensive lower-
productivity regions of the Southern Ocean. Salps may be a significant direct link 
towards some fish and indirectly to other apex predators. At some locations, 
especially in offshore waters, they may account for most of the downward flux of 
biogenic carbon (Huntley et al., 1989; Le Fevre et al., 1998) owing to their ability to 
rapidly multiply in response to sudden increase of phytoplankton productivity, and to 
the sinking rate of their large and dense faecal pellets that are both resistant to 
bacterial degradation and are among the fastest-sinking of all zooplankters (Fortier et 
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al., 1994). Unregulated filtration of all particles entering the branchial cavity of salps, 
makes them prone to fatal clogging at high particles and phytoplankton abundance, 
and probably restricts them to oligotrophic offshore waters. 

Finally, large copepods are a trophic link towards fish and their grazing activity 
generally impedes the vertical export of organic particles.  Copepods contribute to 
the termination of phytoplankton blooms, but are relatively poor contributors to the 
downwards organic matter flux (Bathmann et al., 1987; Lampitt et al., 1990; Ayukai 
and Hattori, 1992), due to the generally low sinking rate of their faecal pellets. 
Furthermore, copepods can ingest their own faecal pellets and mechanically break 
them into smaller-slower-sinking particles. 

On the whole, biogenic carbon is channelled mainly towards apex predators and 
episodically into the deep ocean. Without these original interactions, Antarctic waters 
might be dominated by microbial components and recycling processes instead of 
active export of carbon produced by small phytoplankton towards the meso- and 
bathypelagic zones or apex predators (Le Fevre et al., 1998).  

 
 

1.2.2.5 A simple tentative schematic of the carbon pump in the Southern Ocean 

 
Using the ability of the ecological model SWAMCO to take into account complex 

interplay ranging from physical conditions to limitation of phytoplankton growth by 
micro-nutrients and grazing pressure, Lancelot et al. (Lancelot et al., 2000)  pointed 
out that limitation by a single factor can be invoked in the Southern Ocean. These 
authors also pointed out that the impact of physical condition and availability of 
micro-nutrients on the natural assemblages and their repercussions on the biological 
pump. We propose a tentative conceptual frame of the carbon pump in the Southern 
Ocean which aim to present a simplified overview showing how light conditions, and 
silicate and iron concentrations impact phytoplankton assemblages, subsequently 
zooplankton assemblages, and finally carbon export. The aim of this tentative 
schematic is to be as simple as possible, and we recognize that the system is more 
complex, and is characterized by both spatial and temporal variability. We present 
only light, silicate and iron concentrations as bottom-up controls since strong control 
by micro-nutrient is a peculiarity of the Southern Ocean. But this should not 
overshadow the fact that other more conventional factors such as temperature also 
control the distribution of phytoplankton (e.g; chapter 2.2). Furthermore, processes in 
the mesopelagic realm that strongly impact the efficiency of the biological pump were 
ignored in this conceptual frame. Finnaly, the distribution of the primary producers or 
second producers with repect to export efficiency is still prone to significant 
uncertainties and need better constrains, through modelling experiment for instance. 

The Southern Ocean is a so-called HNCL zone where the concentrations of 
inorganic macronutrients (nitrate and phosphate) are relatively high and, generally, 
are not a critical limiting factor for phytoplankton growth. However, while the SIZ and 
POOZ present elevated concentration of silicate, the northern part of the Southern 
Ocean can be depleted, affecting the growth of diatoms. 

Light availability exerts a strong control on phytoplankton growth (Nelson and 
Smith, 1991). Some areas of the S.O. experience exceptionally favourable light 
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conditions, like the MIZ in early summer, where strong stratification owing to ice melt 
is intrinsically associated to continuous and elevated solar irradiance. The POOZ and 
the PFR experience deep mixing (Heywood et al., 2002; Garabato et al., 2004) 
together with low solar irradiance owing to persistent cloudiness, limiting primary 
production (Holm-Hansen et al., 1977; Smith Jr and Nelson, 1985). Hence, 
depending on the light conditions and stratification, phytoplankton assemblages can 
shift from sun-adapted diatoms to shade-adapted prymesiophytes (especially in the 
MIZ, section 1.2.2) or to nanoflagelattes, if light rather than grazing is the most 
important limiting factor. 

If both iron concentrations and light conditions are unfavourable to the growth of 
large diatoms or prymesiophytes, as it can occur in the POOZ, then the trophic 
network predominantes. In such a system, nutrients are recycled internally and it is 
characterized by low new production and carbon export. In the microbial network, 
nano-flagellate are strongly controlled by grazers (top-down control).  

  The shift in the dominant phytoplankton population induces changes in the upper 
trophic levels and eventually on the organic matter export. For instance, shift from 
diatom-grazing euphausiids to ephemeral flagellate consuming salps will influence 
the sinking fluxes of zooplankton feacal pellets and phytoplankton debris and 
eventually carbon export. In the MIZ. Walsh et al. (2001) and Atkinson et al. (2004) 
observed a marked transition from krill to salps in the course of the past eight 
decades closely related to the decrease of the ice cover extent. Walsh et al. (2001) 
observed in the period (1975-1996) induced 100-fold variations of both E. superba 
and Salpa thompsoni adult populations. This highlights a strong bottom-up control 
which can have cascading repercussions throughout the first trophic levels. However, 
Lancelot et al. (Lancelot et al., 1993) noted that in some ice-free areas, algal biomass 
is regulated by episodic passage of krill swarms that track algal blooms (top-down 
control). 
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Figure 1.2-4: Conceptual frame of the carbon pump in the Southern Ocean. From left to right, 
silicate and iron concentrations, and C export are decreasing, light conditions (both light 
irradiance and mixed layer depht) are less favourable to phytoplankton growth, and the system 
shifts from top-down control to bottom-up control. POOZ, SIZ, PFR denote the main 
biogeochemical provinces of the S.O. and distributed according to predominant 
spring/summer conditions. This is a simplified representation of the carbon pump, and we 
acknowledge the occurrence of large variations in the conditions with regards to the 
considered area, and their impact on the ecosystem. Zooplankton trophic network partly 
adapted from Walsh et al. (2001). 

 
 

1.2.3 The Indian sector 

Limitation of phytoplankton growth west of Kerguelen archipelago is still a mater a 
debate. Fasham et al (2006) suggest, from modelling simulation, that underwater 
light levels have a more limiting effect on phytoplankton growth than iron supply at 
Kerfix station. However, in the Crozet basin, Sedwick et al (2002b) argue that 
nutrients were the primary limitation. They distinguished three distinct regimes of 
resources limitations of phytoplankton growth. In the PFZ, iron availability exerts the 
primary limitation on nitrate drawdown and biomass accumulation, thus community 
growth, with silicic acid availability exerting a secondary limitation on diatom growth 
and biogenic silica production. In the STZ macronutrients (nitrate/phosphate) are the 
primary limitation on community growth iron deficiency imposed a significant 
secondary limitation on community growth, particularly diatom growth, such that the 
algal community was poised close to co-limitation by macronutrients and iron. Within 
the SAF/STF, iron deficiency is the primary limitation on algal community growth; 
however, they observed evidence of secondary limitation of nitrate drawdown and 
biomass accumulation by silicic acid deficiency, via control of algal community 
structure--such that iron addition preferentially stimulated the growth of non-diatom 
nanoplankton--suggesting that the algal community was poised close to co-limitation 
by iron and silicic acid. This conclusion converges with observations of Hutchins et al 
(2001) in the SAZ, south of Tasmania, who suggested that iron is the proximate 
limiting nutrient for chlorophyll production, photosynthetic efficiency, nitrate 
drawdown, and diatom growth, but that Si also exerts considerable control over algal 
growth and species composition. Both nutrients together are needed to reach a 
maximum growth response, suggesting that both Fe and Si play important roles in 
structuring the subantarctic phytoplankton community. 

 

1.2.4 Interannual variability of primary production: the role of the 
Southern Annular Mode 

Physics and biology of the S.O. are affected by several oscillations. For instance, 
some part of the Indian sector are affected by the subtropical southern Indian Ocean 
dipole (section 1.3.1.5) while the influence spread over El-Nino Southern Oscillation 
extend over the S.O. Currently, the Southern Annular Mode (SAM), receives a 
growing attention. The SAM or the Antarctic Oscillation, is the leading mode of 
climate variability on timescales from intraseasonal to interannual over the entire 
Southern Ocean (Thompson and Wallace, 2000). It is characterized by a large-scale 
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alternation of atmospheric mass between the mid- and high-latitudes, and is 
associated with a meridional shift in the atmospheric westerly winds (Hartmann and 
Lo, 1998). Wind shifts associated with the SAM alter Southern Ocean circulation 
patterns substantially (Watterson, 2000; Hall and Visbeck, 2002; Oke and England, 
2004). The SAM Index is defined by the leading principal component of the 700 mb 
geopotential height south of 20°S in the atmosphere. Positive SAM is associated with 
negative pressure anomalies over Antarctica, positive pressure anomalies over the 
mid-latitudes and a strengthening of the longitdinal atmospheric gradient. The 
anomalously strong pressure gradient during positive SAM acts to significantly 
strengthen the westerly wind at ~55°S and to weaken westerly winds (easterly 
anomaly) at 35°S by as much as 9 m s-1 (Hartmann and Lo, 1998; Hope et al., 2004; 
Chierici et al., 2005). 

 

 
Figure 1.2-5 Shematic illustration of the upper ocean response to a positive phase of the SAM 

(after Lovenduski and Gruber 2005) 

By correlating surface chlorophyll concentration (SEAWIFS) with sea surface 
temperature (AVHRR Ocean pathfinder) and wind speed (QuikSCAT) Lovenduski 
and Gruber (2004) evidenced the influence of SAM on biology and proposed the 
following mechanisms. Surface westerly wind anomalies generate northward Ekman 
transport anomalies in the region south of the Polar Front (PF) around 55°S and in 
the Polar Frontal Zone (Figure 1.2-5), enhancing the divergence, driving increasing 
upwelling of iron-rich deep water and generating negative Sea Surface Temperature 
(SST) anomalies in the PFZ and south of the PF. By driving anomalous upwelling of 
iron, such positive SAM events enhance chlorophyll concentration in this region 
where primary production is limited by micronutrients. Further north in the Subtropical 
Zone (STZ), surface easterly wind anomalies produce southward Ekman transport 
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anomalies, yielding to positive anomalies in both the STZ and SAZ. This acts to 
enhance stratification and reduce macronutrient supply and chlorophyll abundance in 
the STZ. As a result of northward Ekman transport south of the PF and southward 
transport in the STZ, increased convergence of water in the Subantarctic Zone (SAZ) 
increases downwelling of water and deepen mixed layer, increasing light limitation in 
a region limited by light and decreasing chlorophyll abundance. 

 
 
 

1.3 pCO2 and related CO2 fluxes in the Southern Ocean 

1.3.1.1 An overview: the Takahashi’s climatology 

In order to provide an overview of the seasonal and latitudinal variability of ∆pCO2 
(difference of partial pressure of CO2 between surface seawater and the 
atmosphere), we derived the figure 1.3-1 from the ∆pCO2 and air-sea CO2 fluxes 
climatology of Takahashi et al. (2002; 2003). 

We present here the longitudinally averaged values of ∆pCO2 and of air-sea CO2 
fluxes. It is worth noting that large longitudinal variation of pCO2 exits in the southern 
ocean (Murphy et al., 1991a; Murphy et al., 1991b). However, due to the general 
circumpolar circulation, and the strong latitudinal temperature gradient, the Southern 
Ocean physical and biogeochemical processes generally exhibit circumpolar patterns 
with strong latitudinal variations compared to longitudinal ones, which are reproduced 
in each ocean basin. For instance, the succession of fronts has a general 
circumpolar pattern which is reproduced in each ocean basin and discriminates 
biogeochemical provinces.  

In order to decipher the impact of biological activity and water masses mixing on 
∆pCO2 from the effect of temperature changes, we used the ∆pCO2 seasonal 
anomaly corrected from the temperature variability. It accounts for the difference of 
∆pCO2 corrected from the variations of temperature, with ∆pCO2 in August, that 
generally corresponds to the period at which the highest ∆pCO2 values are observed 
in the S.O.. It comes:  

August2Augsut2anomaly2 ∆pCO@SST∆pCO∆pCO −=   (76) 

where anomaly2∆pCO , August2@SST∆pCO  and August2∆pCO  stand for ∆pCO2 
seasonal anomaly, ∆pCO2 linearized at the sea surface temperature (SST) of August, 
and ∆pCO2 in August, respectively. 
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Figure 1.3-1: Seasonal and latitudinal variability of dpCO2, seasonal dpCO2 anomaly and 

related averaged and integrated air-sea CO2 fluxes in the Southern Ocean derived from the 
climatology of Takahashi et al. (2002; 2003). Air-sea CO2 flux was computed using the 
Wanninkhof (1992) k-wind relationship. Integrated fluxes are provided in Tmol month-1 and are 
integrated on areas of 4 degree latitude by 360 degree longitude. Grey areas represent the sea 
ice cover. 

∆pCO2 seasonal anomaly is computed at each latitude. It provides an idea of how 
all processes, deduced from the effect of temperature changes, affect ∆pCO2. Indeed 
this figure aims to distinguish the effect of biological activity and water mixing (among 
other processes) on ∆pCO2. As this figures aims to exhibits seasonal variations 
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rather than spatial variation, we removed the latitudinal variation of ∆pCO2 base level 
through the use of the anomaly compared to the ∆pCO2 in August (when the impact 
of biological activity and vertical mixing on pCO2 are probably at their weakest). 

∆pCO2 distribution shows, while considering longitudinal averages, that surface 
waters of the S.O. are under saturated with regards to atmospheric CO2 almost all 
year round and almost everywhere. Only the southernmost part of the seasonal ice 
zone appears to be CO2 over saturated from July to November. At 40°S, the 
seasonal variability is weak at with ∆pCO2 ranging from -17 µatm to -25 µatm during 
the year. ∆pCO2 is more variable southwards: at 76°S, ∆pCO2 ranges from -64 µatm 
in January to 21 µatm in October. Strong CO2 under saturation and over saturation 
observed in the SIZ does not translate into significant CO2 fluxes and highest 
(absolute values) air-sea CO2 fluxes are observed northward. The general decrease 
(absolute values) of air-sea CO2 fluxes southwards is enhanced while considering 
integrated CO2 fluxes, owing to the decrease of the surface area. Hence, frontal area 
appears to be the largest contributor to the uptake of atmospheric CO2 in the 
Southern Ocean.  

While seasonal variability of ∆pCO2 is weakest in the frontal area, this region 
exhibits strong variations of the ∆pCO2 seasonal anomaly, which is only exceeded in 
the southernmost part of the SIZ. Increase of ∆pCO2 seasonal anomaly (absolute 
values) from October to February can be ascribed to phytoplankton photosynthetic 
activity which would appear to be enhanced and to last for a longer period in the 
band comprised between 40°S and 50°S compared to the one comprised between 
50°S and 65°S. Such enhanced northward biological activity can potentially support 
enhanced air-sea CO2 fluxes in summer. However, in the northernmost part of the 
S.O. the highest CO2 fluxes are observed in winter as a probable consequence of 
superimposed thermal effect.  

In the 60°S-75°S latitudinal band which roughly corresponds to the SIZ, mean and 
integrated air-sea CO2 fluxes are weak and the summer uptake of CO2 is partly 
compensated by the winter efflux. The patches of CO2 over saturated waters 
observed in figure 1.3-1 correspond to marginal ice zones or sea ice covered areas. 
In winter and early spring, SIZ waters are generally CO2 over-saturated, yet the 
related CO2 fluxes are weak. 

 
Figure 1.3-1 presents longitudinal monthly average values composed from data 

obtained in different years. This masks local and short term ∆pCO2 variability 
together with long term and large scale (longitudinal) variability. For instance, 
transient over saturation of CO2 occurs in all the zones of the Southern Ocean, while 
it is not depicted in the figure 1.3-1. Local, short term and long term variability are 
described hereafter.  
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1.3.1.2 Variability 

 
As the Takahashi et al. (2002) climatology averages both latitudinaly and 

longitudinally a huge number of data, it tends to smooth seasonal variations and local 
spatial variations. Here we present briefly some areas and seasons that experience 
particular variability. 

 
The polar frontal zone 
The strong variability of pCO2 in the polar frontal zone have been repeatedly 

documented. Hence the signature of the frontal structures appears conspicuously in 
the latitudinal distribution of pCO2 with drastic drop of pCO2 corresponding to the 
frontal jets. Besides this variability the PFZ and the SAZ generally exhibit strong 
under-saturation owing to enhanced biological activity, cooling of subtropical waters 
advected southwards, and formation of Antarctic Intermediate Water (AAIW) (Metzl 
et al., 1991; Metzl et al., 1995; Bakker et al., 1997).Mesoscale frontal structure can 
be reflected in the pCO2 distribution as meanders of the Polar Frontal jet and 
associated mesoscale eddy promotes phytoplankton growth (Bakker et al.(1997), 
chapter 2.2) . 

 
Winter oversaturation 
Hence while no over-saturation appeared in the figure 1.3-1 north of 65°S. Winter 

oversaturation extend north to the SIZ, in the POOZ and last from autumns to spring. 
Indded, It is worth noting that CO2 over-saturation have been repeatedly reported as 
in autumn in the Pacific (Murphy et al., 1991a; Murphy et al., 1991b),  thoroughout 
winter in the Indian sector of the S.O. between 42°S and 49°S in July 1984 (Goyet et 
al., 1991), between 47 and 57°S in August 1993 and August 2000 (Metzl et al., 1999; 
Metzl et al., 2006) or in the eastern part of the Indian sector during early 
summer(Inoue and Sugimura, 1986; Inoue and Sugimura, 1988). This winter over-
saturation is due to strong  winter mixing (mixed layer down to 500 m have been 
reported in the S.O.) that outweighs the effect of temperature increase.  

 
Longitudinal variations 
The figure 1.3-1 by providing longitudinal averages of pCO2 and related air-sea 

CO2 fluxes intrinsically masks the longitudinal variations. These longitudinal variation 
are poorly documented compared t the latitudinal variations as Southern Ocean 
survey often consist in latitudinal transect. However, Murphy et al. (Murphy et al., 
1991a; Murphy et al., 1991b) reported marked longitudinal changes of pCO2 in the 
South Pacific during autumn, with western surface water under-saturated by up to 60 
µatm and eastern water over-saturated by up to 20 µatm. Hence, South Pacific 
Ocean shift from a sink in the western part to a source in the eastern part. This shift 
has been ascribed to the dominance of biologically activity over physical effect on 
pCO2 in the southwest pacific, owing to the increase of phytoplankton biomass east 
of Australia, while physical controls dominate over biological effects in the remote 
southeast Pacific. Westward enhanced primary production may be due to aeolian or 
bottom iron fertilization from Australia and New Zealand. 
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Other specific area or processes related to sea ice cover lead to strong variability 

and can contribute significantly to the CO2 budgets of the S.O.: sea ice formation 
(Anderson et al., 2004), seasonal and permanently ice covered zones (Anderson et 
al., 1991; Hoppema et al., 1998; Hoppema, 1999; Stoll et al., 1999; Hoppema et al., 
2000; Hoppema et al., 2001; Sweeney, 2003; Hoppema, 2004a; Hoppema, 2004b), 
polynya (Yager et al., 1995; Bates et al., 1998) and marginal ice zones (Bellerby et 
al., 1995; Bakker et al., 1997). 

 
 

1.3.1.3 Budgets of air-sea CO2 fluxes 

 
By compiling 940000 pCO2 measurement in surface open oceanic waters, 

Takahashi et al. (2002; 2003) proposed a monthly climatology of ∆pCO2and using k-
relationship of Wanninkhof(1992) and NCEP/NCAR 41-year mean monthly wind 
speeds, they derived air-sea CO2 fluxes. They estimated that the global open ocean 
absorbs 1.6 PgC yr-1 and that the Southern Ocean (south of 50°S account for -0.35 
PgC yr-1). However, the arbitrary limit of 50°S to define the Southern Ocean might 
correspond to its northward limit (i.e. the Subtropical Front) and is somewhat 
restricted. Such limit excludes the SAZ in the Atlantic sector and in a large part of the 
Indian sector, and some parts in the Pacific sector (Orsi et al., 1995; Belkin and 
Gordon, 1996; Moore et al., 1999; chapter 2.1) . This is of importance as the SAZ is 
probably one of the most productive regions of the S.O. and acts as a significant sink 
of atmospheric CO2 (Metzl et al., 1999)-section 1.3.1.1. For instance, if we budget 
CO2 fluxes of  the Takahashi et al. (2002; 2003) climatology south of 50°S, 44°S and 
40°S, the corresponding Southern Ocean CO2 sink is, 0.35 PgC yr-1, 0.71 PgC yr-1 
and 0.98 PgC yr-1, respectively.  

The open ocean global CO2 sink of 1.6 PgC yr-1 derived from the Takahashi et al. 
(2002; 2003) climatology compares well with the values given by global circulation 
models (GCM) which are comprised between 1.2 PgC yr-1 and 1.8 PgC yr-1. On the 
whole, the Southern Ocean generally accounts for between 20% and 45% of the 
global ocean sink of CO2. Average fluxes south of 40°S from in situ pCO2 
measurement (items 9 to 12 on Table 1-6) account for 66% of the global CO2 fluxes 
derived from the Takahashi et al. (2002) climatology. 

Assements of CO2 fluxes based on in situ pCO2 like the latter climatology, are 
prone to some uncertainty due to the poor winter data coverage. McNeil (2005) 
proposed a climatology of TA and DIC to overcome this caveats, since in poorly 
covered areas or seasons, these quantities can be extrapolated from five common 
hydrographic measurements which benefit of a better coverage: - temperature, 
salinity, nitrate, silicate and oxygen concentration (Feely et al., 2002). After 
corrections of the anthropogenic CO2 signal using the CFC-age method, multi-
parameter regressions of DIC and TA against temperature, salinity, nitrate, silicate 
and oxygen concentration were established, and the pCO2 fields computed. CO2 
fluxes were calculated from pCO2 fields using NCEP 10m wind speeds and the 
Wanninkhof (1992) k-wind relationship. This approach yields a moderate CO2 sink in 
the whole Southern Ocean south of the STF at 40°S (0.19 PgC yr-1; table 1-6) but the 
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region of the S.O. south of 50°S acts as a CO2 source (0.24 PgC yr-1) contrasting 
with the results derived from the other methods. 

To assess the overall air-sea CO2 fluxes at basin scale, an alternative method to 
the interpolation of pCO2 field measurements is the use of biogeochemical models, 
either 1D model (Metzl et al., 2006) or extended GCM (Matear and Hirst, 1999). Such 
models are constrained by hydrographic data and validated against pCO2 
measurements. The model of Matear and Hirst (1999) is consistent with the 
Takahashi et al. (2002) climatology, giving confidence in the outputs of the model. In 
contrast to the other assessments of the table 1-6, the 1D model of Metzl et al. 
(2006) provides CO2 fluxes per oceanographic zone, rather than by latitudinal bands. 
This is a useful approach to compare air-sea CO2 fluxes with other processes such 
as carbon export, which are specific to oceanographic zones rather than latitudinal 
bands. 

In parallel to the above bottom-up scaling approaches, carbon sources and sinks 
can be estimated from resulting patterns of variability in atmospheric CO2. The 
observed atmospheric CO2 concentration field results surface fluxes of CO2 and air 
mass transport of CO2. The atmospheric transport is simulated by numerical models, 
and surface fluxes are determined by inversion from the observational atmospheric 
data. This kind of analysis can be applied at a number of scales of space and time, 
depending on the type and spatial density of atmospheric data. Global inverse 
calculations are based on flask samples of air collected weekly at sites around the 
world, and can resolve annual and seasonal net carbon sources and sinks for 
regions the size of continents and ocean basins. They provide independent estimates 
of net sources and sinks over large areas, without giving details on the finer-scale 
variability or the underlying processes. Results results from Roy et al. (2003) 
inversion model provide encouraging results consistent with the Takahashi et al. 
(2002; 2003) climatology and the Matear and Hirst (1999) GCM outputs.In this frame, 
2 intercomparaison of atmospheric inversion models converges, and assess that the 
mean CO2 sink south of 44°S is about 0.43 PgC yr-1 (Gruber et al., 2005). However, 
this modelling approachs brings inconsistent results at smaller scale. Inversion 
modelling based on dissolved inorganic carbon yeld some consistent results (0.4 
PgC yr-1)(Mikaloff Fletcher et al., 2006), while combined oceanic/atmospheric 
inversion modelling brings a modest CO2 sink of 0.14 PgC yr-1. On the whole, 
according to the compilation of the table 1-6, estimates of the S.O. CO2 sink 
converges towards 0.27PgC y-1 south of 50°S and 0.45 PgC y-1 south of 44°S. This 
latter estimate take into account the higly productive northern part of the S.O. and 
appears to be more comprehensive. 

 
 
 
 
 

Table 1-6. Assessment of the annual air-sea CO2 fluxes in the Southern Ocean (in PgC yr-1). 
The assessments of Metzl et al. (1999; 2006) are formally provided for the oceanographic 
provinces: SAZ, POOZ and SIZ. Conversion of this province into latitudinal band is only valid 
for the western part of the Indian sector of the S.O. .  
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1.3.1.4 Anthropogenic CO2  

During the Anthropocene (the period elapsed since the industrial revolution in the 
early 18th century), the ocean absorbed about 19 PgC of anthropogenic CO2 , i.e. 
~48% of the overall anthropogenic CO2 emissions (Sabine et al., 2004b). This would 
represent only one third of the long term-potential, as the long turnover of the global 
ocean (of the order of several centuries) hampers a rapid equilibration of deep waters 
with the atmosphere. On the whole the ocean has the potential to take up 
approximately 85 percent of the anthropogenic CO2 that is released to the 
atmosphere (Sabine et al., 2004a). 

Most efficient areas for anthropogenic CO2 sequestration are convergence zones, 
where waters with relatively high anthropogenic concentrations are moving into the 
ocean’s interior. Conversely, regions of upwelling, where waters with low 
anthropogenic concentrations are brought near the surface, are modest contributor to 
the anthropogenic CO2 sequestration.  

According to Sabine et al. (2004b), the S.O. accounts for a large part of the 
anthropogenic CO2 uptake by the global ocean owing to the formation of large 
volumes of intermediate (Antarctic Intermediate Water – AAIW) and mode water 
(Subantarctic Mode Water) (e.g. section 1.2.1.3), while the formation of deep water in 
the high-latitudes appears to be a modest contributor. Water masses precursors of 
AAIW and SAMW, while at the surface, appear to take up large amounts of 
anthropogenic CO2 from the atmosphere as a result of both high wind speeds 
(enhancing gas transfer) and low anthropogenic content. AAIW and SAMW therefore 
contain high concentration of anthropogenic CO2 which are transported equatorward 
and downward in large volume (McNeil et al., 2001; Sabine et al., 2004b). On the 
whole the contribution of the S.O. mode and intermediate water to the oceanic 
anthropogenic CO2 inventory is estimated to exceed 20 PgC (Sabine et al., 2004b) 
and related penetration of anthropogenic CO2 down to 2000 have been reported (Lo 
Monaco et al., 2005b). 

 
Deep water formation in the Southern Ocean have been thought being potentially 

an efficient mechanism for anthropogenic CO2 sequestration south of 50° owing to 
the cold temperature (and enhanced solubility of CO2) and large volumes of water 
entertained towards the very deep layers of the ocean. However, early studies 
(Weiss et al., 1979; Chen, 1982; Poisson and Chen, 1987) contradicted this 
hypothesis and suggested a weak penetration of anthropogenic CO2 related to 
Antarctic Deep Water (AADW) formation. Low transport of anthropogenic CO2 was 
ascribed to winter sea ice cover which prevents the ventilation of upwelled 
circumpolar water prior to sinking. Since then, data based and model estimate 
confirmed these views and Sabine et al. (2004b) estimated that the S.O. south of 
50°s contributes a modest 9% to the global inventory. These authors stressed that, in 
addition to the sea ice cover barrier, high Revelle factor of this cold water, time-
limited contact with the surface before sinking, and mixing during sinking with old, 
anthropogenic CO2-poor waters, acts to impede high transport of anthropogenic CO2 
into the ocean interior through AADW formation. However, these authors noticed that 
a robust estimate of the anthropogenic CO2 concentration associated to the Antarctic 
Bottom Water (AABW) is hampered by the limited data available. In addition Sabine 
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et al. showed a significant accumulation of anthropogenic CO2 near the Adélie Land 
coast 

 However, more recently, Lo Monaco et al. (2005a; 2005b) and McNeil et al. 
(2001), challenged previous conclusions. They pointed out that a low penetration of 
anthropogenic CO2 was inconsistent with the significant injection of 
chlorofluorocarbons (CFC) along Antarctic continental slope and in AADW and 
AABW. Hence recent inventory of anthropogenic CO2 estimated using a 
multiparametric linear regression approach (McNeil et al., 2001), by taking into-
account oxygen disequilibrium under ice (Lo Monaco et al., 2005b) or using newly 
developed back-calculation method (Lo Monaco et al., 2005a), suggest that deep 
and bottom water formation in the S.O. is a key process in the natural sequestration 
of anthropogenic CO2 and that the inventory of anthropogenic CO2 in the S.O. could 
be much larger than what is currently accepted (McNeil et al., 2001; Lo Monaco et 
al., 2005a).  

 

1.3.1.5 Inter-annual variability 

 
Bousquet et al. (2000) used atmospheric inverse global modelling to show that the 

Southern Ocean (south of 50°S) and the equatorial zone are the two ocean basins 
that present the highest inter-annual variability. Metzl et al. (2006), Conway et al. 
(Conway et al., 1994) reported that the CO2 sink in the southern hemisphere, which 
is mainly covered by oceans, exhibits rapid and highly significant changes for year to 
year (e.g. -0.5 PgC yr-1 in 1988 against -1.5 PgC yr-1 in 1989). However, there are too 
few pCO2 data sets in the S.O. to allow to study long term variability of pCO2 and 
related CO2 fluxes. 

Measurements carried out in the framework of MINERVE and OISO programs 
provide the longest consistent pCO2 time-series S.O., in the western part of the 
Indian sector. Based on these data sets, Jabaud-Jan et al. (2004) by comparing the 
year 1998 and 2000 showed that large scale climatic oscillation can significantly 
affect the distribution of pCO2 and related CO2 fluxes. Hence, the subtropical 
southern Indian Ocean dipole is characterized by warm SST anomalies in the 
southwestern part of the southern subtropical region, south of Madagascar (Saji et 
al., 1999). Such event was detected during summer 1998 when the ocean was 
warmer from 20°S to 60°S. While high mesoscale variability in the SAZ and PFZ 
hampered the detection of long term variability, larger variability in the sources and 
sinks of CO2 was observed south of the PF. In the POOZ, enhanced primary 
production was associated to the increase of temperature. The decrease of pCO2 
due to enhanced primary production outweighed the increase of pCO2 related to 
temperature increase (+0.5°C) to lead to the doubling of the summer oceanic sink in 
1998 compared to 2000. Conversely, surface waters in the SIZ turns from a CO2 sink 
in 2000 to a source of CO2 as a consequence of a stronger increase of temperature 
in 1998 (+1.1°) associated to a 40% decrease in chl a concentration. In the eastern 
part of the Indian sector, high biological activity event observed in 2002 in the POOZ 
and SIZ (Savoye et al., 2004) strongly decreases pCO2 (Yoshikawa-Inoue and Ishii, 
2005). In the same area, by comparing a transect carried out in summer 1997 and 
2003, Brévière et al. (Brévière et al., 2005) showed that the POOZ shifted from a 
negligible in 1997 to a major CO2 sink in 2003, while the SIZ turned from a CO2 sink 
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to a CO2 source, the sink in the Coastal Antarctic Zone (CAZ) increased fourfold, and 
CO2 sink in SAZ remained unchanged.  

In the light of previous observations, assessing long term variability is prone to 
some uncertainties. Accordingly, while comparing CO2 fluxes assessed from pCO2 
measurements, ocean models and atmospheric inverse models, Metzl (2004) points 
out that all methods show marked inter-annual variability, but inconsistently from 
each other. 
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Figure 1.3-2. Interannual variability of summer CO2 fluxes in the of the 50°S-57°S band of the 

western part Indian sector of the S.O derived from surface water pCO2  measurement using the 
Wanninkhof (1992) k-wind relationship. “Clim”  represent the CO2 fluxes cderived from 
climatology of Takahashi (2002; 2003); from (Metzl, 2005). 

While compiling summer CO2 fluxes estimates derived from pCO2 measurements 
carried out in the western part of the Indian sector of the S.O., Metzl (2004) showed 
that the summer CO2 fluxes strongly vary, with, potentially, a decreasing trend of the 
CO2 sink from 1998 to 2001, and shifting to a CO2 source in 2002. 

However, in the eastern part of the Indian sector, Yoshikawa-Inoue and Ishii 
(2005) observed that over the period 1969-2002, pCO2 in surface waters increased at 
a slower rate than PCO2 in the atmosphere, yet with also some large differences 
between the zones. In the POOZ, the water pCO2 increased faster than PCO2 in the 
atmosphere. On the whole, this should lead to an increase of the CO2 sink (if we 
assume that wind speed does not present significant long-term changes). They also 
pointed out that in the SAZ the increase of ∆pCO2 owing to biological activity 
outweighs the effect of the increase of temperature. 

Hence, inter-annual variability of pCO2 and related CO2 fluxes need further 
investigations.  
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1.4 The Southern Ocean in a globally changing Earth system 

 
 
 
"We are conducting a great geochemical experiment, unlike anything in human 

history and unlikely to be repeated again on Earth. Within a few centuries we are 
returning to the atmosphere and oceans the concentrated organic carbon stored in 
sedimentary rocks over hundred of millions of years" (Revelle and Suess, 1957). 

 
The comparison of the present atmospheric concentration of CO2 with the ice core 

record reveals that we have left the domain that defined the Earth system for the 
650,000 years before the Industrial Revolution. Atmospheric CO2 concentration is 
now nearly 100 ppmv higher, and has risen to that level at a rate at least 10 and 
possibly 100 times faster than at any other time in the past 650 kyr (Falkowski et al., 
2000; Siegenthaler et al., 2005). We have therefore driven the Earth system away 
from the tightly bounded domain glacial-interglacial dynamics (Falkowski et al., 
2000). The assessment of socio-economic repercussions of greenhouse-gas-induced 
climate changes remains challenging. However, perspectives are worrying enough to 
trigger the implementation of the Kyoto protocol aiming to stabilize the concentration 
of greenhouse gas in the atmosphere.  

Among the major naturally occurring atmospheric greenhouse gases (excluding 
water vapour), carbon dioxide (CO2) has a dominant role since it currently contributes 
about 55% of anthropogenic greenhouse forcing. The ocean plays a dominant role in 
the sequestration of anthropogenic CO2. Human activities presently release about 7.7 
Petagrams of carbon per year (PgC yr-1) to the atmosphere, by fossil fuel burning and 
change in land; it is well established that 3.3 PgC yr-1 remain in the atmosphere; the 
ocean behaves as a sink estimated to 2.0 PgC yr-1 and the terrestrial biosphere is 
assumed to trap the remaining 2.4 PgC yr-1. The global ocean is a major sink of 
anthropogenic CO2, which accounts for 48% of the total fossil-fuel and cement-
manufacturing emissions of the anthropocene. Furthermore, the current fraction of 
total anthropogenic CO2 emissions stored in the ocean appears to be about one-third 
of the long-term potential (Sabine et al., 2004b). 
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1.4.1 Role of CO2 and the Southern Ocean on the transition from glacial 
to interglacial times 

 

 
Figure 1.4-1. Composite CO2 and δD records over six and a half ice age cycles, back to 

650,000 years B.P. From Siegenthaler et al. (2005). Black, blue and green dots and lines 
indicates data measurements from Dome C, Vostok and Taylor Dome, respectively. The ratio of 
deuterium to hydrogen in ice (expressed as the term δD) provides a record of temperature over 
Antarctica with more δD negative values corresponding to colder conditions. Black line: Dome 
C, blue line: Vostok. 

 
About 21 kyr ago, the Earth was at the last glacial maximum (LGM), the peak of 

the latest of a succession of glaciations alternating with shorter warm periods 
(interglacials) at intervals of about 100 kyr. The Earth’s surface conditions at LGM 
were considerably different from today’s. Huge ice-sheets, possibly up to several 
kilometres thick, covered large part of the Northern Hemisphere continents while sea 
level was about 120m lower than now (Project Members Climap, 1976). Figure 1.4-1 
presents a composite record of CO2 concentration and δD (a proxy of temperature, 
figure 1.4-1) in ice back to 650 kyr reconstructed from ice-cores drilled at various 
places in Antarctica. Several crucial statements for the understanding of the Earth’s 
climate can be deduced from the figure 1.4-1. First, the concentration of CO2 and 
temperature are thightly linked. Second, at any time in the past 650 kyr, the 
atmospheric CO2 concentrations were considerably lowerr than they are today (378 
ppmV). Interglacial maxima were about 280-300 ppmV during the past 430 kyr, 
before that, they were only 240-260 ppmV. Glacial minima were consistently in the 
range of 180-200 ppmV (Siegenthaler et al., 2005). Sea level and sea ice extent are 
also tightly linked to the evolution of CO2 concentration and δD (e.g. Sigman and 
Boyle (2000) and Wolff et al. (2006)). It is worth noting that the cause of the timing 
and magnitude of these patterns has been a matter of intense over the past. Still, as 
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yet, there is no broadly accepted explanation for this difference. Besides, recent 
measurements carried out at Dome C (Siegenthaler et al., 2005) show that a 
decrease of the magnitude of the changes before 430 kyr B.P. and that long 
interglacial with stable conditions are not exceptional. Also, the reasons for such 
observations remain unresolved.  

Several reasons have been invoked to explain the glacial-interglacial cycles. This 
oscillation are statistically linked to cyclic changes in the orbital parameters of the 
Earth, with characteristic frequencies of roughly 100, 41 and 23 yrs (Hays et al., 
1976; Berger et al., 1984). However, related variations of solar irradiance, know as 
the ‘Milankovitch cycles’, cannot account for the large amplitude of the glacial cycles 
of temperature and rapid climate transitions. Positive feedback within the Earth’s 
climate system must amplify the orbital forcing to produce glacial-interglacial cycles.  

It is now well established that the evolution of the concentration of the so-called 
greenhouse gases in the atmosphere is one of the main forcing of glacial cycles 
(Houghton et al., 2001). Complete review of the different explanations of the 
variations of atmospheric CO2 concentration that have been proposed so far go 
beyond the scope of this introduction. We will present some of them related to 
potential changes of the circulation and biological pump in the Southern Ocean 
mostly based on the works of Sigman and Boyle (2000) and Munhoven (Munhoven, 
1997). The proposed list is not exhaustiven, and other alternative explanations may 
be just as valid. 

The continental reservoir of organic carbon (figure  1.4-2) most probably 
decreased during the last age, and thus led to a transfer of CO2 to the 
ocean/atmosphere system. This reservoir was therefore acting as a source of CO2 
atmosphere, not a sink, during the glaciation and represented therefore a negative 
feedback to decreasing CO2. 

Paleo-records and models focus on the atmospheric concentration of CO2 that 
exert a significant constrain on the radiation budget of the Earth, however the oceans 
play a major role in regulating atmospheric CO2 concentration (Archer et al., 2000; 
Sigman and Boyle, 2000). The oceans are by far the largest reservoir of carbon on 
Earth (figure  1.4-2) that exchange large amounts of CO2 with the atmosphere on the 
times scales of 10 kyr and less.  
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Figure 1.4-2. The preindustrial global carbon cycles an its anthropogenic perturbation. Arrows 

show the fluxes (in PgC yr-1) between the atmosphere and its two primary sinks, the land and 
the ocean, averaged over the 1980s. Natural fluxes are in black, anthropogenic fluxes are in 
red.   The net flux between reservoirs is balanced for natural processes but not for the 
anthropogenic fluxes. Within the boxes, black numbers give the preindustrial times. For the 
land sink, the first red number is an inferred terrestrial land sink whose origin is speculative; 
the second one is the decreases due to deforestation. Numbers are slight modifications of 
those published by the Intergovernmental Panel on Climate Change (Houghton et al., 2001). 
NPP is net primary production.  (From Sarmiento and Gruber (2002)) 

Hence, most proposed explanations of the dynamics of atmospheric CO2 call upon 
changes in thermodynamics, chemistry and biology of the oceans. 

The exchange of CO2 between the atmosphere and the surface ocean is achieved 
relatively rapidly (6 m to 10 yrs) but the pCO2 of surface waters is continuously reset 
by its interaction with the deep ocean reservoir of inorganic carbon which is 25 times 
that of the atmosphere and surface ocean combined. On the whole, at times scales 
of interest for paleoclimatology it is considered that the ocean and atmosphere are 
close to steady state with respect to CO2 exchange. 

 
Changes of sea surface temperature and salinity 
During glaciations, decrease of temperature led to a higher solubility of CO2 in 

surface waters. Considering a sea surface temperature decrease of 5°C at low and 
2.5° at high latitudes (Guilderson et al., 1994), Sigman and Boyle (2000) estimated 
that this increased solubility could be responsible for a CO2 decrease of about 30 
ppmV. In parralel, the ocean was about 3% saltier than it is today owing to the 120 m 
sea level depression at the LGM. This in turn induces an increase of pCO2 in the 
atmosphere, estimated to 6.5 ppmV (Broecker, 1982; Sigman and Boyle, 2000).  

 
Ocean alkalinity 
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The alkalinity of the ocean exerts a strong constrain on the oceanic inorganic 
carbon reservoir. Numerous issues have arisen regarding to the links between ocean 
alkalinity, processes affecting the alkalinity, buffer effect of the carbonate system, 
repercussion on the depth of the lysocline and related burial/dissolution of CaCO3 in 
the sediments and the feedback on atmospheric CO2. Briefly, the input of alkalinity 
from the continents and the removal of alkalinity in sediments should remain in close 
balance. Perturbation of the surface alkalinity by some changes in weathering of 
emergent carbonates on land or changes in precipitation and burial of CaCO3 in 
pelagic waters (changes in the ratio of calcium carbonate to organic carbon in the 
biogenic particles downward flux, i.e. the so-called rain ratio,) (Broecker, 1982) or in 
shallow coral reefs and carbonate banks (Berger, 1982; Opdyke and Walker, 1992) 
affect alkalinity of the surface waters and may therefore induce significant CO2 fluxes 
between the atmosphere and the surface water. However, these changes in surface 
alkalinity are partly compensated by changes in calcite saturation depth and 
subsequently in the depth of the lysocline. Such changes of the lysocline affect the 
overall burial of CaCO3 in the oceanic sediments and then act as a negative 
feedback on the alkalinity - the alkalinity compensation -. In turn, this affect the CO2 
fluxes related to the primary effect on surface alkalinity.  

Sigman and Boyle (2000) point out that the average lysocline depth indicates that 
no such significant alteration of the rain ratio that can solely explain 
glacial/interglacial change occurred. In the frame, despite CaCO3 dynamics and their 
repercussion of the glacial-interglacial cycles are not fully resolved, the authors argue 
that there are reasons to doubt the role of whole ocean alkalinity changes as the sole 
driver of glacial/interglacial CO2 changes. However, most biological pump 
mechanisms for lowering atmospheric CO2 affects the total alkalinity of the ocean, 
and this contribute significantly to their capacity to lower atmospheric CO2  

 
The ocean nutrient reservoir and low-latitude productivity 
Broecker (1982) suggested that lower glacial CO2 levels might be ascribed to a 

strengthening of the oceanic biological pump. Broecker (1982) and McElroy (1983) 
suggested that such strengthening could be driven by an increase of the oceanic 
nitrate and phosphate reservoirs which would allow enhanced low-latitude biological 
production. However, large - and unrealistically - changes of nutrients are required to 
affect PCO2 in the ranges observed in the course of glacial cycles. Alternative 
scenarios calling upon changes in the C:P ratio in the global ocean, better utilization 
of nutrients or constant production but reduced mixing and ventilation in conjunction 
with reduced mixinh between surface and deep ocean at high latitude have also been 
proposed (e.g. (1997)). 

 
Iron hypothesis 
Evidence of the low iron concentration in the Southern Ocean as a limitation of 

phytoplanktonic growth led Martin (1990) to suggest that changes of aeolian iron flux 
to the S.O. might be the cause of glacial-interglacial changes,  via the change in the 
efficiency of the S.O. biological pump. Indeed Antarctic ice core records previously 
suggested that glacial increases in S.O. macronutrient utilization and in the export of 
particulate organic carbon (POC) to the deep ocean may be attributed to increases in 
aeolian iron flux (Martin, 1990; Kumar et al., 1995; Watson et al., 2000). However, 
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this hypothesis is challenged by some models (Bopp et al., 2003) and recent 
sedimentary records (Kohfeld et al., 2005) and data from Dome C ice cores 
(Rothlisberger et al., 2004; Wolff et al., 2006). Instead, the initiation of glacial cycles 
could be ascribed to increased stratification of the glacial ocean (Toggweiler, 1999; 
Sigman and Boyle, 2000), reduced ventilation of CO2-rich deep water as a result  of 
more extended sea ice cover (Stephens and Keeling, 2000) that is remarkably well 
linked to temperature and CO2 concentration (Wolff et al., 2006), and changes in the 
location and mechanisms of deep-water formation that alter deepwater composition 
(Toggweiler et al., 2003a; Toggweiler et al., 2003b). 

 
Silicic acid leakage 
An additional explanation to glacial cycles, the so called “silicic acid leakage” 

hypothesis, has arisen recently (Brzezinski et al., 2002; Matsumoto et al., 2002). 
SAMW supply 75% of the nutrients necessary to the biota north of 30°S (Sarmiento 
et al., 2004). The ‘‘silicic acid leakage’’ hypothesis states that the nitrate to silicic acid 
ratio ( −

3NO :Si(OH)4) of SAMW is therefore important in controlling low latitude 

productivity. During interglacial times, −
3NO :Si(OH)4 is high and SAMW mainly supply 

nitrate to low latitudes favouring the development of carbonated organisms. 
Laboratory experiments show that the −

3NO :Si(OH)4 uptake ratio of diatoms 
increases with iron concentration (Brzezinski et al., 2002). It may therefore be 
expected −

3NO :Si(OH)4 was lower due to the higher aeolian iron input. Thereafter, 
glacial SAMW exported more silicic acid compared to nitrate to low-latitude regions, 
stimulating the growth of siliceous organisms in those areas. This decreases the rain 
ratio at low latitudes, which in turn reduces atmospheric CO2 concentration (Archer 
and Johnson, 2000). This hypothesis have recently received some support from 
sedimentary records (Crosta et al., 2005) and assigns a supplementary role to the 
S.O. with respect to CO2 and climate at glacial-interglacial timescale. 

 
Finally, Wolff et al. (2006) indicate that sulfur compounds had no significant role in 

climate feedback. The lack of changes in sulphur compound concentrations in Dome 
C ice, suggests that the abundance and production of DMS-planktonic producers as 
P. Antarctica have hardly changed in the course of glacial-interglacial cycles. 

 

1.4.2 The Southern Ocean in the Anthropocene  

1.4.2.1 Global warming and thermohaline circulation 

The central role of the S.O. in the global circulation implies that any changes 
occurring there would have global impacts. Some coupled ocean-atmosphere models 
predict that changes in the circulation of the S.O. under global warming will be very 
profound, with major reduction in the depth and extent of convective mixing occuring 
by the time of atmospheric CO2 concentration doubling, with near-cessation of 
convection by the time of tripling (Hirst, 1999). Similarly significant reduction in the 
downwelling adjacent to Antarctica associated with Antarctic Bottom Water formation 
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is to be expected, which also nearly ceases by the time of atmospheric CO2 tripling. 
These changes are associated with such strong reductions in surface density and 
salinity that the pycnocline and the halocline south of 60°S might intensify by about a 
factor of four. 

However, there remains considerable uncertainty regarding the behaviour of 
Antarctica in future climate change scenarios (Oppenheimer and Alley, 2004). 
Changes in the freshwater flux to the North Atlantic Ocean act as the pacemaker of 
oceanic thermohaline circulation changes (Bryan, 1986; Stocker et al., 1992; Manabe 
and Stouffer, 1997). However, recent studies suggest that the oceanic thermohaline 
circulation is more sensitive to the freshwater flux to the S.O. than to the North 
Atlantic (Seidov et al., 2001). One scenario outlined by Oppenheimer (1998) is that 
the Ross Ice Shelf could disintegrate within 20 yr - 50 yr. The resulting discharge of 
freshwater into the surface layers of the Southern Ocean could affect the global 
thermohaline circulation and the global climate. Weaver and Hillaire-Marcel (2004) 
proposed that a large meltwater pulse from Antarctica triggered a sudden warming 
during the last deglaciation. They added in their model freshwater to specific areas 
known to be formation sites of AAIW and AABW. As the density of AAIW and AABW 
decreased, the formation of NADW intensified. After 500 yr, the North Atlantic region 
had warmed by up to 5°C, while large areas of the southern hemisphere had cooled, 
by as much as 7°C. Other studies predicted that salinity perturbations in the S.O. 
would lead to significant temperature anomalies at the equator, (Ivchenko et al., 
2004)  and a global impact within 10 yr (Richardson et al., 2005). 

Finnaly, the S.O. circulation is also intimately linked to sea ice cover. Any changes 
in the latter can therefore have major impact on the oceanic thermohaline circulation 
(Goosse and Fichefet, 1999). Recent model studies suggest that the main forcing for 
driving changes of the thermohaline circulation is the changing Antarctic sea ice 
cover (Shin et al., 2003; Liu et al., 2005)  

 
 

1.4.2.2 Impact of raising sea surface temperature on marine communities 

 
A large data set on pelagic communities of the North Sea showed that climate 

changes induce shifts in the phenology from primary producers to tertiary producers, 
including diatoms and dinoflagellates, copepods, (among other, e.g. (2004)) and fish 
(Both et al., 2006). The main drivers of these changes are likely to be the increase of 
annual average SST (+ 0.9°C from 1958 to 2002), and the resulting intensification 
and/or earlier onset of stratification. Regarding to the evolution of the blooming 
period, the effect of raising SST appears to affect more dinaflogellates. This 
community appears to respond not only physiologically to temperature but also to 
stratification, and bloomed earlier during the seasonal cycle. Diatoms were less 
affected because the blooming of these organisms depends on the photoperiod that 
controls diatom spore growth and germination (Eilersten et al., 1995). This can have 
significant implications on secondary and tertiary producers. Indeed, there is not only 
the fact that pelagic organism are responding to global warming, but also the 
variability of the intensity of the response amongst the pelagic assemblages. The 
different extent to which functional groups are evolving in response to warming lead 
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to a mismatch between successive trophic levels and a change in the synchrony of 
timing between primary, secondary and tertiary production. Because efficient transfer 
of marine pelagic production to higher trophic levels, and its implication for the 
biological pump, is largely dependent on the temporal synchronysation between 
successive trophic production peaks, it is suggested that marine trophodynamics 
may have already been radically altered (notwithstanding some species adaptations). 
For instance, the decline in the abundance of key planktonic prey and shifts in their 
seasonality, in addition to over-fishing, have enhanced the decline in North Sea cod 
stocks (Beaugrand et al., 2003). Also, in the North Sea nearly two-thirds of species 
have shifted in mean latitude and/or depth over 25 yr (Perry et al., 2005; Both et al., 
2006). Species with shorte life cycles and smaller body sizes are more subject to 
changes. Such differences in shifting rates are a matter of concern since this could 
alter spatial overlap among species, thereby disrupting interactions and potentially 
compounding the decoupling effects of climate-driven changes in phenology. 
Presenty, S.O. records do not allow to conduct such studies. However, this raises 
some concern for the S.O. food web. 

 

1.4.2.3 Reduced sea ice extent 

The past and future evolution of the sea ice cover was conducted using the 
ORCA2-LIM and ECBILT-CLIO 3D ice-ocean models (Dehairs et al., 2006). Over the 
past 250 years, the annual mean ice coverage has decreased in response to both 
natural and anthropogenic forcing. The latter forcing has become stronger over the 
past 150 years. Nowadays, the decrease of ice cover is more acute in the northern 
than in the southern hemisphere. This different behaviour is due to the thermal inertia 
of the S.O. However, model outputs predict a more abrupt decrease of S.O. sea ice 
extent in the future Annual mean sea ice extents in both hemispheres would 
therefore become comparable by the end of the century. In parallel, the seasonal 
amplitude of sea ice extent will increase. 

Reduced ice extents such such as those predicted would lead to deeper surface 
mixed layers in the S.O.. As a consequence, the future decline of ice melt-induced 
stability of the water column may lead to a shift in the dominant food web, from 
larger, sun-adapted diatoms to smaller, shade-adapted fagellates (Walsh et al., 
2001). This would impact the biological pump and the sequestration of atmospheric 
CO2. In addition, as a consequence of this shift in the natural assemblages of 
phytoplankton, a marked transition from krill to salps has been ascribed to reduced 
sea ice extent (Nicol, 2000; Walsh et al., 2001; Atkinson et al., 2004). As pointed out 
by Atkinson  et al. (2004), such changes among key species would have profound 
implications for the S.O. higher trophic organisms such as penguins, albatrosses, 
seals and whales that rely on krill for food. 

 

1.4.2.4 Sensitivity of the carbon pump to global change 

Bopp et al. (2001) point out that raising temperature and related increase of 
stratification induce a reduction in nutrient supply and an increase in light efficiency. 
By the time atmospheric CO2 concentrations doubling, superimposition of these two 
effects will have lead to a global reduction of the global marine export production by 
6%. However large regionally variability has to be expected, e.g. an increase of 10% 
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of marine export production is predicted in the S.O..  Bopp et al. (2001) also stressed 
the need for a better representation of ocean dynamics in the S.O. and ifor mproved 
sea-ice models.  

SWAMCO  is a suite of 1D models of the marine planktonic system calculating C, 
N, P, Si, Fe cycling within the upper ocean, the export production and the exchange 
of CO2 (Lancelot et al., 2000; Hannon et al., 2001; Pasquer et al., 2005). SWAMCO-4 
is constrained by physical, chemical and biological (grazing, lysis) controls, and 
explicitly details the dynamics of four relevant phytoplankton functional groups 
(diatoms, pico/nano phytoplankton, coccolithophorids, and Phaeocystis spp. ) with 
respect to C, N, P, Si, Fe cycling and climate change. It allows to investigate the 
response of the S.O. carbon pump (among other) to raising PCO2. By running 
SWAMCO-4 at different latitudes, Pasquer et al. (2005) showed that raising PCO2 
over the last decade should have enhanced the carbon uptake by the ocean at all 
latitudes. However the amplitude of the predicted atmospheric CO2 sinks displays 
large regional and inter-annual variations. This holds for the marginal ice zone of the 
Ross Sea where the magnitude of the predicted annual CO2 sink positively corelates 
with the length of the surface ocean ice-cover period which determines the iron 
surface concentration at the time of ice melting. 

By coupling SWAMCO-4 to the 3D ice-ocean ORCA-LIM model, Dehairs et al. 
(2006) point out the dual effect of available light (combination of latitudinal and ice 
coverage effects) and Fe limitation in controlling primary production, and stress the 
need to better constrain iron sources in the Southern Ocean and mesozooplankton 
grazing in the MIZ. 

 

1.4.2.5 Ocean acidification 

Current model projections predict that surface ocean pCO2 levels will double over 
their pre-industrial values by the middle of this century. The concomitant surface 
ocean pH changes will be 3 times higher than those experienced during the transition 
from glacial to interglacial periods (Falkowski et al., 2000). In vitro experiments 
suggest that the repercussions of such an acidification could be significant for 
phytoplanktonic communities and the carbon cycle. Indeed, despite some studies 
having shown that marine autotrophic communities are often insensitive to pCO2 
changes, several studies have at the countrary shown that some seagrass 
(Zimmerman et al., 1997), macroalgae (Gao et al., 1993), diatom (Riebesell et al., 
1993; Chen and Durbin, 1994), coccolithophorid (Nimer and Merrett, 1993; Hiwatari 
et al., 1995; Riebesell et al., 2000; Zondervan et al., 2001; Delille et al., 2005; Engel 
et al., 2005) and cyanobacteria (Qiu and Gao, 2002) species exhibit higher 
photosynthesis rates under CO2 enrichment. In mesocosm experiments, raising CO2 
levels enhance the carbon export of coccolithophorids mainly due to the increase of 
TEP production and affects rain ratio (inorganic:organic carbon ratio of exported 
matter) in coccolithophorids (Delille et al., 2005; Engel et al., 2005). It has also been 
shown that phytoplanktonic assemblages can experience marked changes (Tortell et 
al., 2002; Martin-Jezequel et al., 2004) under elevated pCO2. While few studies 
investigating the impact of high CO2 levels on bacteria have not reported 
conspicuous effects (Rochelle-Newall et al., 2004), pelagic and benthic calcifying 
organisms are affected by the increase of CO2. These include corals (Gattuso et al., 
1998a; Kleypas et al., 1999; Langdon et al., 2003) coralline algae, foraminifers and 
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pteropods (Orr et al., 2005). Even fish and other water-breathing animals might be as 
they are probably more sensitive to hypercania - too elevated levels of CO2 in the 
blood - than terrestrial animals (Ishimatsu et al., 2005). 

 

 
Figure 1.4-3. Modelled variations in pH and Calcite and Aragonite saturation state in the 

surface oceans modelled for various IPPC scenarios for future emissions in 2100. Dashed lines 
show calcite and aragonite saturation horizons where a saturation state of less than 1 
corresponds to under-saturation. (from Raven et al. (2005) after Caldeira and Wickett (2005)). 

In the Southern Ocean, growth of marine calcifying organisms would be 
dramatically affected by the fall of the calcite and aragonite saturation state resulting 
from  the decrease of pH (Fig. 1.4-3), as some projections predict that aragonite 
saturation state of the surface waters south of Australia will cross the threshold of 
saturation by 2100 (Caldeira and Wickett, 2005). Decrease of saturation state would 
not only affect coccolithophorids, but also pteropods which form a key link in the food 
chain throughout the Southern Ocean (Orr et al., 2005). 

 It has also been suggested that the speciation and subsequent mobilization of 
micronutrients may also be affected (Kester, 1986; Morel et al., 2005) with both 
beneficial (e.g., Co, Fe) and inhibitory consequences (e.g., Cu) which are of interest 
in HNLC areas such as the Southern Ocean. For the time being, large scale impacts 
of this ocean acidification on phytoplanktonic communities and on the carbon cycle 
remain to be investigated (Gruber et al., 2004).  

 

1.5 Sea Ice 

1.5.1 Physical properties 

 
Sea ice physical and biological processes have been described in details by 

Thomas and Dieckmann (2003) and Arrigo and Thomas (2004). In the course of the 
year, Southern Ocean, Arctic Ocean, Baltic and other seas such as Caspian and 
Okhotsk seas experience a cycle of freezing and melting. In the Arctic region, the ice 
cover doubles its size from summer to winter (Table 1-7), while in the S.O., the 
corresponding value is five-fold, so that total sea ice extent at anyone time range 
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between 19 × 106 km² to 27.5  × 106 km²  (Fig. 1.5-1). Thus, sea ice at its maximum 
seasonal extent covers about 7% of the Earth surface, representing one of the 
largest biomes on Earth (Arrigo et al., 1997; Lizotte, 2001). 

 

 Ice extent  Ice area 
 Arctic region Southen Ocean Both 

hemispheres
 Arctic Southen 

Ocean 

Min 7.5 (September) 3.8 (February) 19  6 3 

Max 15.5 (March) 19 (September) 27.5  14.5 15.5 

Table 1-7. Minimum and maximal ice extent (corresponding month within brackets) and ice 
area (× 106 km²) averaged over the 1979-2000 period compiled after (Comiso, 2003).  

 
As the surface seawater cool down to temperature close to -1.86° C (freezing point 

of seawater with a salinity of 34) frazil ice (Fig. 1.5-2) can develop rapidly under 
turbulent conditions as strong wind events drive air-sea transfer of large quantities of 
heat that that triggers sea ice growth (e.g. (Haas, 2003; Eicken, 2003)). When wind 
speed decreased and sea surface calms, ice crystals floating at the sea surface can 
coalesce into semi-consolidated grease ice, and eventually, into thicker nilas and 
pancake ice (Sarmiento and Gruber, 2002). Ice pancakes fuses together to form a 
continuous ice pack. Subsequent ice growth develops vertically beyond the 
consolidated pancake stage vertically as heat is extracted from the sea ice surface 
by the cold atmosphere, to form the columnar ice (Fig. 1.5-2).  
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Figure 1.5-1. Surface area covered by sea ice compared to other biomes after - a) sea ice 

concentration in the Arctic Region in February 2005 (total extent: 14.4 × 106 km²), b) sea ice 
concentration in the Southern Ocean in September 2005 (total extent: 19.2 × 106 km²) from sea 
ice index products delivered by the National Snow and Ice Data Centre (http://nsidc.org/data/ 
seaice_index/ ). After Tison et al. (2005). 

 Such columnar ice constitutes most of the land-fast sea ice, where the frazil ice 
stage is limited. Columnar ice extends vertically into the water column. Rafting of ice 
floes, as sea ice is moved by the wind and tides, causes breakage and occasionally 
forces parts of the floe below freeboard, flooding the ice surface with seawater (Fig.  
1.5-2). This is an important process which can trigger growth of surface communities 
as an efficient pathway for nutrient supply (section 1.5.2.1). 

Physical and chemical processes at the interface of the growing columnar ice with 
water is of importance as they constrains the properties, chemical composition and 
biological abundance of the ice. The lamellar ice-water interface, referred as the 
skeletal layer (Fig. 1.5-3), is a relatively open system where develop a boundary 
layer which experience supercooling and enhanced impurities concentration owing to 
impurities expulsion from the ice. 
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Figure 1.5-2 Schematic illustration of pack ice (a) and land-fast (b) sea ice showing the major 

physical features and locations of microbial habitats. From Arrigo (2003). 

 

 
Figure 1.5-3. Schematic illustration of skeletal layer and most common brines inclusions: 1 : 

brine pockets, 2: brine layers and 3: brine channels. From Verbeke (2005). 

 
During sea ice growth, most of the impurities (solutes, gases, particulate matter) 

are expelled from the pure ice crystals at the ice-water interface. However, a small 
fraction of impurities (~10%) remains trapped in bubbles, brine pockets, tubes or 
channels (Fig. 1.5-3) that contribute to the overall sea ice porosity and host active 
auto- and hetero-trophic microbial communities (Arrigo et al., 1997; Lizotte, 2001; 
Thomas and Dieckmann, 2002a; Arrigo, 2003).  Expelled impurities can remain 
trapped in the brines inclusions that experienc therefore high concentration of 
dissolved and particulate matter. Salinities over 150 are common in these intrusions 
and temperature can be less than -20°C.  
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Figure 1.5-4 Phase diagram of sea ice. The different curves indicate the mass fraction of solid 

ice (top), salts (middle) and liquid (bottom) present in closed volume of ideal sea water at 
different temperature. Open circles indicate the temperature at which the salts precipitate. 
From Assur (1958). 

As a consequence, chemical equilibriums within the brines are strongly affected 
and precipitation of salts can occurs (Fig. 1.5-4). Precipitation of CaCO3 is of 
particular importance for CO2 dynamics and is detailed in the chapters 4.1 and 4.3. 
As showed by the (Fig. 1.5-4), CaCO3 is potentially the first salt to precipitate during 
sea ice growth. 

Further depletions occur via processes such as brine expulsion, migration, 
drainage or convection, that are mainly controlled by the history of the thermal 
regime of the ice (Weeks and Ackley, 1986; Wettlaufer et al., 1997; Eicken, 2003) 
while brine volume and salinity also depend on thermodynamic equilibrium reactions 
(Cox and Weeks, 1983).  

 
A 5% relative brine volume is a threshold above which sea ice permeability 

increases drastically (Golden et al., 1998) and is also likely to represent a threshold 
above which air-ice gas exchange increases (Buckley and Trodahl, 1987). This 
permeability threshold would occur at a temperature of -10°C for a bulk ice salinity of 
10, corroborating the observation that sea ice is a highly permeable medium for 
gases (Gosink et al., 1976) and consistent with the reported uptake of atmospheric 
CO2 over ice covered waters (Semiletov et al., 2004). 

 
 
 

1.5.2 Sea ice biota 

 
Algal communities, especially diatoms, flourish within the distinct micro-habitats 

which are created when sea ice forms and ages (Fig. 1.5-2). Primary production by 
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this community can be significant (section 1.2.2.3). The primary advantage afforded 
by sea ice is that is provides a platform from which sea ice algae can remain 
suspended in the upper ocean where light is sufficient for net growth. Growth of the 
algae will be partly limited by the supply of nutrient, especially in the columnar ice. 
This latter is driven, if sea ice is permeable to liquids, by internal convection or brine 
drainage which supply nutrient-rich underlying seawater to the upper layer of the ice 
(Weeks and Ackley, 1986; Ackley and Sullivan, 1994; Golden et al., 1998).  

The initial stage of sea ice formation generally begins in the autumn when there 
are still substantial microbial populations left over in surface waters from the 
preceding spring blooms. As a result, during early frazil ice formation, particles such 
as microalgae, heterotrophic protists, and bacteria are often scavenged from the 
water column as the newly-formed frazil ice crystals rise to the surface (Garrison et 
al., 1989). In some cases, enrichment factors for Chl a calculated from the ratio 
between the concentrations in ice and underlying water have been reported to be as 
high as 53, with the incorporation of large diatoms being observed most commonly 
(Weissenberger and Grossmann, 1998). Hence while most of the inorganic impurities 
are expelled from sea ice, a significant fraction of organic matter can be concentrated 
within the sea ice. These concentration of biogenic particulate matter is a pathway to 
concentrate macro and micro-nutrients as iron, that otherwise would have been 
expelled. This macro and micro-nutrients, released during organic matter decay, can 
be either recycled internally within sea ice ore released in the brines, then to 
seawater. Recently, it has be shown that iron inputs to surface waters from melting 
sea ice would represent 70% of the estimated daily total flux when taking into 
account available data on dust deposition, extraterrestrial iron, vertical diffusion and 
upwelling, being a paramount contribution to Fe biogeochemical cycle in the water 
column (Lannuzel et al., 2006) . 

 
Details of two specific communities are provided below (sections 1.5.2.1 and 

1.5.2.2) as their interactions with CO2 dynamics are investigated in the chapters 4.2 
and 4.3. 

 

1.5.2.1 Surface communities 

Surface communities require a particular attention reagarding to air-sea ice CO2 
fluxes issues. Surface communities are situated at the air-sea ice interface and they 
can exchange CO2 directly with the atmosphere without hampering by low ice 
permeability. Furthermore they can be highly productive and therefore uptake of CO2 
related to surface community primary production can potentially overcome air-sea ice 
fluxes. 

 Sea ice surface communities benefit from high light levels and from nutriments 
from seawater flooding as snow loading or sea ice rafting depress the ice surface 
below the freeboard. Such surface flooding occurs over 15-30% of the ice pack in 
Antarctica (Wadhams et al., 1987). Slush – a mixture of melting snow, ice and 
flooding seawater covering sea ice - is known to berth highly productive algae 
community (Legendre et al., 1992).These surface communities exhibit photosynthetic 
rates comparable to those of open ocean Antarctic phytoplankton (Lizotte and 
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Sullivan, 1992) and might be responsible for the majority of sea surface productivity 
in Antarctic sea ice (Legendre et al., 1992).  

Semiletov et al. (2004) reported significant CO2 fluxes over arctic sea ice edge and 
ascribed their origin to both open brine channels and sea-ice melt ponds. Sea ice 
melt ponds are liquid water mostly originating from melted snow that lies at the 
surface of sea ice and occurs usually in the spring. Melt pond are common in the 
arctic but less in the Antarctic. Biollgical activity within melt pond is poorly 
documented. Carstens (2002) stated that "low salinity and low ion levels as well as its 
ultraoligotrophic character and exposure to high levels of irradiance seem to act as 
limiting factors regarding the colonization" of melt ponds in the North East Greenland 
Current. Conversely, Gradinger et al. (2005) reported Chl a concentrations in melt 
pond ranging from (1 to 7 µg L-1), similar to concentration in ice surface and in the 
same range than concentration of bottom ice. This communities would be fuelled in 
nutrients by marine infiltration or atmospheric deposition (Granskog et al., 2003). 
Such Chl a concentration suggest that primary production in melt ponds may 
deserves investigation, but to our best knowledge, no estimates are available yet. 

Surface snow communities can be high within snow algal patches. The 
concentrations of snow algae, in coloured snow patches from different locations on 
earth vary between 6 and 530. 10³ cells mL-1 (Gradinger and Nürnberg, 1996). They 
pointed out that species composition within snow algal patches is highly variable, but 
diatoms are absent. They gives significant gross estimate of primary production 
ranging from 12 to 476 mg C m-2 d-1 in algae-rich red snow patches, but, again, no up 
scaling of primary production within snow above sea ice is available. 

 

1.5.2.2 Platelet ice 

 
Platelet ice is a semi-consolidated layer of ice ranging from a few cm to several 

meters in thickness which is commonly observed beneath land-fast ice like in Adélie 
land or in regions adjacent to floating ice shelves where surface waters can become 
supercooled (Fig. 1.5-2 b). Platelet ice is the most porous of all sea ice types, being 
composed of approximately 20% ice and 80% seawater by volume. As a 
consequence, platelet ice provides approximately five times more surface for algal 
attachment than the skeletal layer where most of the biomass is usually 
concentrated. Furthermore, high porosity allows a rapid nutrient exchange with 
surrounding seawater, which fuel algae growth. This contrasts with congelation ice 
where algae growth is often limited by the availability of nutrients which are mostly 
supplied (if there are no top-down seawater infiltrations)  to the upper sea ice layer 
through internal physical processes (internal convection and brine drainage). As a 
consequence of its high surface area and high porosity, platelet ice harbours some of 
the highest accumulations of sea ice algae found anywhere on Earth, sometimes 
exceeding 1000 mg Chl a m-2 (e.g. (Arrigo, 2003) for a review). 
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1.6 Aims 

 
Open ocean 
When we started our work, the spatial and temporal variability of pCO2 in the open 

waters of the S.O. was still poorly documented due to the recurrent under-sampling 
of the S.O.. Corollary, no overall assessment of air-sea CO2 fluxes derived from in 
situ pCO2 measurements was available in the Southern Ocean. We therefore aimed 
to: 

• Investigate mesoscale spatial and temporal variability of pCO2 in the open 
waters of the S.O. 

• Assess air-sea CO2 fluxes at the ocean basin scale by first compiling 
extended data set, then scaling using remote sensing data. This required to 
focus our study on one ocean basin (the Indian sector of the S.O.) in order 
to compile a comprehensive data set of pCO2 measurements. 

• Produce air-sea CO2 fluxes estimates per hydrological province rather than 
per latitudinal band. This required delimiting these areas. To achieve this 
objective, we derived the position of the frontal structure from the 
distribution of the sea surface temperature inferred from remotes sensing 
data. 

 
Subantarctic coastal area 
With the exception of the studies of Metzl et al. (1991), Poisson et al. (1993) and 

Louanchi et al. (1996) which investigated pCO2 dynamics above the Kerguelen 
Plateau, coastal area have been largely ignored in CO2 budgets of the S.O. We 
conducted a three years survey - which was the first annual survey with weekly to 
monthly frequency to be carried out in the S.O. – to investigate CO2 dynamics and 
related CO2 fluxes in the subantarctic waters surrounding the Kerguelen Archipelago. 
Furthermore, Kerguelen shores host forests of the giant kelp Macrocystis pyrifera. 
While a few studies investigated CO2 dynamics above seagrass (Posidonia) 
meadows in the Mediterranean Sea, no study of pCO2 was conducted in productive 
and dense Macrocystis kelp bed. Hence, our survey was a unique opportunity to 
estimate the CO2 fluxes related to these kelp forests. We therefore aimed 

• To investigate the seasonal evolution of pCO2 in near-shore shallow waters 
occupied by Macrocystis kelp bed 

• To assess the primary productivity of the kelp throught DIC measurement 
carried out during diel cycles  

• Explore spatial and seasonal variability of pCO2 and related air-sea CO2 
fluxes in the deeper waters surrounding the archipelago. 
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Sea ice 
For decades, sea ice has been considered by the scientific community and 

biogeochemical modellers involved in assessing oceanic CO2 uptake as an inert and 
impermeable barrier to air-sea exchange of gases. However, this assumption is not 
supported by studies of the permeability of ice to gases and liquids, which show that 
sea ice is permeable at temperatures above -10°C (Gosink et al., 1976; Golden et al., 
1998). Furthermore, sea ice hosts microbial communities which may potentially 
uptake CO2. With the exception of the work of Gleitz et al. (1995), to out best 
knowledge, no study investigated inorganic carbon dynamics within natural sea ice. 
Furthermore these authors did not measure or compute pCO2. Hence, we aim to: 

• Verify the assertion of the impermeability of sea ice, by measuring CO2 
fluxes at the air-sea ice interface using several methods (chamber method, 
eddy covariance and CO2 profiles).  

• Investigate pCO2 dynamics within sea ice brines. Due to the uncertainties in 
the inorganic carbon chemistry at subzero temperatures and high salinity, 
we wanted to measure pCO2 directly rather than to compute it from TA and 
pH measurement which require to use the dissociation constants of 
carbonic acid which might not be valid in the range of temperature and 
salinity encountered in sea ice brines. We developed therefore an 
autonomous system to measure pCO2 in the field using the equilibration 
method. 

• Determine the interaction between sea ice and the underlying layer with 
regards to dissolved inorganic carbon. We therefore measured pCO2 
underneath the ice. 
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2 Open Ocean 
 
 
 
 
 

 
Clouds over the Southern Ocean (picture taken during the ISPOL cruise in November 2005) 
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2.1 Fronts in the Southern Ocean as inferred from satellite sea 

surface temperature data  

 

 

 

 

2.1.1 Foreword 

 

Much of the work presented in this manuscript was carried out in the framework of the 
projects BELCANTO I, II and III. The backbone of these projects is the integrated 
approach to study the biogeochemistry of the Southern Ocean and in particular the 
vertical fate of carbon, from the exchange of CO2 at the air-sea interface to the export to 
the mesopelagic and bathypelagic zones. We therefore aimed to evaluate how air-sea 
CO2 fluxes translate to carbon storage in deep waters through C export. Carbon export is 
assessed from multiproxies for the different biogeochemical regions of the Southern 
Ocean, making awkward the comparison with air-sea CO2 exchanges which are 
conventionally given per latitudinal bands. We therefore aimed to provide an assessment 
of air-sea CO2 fluxes per biogeochemical region. To achieve this, the first step was to 
map these biogeochemical regions, using remote sensing tools. We provide in this 
chapter the first synoptic description of the zonation of the Indian Sector of the Southern 
Ocean, together with the temporal evolution of the frontal structures. 

 

This chapter has been published in Journal of Marine Systems: "Kostianoy A.G., 
A.I. Ginzburg, M. Frankignoulle & B. Delille, 2004. Fronts in the Southern Indian Ocean 
as inferred from satellite sea surface temperature data Journal of Marine Systems 45(1-
2): 55-73. doi:10.1016/j.jmarsys.2003.09.004 ".  

 

Another publication dealing with the subject "Kostianoy A.G., A.I. Ginzburg, M. 
Frankignoulle & B. Delille, 2003. Fronts and Mesoscale Variability in the Southern Indian 
Ocean as Inferred from the TOPEX/POSEIDON and ERS-2 Altimetry Data. Oceanology 
43(5):632-642" is available as an annex; the abstract is given below: 

 
Charts of sea level anomalies based on the combined altimetry data from 

theTOPEX/POSEIDON and ERS-2 satellites, as well as the corresponding charts of the sea 
surface dynamic heights (constructed by the superposition of SLA distributions over the climatic 
dynamic topography) and the temperature gradients at the ocean surface on the basis of the 
satellite Multi-Channel Sea Surface Temperature data, were used to study the mesoscale 
variability related to the fronts in the Southern Indian Ocean (30°–60°S, 20°–150°E). An analysis 
of these three types of satellite information for the central weeks of each month during the period 
from 1997 to 1999 allowed us to distinguish zones of enhanced meandering (eddy formation) 
within the basin under study, as well as the contributions of individual fronts and their interaction 
to the regional mesoscale variability. The problems of the correlation between the intensity of 
mesoscale variability and peculiarities of the local bottom topography and seasonal/interannual 
variability of mesoscale dynamics are addressed. 
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Abstract 

2.1.2 Abstract 

2.1.3 Introduction 
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2.1.4 Data and methods 
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2.1.5 Frontal patterns 

2.1.5.1 Manifestation of the fronts in SST gradients maps 

2.1.5.2 Overall frontal patterns 
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2.1.5.3 Fine spatial structure of frontal zones 
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2.1.5.4 Near-synchronous hydrographic and satellite observations of fronts in 
the Crozet Basin and Tasmania region 
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2.1.6 SST ranges of the fronts in the Southern Indian Ocean (20-150°E)  
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2.1.7 Concluding remarks 
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2.1.8 Acknowledgments 
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2.2 Mesoscale distribution of pCO2 and related parameters across 

the frontal zone of the Southern Ocean.  

 

 

2.2.1 Foreword 

 

The ANTARES IV cruise, carried out in the framework of the French contribution to 
Southern Ocean – Joint Global Ocean Flux Study (S.O.-JGOFS), offered the 
opportunity to study at mesoscale the surface pCO2 distribution across a frontal zone. 
This study was carried out in the Crozet Basin in a particular region where bottom 
topography leads to the merging of the Polar Frontal Zone with the Aghulas Front. 
This region is therefore characterized by complex and highly dynamic physical 
structures which promote biological activity and subsequent uptake of atmospheric 
CO2. 

This chapter was been presented at the third SO-JGOFS Symposium held in Brest 
(France) in July 2000 and has been published in Marine Ecology Progress Series: 

Fiala M., B. Delille, C. Dubreuil, E. Kopczynska, K. Leblanc, J. Morvan, B. 
Quéguiner, S. Blain, C. Cailliau,P. Conan, R. Corvaisier, M. Denis, M. Frankignoulle, 
L. Oriol, S. Roy. 2003.  Mesoscale surface distribution of biogeochemical 
characteristics associated with a frontal system in the Crozet Basin (Southern Indian 
Ocean) during austral summer 1999. Marine Ecology Progress Series 249, 1–14 

 
Also, some data of the study carried out during the ANTARES IV cruise have been 

used to trace water masses and investigate the fate of dissolved Barium in the water 
column. This complementary study has been published: 

Jacquet  S.H.M., F. Dehairs, D.B. Cardinal, J. Navez & B. Delille, 2005. Barium 
distribution controlled by hydrological and biogeochemical processes: results from a 
Southern Ocean Frontal System [Crozet-Kerguelen Basin], Marine Chemistry  95(3-
4): 149-162 

This article is available as an annex; the abstract is given below: 
 
We investigated the dissolved and excess particulate Ba distribution (Baxs, an estimate of biogenic Ba 

considered to consist mainly of barite [BaSO4]) across the complex frontal system of the Crozet–Kerguelen 
Basin (Southern Ocean; 42–47°S, 62–65°E). Baxs profiles show the characteristic mesopelagic maximum 
(depth range between 150 and 400 m) reaching up to 1000 pM in the Subantarctic Zone and Subtropical 
Front, the highest value observed for Southern Ocean mesopelagic waters. Dissolved Ba (concentrations 
between 38 and 104 nM) correlates with silicate and alkalinity, but the regression is not perfect, reflecting 
the involvement of different biogenic carriers in the control of the water column distribution of these 
compounds. Dissolved Ba in the upper 500 m appears strongly influenced by cross-frontal exchanges, 
involving both northward and southward transport of water masses. In the mesopelagic waters (150–400 m) 
of the Polar Front Zone, a dissolved Ba depletion faces the Baxs maximum. This depletion appears mainly 
maintained by cross-frontal advection of waters containing less Ba and originating north of the Subantarctic 
Front. Overall, no clear evidence that precipitation of barite reflected by the occurrence of Baxs maxima 
does measurably influence the distribution of dissolved Ba was found.  
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2.2.2 Abstract 

2.2.3 Introduction 
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2.2.4 Materials and Methods 

2.2.4.1 Study area 

2.2.4.2 Sampling 

2.2.4.3 Methods 
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2.2.4.4 Statistical analysis 

2.2.5 Results  

2.2.5.1 Frontal structure within area investigated 
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2.2.5.2 Surface temperature and salinity distribution 

2.2.5.3 Surface nutrient distribution 

2.2.5.4 Biogenic and lithogenic silica distribution 
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2.2.5.5 Chl a distribution 

2.2.5.6 pCO2 distribution 

2.2.5.7 Phytoplankton abundance determined by flow cytometry (FCM) 
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2.2.5.8 Heterotrophic bacteria 

2.2.5.9 Microscope analysis of the phytoplankton community 
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2.2.5.10 Statistical analysis 
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2.2.6 Discussion 
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2.3 Variability of the net air–sea CO2 flux inferred from shipboard 

and satellite measurements in the Southern Ocean south of 

Tasmania and New Zealand. 

 

2.3.1 Foreword 

 

It is intrinsically difficult to study synoptically dissolved inorganic carbon spatial 
distributions at the ocean basin scale, or to resolve adequately the seasonal 
changes. Synoptic at sea measurements of any oceanographic variable over large 
areas are logistically impossible, and long continuous ship based time-series are not 
achievable in remote areas as the Southern Ocean. To encompass these under 
sampling issues, several solutions have been developed, from autonomous pCO2 
measurements units deployed on drifting buoys or fixed platforms, to the increasing 
use of Volunteer Observing Ships (VOS). However, these recently developed tools 
are hardly implemented in the Southern Ocean. Indeed, the sea ice cover hampers 
the use of drifting boys or fixed platforms, while VOS tracks are somewhat illusive 
due to the lack of commercial ship lines in the S.O.. Thus, most of pCO2 
measurements are provided using conventional oceanographic surveys. Regular 
surveys are carried out in the frame of LDEO-NSF (Lamont-Doherty Earth 
Observatory – National Science Fundation) and CARAUS (CARbone AUStral) 
projects, but they suffered from the lack of data in winter due to logistical constrains. 
One project provides regular winter surveys, the OISO observatory (Océan Indien 
Service d'Observation), but, only two surveys are scheduled per year in the 
framework of this project. 

To encompass under-sampling, one alternative is to take advantage of remote 
sensing tools to extrapolate in situ measurements. We attempted to do so in the S.O. 
sector south of the Tasmania and New Zealand using a dual approach which 
involved the gathering of data sets and extrapolation based on remote sensing data 
(Sea Surface Temperature and Chlorophyll a concentration). This approach is prone 
to some caveats, but allowed us to improve current budgets of CO2 fluxes derived 
from simple compilations of pCO2 measurements (Takahashi et al., 2002). 

 
This study was conducted in collaboration with the Laboratoire d’Océanographie 

Dynamique et de Climatologie/Institut Pierre Simon Laplace (France), the Lamont-
Doherty Earth Observatory (USA), and the School of Environmental Sciences/ 
University of East Anglia (U.K.), and was published in Journal of Geophysical 
Research: 

Rangama Y., J. Boutin,.J. Etcheto, L. Merlivat, T. Takahashi, B. Delille, M. 
Frankignoulle, & D.C.E. Bakker, 2005. Variability of net air-sea CO2 flux inferred from 
in situ and satellite measurements in the Southern Ocean south of Tasmania and 
New Zealand, Journal of Geophysical Research, 110(C9), C09005, 
doi:10.1029/2004JC002619. 
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2.3.2 Abstract 

 

2.3.3 Introduction 
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2.3.4 Data 

2.3.4.1 In Situ pCO2 
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2.3.4.2 Satellite Parameters 
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2.3.4.3 Atmospheric pCO2 

2.3.5 Correlation of Oceanic pCO2 with Chlorophyll and SST 

2.3.5.1 The pCO2 variability Correlated With Chlorophyll 
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2.3.5.2 The pCO2 variability Correlated With SST 

2.3.5.3 Interpretation of Observed pCO2 Relationships with Chl and SST 
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2.3.6 Extrapolation of pCO2  

2.3.6.1 Summary of pCO2 –Chl and pCO2-SST Fits (Standard Extrapolaf 
Extrapolated pCO2  
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2.3.6.3 Extrapolated pCO2 Maps 
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2.3.7 Monthly ∆pCO2 and Air-Sea Fluxes Maps Deduced From Our 
Extrapolation and From Takahashi [2002] ∆pCO2 Fields 

2.3.7.1 Monthly Atmospheric pCO2  

2.3.7.2 Monthly ∆pCO2  
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2.3.7.3 Monthly Net Air – Sea CO2 Flux Maps 
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2.3.8 Discussion 
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2.3.9 Conclusion 

2.3.10 Appendix A: Computation of pCO2 from CO2 concentration 
Measurements 
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2.4 Spring and summer air-sea CO2 fluxes in the Indian sector of the 

Southern Ocean 

 
 
 

2.4.1 Foreword 

Building on the approach described in Chapter 0, we assessed air-sea CO2 fluxes 
in the Indian sector of the Southern Ocean based on 8 cruises (Table 2-1) carried out 
in the framework of the BELCANTO projects. However, there are two significant 
differences with the former study.  

• In Chapter 2.3, the interpolation of pCO2, SST and Chl a was performed 
regardless of the considered area. Here, we computed air-sea CO2 
fluxes per physical zone - defined by the positions of the fronts - rather 
than per latitude as conventionally done.  

• This was the first step towards an assessment of the biological pump, 
comparing consistently air-sea CO2 fluxes with C export given per 
physical zone, rather than per latitude. We used the positions of the 
fronts derived from SST gradients as described in the chapter 2.1. 

 
This chapter will be published as a section of the report:  
Dehairs,F., C. Lancelot, L. André, H. Goosse, M. Frankignoulle, S. Becquevort, A. 

Borges, D. Cardinal, A.de Montety, B. Delille, M. Elskens, S.H.M. Jacquet, W. 
Lefebvre, B. Pasquer, N. Savoye, and V. Schoemann. Assessing the sensitivity of the 
Southern Ocean's Biological pump to climate change. Belgian Science Policy 
Reports, +pp 124, in press 
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2.4.2 Introduction 

 
Based on underway pCO2 measurements carried out in the framework of 

BELCANTO projects in the Indian sector of the Southern Ocean (Figure 2.4-1 and 
Table 1), we budgeted spring and summer air-sea CO2 fluxes using SST, SeaWIFS 
chlorophyll-a concentration (Chl) and wind speed inferred from satellite 
measurements. We focused on the Indian sector (20°E-150°E; 30°S-60°S) from 
October 1997 to December 1999. CO2 fluxes were partitioned  according to the main 
oceanographic provinces of the Southern Ocean, namely the subtropical zone (STZ), 
both north and south subantarctic zone (denoted as NSAZ and SSAZ respectively), 
polar frontal zone (PFZ) and polar open oceanic zone (POOZ), using the positions of 
fronts inferred from SST gradients (chapter 2.1)  

 

 
Figure 2.4-1: Underway pCO2 measurements carried out in the Indian sector of the Southern 

Ocean in the framework of BELCANTO projects superimposed on SeaWIFS chlorophyll a 
concentration (average of  maps used for the pCO2 reconstruction, e.g.  spring and summer 
seasons from October 1997 to December 1999). 

 
 

ship area period 
R.S.V. Aurora Australis South of Tasmania - SR3 transect 28-02 to 31-03-1998 
R.S.V. Marion Dufresne Crozet Basin 12-11 to 19-11-1998 
R.V. La curieuse Kerguelen Plateau 02-12 to 5-12-1998 
R.S.V. Marion Dufresne Crozet Basin 21-12 to 29-12-1999 
R.S.V. Marion Dufresne Crozet Basin 06-01 to 20-02-1999 
S.V. Astrolabe South of Tasmania - Adélie Land 22-10 to 28-10-1999 
S.V. Astrolabe South of Tasmania - Adélie Land 21-12 to 27-12-1999 
R.S.V. Aurora Australis South of Tasmania - Eastern Antarctica 31-10 to 12-12-2003 

Table 2-1: Campaigns of pCO2 measurements carried out in the Indian Sector of the Southern 
Ocean in the framework of BELCANTO projects. 
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2.4.3 Correlation of oceanic pCO2 with chlorophyll and SST 

 
Complete description of the experimental set-up of underway pCO2 measurements 

is provided in the chapters 2.2 and Variability of the net air–sea CO2 flux inferred 
from shipboard and satellite measurements in the Southern Ocean south of 
Tasmania and New Zealand.2.3. Surface pCO2 measurements were corrected to a 
single reference year (arbitrary chosen as 1999) using atmospheric CO2 
concentration measured at Cape Grim station (provided by Globalview –CO2 
http://www.cmdl.noaa.gov/ccgg/globalview/co2/index.html). We collocated corrected 
pCO2 measurements with weekly standard maps (resolution of 9×9 km) of Level 3 
SeaWIFS Chl (obtained from the National Atmosphere and Space Agency 
http://oceancolor.gsfc.nasa.gov/). SST was derived from Advanced Very High 
Resolution Radiometer (AVHRR) data (obtained from the Physical Oceanography 
Distributed Active Archive Center). Then, we carried out correlations of corrected 
pCO2 in spring and summer season with Chl and in situ SST using Surfer® package 
("kriging" method - type "block") (Figure 2.4-2). Wind speed was derived form ERS-2 
wind products delivered by the Centre ERS d'archivage et de Traitement (CERSAT) 
of the Institut Français de Recherche pour l'Exploitation de la Mer (IFREMER) 

2.4.4 Reconstruction of CO2 fluxes fields. 

 
 The pCO2 fields were reconstructed following the same rationale of the study 

conducted south of Tasmania. We used fits between pCO2, SST and SeaWIFS 
Chlorophyll shown in the Figure 2.4-2 to reconstruct pCO2 fields over the Indian 
sector from October 1997 to December 1999. This time period is covered by 
SeaWIFS data, our analysis of the positions of fronts and most of the in situ pCO2 
measurements. We reconstructed monthly pCO2 fields with a resolution of 0.2°×0.2° 
using monthly SeaWIFS and SST maps. SST maps were derived from AVHRR data 
obtained from the PODAAC. Then we compute CO2 fluxes. The CO2 fluxes were 
computed fromthe gas transfer velocity parameterization of Liss and Merlivat (1986), 
Wanninkhof (1992) and Wanninkhof and McGillis (1999) using wind speed derived 
form ERS-2 wind products delivered by the CERSAT. 

In spring a strong sink for atmospheric CO2 is centred on the Crozet Basin (Figure 
2.4-3). This is likely due to the intense frontal dynamics specific to this region which 
promotes large decreases of pCO2 (Chapter 2.2). In summer, the sink of atmospheric 
CO2 spreads over the entire SSAZ and PFZ. The signature on the distribution CO2 
fluxes of the SSTF, SAF and the PF are remarkably well marked. On the whole, the 
most intense sink of atmospheric CO2 was encountered in the SSAZ.  
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Figure 2.4-2: Cross  correlations between pCO2 , SST and Level3 SeaWIFS chlorophyll-a 
concentration (Chl) in spring (top) and summer (bottom) in the Indian sector of the Southern 
ocean used for the reconstruction of pCO2 fields. 
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2.4.5 Budget of air-sea CO2 fluxes 

 
While budgeting CO2 fluxes from reconstructed CO2 fluxes fields, attention was 

paid to discriminate the different oceanographic provinces of the Southern Ocean 
delimited by the fronts. Analysis of the positions of these fronts was carried out 
mainly using SST gradients derived from remote sensing AVHRR data in conjunction 
with previous work based on XBT and CTD vertical profiles (Chapter 2.1). Monthly 
maps of the main frontal structures were established over the whole Indian sector of 
the Southern Ocean from 1997 to 1999. These maps allowed us to budget CO2 flux 
per province using different parameterizations of the gas transfer velocity (Table 2-2). 
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Figure 2.4-3.  Mean positions of the fronts inferred from SST gradients (top) and 
reconstructed air-sea CO2 fluxes in spring (middle) and summer (bottom) based on the 
Wanninkhof (1992)  gas transfer velocity parameterization. 
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The overall sink of atmospheric CO2 for the 35°S-50°S band of the Indian sector of 
the Southern Ocean ranges from -0.039 to -0.110 PgC in spring and from -0.032 to -
0.093 PgC in summer (Table 2-2). As expected, large changes in the sink status with 
respect to the choice of the gas transfer velocity parameterization were obtained. 
From January 1991 to March 1993, Metzl et al. (1995) computed summer CO2 fluxes 
ranging from -2.5 to -5.5 mmol m-2 d-1, with an average value around -3.5 mmol m-2 d-

1 in the same area. Metzl et al. (1999) computed average fluxes in this zone of about 
-5.1 mmol m-2 d-1 in spring and -11.3 mmol m-2 d-1 in summer from 1992 to 1995. 
These fluxes, computed with the gas transfer velocity parameterization of Liss and 
Merlivat (1986) are higher that our present estimations. Both present study carried 
out in the Indian sector of the S.O. and previous study carried out in the western 
Pacific sector of the S.O. (chapter 2.3) exhibit lower estimates than previous ∆pCO2 
based studies (Metzl et al., 1995; Metzl et al., 1999; Takahashi et al., 2002). This 
might support the conclusions of inverse models that previous ∆pCO2 based studies 
overestimate CO2 fluxes in the Southern Ocean (Gloor et al., 2003; Gurney et al., 
2004; Jacobson et al., 2005). However, one can note that the studies of Metzl et al. 
(1995; 1999) and Takahashi et al (2002) were mostly based on older data than those 
used in the present budgets. Hence, these differences might also be ascribed to a 
large inter-annual variability of the magnitude of the fluxes of CO2 in the Southern 
Ocean as also recently observed from 1998 to 2002 (Nicolas Metzl, LOCEAN (FR), 
personal communication). 

 
. 

 Liss et Merlivat 
(1986) 

Wanninkhof (1992) Wanninkhof and 
McGillis (1999) 

Nightingale et al. 
(2000) 

Average flux 
(mmol m-2 d-1) 

Spring Summer Spring Summer Spring Summer Spring Summer

STZ -0.72 0.48 -1.37 0.94 -1.43 0.84 -0.94 0.67 
NSAZ -2.02 -0.73 -4.01 -1.43 -5.11 -1.77 -2.69 -0.96 
SSAZ -1.96 -2.52 -4.04 -5.15 -5.85 -7.35 -2.67 -3.40 
PFZ -1.52 -2.01 -3.29 -4.36 -5.42 -7.24 -2.13 -2.83 

POOZ -0.10 -0.39 -0.22 -0.82 -0.43 -1.32 -0.14 -0.54 
35°~50°S -1.97 -1.66 -4.00 -3.39 -5.59 -4.87 -2.66 -2.24 

         
Integrated 
flux (PgC) 

        

NSAZ -0.018 -0.006 -0.036 -0.012 -0.046 -0.015 -0.024 -0.008 
SSAZ -0.012 -0.016 -0.025 -0.032 -0.036 -0.045 -0.016 -0.021 
PFZ -0.008 -0.011 -0.017 -0.023 -0.029 -0.038 -0.011 -0.015 

35°~50°S -0.039 -0.032 -0.080 -0.065 -0.110 -0.093 -0.053 -0.043 

Table 2-2 Averaged and integrated air-sea CO2 fluxes over the different provinces of the 
Indian sector of the Southern Ocean. Fluxes were computed using the gas transfer velocity 
parameterizations of Liss and Merlivat (1986), Wanninkhof (1992) and Wanninkhof and McGillis 
(1999).  Integrated fluxes are given for a three months period. 
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3 Subantarctic coastal area 
 
 
 
 
 

 
Macrocystis kelp beds in a fjord of the Kerguelen Archipelago (SubAntarctica) 
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3.1 Seasonal changes of pCO2 over a subantarctic Macrocystis kelp 

bed  

 
 
 
 
 

3.1.1 Foreword 

In the framework of the MICROBIOKER program funded by the Institut Polaire 
Paul-Emile Victor, three over-wintering campaigns were carried out in the Kerguelen 
Archipelago (Sub-Antarctica). This chapter presents the results from the survey 
carried from December 1995 to December 1997. To our best knowledge, this was the 
first long term survey of pCO2 in a Subantarctic coastal area and the first study of 
dissolved inorganic carbon dynamics in giant kelp Macrocystis pyrifera beds. 

This chapter has been published in Polar Biology: 
Delille.B, D. Delille, M. Fiala, C. Prevost & M. Frankignoulle, 2000. Seasonal 

changes of pCO2 over a subantartic Macrocystis kelp bed. Polar Biology 23, 706-716. 
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3.1.2 Abstract 

 

3.1.3 Introduction 
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3.1.4 Material and methods 

3.1.4.1 Sampling 

3.1.4.2 Inorganic carbon 

3.1.4.3 Bacterial abundance 

3.1.4.4 Chlorophyll 
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3.1.4.5 Nutrients 

 

3.1.5 Results 
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3.1.6 Discussion 

3.1.6.1 Short-term variations 
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3.1.6.2 Seasonal variations outside the kelp bed 
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3.1.6.3 Influence of Macrocystis kelp bed 
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3.1.6.4 Buffer factor 
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3.1.7 Conclusions 

 

3.1.8 Acknwoledgments 
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3.2 Influence of giant kelp beds (Macrocystis pyrifera) on diel cycles 

of pCO2 and DIC in Sub-Antarctic coastal area. 

 
 
 
 
 
 
 
 

3.2.1 Foreword 

 
 
 
 
 
This study has been conducted in parallel with the survey of the chapter 3.1. It 

also addresses the influence of Macrocystis pyrifera kelp beds on pCO2 dynamics in 
shallow waters. However, the sampling sites are different and this chapter address 
both diel and seasonal variability. In the previous chapter, there were stong 
indications that the primary production of the kelp beds is significant, compared to 
primary production of phytoplankton of the surrounding waters. It appears that 
residence time of water within the kelp is longer than 24 h. This allows to make a 
tentative estimate of the maximum net ecosystem production of the kelp beds. This 
latter appears to be significant when compared to temperate sites and other 
macrophytes species. 

This part has been submitted for publication to Estuarine, Coastal and Shelf 
Science: 

Delille B., A.V. Borges & D. Delille. Influence of giant kelp beds (Macrocystis 
pyrifera) on diel cycles of pCO2 in Sub-Antarctic coastal area.  
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3.2.2 Abstract 

 
The partial pressure of CO2 (pCO2) and dissolved inorganic carbon (DIC) were 

monitored in shallow coastal waters located inside and outside a giant kelp bed 
(Macrocystis pyrifera) situated in the Kerguelen Archipelago (Southern Ocean). 
Photosynthesis and respiration by microplankton and kelps are responsible for 
marked pCO2 and DIC diel cycles. Daily variations are significant in spring and 
summer, but absent in winter, reflecting the seasonal cycle of biological activity in the 
kelp beds. If kelp beds seem to favour the onset of phytoplankton bloom, most of the 
primary production inside the kelp beds is due to the kelps. Primary production of 
Macrocystis kelp beds in the subantarctic high nutrients-low chlorophyll (HNLC) 
waters off Kerguelen Archipelago is elevated and is tightly linked to light availability; it 
is significant from October to April and reaches its climax in December at the solar 
radiation maximum. 

 
 
 

3.2.3 Introduction 

 
Marine macrophytes (seagrasses and macroalgae) can be found in any shallow 

coastal aquatic system including estuaries. They cover only 2 106 km2 worldwide 
(Whittaker and Likens, 1973), but could act as an effective carbon sink because of 
their large biomass (estimated to be about two-thirds of oceanic plant biomass) and 
relatively high turnover time (1 year) compared to phytoplankton (1 week) (Smith, 
1981). It has been pointed out that macrophytes have a great potential for biomass 
production and CO2 uptake in a global context (Smith, 1981; Wilcox and North, 1988; 
Gao and McKinley, 1994; Duarte and Chiscano, 1999; Duarte et al., 2004). 
Nevertheless, little is known of the influence of macrophytes on dissolved inorganic 
carbon (DIC) dynamics, and  the quantitative significance in the global carbon and 
CO2 cycles remains poorly constrained (Gattuso et al., 1998b; Duarte et al., 2004; 
Borges, 2005; Borges et al., 2005). 

Frankignoulle and Distèche (1984; 1987), Frankignoulle and Bouquegneau (1987; 
1990) studied the impact of Posidonia oceanica seagrass meadows on the partial 
pressure of CO2 (pCO2) and DIC dynamics in the Mediterranean Sea. The Posidonia 
meadows exert a strong influence on the pCO2 of surrounding waters, driving a diel 
signal of pCO2 consistent with the solar radiation cycle. The diel and seasonal 
variations of the carbon budget show two yearly phases with spring and summer 
photosynthesis yielding to a drawdown of CO2 and the winter decay of organic matter 
which results in a CO2 release. In the Bay of Palma (Spain), strong decreases of 
pCO2 over Posidonia meadows has been recently reported due to their higher 
primary productivity compared to the surrounding oligotrophic waters (Gazeau et al., 
2005). In the same area, Barrón et al. (2006) highlighted the strong influence of 
calcification by epiphythes and calcium carbonate (CaCO3) dissolution on pCO2 
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dynamics in Posidonia meadows, in agreement with observations in other seagrass 
ecosystems (Morse et al., 1987; Ku et al., 1999; Delille et al., 2000; Burdige and 
Zimmerman, 2002; Yates and Halley, 2003; Yates and Halley, 2006). On the whole 
Posidonia oceanica seagrass meadows appear to act as a sink for atmospheric CO2. 
In the waters surrounding the Kerguelen Archipelago, it has been previously reported 
that the DIC and pCO2 of the waters above Macrocystis kelp beds are strongly 
influenced by the biological activity of the kelps leading to a potential sink of 
atmospheric CO2 (Delille et al., 1997; Delille et al., 2000). 

The primary production in Macrocystis kelp bed is high and generally ranges from 
1000 to 1300 gC m-2 y-1 (Mann, 1982; Wheeler and Druehl, 1986) and Jackson 
(1977) measured primary production up to 3400 gC m-2 y-1 off southern California. 
The survey of DIC over macrophyte beds allows to assess net ecosystem production 
by mass balance (Gazeau et al., 2005). This is of particular interest in polar areas 
and in particular in the Southern Ocean where dense population of highly productive 
macroalgae are present, but production has seldom been estimated (Dunton and 
Dayton, 1995). 

The purpose of the present paper is to examine the diel changes of pCO2 and DIC 
both outside and inside a Macrocystis pyrifera giant kelp bed within the shallow 
waters of the Kerguelen Archipelago, in order to understand the physico-chemical 
and biological processes controlling pCO2 dynamics and to follow the seasonal 
evolution of kelp bed primary production.  

 
 

 
Figure 1.  Brise-Lame Bay and Morbihan Bay in the Kerguelen Archipelago.  The sampling 

sites are indicated by stars. 
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3.2.4 Material and Methods 

 
Sites and sampling. The Kerguelen archipelago (Fig. 1) is usually cited in the 

literature as a Sub-Antarctic island. From a strict oceanographic point of view, this 
archipelago is situated either in the Polar Frontal Zone (Sub-Antarctica) or 
Permanently Open Ocean Zone (Antarctica) depending of the position of the Polar 
Front with regards to the archipelago (e.g. Delille et al. 2000). A substantial 
proportion of the coastlines of the archipelago are occupied by Macrocystis pyrifera 
kelp beds. 

Samples were collected from January to December 1996 at the vicinity of the 
Cimetière Island in the Morbihan Bay (MB), and in the Brise-Lame Bay (BLB) in the 
northern part of the Kerguelen archipelago. Located in the southeast of the 
archipelago, the Morbihan Bay (about 600 km²) opens to the ocean through the 
Royal Pass, which is 12 km wide and 40m deep. Biomass (wet weight) of 
Macrocystis pyrifera in the Morbihan Bay was assessed using remote sensing data to 
be about 1 100 kt, spread over an area of about 190 km² (Belsher and Mouchot, 
1992). Average biomass within two-thirds of the area covered by Macrocystis kelp 
beds is 22.5 kg m-2 and can reach 26 kg m-2. Brise-Lame Bay has a surface area of 
about 12 km² and is widely open. However, sampling sites were chosen in the most 
sheltered part of the bay that is surrounded by Macrocystis pyrifera kelp beds.  

Two sampling stations were chosen at each site, one located inside and one 
outside the kelp beds. Surface waters were sampled at both stations every third hour 
during 24 hours from 21:00 onwards. Analyses began aboard the R.V. La Curieuse 
within 15 min after sample collection. Diel surveys were numbered chronologically, 
while BLB and MB denotes, respectively, diel surveys carried out in the Brise-Lame 
Bay and at the Cimetière Island in the Morbihan Bay. 

 
Dissolved inorganic carbon. The inorganic carbon speciation was calculated from 

pH and total alkalinity (TA) measurements. TA was measured using the classical 
Gran electrotitration method on 100ml GF/F filtered samples. The accuracy of 
measurements was ±4 µeq kg-1.  pH was measured using a commercial combination 
electrode (Ross type, Orion®) calibrated on the U.S. National Bureau of Standards 
(NBS) scale. The accuracy of pH measurements was ±0.01 pH units. CO2 speciation 
was calculated with the CO2SYS Package (Lewis and Wallace, 1998; Pelletier et al., 
1998), using the CO2 acidity constants of Mehrbach et al. (1973) refitted by Dickson 
and Millero (1987), the CO2 solubility coefficient of Weiss (1974), the borate acidity 
constant of Dickson (1990b). The total borate molality was calculated using the 
Uppström (1974) ratio to salinity. Taking into account uncertainties on pH, TA, 
temperature, salinity, the errors in pCO2 and DIC were ±14 µatm and ±9 µmol kg-1, 
respectively. DIC was normalized to a constant salinity of 33.4, denoted as DICn. 
Normalized pCO2 (pCO2 n) was computed at a constant temperature of 5°C from 
normalized TA and DIC at a constant salinity of 33.4. 

 
Chlorophyll a (Chl a). Samples were prefiltered through a 200 µm mesh to remove 

detritic material and larger biota, and then filtered by gentle vacuum filtration of 1 L of 
seawater through a Whatman® GF/F glass-fibber filter. The measurements of 
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chlorophyll a were carried out with a Perkin-Elmer® MPF 66 spectrofluorometer using 
the spectrofluorometric method developed by Neveux and Panouse (1987).  

Related parameters. Salinity was determined with a Guildline® induction 
salinometer with an accuracy of 0.003 on the practical salinity scale. Solar radiation 
measurements were provided by MétéoFrance from station located at Port aux 
Français (Morbihan Bay). 

 

3.2.5 Results 

Figure 2 shows the seasonal changes of the 24 h averages of each parameter in 
MB, BLB and in an adjacent station at Port aux Français (Delille et al., 2000). Sea 
surface temperature (SST) ranged from 1.6°C in austral winter (from June to August) 
to 8.4°C in summer (from December to March) inside the kelp bed. In winter, the diel 
temperature changes were small (0.2°C inside and outside the kelp beds) compared 
to summer (1.5°C outside the kelp beds; 2.6° inside the kelp beds). On repeated 
occasions - like MB3, MB8, BLB1 and BLB5 cycles - diel cycle of SST is more 
marked inside the kelp beds than outside (Fig. 3), with a strong daytime increase of 
SST and a rapid decrease at dusk. In summer, SST difference between inside and 
outside the kelp bed reached 1.0°C during daytime. Chl a concentrations ranged 
from 1.0 µg L-1 to 2.0 µg L-1 in February and then decreased below 0.3 µg L-1 in 
July. The increase in September was much larger inside the kelp beds. The yearly 
maximum of Chl a was about 5.3 µg L-1. Diurnal changes of Chl a concentration (Fig. 
4) were on some occasions large (up to 3.0 µg L-1) but did not exhibit clear or 
recurrent patterns. 

pCO2 ranged from 170 µatm to 520 µatm outside the kelp bed and from 80 µatm to 
530 µatm inside the kelp beds in MB-BLB (Fig. 2). Seasonal changes are similar at 
both sites in the Morbihan Bay and at BLB. Values were below atmospheric 
equilibrium in summer (January) and then increased from February to April. CO2 
over-saturation appeared in February outside the kelp bed and in March inside the 
kelp beds. After a maximum in April, pCO2 decreased until July to reach values close 
to atmospheric equilibrium during winter. The decrease of pCO2 during spring and 
subsequent CO2 under-saturation began earlier and was more marked inside the 
kelp beds (August) than outside (September). Outside the kelp beds, pCO2 tended to 
increase during early November, while pCO2 continued to decrease inside the kelp 
beds to reach the lowest values by the end of December. 

The magnitude of diel variations of pCO2 n were on some occasions high, 
reaching 180 µatm outside the kelp beds, and 270 µatm inside (Fig. 5). From August 
to February, pCO2n outside the kelp beds tended to reach minimum values between 
12:00 and 18:00, however, recurrent diel cycles were hardly distinguishable, 
especially during winter. In contrast, diel cycles inside the kelp beds exhibited a clear 
pattern from November to April, with a strong increase of pCO2n from 18:00 to 00:00 
that rapidly led to highest values between 00:00 and 06:00. pCO2 n started to 
decrease to reach the lowest values between 12:00 and 18:00. From May to July, no 
clear trends were observed in the diel changes of pCO2n. 
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 Figure 2. Mean and amplitude of diel changes of temperature (SST), chlorophyll a (Chl a), 
partial pressure of CO2 (pCO2) and dissolved inorganic carbon normalized to a constant 
salinity of 33.4 (DICn). The vertical bars indicate the range of diel change (maximum and 
minimum values). Average values from the diel cycle inside and outside kelp beds, at the 
Cimetière Island in the Morbihan Bay (MB) are indicated by circles, and in the Brise-Lame Bay 
(BLB) by squares. Due to logistical constrains, MB measurements were not carried out during 
autumn while BLB measurements were carried out mostly during summer and autumn. 
Averaged values from both sites were merged into a composite annual cycle indicated by the 
long dash line in order to cover satisfactorily one annual cycle. The dotted line is the annual 
cycle at the Port aux Français station from Delille et al. (2000)The horizontal dotted line 
represents the atmospheric pCO2 at Amsterdam Island (361 µatm, V. Kazan, personal 
communication). 
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Figure 3. Diel changes of the sea surface temperature (SST) at the Cimetière Island in the 
Morbihan Bay (MB) and in the Brise-Lame Bay (BLB) inside and outside kelp beds. Daytime is 
indicated in grey on the lines. 

In accordance with pCO2 n, DICn exhibited marked seasonal changes ranging from 
2.03 mmol kg-1 to 2.13 mmol kg-1 outside the kelp bed, while values as low as 1.79 
mmol kg-1 were observed inside the kelp beds (Fig. 2). DICn increased during late 
summer to reach a maximum in May, and decreased slightly until late August when a 
sharp decrease of DICn was observed. DICn began to increase outside the kelp bed 
in November in parallel with pCO2 n, whereas DICn decreased inside the kelp bed 
until January. 
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Figure 4. Diel changes of chlorophyll a (Chl a) at the Cimetière Island in the Morbihan Bay 

(MB) and in the Brise-Lame Bay (BLB) inside and outside kelp beds. Daytime is indicated in 
grey on the lines. 

The magnitude of the diel changes of DICn outside the kelp beds did not exceed 
0.08 mmol kg-1, while inside the kelp beds diel changes up to 0.30 mmol kg-1 were 
observed. While no obvious recurrent pattern was apparent outside the kelp beds, 
DICn exhibited a clear diel cycle from November to April (Fig. 6). DICn increased 
steadily during night time, to reach a maximum between 03:00 and 09:00. Then, DICn 
decreased during day time to reach the lowest values between 12:00 and 18:00. 
During winter, diel changes of DICn were weak and did not show any obvious pattern, 
the cycle at MB7 excepted, which exhibited a large decrease at 03:00 and a sharp 
increase at 18:00. 
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3.2.6 Discussion 

3.2.6.1 Seasonal variations 

The overall seasonal changes of SST, pCO2 and DICn outside the kelp bed in 
BLB-MB are consistent with those in the Port aux Français station based on a weekly 
monitoring carried out the same year by Delille et al. (2000) (Fig. 2). This suggests 
that the drivers of the seasonal variations of pCO2 and DICn are similar for both sites. 
Planktonic photosynthesis in spring and summer is responsible for the marked 
decreases of both DICn and pCO2, while autumnal decay of organic matter is 
responsible of a sharp increase of these two quantities, leading to a strong CO2 over-
saturation.  
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Figure 5. Diel changes of the partial pressure of CO2 normalised to a constant temperature of 

5°C and salinity of 33.4 (pCO2 n) at the Cimetière island in the Morbihan Bay (MB) and in the 
Brise-Lame Bay (BLB) inside and outside kelp beds. Daytime is indicated in grey on the lines. 
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In winter, cooling leads to a steady decrease of pCO2 while air-sea exchanges 
enhanced by strong winds maintain values close to atmospheric equilibrium. In 
November and December, pCO2 increases outside the kelp beds while pCO2 
remains constant inside the kelps, due to the primary production by the macroalgae 
and enhanced planktonic primary production (Delille et al., 2000). The large 
difference in Chl a concentrations between outside and inside the kelp bed during the 
MB7 cycle indicates that the kelp bed may enhance phytoplankton growth (Fig. 4). 
This is consistent with the earlier onset of the spring phytoplanktonic bloom inside the 
kelp bed, that could be due to the lower turbulence inside the kelp bed compared to 
outside, but other factors can not be excluded. 
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Figure 6. Diel changes of normalized DIC at a constant salinity of 33.4 (DICn) at the Cimetière 

island in the Morbihan Bay (MB) and in the Brise-Lame Bay (BLB) inside and outside kelp beds. 
Daytime is indicated in grey on the lines. 

 

3.2.6.2 Diel variations 

Outside the kelp beds, the magnitude of pCO2 n and DICn diel changes can be as 
large as 180 µatm and 127 µmol kg-1, respectively, but no clear trends emerge, 
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except from November to January when a weak decrease of pCO2 n and DICn is 
observed during day time, due to higher phytoplankton biomass as indicated by the 
higher Chl a concentrations. In contrast, within the Macrocystis kelp beds, regular 
and recurrent diurnal pCO2 n and DICn variations in phase with the solar cycle were 
observed. After dawn, both pCO2 n and DICn strongly decrease on some occasions 
until dusk. Since pCO2 n and DICn are independent from temperature or salinity 
changes, the variations of these quantities are due to the uptake or release of CO2 
from photosynthesis, by macroalgae and plankton. Photosynthesis induces a large 
decrease of pCO2 during daytime, up to 270 µatm, especially inside the kelp beds 
where concentrations of CO2 can shift from an over-saturation to an under-saturation. 
The amplitude of the daily changes of pCO2 n and DICn  are consistent with previous 
observations in Kerguelen Archipelago (Delille et al., 1997) and higher than above 
Posidonia oceanica meadows (Frankignoulle and Distèche, 1984; Frankignoulle and 
Bouquegneau, 1987; Frankignoulle and Bouquegneau, 1990). From spring to 
autumn, intense CO2 uptake starts generally at dawn to reach a maximum on 
average 3 h before dusk. In some occasions, we observed a rapid increase at dusk 
followed by a plateau throughout the night (MB1, MB8, BLB2), when the expected 
effect from respiration on pCO2 n and DICn would be a steady increase from dusk to 
dawn. This could be explained by the fact that during the daytime the kelp bed 
reduces currents and wind stress, and acts as black body at the surface, promoting 
an increase of SST (e.g. BLB 5 cycle on figure 3) and, potentially, the stratification of 
the near-surface water column. This would explain that SST can be 1.0°C higher 
inside than outside the kelp beds during daytime. At dusk, as temperature drops a 
rapid destratification of the near-surface water column would lead to a significant and 
rapid increase of pCO2 n and DICn. 

 

3.2.6.3 DIC uptake by the Macrocystis 

 
Even if kelp beds favour the onset of the spring phytoplankton bloom, the large 

diel changes of pCO2 n and DIC n are most likely related to the macroalgae primary 
production. High Chl a concentrations are solely observed between November and 
January whereas large diel cycles of pCO2 n and DICn within the Macrocystis kelp 
beds are conspicuous from September to April (Fig. 2). Furthermore, Chl a 
concentrations are similar inside and outside the kelp bed, except in September. 
Even if Macrocystis kelp beds reduce currents and decrease turbulence (Jackson 
and Winant, 1983), this positive effect on planktonic primary production is probably 
counteracted by lower light availability and the competition for nutrients with the 
macroalgae. We hypothesize that planktonic production is similar inside and outside 
the kelp bed, and that the five times larger DIC uptake is mainly due to macroalgae 
primary production. 

In order to follow the seasonal changes of primary production of the kelp bed 
community, we roughly assessed the DIC uptake by the kelp bed community (DIC 

kelp) from the amplitude of the day time DICn decrease and removing the planktonic 
daytime DIC uptake, according to: 

outside

inside
outside ninside nkelp a chl

a chl∆DIC∆DIC∆DIC ×−=  (1) 
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where ∆DIC inside and ∆DIC outside are the amplitude of the day time DICn decrease 
inside and outside the kelp bed, respectively; Cha inside and Cha outside are the mean 
Chl a concentrations inside and outside the kelp bed, respectively. 
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Figure 7. Seasonal variations of solar radiation in the Morbihan Bay and ∆DIC kelp at the 

Cimetière Island in the Morbihan Bay (circles) and in the Brise-Lame Bay (squares). 

This approach is prone to several errors. We assumed that planktonic primary 
productivity is similar inside and outside the kelp bed. We also hypothesize that 
phytoplankton primary production inside the kelp bed is correlated linearly with the 
chlorophyll a, although other factors (stratification, light availability, nutrients 
availability) are also likely to affect primary production. However, planktonic 
production outside the kelp beds by planktonic communities seems to be weak with 
regards to primary production by kelps and thereafter the error of the assessment of 
primary production by the kelps is weak accordingly. Air-sea exchange of CO2 was 
not considered in the calculation, due to difficulty to estimate the gas transfer velocity 
above a Macrocystis kelp bed. The dense canopy of Macrocystis kelp bed covers a 
substantial portion of the air-sea interface preventing air-sea gas exchanges. 
Furthermore, the dense canopy of Macrocystis kelp beds dampens conspicuously 
waves and the effect of wind stress on the air-sea interface. Macrocystis also 
produce large amounts of biofilms that impede air-sea exchange. Theses effects are 
likely to decrease drastically air-sea CO2 exchanges. We assumed that air-sea CO2 
exchange is negligible compared to the changes of CO2 due to biological activity.  

Significant advection at daily scale of waters surrounding the kelp beds can also 
affect DIC. However, Jackson and Winant (1983) showed that Macrocystis kelp beds 
reduce water currents, exchanges with surrounding waters, and that the residence 
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time of water within the kelp beds can reach several days. Accordingly, the higher 
Chl a concentrations inside the kelp beds observed during the MB7 cycle suggests 
that the residence time in the studied kelp beds is at least as long as the time for 
phytoplankton doubling. 

Keeping in mind the potential biases mentioned above, it is possible by integrating 
∆DIC kelp over the depth of the water column, to derive the “maximum net kelp 
community production” during day time. Maximum net kelp community production 
integrates primary production and respiration of non-planktonic organisms (mainly the 
kelp and epiphytes communities) during daytime, when gross primary production 
outweighs community respiration leading to positive and elevated values of 
production. Maximum net kelp community production is not comparable with 
conventional measurements which provide either net or gross primary production. 
Nevertheless, the assessment of ∆DIC kelp allows to consistently follow the seasonal 
changes of primary production of the kelps. 

Figure 7 shows the seasonal changes of DIC kelp. During winter DIC kelp 
decreases in parallel to the decrease of solar radiation. In autumn and winter DIC 
kelp is low but still detectable and continues to decrease to reach its minimum in 
August. The decrease of ∆DIC kelp throughout autumn and winter contrast with the 
study of Attwood et al. (1991) who observed that net production by Macrocystis laevis 
in the Prince Edward Islands was 50% higher in August than in April. In September, 
DIC kelp increases sharply together with solar radiation to reach a maximum in 
December at the time of solar radiation climax. On the whole, significant CO2 
consumption and related primary production occur from September to February while 
solar radiation is above the threshold of 1000 J cm-2 d-1. 

By integrating ∆DIC kelp over the depth of the water column (5 m), we derive an 
assessment of maximum net kelp community production of Macrocystis kelp beds 
around 15 gC m-2 d-1 at its climax ( ∆DIC kelp= 250 µmol kg-1, MB9 cycle). This is two 
to five times higher than, respectively, maximum daily net and gross primary 
production by Macrocystis kelp bed in California assessed from model simulations 
(Jackson, 1987). Also, this estimate is above the range of average maximum above-
ground production of 29 marine seagrass species from 0.01 gC m-2 d-1 to 5.0 gC m-2 
d-1 reported by Duarte and Chiscano (1999), and well above the global average of 
macroalgae production of 0.3 gC m-2 d-1 reported by Charpy-Roubaud and Sournia 
(1990). These comparisons should be taken with caution due to the potential biases 
discussed above, and because our estimates integrate the production of the whole 
kelp bed community, rather than the only the macroalgae. Nevertheless, this 
highlights the significance of primary production by Macrocystis kelp beds located in 
high nutrients low chlorophyll (HNLC) Sub-Antarctic region of the Southern Ocean. 

 

3.2.7 Conclusion 

Nitrate concentrations in Morbihan Bay can exceed 20 µg L-1 and this nutrient is 
only briefly exhausted in spring (Delille et al., 2000). Hence, the main limiting factor of 
Macrocystis growth in the HNLC waters of the Kerguelen Archipelago appears to be 
light availability rather than macronutrients availability, as suggested by the tight link 
between primary production and light availability we report here, and in agreement 
with model output of Jackson (1987) of Californian kelp beds. Compared to other kelp 



170 Inorganic carbon dynamics and air-ice-sea CO2 exchanges in the S.O. 

beds, to marine seagrass and to macroalgae, the primary production by sub-antarctic 
Macrocystis kelp beds is elevated. Macrocystis kelp beds would therefore act as 
effective sinks for atmospheric CO2 by drastically decreasing DIC. However, related 
air-sea CO2 transfer occurs outside the kelp bed when surface waters flow outward, 
rather than within the kelp bed where the dense canopy dampens gas fluxes across 
the air-sea interface. A rigorous assessment of CO2 fluxes driven by Macrocystis kelp 
beds would therefore require an extended pCO2 survey of surrounding waters 
coupled with assessment of water mass advection.  
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3.3 Spatial and temporal variations of bacteria and phytoplankton in 

a subAntarctic coastal area (Kerguelen Archipelago) 

 
 
 
 

3.3.1 Foreword 

 
 
 
Surveys presented in the chapters 3.1 and 3.2 were conducted in near-shore 

shallow (less than 10 m depth) waters of the Kerguelen Archipelago which are 
probably influenced in some extent by Marcosystis pyrifera giant kelp beds. In order 
to extend the pCO2 coverage to deeper waters, other surveys located inside and 
outside shleltered bay and fjords were conducted. The results of a one year survey 
have been splitted in two complementary chapters. Present chapter addresses the 
dynamics of microbial planktonic populations, while the chapter 3.4 addresses the 
pCO2 dynamics and related air-sea CO2 fluxes. 

This part as been submitted for publication to Aquatic Microbial Ecology: 
Delille D., F. Gleizon and B. Delille. Spatial and temporal variations of bacteria and 

phytoplankton in a subAntarctic coastal area (Kerguelen Archipelago). 
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3.3.2 Abstract 

Bacterial abundance and production were measured monthly for one year along 
cross-shore transects (seven stations each) carried out in 3 subAntarctic fjords of the 
Kerguelen Archipelago. Mean values of the 3 most coastal (inside) and most offshore 
(outside) stations were used to describe the relationship between temperature, 
phytoplankton biomass, bacterial abundance and bacterial production over an annual 
cycle. All the sampling protocol was repeated two times during each cruise: at noon 
and midnight. During the entire sampling period temperature ranged from 2.1 to 7.4 
°C, chlorophyll a concentrations varied by a factor of 10, bacterial abundance by a 
factor of 12 and bacterial production by a factor of 30. Over one day, all these 
parameters could vary by a factor of 4 between noon and midnight. A clear 
seasonality was observed for all the parameters. However, while variations of 
phytoplankton and bacterial production paralleled those of temperature, bacterial 
abundance is low in midsummer and maximum in autumn. While no general pattern 
could be observed from the total data set, spatial gradients could interfere strongly 
with temporal changes. 

 
Keywords: Phytoplankton, Bacterioplankton, Seasonal changes, Diel changes, 

Spatial distribution, Kerguelen Archipelago, subAntarctica. 
 

3.3.3 Introduction 

 
Because the oceans are a significant sink for anthropogenic CO2, a central 

objective of major biological oceanographic programs is to quantify, model and 
predict, at global and annual scales, the flux of biogenic carbon to deep waters. 
Bacterial assemblages have the potential to influence food web and biogeochemical 
cycles in aquatic systems (Cottrell & Kirchman 2004, Staroscik & Smith 2004). In the 
coastal area, production, degradation and export of organic matter are 
disproportionate compared to the open ocean (e.g. Wollast, 1998). Furthermore, 
phytoplankton primary production to community respiration ratios exhibited high 
spatio-temporal variability (Gazeau et al., 2004). Indeed, seasonal changes in growth 
rates and respiratory demands of aerobic heterotrophic bacteria, which dominate 
total community respiration, can induce changes from autotrophy to heterotrophy 
(Hopkinson 1985, Cho & Azam 1988, Fuhrman et al., 1989, Griffith et al., 1990, 
Wiebe et al., 1993, Delille 2003, Delille et al. 1995, 1996). The information available 
concerning the patterns of energy flow through the lower food web in polar regions is 
still scarce and often contradictory (Anderson & Rivkin 2001). Bacteria cannot be 
included convincingly in scenarios describing trophic interactions of plankton 
communities.  

Since high nutrient-low chlorophyll Southern Ocean waters are characterized by 
high concentrations of inorganic nitrogen and phosphorus, bacterioplankton 
assemblages seem to be limited by DOC (Karl et al. 1991, Ducklow et al. 2001). 
Reviewing reports of phytoplankton and bacterial abundance and production, Cole et 
al. (1988) found significant correlations between bacterial and phytoplankton 
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parameters suggesting the ubiquity of a functional relationship between bacteria and 
phytoplankton. Since the latter excrete the organic substrates essential for bacterial 
metabolism, it can be assumed that bacterial dynamics are essentially controlled by 
phytoplankton dynamics (Smith et al. 1995). This model may be valid in the oceans, 
however, in coastal areas the situation is likely to be more complex due to important 
sources of non-phytoplanktonic substrates (Ducklow & Kirchman 1983, Bouvy et al. 
1986, Alber & Valiela 1994, Smith & Benner 2005).  

High latitude oceans account for about 10 to 20% of oceanic carbon production 
(Behrenfeld & Falkowski 1997). Although subAntarctic data are necessary for the 
construction of a global carbon budget for the Southern Ocean, investigations in the 
subAntarctic area have been much less numerous than similar Antarctic studies 
(Friedmannn 1993, Bernard & Froneman 2005). Furthermore most of the previous 
studies of microbial distribution focused on short-term observations in a limited period 
of time (Lochte et al. 1997, Duclow et al. 2001, Simon et al. 2004 and references 
herein). The seasonal variability in plankton biomass is poorly documented due to the 
scarcity of time series carried out over one or several years (Horne et al. 1969, Delille 
1990, 2003 Helbling et al. 1995, Moline & Prézelin 1996). However, seasonal 
changes have to be understood in order to construct accurate carbon budgets (Platt 
et al. 1992, Priddle et al. 1992, Tréguer & Jacques 1992). This is particularly true for 
the Southern Ocean with intense temporal variability, perhaps the most extreme 
seasonality observed anywhere in the world ocean (Karl 1993). The purpose of the 
research presented here was to document the spatial and temporal distribution of 
bacterioplankton and phytoplankton in coastal subAntarctic area during a whole year. 

 
 

3.3.4 Material and Methods 

 
This survey was carried out from December 1998 to December 1999 in coastal 

surface waters of the Kerguelen Archipelago (Fig. 1). Usually, the Kerguelen 
archipelago (69°30'E, 49°30'S) is cited in the literature as a subAntarctic island 
However, from a strict oceanographic point of view, this archipelago is situated either 
in the Polar Frontal Zone (Sub-Antarctica) or Permanently Open Ocean Zone 
(Antarctica) depending of the position of the Polar Front with regards to the 
archipelago (e.g. Delille et al. 2000). Waters of the archipelago are always free of ice. 
Cross-shore transects were carried out in two fjords and one large bay. Located in 
the southeast of the archipelago, the Morbihan Bay (about 600 km²) opens to the 
ocean through the Royal Pass, which is 12 km wide and 40m deep. The fjords, 
Recques Bay and Table Bay, are located north and south of the archipelago, 
respectively. Recques bay is 14.5 km deep and 2 km wide while Table Bay is 10.5 
km deep and 3 km wide and receives water from the Cook glacier.  
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Figure 1. Location of the sampling stations in the Kerguelen Archipelago. 

Water samples were collected at 1 m depth using a Niskin bottle. Analysis were 
performed onboard R.V. La curieuse within a few minutes after sample collection. 

Water samples for chlorophyll a analysis were prefiltered through a 200 µm mesh 
filter to remove larger detrital material and the larger biota. 1000 mL of seawater 
were filtered through a Whatman GF/F glass-fibre filters at a vacuum differential < 20 
cm Hg. Pigments were extracted in 90 % acetone in the dark at least two hours 
(Neveux & Panouse, 1987). Chlorophyll a concentrations were calculated by 
measurement of fluorescence using a Turner Designs fluorometer which had been 
calibrated against purified chlorophyll a (Sigma).  

Total bacterial abundance were determined by epifluorescence microscopy 
(Hobbie et al. 1977). Direct counts (AODC) were performed using an Olympus BHA 
microscope with acridine orange staining onto a 0.2 µm pore size black Nuclepore 
filter. A minimum of 500 fluorescing cells with a clear outline and definite cell shape 
were counted under oil immersion (x 1000) in a minimum of 10 randomly chosen 
fields.  
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Figure 2. Top : Spatial distribution of surface seawater temperature in Morbihan Bay (thin 

black line : noon, thick gray line : midnight).  

Bottom : Seasonal changes in surface seawater temperature (thin black line : outside stations 
of Morbihan Bay, thick gray line : inside stations of Morbihan Bay, open triangles : outside 
stations of Recques Bay, gray triangles : inside stations of Recques Bay, open circles : outside 
stations of Table Bay, gray circles : inside stations of Table Bay). 

Bacterial production was measured via the incorporation of 14C-leucine (Simon & 
Azam 1989). Sample water (10 mL) was amended with 14C-leucine (final 
concentration 10 nmol L-1). Aliquots of 5 mL were placed into 4 sterile vials, one of 
which contained 0.5 mL of 100% TCA as a killed control, and incubated for 4 h in the 
dark in flowing seawater tables. Incubations were terminated by the addition of TCA 
to a final concentration of 5%. The results obtained were converted to bacterial 
carbon production (BCP, g) using the equation : 
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BCP = leucineinc x (100/7.3) x 131.2 x 0.86 
where leucineinc = moles of leucine incorporated, 7.3 = mol% of leucine in protein, 

131.2 = formula weight of leucine, and 0.86 = conversion of a gram of protein 
produced to a gram of carbon. Previous studies showed that this calculation is 
appropriate in the Southern Ocean (Pedros-Alio et al. 2002, Simon et al. 2004). 

After tenfold dilutions in sterile aged seawater, viable heterotrophic platable 
bacteria were counted using the spread plate method with 2216 E medium 
(Oppenheimer & ZoBell, 1952, Marine Agar DIFCO). Each dilution were plated in 
triplicate. After inoculation (0.2 mL) the plates were incubated at 18°C for 10 days 
(mesophilic/psychrotrophic assemblages) or 4°C for 20 days 
(psychrotrophic/psychrophilic assemblages).  

 
 

3.3.5 Results 

 
The temperature ranged from 2.1°C to 7.4 °C over the sampling period (Fig. 2). In 

the Morbihan Bay, salinity usually ranged from 33.42 to 33.68, but in a given transect 
maximum range of variation was 33.28 to 33.68 (February 5). 

 

3.3.5.1 Spatial distribution  

Spatial distribution of biological parameters of all the transects carried out in the 
Morbihan Bay are presented in Fig. 3,4,5,6 & 7. 

Chlorophyll a could vary 10 fold along a same transect (Fig.3, January 13). The 
highest values were then observed in the coastal zone (excepted the most coastal 
station). However opposite gradient were also observed (November 18 and 
December 30) and the concentrations were roughly low and constant during winter. 

Within a given transect total bacterial abundance varied less than 10 fold (Fig.4). 
Maximum range of variation was observed in autumn (March 15). Total bacterial 
abundance often decreased with the distance from the coast (February 5, August 17 
and November 18) but this is not a general pattern. 
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Figure 3. Spatial distribution of chlorophyll a concentration in surface seawater of the 

Morbihan Bay (thin black line : noon, thick gray line : midnight). 

Leucine incorporation showed strong spatial variation during the warmer periods 
(Fig.5). More than ten fold ranges were observed (December 12, January 13, 
February 5 & November 18). Like for bacterial abundance there was no clear general 
pattern. However, the greatest values were often observed in the more coastal 
station. 

Within a given transect psychrotrophic heterotrophic bacterial abundance could 
vary more than 10 fold (Fig. 6). Despite the clear increasing gradient from the outer 
stations to the more coastal ones observed in February 5, like for other bacterial 
parameters, there were no general patterns in the spatial distribution. The spatial 
distributions of the psychrophilic heterotrophic bacterial assemblage (Fig. 7) 
paralleled those of the psychrotrophic one. 
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.  
Figure 4. Spatial distribution of total bacterial abundance in surface seawater of the Morbihan 

Bay (thin black line : noon, thick gray line : midnight). 
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Figure 5. Spatial distribution of bacterial production in surface seawater of the Morbihan Bay 

(thin black line : noon, thick gray line : midnight). 
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Figure 6. Spatial distribution of “psychrotrophic” heterotrophic bacterial abundance in 

surface seawater of the Morbihan Bay (thin black line : noon, thick gray line : midnight). 
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Figure 7. Spatial distribution of “psychrophilic” heterotrophic bacterial abundance in surface 

seawater of the Morbihan Bay (thin black line : noon, thick gray line : midnight). 

 

3.3.5.2 Diel changes  

Chlorophyll a could vary 2 fold between night and day (Fig. 3, January 13 & 
February 5). In both case phytoplankton biomass was lower during the night than 
during the day. 

A comparison of noon and midnight data showed that bacterial abundance tend to 
be higher during the night relative to daytime at any given station of summer 
transects (Fig. 4, December to February). Bacterial abundance could be 2 times 
higher at midnight than at noon as observed in December (December 12, 1998). 
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Leucine incorporation could varied 5 fold between night and day (Fig.5, February 5 
& May 13. Excepted for the two transects realized in December, the stronger 
differences corresponded to an increase of the bacterial production during the night. 

One order of magnitude changes in the more psychrophilic heterotrophic bacterial 
abundance could occur between night and day (Fig. 7, December 12).  The 
corresponding range was only of 5 fold for less psychrophilic ones (Fig. 6). Despite 
this difference there was a conspicuous resemblance between the data obtained 
under the 2 different incubation temperatures. There was no clear general pattern. 
Heterotrophic bacterial abundance could be higher during the day (April 12) or during 
the night (June 12). The two data sets were merged to compute seasonal averages. 

 

3.3.5.3 Seasonal changes 

For each transect, we have averaged the data of the 3 most coastal stations 
(inside) and offshore stations (outside) in order to distinguish clear seasonal trends. 
Results are shown in Fig. 8. 

Chlorophyll a showed clear seasonal variations with maximal values in summer 
(January) and minimal values in winter.  In the coastal zone, total annual ranges 
were 0.15 ± 0.03/ 2.77 ± 1.48 µg L-1  at noon and 0.11 ± 0.08 /1.38 ± 0.47 µg L-1 at 
midnight. Corresponding values were 0.18 ± 0.04/ 1.15 ± 0.47 µg L-1 at noon and 
0.20 ± 0.08 /1.19  ±  0.53 µg L-1 at midnight offshore. Thus, chlorophyll a varied 18 
fold at noon in the coastal zone and only 6.6 fold at midnight in the same area and no 
more than 6 fold in the offshore zone. 

The seasonal pattern of bacterial production was rather similar to the one of 
chlorophyll a, with maximal values in summer and minimal ones in winter. In the 
coastal zone, total annual ranges were 44 ± 17/ 394 ± 156 ng C L-1 h-1 at noon and 
82 ± 29/648 ± 209 ng C L-1 h-1 at midnight. Corresponding values were 27 ± 15/307 ± 
30 at noon and 45 ± 14/336 ± 106 ng C L-1 h-1 at midnight in the offshore zone. The 
seasonal range of fluctuation of bacterial production is thus relatively constant during 
the day and along the coastal/offshore gradient (about 10 fold in any situation). 
However the values recorded at the inner stations seemed larger during the night 
than during the day. 

The seasonal pattern of total bacterial abundance was more complex. A first 
maximum was observed in January then minimal values were measured in late 
summer (late January/February). A first increase was observed from February to 
June, followed by a small decrease in July and August. A second peak of abundance 
was observed in November. In the coastal zone, total annual abundance ranged from 
1.8 x 105 ± 7.3 x 104 to 2.4 x 106 ± 2.5 x 105 cells mL-1 at noon and from 4.4 x 105 ± 
1.0 x 105 to 1.7 x 106 ± 3.1 x 105 cells mL-1 at midnight. Corresponding values in 
offshore zone ranged from 1.3 x 105 ± 6.2 x 104 to 1.4 x 106 ±  3.2 x 105 at noon and 
from 2.0 x 105 ± 4.2 x 104 to 1.8 x 106 ± 1.0 x 104 cells mL-1 at midnight. Thus, total 
bacterial abundance varied 13 fold at noon in the coastal zone and only 3.9 fold at 
midnight in the same area. In the offshore zone total bacterial abundance varied 11 
fold at noon and 10 fold at midnight. 
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Figure 8. Seasonal changes in chlorophyll a, total bacterial abundance, bacterial production 

and heterotrophic bacterial abundance (thin black line : outside stations of Morbihan Bay, thick 
gray line : inside stations of Morbihan Bay, open triangles : outside stations of the Recques 
Bay. 
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 The seasonal pattern of heterotrophic bacterial abundance differed greatly from 
that of temperature, Chlorophyll a and bacterial production. Several small growth 
phases could be distinguished. However, minimal values were generally observed in 
summer and maximal values in winter. At noon heterotrophic bacterial abundance 
varied 16 fold in both coastal and offshore zone while at midnight it varied 28 fold in 
the coastal zone and 14 fold in the more offshore area.  

 
 

3.3.6 Discussion 

 

The highest chlorophyll a values observed during the survey (2.77 µg L-1) were 
lower than the values obtained previously during spring blooms in a coastal station of 
the Morbihan bay (generally between 7 and 20 µg L-1, with a maximum around 50 µg 
L-1, Delille et al. 1996, Delille et al. 2000) but were of the same magnitude as those 
observed around subAntarctic and Antarctic islands (Perissinotto et al. 1992, 
Whitehouse et al. 1993). In contrast, the data collected from 1990 to 1994 at the 
station Kerfix located in the Indian sector of the Southern Ocean, southwest off 
Kerguelen Archipelago showed lower concentration of phytoplankton with a 
maximum of 1.2 µg L-1 (Fiala et al. 1998). In the present study chlorophyll a varied 18 
fold between winter and summer. This seasonal range is far below that observed in 
Antarctica by Anderson & Rivkin (2001). They reported a 1000-fold increase of 
chlorophyll a in McMurdo Sound between late August and early January. Even if our 
data correspond to mean values and thus probably underestimate possible extreme 
variations, this observation highlights the differences between Antarctic and 
subAntarctic conditions. Even if the maximum values of chlorophyll a concentrations 
reported in McMurdo Sound (4 to 6 µg L-1) are higher that the values observed 
around Kerguelen Islands during this study, the major difference lies in the minimal 
values, which were much lower in Antarctica, probably due to the sea-ice cover that 
is always absent in Kerguelen region. Using an average C:Chl a ratio of 35, the 
phytoplanktonic biomass ranges from 4 to 100 µg C L-1.   

Using an average bacterial cell mass of 60 fg C cell-1 (Delille 2003) bacterial 
biomass would range from 8 to 15 µg C L-1. This biomass is relatively high compared 
to the data available for the open Southern Ocean (Hodson et al. 1981, Cota et al. 
1990, Goeyens et al. 1991, Delille 1992, 2003) but are consistent with the values 
reported in the Bransfield Strait (4 to 28 µg C L-1, Karl et al. 1991, 8 to 34 µg C L-1, 
Vosjan & Olanczuk-Neyman 1991), the southern Antarctic Pacific zone (9 to 82 µg C 
L-1, Sazhin 1993) and the Terre Adélie coastal area (1 to 30 µg C L-1, Delille 1993). 
Despite the uncertainties related to the use of questionable conversion factors, 
phytoplanktonic biomass seems to dominate the bacterial one in the coastal waters 
of the Kerguelen Archipelago. This contrast with the situation observed at Kerfix 
station in the offshore waters south-western of the archipelago, where bacterial 
biomass exceed phototrophic biomass (Delille 2003) .  

In the Antarctic polar frontal region, Simon et al. (2004) reported bacterial 
production values ranging between 9 and 40 ng C L-1 h-1 during summer and autumn 
(December to May). The higher values observed in the coastal zone of Kerguelen 
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Archipelago could be related to both higher temperature and larger availability of 
nutrients. 

Salinity changes were too small to explain the differences observed in biological 
parameters. Many other factors act to control bacterial activity, two of which are 
temperature and substrate availability. The relative importance of these two factors is 
not well understood (Hoch & Kirchman 1993). Temperature has been reported to 
have only a rather limited influence on Antarctic and subAntarctic bacterioplanktonic 
populations (Delille et al. 1988, Vincent 1988, Delille & Perret, 1989, Fukunaga & 
Russell, 1990; Vosjan & Olanczuk-Neyman, 1991, Nedwell & Rutter, 1994). 
Important regulating factors of the subAntarctic bacterial communities are related to 
the available trophic sources (Delille & Bouvy 1989, Delille & Perret 1991). The 
bacterial assemblage in the Kerguelen coastal area showed strong seasonality. Both 
abundance and production varied with time but their variations were not parallel. 
Production reaches a maximum in January while bacterial abundance is at the 
lowest. In a temperate estuary, Coffin & Sharp (1987) observed that while bacterial 
production remained high over the summer months, bacterial abundance was kept 
low by microflagellate grazing. In the Arctic Ocean, Anderson & Rivkin reported that 
even if grazing losses of bacteria were insignificant immediately before and after 
phytoplankton bloom, microzooplankton could consume 90% of local bacterial 
production. Bacterivory communities were not quantified in this study, but they may 
have contributed to the low summer bacterial abundance. In addition to grazing, the 
reduced rates of fall bacterial production may result from bacterioplankton having 
consumed enough of the available organic carbon to become substrate limited. 
Heterotrophic bacterial abundance are only representative of culturable bacteria, 
however, it is a useful bacterial indicator corresponding to a small group of active 
bacteria that react immediately to the changes in their nutrient supply (Delille & 
Bouvy 1989, Rheinheimer et al. 1989). The large development of heterotrophic 
assemblage during autumn and winter observed in the present study is thus a clear 
indication of the availability of organic substrates. Temperature is probably the most 
important regulating factor of bacterial production during this period. 

In contrast, the diel variations of temperature were certainly too small to explain 
the corresponding changes of bacterial biomass and production. Diel vertical 
migration of zooplankton as been reported in numerous part of the ocean. Such 
migration could have an impact on bacterivory. Algal metabolism (phytoplankon or 
macroalgae) obviously change between day and night (Mague et al. 1980). Variation 
in DOC excretion rate must play an important regulating role in diel variation of 
bacterial parameters. Diel variability of the growth of heterotrophic planktonic bacteria 
has been previously related to changes in phytoplankton and zooplankton activity 
(Riemann & Søndergaard 1984, Wheeler et al. 1989, Delille et al. 1997). No 
consistent pattern in the diel bacterial activity, however, can be deduced from these 
studies. This holds true in the present study. This is presumably due to the fact that 
relationships between diel changes of phytoplankton, zooplankton and 
bacterioplankton activity are intricate and differ between aquatic environments. Short-
term changes in bacterial quantities might be explained by a tight coupling to 
photosynthetic processes as well as by changes of water masses. Advection during 
diurnal cycles is a possible explanation for bacterial variability (Karner & 
Rassoulzadegan 1995, Delille et al. 1997).  

Concentrations of particulate and dissolved organic carbon vary spatially. This 
variation is driven by he inputs from both plankton and terrestrial sources. Plankton-
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derived organic matter is enriched in protein and labile polysaccharides, whereas 
terrestrial organic matter contains humic material and structural polysaccharides, 
such as cellulose and lignin, which are relatively resistant to mineralization by 
microbial processes (Delille & Perret 1991, Benner 2002). Terrestrial material would 
not play a major role because of the complex detrital processing cycle that would 
largely dissipate the carbon and energy (Peterson et al. 1994) The abundance and 
composition of POM and DOM could have short-term (days) impacts on bacterial 
metabolism. Rates of constitutive enzymes can respond quite rapidly, on the order of 
minutes to hours, whereas days may be required for a rare ribotype to increase 
sufficiently in abundance before to affect significantly DOM mineralization at the 
community level (Findlay 2003). Between these two extremes, the induction and 
synthesis of new enzymes occurs within hours (Kirchman et al. 2004). The response 
of bacteria to phytoplankton or any other organic matter availability changes is not 
instantaneous; rather, bacterial activity is dependent upon previous activity of 
phytoplankton or allochtonous organic inputs. The montly sampling used in the 
present study would be therefore insufficient to capture all the relationships between 
bacteria and their trophic sources. Indeed, even a weekly sampling may be 
insufficient to capture all the relationships between phytoplankton and bacteria 
(Staroscik & Smith 2004). 

 
 

3.3.7 Conclusion 

 
Temperature variations are larger in subAntarctic coastal area than in the 

surrounding open oceanic zone, with obvious consequences on the microbial 
network. In contrast, the range of seasonal variations of phytoplankton is smaller in 
the subAntarctic coastal area than in the Antarctic one. This is probably related to the 
absence of ice cover. In Kerguelen fjords low winter temperature seems to limit 
bacterial production and in a lesser extend bacterial abundance.  

Changes in bacterial abundance are not necessarily related to changes in 
bacterial growth. Steady-state abundance is the balance between growth and 
mortality; hence, the loss rates due to bacterivory and viral lysis must be similar to 
cell growth. Even a small imbalance may result in large oscillations in bacterial 
populations (Anderson & Rivkin 2001). Short term changes could be as large as long 
term seasonal changes. Interactive effects of temperature and substrate supply could 
occur (Pomeroy & Wiebe 2001). The data available do not allow us to decipher the 
main regulating factor. It is therefore likely that grazing, viral lysis, substrate 
availability and temperature adaptation all play a role in the regulation of the bacterial 
communities. 
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3.4 pCO2 dynamics and related air-sea CO2 fluxes in the Kerguelen 

Archipelago (Sub-Antarctica) 

 
 

3.4.1 Foreword 

 
 
 
 
In chapters 3.1 and 3.2, we addressed the dynamics of pCO2 in the shallow waters 

of the Kerguelen Archiepelago. The impact on air-sea exchange on the CO2 
dynamics is addressed in both chapters, but we did not budget the air-sea CO2 fluxes 
per se. Surveys of pCO2 presented in the chapter 3.1 and 3.2 were conducted in 
near-shore shallow (less than 10 m depth) areas of the Archipelago.  Dynamics of 
pCO2 was strongly influenced extent by Marcosystis pyrifera giant kelp beds. 
Maximal net community production within the kelp is significant and primary 
production of the kelp lasts almost all the year 3.2  We therefore conducted other 
surveys in 1998 and 1999 which aimed to extend our pCO2 coverage to deeper 
waters located inside and outside the sheltered bay and fjords. We computed first 
CO2 fluxes in a Subantarctic coastal area and budgeted annual air-sea CO2 fluxes in 
near-shore water surrounding the archipelago. 

This is a companion chapter to the chapter 3.3 that focuses on microbial 
dynamics. 

 
Some sections of this chapter were published in: 
Dehairs F., C. Lancelot, L. André, M. Frankignoulle, E. Dellersnijder, S. Becquevort, D. 

Cardinal, T. Cattaldo, B. Delille, M. Elskens, N. Fagel, H. Gosse, E. Hannon, G. Probst, V. 
Schoemann, E. Kopczynska & A. Kostianoy,  2003. An integrated approach to assess carbon 
dynamics in the Southern Ocean. Belgian Scientific Research Programme on the Antarctic 
Phase 4, vol 1: Marine biota and Global change, +pp 160 
(www.belspo.be/belspo/home/publ/index_en.stm)  

 
 
This more extended present version will be submitted for publication to Polar 

Biology: 
Delille B., F. Gleizon, A.V. Borges and D. Delille. pCO2 dynamics and related CO2 

fluxes in Kerguelen Archipelago (Sub-Antarctica). 
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3.4.2 Introduction 

The coastal ocean has been to a large extent ignored in global carbon budgets, 
owing to its limited surface area. However, the coastal ocean receives inputs of 
carbon and nutrients disproportionately high in comparison with its surface area, 
exchanges large amounts of matter and energy with the open ocean and constitutes 
one of the most biogeochemically active areas of the biosphere (Gattuso et al., 1998; 
Wollast, 1998). As a consequence, intense air-water CO2 exchanges are observed 
(Borges, 2005) and it has been argued that coastal air-sea CO2 fluxes are significant 
at regional (Frankignoulle and Borges, 2001; Borges et al., 2003; Borges et al., 2005) 
and global scales (Tsunogai et al., 1999; Thomas et al., 2004; Borges et al., 2005). 

The Subantarctic and Antarctic coastal areas have received little attention in 
relation to partial pressure of CO2 (pCO2) dynamics and related CO2 fluxes. To our 
best knowledge, only three studies addressed these issues and pointed out that 
coastal Antarctic and Subantarctic coastal areas exhibit intense pCO2 dynamics 
(Gibson and Trull, 1999- chapters 3.1 and 3.2). The Southern Ocean is a High 
Nutrient-Low Chlorophyll (HLNC) region owing to several factors and in particular to 
the limitation of phytoplankton growth by the low concentrations of iron (e.g. de Baar 
et al. (2005)). Blain et al. (Blain et al., 2001) suggested that natural iron fertilization 
occurs in the waters surrounding the Kerguelen Archipelago which potentially 
supports enhanced primary production. However, these authors reported chlorophyll 
a (Chl a) concentrations of most coastal waters lower than expected according to 
their iron content. This discrepancy was attributed to high grazing pressure. In 
contrast, a survey of pCO2 and related parameters carried out in the shallow waters 
of the Morbihan Archipelago in 1996 and 1997 showed that pCO2 reaches significant 
under-saturation with pCO2 values down to 160 µatm owing to high Chl a 
concentrations up to 71 µg L-1 (chapter 3.1). This suggests that high primary 
production can occur in the shallow waters of the Archipelago. 

Here, we investigate the pCO2 dynamics of near-shore and offshore waters 
surrounding the Kerguelen Archipelago, and propose a first annual budget of air-sea 
CO2 fluxes in a Subantarctic coastal area. 
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3.4.3 Material and Methods 

 
Sites and sampling 
The Kerguelen Archipelago is usually cited in the literature as a Subantarctic 

archipelago. From a strict oceanographic point of view, this archipelago is situated 
either in the Polar Frontal Zone (Sub-Antarctica) or Permanently Open Ocean Zone 
(Antarctica) depending of the position of the Polar Front (PF) with regards to the 
archipelago (e.g. Delille et al. 2000). Waters of the archipelago are always free of ice. 
Cross-shore transects were carried out in three bays (Morbihan Bay, Recques Bay 
and Table Bay). Located in the southeast of the archipelago, the Morbihan Bay 
(about 600 km²) opens to the ocean through the Royal Pass (12 km wide and 40m 
deep). Recques Bay (14.5 m deep and 2 km wide) and Table Bay(10.5 m deep and 
3km wide), are located north and south of the archipelago, respectively. Table Bay 
receives fresh water from the Cook glacier.  

This study was carried out in two phases. The first phase lasted from November 
1998 to January 1999 and consisted in underway measurements of pCO2 carried out 
during opportunity cruises onboard the R.V. Marion Dufresne and R.V. La Curieuse. 
The second phase lasted from December 1998 to December 1999 and consisted in 
short cross-shore transects carried out in the three bays (Fig. 3.4-2). Due to logistical 
constrains, the first cross-shore transect in the northern part of the archipelago was 
carried out in Rhodes Bay. Results from this transect are reported with the other 
northern transect carried out in Recques Bay. During these cross-shore transects 
pCO2 was computed from pH and total alkalinity (TA) measurements, in parallel with 
Chl a and bacterial abundance. In order to overcome daily variability, cross-shore 
transects were carried out twice during the same day; one around noon and one 
around midnight. We present the average of both transects. Samples were collected 
at 1 m depth using a Niskin bottle, and analysis were carried out onboard within a 
few minutes after sample collection. 

 
First phase 
Underway pCO2 measurements 
The complete description and performance test of the system for pCO2 

measurements have been reported by Frankignoulle et al. (2001). Briefly, pCO2 was 
measured continuously from the uncontaminated seawater supply of the ship. A non-
dispersive infrared gas analyser (IRGA, Li-cor® LI-6262) was used to measure pCO2 
in air equilibrated with seawater. The IRGA was calibrated daily using two gas 
standards of 0 ppm and 345.4 ppm. Seawater flows into the equilibrator (3 L min-1 ) 
from the top, and a closed air loop (3 L min-1) ensures circulation through the 
equilibrator (from the bottom to the top), a desiccant (Drierite®), and the IRGA. 
Temperature at the outlet of the equilibrator was monitored using a platinum 
resistance thermometer (Metrohm®). The pCO2 values were corrected for the 
temperature difference between in-situ seawater and water in the equilibrator, using 
the algorithm proposed by Copin-Montégut (1988,1989). 
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Figure 3.4-1. Sampling stations during the second phase of the present study together with 

the locations of the surveys carried out in 1996 and 1997 (chapter 3.1 and 3.2).  

Stars: location of the stations of the cross-shore transect (blue – outer, red – inner). Green 
plain circle: location of the weekly survey carried ut from 1996 to 1997. Green triangles, sites of 
the diel cycles carried out in 1996. 

 

Second phase 
Dissolved inorganic carbon 
pH was measured using a commercial combination electrode (Ross type, Orion®) 

calibrated on the total hydrogen ion scale using TRIS (2-amino-2-hydroxymethyl-1,3-
propanediol) and AMP (2-aminopyridine) buffers prepared according to Dickson 
(1993). The accuracy of pH measurements was ±0.01 pH units. TA was measured 
using the classical Gran electrotitration method on 100ml GF/F filtered samples. The 
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accuracy of measurements was ±4 µmol kg-1. Dissolved inorganic carbon (DIC) and 
pCO2 were computed from pH and TA measurements using the CO2SYS Package 
(Lewis and Wallace, 1998; Pelletier et al., 1998), with the CO2 acidity constants of 
Mehrbach et al. (1973) refitted by Dickson and Millero (1987), the CO2 solubility 
coefficient of Weiss (1974), the SO4

2- dissociation constant of Dickson (1990a), the 
borate acidity constant of Dickson (1990b), and the total borate molality calculated 
using the Uppström (1974) ratio to salinity. 

 
Chlorophyll a.  
Samples were prefiltered through a 200 :m mesh to remove detritic material and 

larger biota, and then filtered by gentle vacuum of 1 L of seawater through a 
Whatman GF/F glass-fibber filter. The measurements of Chl a were carried out with 
a Perkin-Elmer MPF 66 spectrofluorometer using the spectrofluorometric method 
developed by Neveux and Panouse (1987)  

 
Bacterial abundance 
Total bacterial abundance was determined by epifluorescence microscopy (Hobbie 

et al. 1977). Direct counts (AODC) were performed using an Olympus BHA 
microscope with acridine orange staining onto a 0.2 µm pore size black Nuclepore® 
filter. A minimum of 500 fluorescing cells with a clear outline and definite cell shape 
were counted under oil immersion (x 1000) in a minimum of 10 randomly chosen 
fields.  

 
Related parameters. 

Salinity was determined with a Guildline induction salinometer with an accuracy 
of ±0.003 on the practical salinity scale. Wind speed was measured at the 
MétéoFrance station located in the Morbihan Bay. Spatial distribution of Chl a in the 
Kerguelen offshore waters was derived from sea-viewing wide field-of-view sensor 
(SEAWFIS) monthly level-3 standard mapped images available from the 
OceanCoulour website at http://oceancolor.gsfc.nasa.gov/. 

 
 

3.4.4 Results and Discussion 

3.4.4.1 Spring and summer distribution of pCO2 

Western, southern and northern waters 
SEAWIFS images (Fig. 3.4-2) provide a synoptic overview of spatial and temporal 

distribution of Chl a concentration in the waters off the Kerguelen Archipelago. From 
October 1998 to January 1999, a high-Chl a plume develops eastward of the 
archipelago above the Kerguelen Plateau and spread southwards to Heard Island 
(51°S 74°E). The most extensive high-Chl a plume was observed in December 1998 
and January 1999, while Chl a concentrations peaked in January and February 1999. 
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The high-Chl a plume approximately follows the shape of the continental shelf break 
westward and extends beyond the continental break eastward. In the vicinity of the 
archipelago, the plume spreads westward as far as the shelf break and follows 
approximately the shape of the north-eastern 100 m isobath.  
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Figure 3.4-2. (a) to (e): Monthly Chl a concentration derived from SEAWIFS data from October 

to Feb 1999 in the water off Kerguelen Archipelago. (f) Bottom topography of the Kerguelen 
plateau. The A letter denotes a persisting tongue of low-Chl a  waters which originate south of 
the archipelago, goes round the south-eastern part of the archipelago and spread northwards. 

During the surveys carried out on 11/19/1998 and two months later on 01/15/1999, 
pCO2 west of the Archipelago at 68°E was about 370 µatm (Fig. 3.4-3), close to 
atmospheric PCO2 (365 µatm). On 19/11/1998, pCO2 increased by 10 µatm between 
68°E and 69°E suggesting that pCO2 in the coastal waters south of the archipelago 
were slightly higher that the background values in the open waters west of the 
archipelago. pCO2 slightly decreased along the southeastern part of the archipelago, 
close to the shore, and exhibited a dramatic decrease (down to 330 µatm) in the 
inner waters of the Morbihan Bay. In the same way, during the survey carried out 
from 25/11 to 29/11/1998 in the southern part of the archipelago, pCO2 was close to 
atmospheric equilibrium 13 km away from shore, increased to 400 µatm 8 km away 
from shore, and decrease down to 350 µatm in Table Bay, and even lower, down to 
270 µatm, in the adjacent Mouche Bay. 
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Figure 3.4-3. Sea surface temperature and pCO2 distribution in the waters 

surroundin Kerguelen Archipelago observed from 19/11/1998 to 15/01/1999 
during the first phase of the study. 
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In contrast, surveys carried out in the northern part of the archipelago 10 days 
after, from 7/12 to 12/12/1998, exhibited under-saturation of CO2 with pCO2 values 
ranging from 300 µatm to 350 µatm along the east coast. In the northern part, pCO2 
ranged from 320 µatm close to shore to 350 µatm in the northern part 30 km off 
shore (with a small patch of over-saturated waters at 69.5°E). This is consistent with 
the higher Chl a concentration in the northern part compared to the concentration in 
the southern part of the archipelago (fig. 3.4-2) that is of the same order of magnitude 
than the open waters west of the archipelago. pCO2 values decrease in the fords, 
down to 305 µatm. 

The two early summer transects carried out on 12/20/1998 and 15/01/1998, in the 
high-Chl a plume of the archipelago exhibited marked CO2 undersaturation with 
pCO2 values ranging from 290 µatm to 350 µatm, even far away from the shore at 
the eastern limit of the shelf on 12/20/1998. pCO2 values in the high-Chl a plume 
were in the same range of values, one month later on 15/01/1998. However, pCO2 
exhibited a sharp increase across the western limit of the plume, which corresponds 
to the 100 m isobath, to reach values close to PCO2, corresponding to the 
background value of the open waters west of the archipelago. 

 

 

Figure 3.4-4: Location of the time series station KERFIX (black plain circle) with the 
bathymetry around Kerguelen Islands superimposed. The position of the Polar Front is 
indicated according to Park et al. (1993) , Park and Gamberoni (1997) and Park et al. 1998 
(1998a). After Park et al. (1998b). 

In the Chl a-poor coastal waters south of the archipelago, pCO2 values were 
slightly higher than the background value of the open waters, while marked CO2 
undersaturation was observed in the high-Chl a plume in the northern part of the 
archipelago. The lowest pCO2 values were observed in the inner waters of the bays. 
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The signature of the high-Chl a plume is remarkably well reflected in the pCO2 
mesoscale distribution. 

 
Eastern part 
South of the archipelago, a persisting tongue of low-Chl a waters (denoted by the 

A letter on the figure 3.4-2e) spreads eastwards, rounds up the south-western part of 
the main island to shift northwards, following the 200 m isobath. This feature is likely 
to be the signature of the jet associated to the PF, as the tongue closely follows the 
track of the PF proposed by Park et al. (1998b – Fig. 3.4-4). Such intrusion of 
Antarctic Surface Water (AASW) appears to be a recurrent feature as it was 
previously observed in October 1978 and January 1999 by Blain et al. (2001). These 
authors measured relatively high concentration of iron in the intrusion and ascribed 
the low Chl a content to an unfavourable light regime. 

. 
The intrusion of the AASW associated to the jet of the PF is well reflected in the 

sea surface temperature (SST) distribution (Fig. 3.4-3) observed during the latitudinal 
transect carried out on 04/12/1998. SST ranges from 2.35°C to 2.80 °C east of 70.5 
°E, the lowest value observed during the survey. This intrusion of AASW is well 
marked in the Chl a concentration distribution, as a clear tongue of low Chl a 
concentration which follows the 71°E meridian, east of the archipelago. This 
decrease of Chl a concentration is consistent with an increase of pCO2 (Fig. 3.4-3) 
From west to east, pCO2 values increase sharply out of the Morbihan Bay, up to 406 
µatm at 71°E. pCO2 values decrease westwards down to 327 µatm. West of 71°E, 
the distribution of pCO2 is heterogeneous, with patches of CO2 under-saturation and 
of CO2 near-saturation. Such patchy pCO2 distribution above the Kerguelen plateau 
was previously reported by Poisson et al. (1993). and was ascribed by these authors 
to biological activity, since they assumed that surface currents were weak in the area 
according to Gambéroni et al. (1982) and Park et al. (1991). However, the close 
vicinity of the PF jet suggests that this mesoscale variability may be due to physical 
processes related to the jet, since such frontal structures strongly affect the 
mesoscale distribution of pCO2 (chapter 2.2). 

 
 

3.4.4.2 Seasonal pCO2 variations in near-shore waters 

The figure 3.4-5 shows the seasonal changes of Chl a concentration, bacterial 
abundance and pCO2 at the stations of the cross-shore transects carried out in 1999, 
together with daily averages of the diel cycles carried out in 1996 (chapter 3.2), and 
the weekly surveys carried out from 1996 to 1997 in the near-shore shallow waters of 
the Morbihan Bay (chapter 3.2). 

On a seasonal scale, pCO2 values around the Kerguelen Archipelago range from 
270 µatmn in January and November to 580 µatm in May. In the inner Morbihan Bay, 
the pCO2 seasonal pattern is consistent with those observed in 1996 and 1997 in the 
shallow waters of bay. Outside the bay, the magnitude of pCO2 variations is slightly 
weaker and minimum of pCO2 values occur later in the year outside the Morbihan 
Bay than inside. This is consistent with the spatial distribution of pCO2 which shows 
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an enhanced CO2 under-saturation inside the Morbihan Bay compared to outside 
waters (Fig. 3.4-3). 
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Figure 3.4-5 Seasonal changes of Chl a concentration, bacterial abundance and pCO2 in the 

Morbihan Bay, Recques Bay and Table Bay.  

Blue and red solid lines: 1998-99 surveys (blue: outer station; red: average of the 5 inner 
stations).  Green solid line: average of the diel cycles carried out in 1996 outside the 
Macrocystis kelp bed (chapter 3.2). Dashed line: weekly survey carried out in 1996 (green) and 
1997 (orange) in the shallow waters of the Morbihan Bay outside Macrocystis kelp beds 
(chapter 3.1.). Diel cycles carried out in the Brise-Lame Bay have been reported together with 
cross-shore survey of the Recques Bay located 3 km away from Brise-Lame Bay. 

pCO2 changes observed during cross-shore transects are consistent to the Chl a 
pattern. Two phytoplankton blooms with Chl a concentration up to 2 µg L-1 can be 
distinguished. Spring bloom occurs in November, which coincides with the bloom 
observed in 1998 while summer bloom occurs in January. In spring, bacterial 
abundance was at its climax, indicating an enhanced remineralization which can 
potentially provides nutrients necessary to the summer bloom. In May, a slight 
maximum of pCO2 coincides with the winter maximum of bacterial activity. This 
suggests that the winter pCO2 over-saturation could be related to the respiration of 
the bacterial community. The pCO2 pattern of the outer station roughly mimics the 
pattern of the inner stations, with the notable exception of the absence of spring 
under-saturation, despite the increase of the Chl a concentration. This suggests that 
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the outer station is influenced by other processes, advection of off-shore water for 
example – which overcomes the influence of the biological activity. 

The overall pattern of pCO2, Chla and bacterial abundance in Recques Bay is 
similar to the one outside the Morbihan Bay, although with later maximum of Chl a 
and concomitant decrease of pCO2. pCO2 patterns in the inner and outer bay are 
similar, excepted in spring when enhanced inner Chl a concentration drives a 
significant pCO2 decrease and subsequent CO2 under-saturation. pCO2 and Chl a 
patterns derived from the diel cycles are consistent with those from the cross-shore 
transects, although higher Chla concentration and lower pCO2 values were observed 
in September. This is in agreement with the results from the chapter 3.2 that indicate 
that planktonic and macroalgal primary production in the Macrocystis kelp beds 
increase drastically in September. 

Despite the summer increase of Chl a, pCO2 values are weaker in the Table Bay 
compared to the other two bays. This suggest that advection of pCO2 rich outer 
waters counteracts the decrease of pCO2 due to phytoplankton growth.  

The Morbihan Bay appears to be the most productive site, with an earlier onset of 
the phytoplankton bloom and lower pCO2 values. The spring CO2 undersaturation 
observed in the inner waters of the Morbihan Bay was not observed in the other two 
bays. In Recques Bay and Table Bay, CO2 over-saturation is observed almost all 
year round.  

 

3.4.5 Annual air-sea exchange of CO2 

Table 3.4-1 and  3.4-2 present the annually integrated air-sea CO2 fluxes 
computed from wind speed measurements carried out at the meteorological station 
of Port aux Français. We derived the fluxes from the interpolated seasonal evolution 
of pCO2 and SST. We used atmospheric CO2 concentration measured at Amsterdam 
Island (V. Kazan, personal communication). Since the choice of an algorithm to 
compute the gas transfer velocity (k) is still a matter of debate, air-water CO2 fluxes 
were computed using  the four frequently cited k-wind parameterizations, i.e. Liss 
and Merlivat  (1986), Wanninkhof (1992), Wanninkhof and McGillis (1999)  and 
Nightingale et al. (2000).  

The integration of air-sea CO2 fluxes allow us to assess that on the whole the 
near-shore  waters (depth < 50 m) surrounding the archipelago behave as a source 
of CO2  to the atmosphere, ranging between 0.15 to 0.57 TgC yr-1 depending on the 
k-wind parameterization. Such an emission of CO2 to the atmosphere contrasts with 
the model outputs at the KERFIX in the open waters southeast of the archipelago 
(Fig. 3.4-4) which simulate (Louanchi et al., 2001) a sink for atmospheric CO2 
(Pasquer et al., 2005). Furthermore, based on observational data this Subantarctic 
area has been considered as a sink for atmospheric CO2 (Metzl et al., 1995; Metzl et 
al., 1999). 

3.4.6 Conclusions 

If we refer to the concept of proximal and distal shelves proposed by (Rabouille et 
al., 2001), the present study refers to the proximal shelf. Proximal shelves generally 
act as sources of CO2 at tropical and temperate latitudes (Borges, 2005) ; Borges et 
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Site Year Liss & Merlivat 
86 

Wanninkhof 92 Wanninkhof & 
McGillis 99 

Nightingale et al. 
00 

    (gC m-2 y-1) (gC m-2 y-1) (gC m-2 y-1) (gC m-2 y-1) 

Morbihan Bay             
Cimetary Island - 
Diel cycles 1996  3.5  1.4  2   1.1  
Port aux Français - 
Weekly sample 1996  0.6  0.2  0   0.1  

Port aux Français - 
Weekly sample 1997  -19  -

32  -30.8   -26.3  

Deep waters 
(Inner/Outter) 1999 19.8 / 21.2 40.4 / 43.6 57.7 / 63.3 26.7 / 28.6
            
Recques Bay  
(inner/outer) 1999 58.5 / 43.9 120.7 / 90.3 177.9 / 131.8 79.2 / 59.3
Table Bay  
(inner/outer) 1999 44.8 / 53.4 91.3 / 107.4 130.2 / 148.3 60.1 / 71 

Table 3.4-1. Air-sea CO2 fluxes in the waers surrounding the Kerguelen Archipelago based on  
cross-shore transects data (1998), weekly survey in shallow waters (1996 and 1997) and diel 
cycles (1997).  

“Cimetray Island –Diel cycles” refers to the diel cycles carried out in the Morbihan Bay 
(chapter 3.2). “Port aux Français –weekly sample” refers to the weekly survey carried out in the 
shallow near-shore waters in the close vicinity of Port-aux-Français station (chapter 3.1). Only 
measurements carried out outside the Macrocystis kelp beds are considered.  

 
 
 

  

Surface 
area 

Liss & 
Merlivat 
(1986) 

Wanninkhof 
(1992) 

Wanninkhof & 
McGillis 
(1999) 

Nightingale 
et al. 

(2000) 

  (km²)  TgC yr-1 TgC yr-1 TgC yr-1 TgC yr-1 
Morbihan Bay 815 0.012 0.026 0.037 0.017 

South 361 0.018 0.036 0.05 0.024 
East 465 0.023 0.048 0.068 0.031 
North 1838 0.094 0.194 0.285 0.127 
West 683 0.014 0.03 0.043 0.02 

      
Kerguelen 

Archipelago   0.152 0.317 0.468 0.206 

Table 3.4-2.  Integrated annual air-sea CO2 fluxes in the waters surrounding Kerguelen 
Archipelago ranging from 0 m to 50 m depth (the overall surface of the bays have been 
considered even if the depth can be deeper than 50 m).  

Morbihan Bay integration was derived from Morbihan Bay surveys (inner cross-shore transect 
stations, 1996 diel cycles - chapter 3.2, 1996 and 1997 weekly survey - chapter 3.1. South, East, 
North, West were derived from, respectively, Table Bay survey (inner and outer), average of 
Table Bay and Recques Bay surveys (inner and outer), Recques Bay survey (inner and outer), 
Morbihan Bay cross-shore survey (outer station only).  

 

 

al. 2005), as they receive large inputs of CO2-rich riverine waters and terrestrial 
organic carbon that fuel net heterotrophy. The Kerguelen Archipelago is far from 
being submitted to anthropogenic pressures and can be considered as a pristine 
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coastal area. The proximal shelf should therefore receive terrestrial organic matter 
from the regular land drainage by the heavy precipitation in the area. These inputs 
seem to drive a net annual source of CO2 for the atmosphere. Hence, the recurrent 
observation of the proximal shelf as a source of CO2 for the atmosphere holds true 
for Subantarctic pristine environments 
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4 Sea ice 
 
 
 

 
 Sea-ice sampling in trace clean conditions during Ispol survey (Nov 2004-Jan 2005) 
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4.1 Air – sea ice exchange of carbon dioxide: the end of a long-lived 

paradigm ?  

 
 
 
 

4.1.1 Foreword 

 
For decades, sea ice has been considered by the scientific community and 

biogeochemical modellers involved in assessing oceanic CO2 uptake as an inert and 
impermeable barrier to air-sea exchange of gases. However, this assumption is not 
supported by studies of the permeability of ice to gases and liquids, which show that 
sea ice is permeable at temperatures above -10°C.  

In this chapter we report the first direct measurements of pCO2 within sea ice and 
related CO2 exchanges with the atmosphere. We drew the first comprehensive 
picture of CO2 dynamics within sea ice, in particular regarding the sea ice internal 
biogeochemical drivers of CO2 fluxes from the atmosphere to sea ice. We show that 
primary production, although significant, is not the main driver of these fluxes, and 
that chemical processes coupled with the peculiar physics of the sea ice account for 
most of the CO2 uptake. Using remote sensing products, we propose the first 
conservative estimate of CO2 fluxes over Antarctic sea ice, which is significant in 
terms of the CO2 budget of the Southern Ocean. 

In May 2005, we invited the 3 other research groups (Miller and Papadimitriou - 
CA, Semiletov – USA, Zemmelink –NL) recently involved in CO2 dynamics within sea 
ice to meet during the International Liège Colloquium on Gas Transfer at Water 
surfaces 1, 2 (). We confronted the scientific community interested in gas transfer at 
the water interfaces with the new observations of air-sea ice gas transfer. The 
discussions that took place during this Colloquium reinforced our conclusion that sea 
ice does exchange CO2 with the atmosphere, as the results from the 4 research 
groups converged.  

 
This chapter has been submitted as a letter to Nature: 
Delille B., Tilbrook B., Lannuzel D., Schoemann V., Becquevort S., Borges A.V., 

Delille D., Lancelot C., Chou L., Dieckmann G.S. and Tison J.L. Air – sea ice 
exchange of carbon dioxide: the end of a long-lived paradigm ?  

 
 
 
1 http://www.uea.ac.uk/env/solas/News1/SOLAS%20Newsletter%20Autumn.pdf 
2 http://www.co2.ulg.ac.be/2005.html 
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4.1.2 Abstract 

Climate models often consider sea-ice is an inert barrier preventing air-sea 
exchange of gases. However, relatively warm sea-ice is permeable to gases and 
growing evidence supports that gase fluxes between sea-ice and the atmosphere do 
occur. We report the first direct measurements of the partial pressure of CO2 (pCO2) 
within sea-ice and the related CO2 fluxes at the air-ice interface for Southern Ocean 
waters. From late winter to summer, as temperature increases, the CO2 in brines 
contained within the ice changes from a large over-saturation to a marked under-
saturation, while the underlying oceanic waters remains slightly oversaturated. The 
decrease from winter to summer of pCO2 in the brines is driven by net primary 
production, dilution with melting ice crystals, and dissolution of carbonate minerals. 
As the ice warms, its permeability increases, allowing greater CO2 transfer at the air-
sea ice interface. The sea-ice turns from a transient source to a sink for atmospheric 
CO2. We estimate that over the spring-summer period, the Antarctic sea-ice cover is 
a sink of atmospheric CO2, ranging at least from 0.015 to 0.024 PgC, or 5% to 9% of 
the annual uptake estimates for the Southern Ocean.  

 
 

4.1.3 Introduction 

 
Sea ice covers about 7% of the Earth surface at its maximal seasonal extent, and 

represents one of the largest biomes on Earth (Arrigo et al., 1997; Lizotte, 2001). For 
decades, sea ice has been assumed to be an impermeable and inert barrier to air-
sea exchange so that global climate models do not include CO2 exchanges over ice 
covered waters (Tison et al., 2002). This paradigm relies on the CO2 budgets of the 
water masses of the Weddell Sea, which do not reveal the signature of air-sea 
exchange of CO2 in the Winter Surface Water at the time it is subducted and mixed 
with other water masses, to form Weddell Bottom Water (Weiss et al., 1979; Poisson 
and Chen, 1987), a  major contributor of Antarctic Bottom Water. However, Gosink et 
al. (1976) stressed that sea ice is a highly permeable medium for gases based on 
work to estimate permeation constants of SF6 and CO2 within sea ice. They 
suggested gas migration through sea ice could be an important factor in winter 
ocean-atmosphere exchange when the sea ice surface temperature is above -10°C. 
Semiletov et al. (2004) and Zemmelink et al. (2006) have also reported uptake of 
atmospheric CO2 over the sea ice cover in the Arctic and Southern Ocean, 
respectively. 

In order to reconcile these contradictory statements, one must bear in mind there 
is no evidence of air-sea CO2 exchange in ice covered water  at the time of deep 
water formation. At this time, in autumn and winter, sea ice is growing – ice growth is 
one of the main driver of deep water formation - and due to its low surface 
temperature, is likely impermeable to gas exchange.When sea ice warms and begins 
to  melt in the spring it becomes more permeable and air-sea CO2 exchange is 
possible. Spring and summer gas exchanges are unlikely to affect the chemical 
signatures of deep-water, since deep-water formation is weak at this time of the year. 
The chemical signature in well-stratified spring surface waters will also be modified 
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by summer processes prior to winter surface and deep water formation the following 
winter. 

 
 During sea ice growth, most of the impurities (solutes, gases, particulate matter) 

are expelled from the pure ice crystals at the ice-water interface. However, a small 
fraction of impurities (~10%) remains trapped in bubbles, brine pockets, tubes or 
channels that contribute to the overall sea ice porosity and host active auto- and 
hetero-trophic microbial communities (Arrigo et al., 1997; Lizotte, 2001; Thomas and 
Dieckmann, 2002a; Arrigo, 2003). Further depletions occur via processes such as 
brine expulsion, migration, drainage or convection, that are mainly controlled by the 
history of the thermal regime of the ice (Weeks and Ackley, 1986; Wettlaufer et al., 
1997; Eicken, 2003) while brine volume and salinity also depend on thermodynamic 
equilibrium reactions (Cox and Weeks, 1983). A 5% relative brine volume is a 
threshold above which sea ice permeability increases drastically (Golden et al., 1998) 
and is also likely to represent a threshold above which air-ice gas exchange 
increases (Buckley and Trodahl, 1987). This permeability threshold would occur at a 
temperature of -10°C for a bulk ice salinity of 10, corroborating the observation that 
sea ice is a highly permeable medium for gases (Gosink et al., 1976) and consistent 
with the reported uptake of atmospheric CO2 over ice covered waters (Semiletov et 
al., 2004; Zemmelink et al., 2006). 

 
We carried out first measurements of CO2 concentration within sea ice and related 

CO2 fluxes. We drew the first comprehensive picture of CO2 dynamics within sea ice, 
and how sea ice internal processes drives CO2 fluxes from the atmosphere to sea 
ice. Using remote sensing products, we propose a first conservative estimate of CO2 
fluxes over Antarctic sea ice. 

 
 

4.1.4 Material and methods 

Measurements were carried out during the 2003/V1 cruise on the R.V. Aurora 
Australis from 2003-09-27 to 2003-10-20 in the Indian sector of the Southern Ocean 
(63.9 to 65.3 °S, 109.4 to 117.7°E) and the ISPOL (Ice Station Polarstern) drifting 
station experiment onboard the R.V. Polarstern from 2004-11-29 to 2005-12-31 in the 
Weddell Sea (67.35 to 68.43 °S, 55.40 to 54.57 °W). Only first year pack ice was 
investigated during 2003/V1 cruise, while both first year and multiyear pack ice were 
sampled during ISPOL experiment. Sampling was only carried out in un-flooded 
areas, without melting pond or slush surface layers. 

Sampling of ice brine was conducted by drilling shallow sackholes  (ranging from 
15 cm down to almost full ice thickness) through the surface of the ice sheet. The 
brine from adjacent brine channel and pockets was allowed to seep into the sackhole 
for 30-60 min, with the hole covered with a plastic lid (Gleitz et al., 1995), reportedly 
the best current method to sample brines for chemical studies (Papadimitriou et al., 
2004). Water was pumped from the hole using a peristaltic pump (Masterflex® - 
Environmental Sampler) and supplied to the device for measurements of partial 
pressure of CO2 (pCO2). The latter were carried out using a membrane contractor 
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equilibrator (Membrana® Liqui-cell) coupled to an infrared gas analyzer (IRGA, Li-
Cor® 6262). Seawater flowed into the equilibrator at a rate of 2 L min-1 and a closed 
air loop ensured circulation through the equilibrator and the IRGA at a rate of 3 L min-

1. Temperature was measured simultaneously in situ and at the outlet of the 
equilibrator using Li-Cor® sensors. Temperature correction of pCO2 was applied 
assuming that the relation from Copin-Montégut (Copin-Montégut, 1988) is valid at 
low temperature and high salinity. The IRGA was calibrated soon after returning to 
the ship while the analyser was still cold. For V3/2001, CO2-in-air standards 
calibrated on the World Meteorological Organisation  X-85 molar scale  (mixing ratios 
of 304.60, 324.65 and 380.03 ppm) were supplied by Commonwealth Scientific and 
Industrial Research Organisation  (CSIRO) Atmospheric Research, Australia. CO2-in-
air standards with mixing rations of  0 ppm and 350 ppm of CO2 were supplied by Air 
Liquide Belgium®

 for the ISPOL cruise. Stable field pCO2 readings usually occurred 
within 3 min of flowing gas into the IRGA. The equilibration system ran 6 min before 
averaging the values given by the IRGA and temperature sensors over 30s  and 
recording the averaged values with a data logger (Li-Cor® Li-1400). All the devices 
(except the peristaltic pump) were enclosed in an insulated box that contained a 12V 
power source and was warmed to keep the inside temperature just above 0°C. 

A chamber was used to measure air-ice CO2 fluxes. The accumulation chamber 
(West system®) is a metal cylinder closed at the top (internal diameter 20 cm; internal 
height 9.7 cm). A rubber seal surrounded by a serrated-edge iron ring ensured an air-
tight connection between the base of the chamber and the ice. For measurement 
over snow, an iron tube was mounted at the base of the chamber to enclose snow 
down to the ice and prevent lateral advection of air through the snow. The chamber 
was connected in a closed loop between the air pump (3 L min-1) and the IRGA.  The 
measurement of pCO2 in the chamber was recorded every 30 sec for at least 5 min. 
The flux was computed from the slope of the linear regression of pCO2 against time 
(r2 ≥ 0.99) according to Frankignoulle (1988). The uncertainty of the flux computation 
due to the standard error on the regression slope is on average ±3%. 

Dissolved Inorganic Carbon (DIC) measurements on 2003/V1 were made using a 
single operator multiparameter metabolic analyzer (SOMMA) and UIC® 5011 
coulometer (Johnson et al., 1998). The system was calibrated by injecting known 
amounts of pure CO2 into the system. The number of moles of pure CO2 injected 
bracketed the amounts measured in sea-ice brines and showed the measurement 
calibration did not change over the range of concentrations measured. The 
measurement precision and accuracy was checked during the analyses using 
certified reference materials provided by Dr A Dickson, Scripps Institution of 
Oceanography. Repeat analyses showed an accuracy and precision for the DIC 
measurements to better than ±0.1%. Total Alkalinity (TA) was computed from pCO2 
and DIC using the CO2 dissociation constants of  Mehrbach et al. (1973) refitted by 
Dickson and Millero (1987). We assumed a conservative behaviour of dissociation 
constants during seawater freezing. This assumption is supported by the work of 
Marion (Marion, 2001) who showed that measurements of carbonate mineral 
solubilities for subzero temperatures fit with the prediction derived from the four 
important equilibrium constant of the aqueous carbonate system determined only for 
positive temperature, namely the first (K1) and second (K2) dissociation constants for 
carbonic acid, the Henry's Law constant for CO2 (KH) and the dissociation constant 
for water (KW). During the ISPOL experiment, Total Alkalinity (TA) was measured 
using the classical Gran potentiometric method (Gran, 1952) on 100-mL GF/C filtered 
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samples, with a reproducibility of ±3 µmol kg-1. DIC was computed from TA and pCO2 
for ISPOL. 
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Figure 4.1-1 : (a) pCO2 within brines (pCO2 brines) and (b) related air-sea ice CO2 fluxes versus 
sea ice temperature integrated over the depth of sackholes. Grey diamonds denotes CO2 flux 
measurements obtained during superimposed ice events (see 4.1.5.5). Horizontal dotted line 
and solid curve are pCO2 air and the mean trend of pCO2 brines, , respectively. The dilution effect 
largely encompasses the thermodynamic effect of temperature increase on pCO2 and the 
pattern of observed pCO2 matches the theoretical variation related to both processes (dashed 
curve), suggesting that the increase of temperature and subsequent dilution are among the 
main drivers of the spring CO2 drawdown Correspondence between season and ice 
temperature is only indicative and corresponds to the conditions encountered during our 
surveys.  
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4.1.5 Results and discussion 

4.1.5.1 pCO2 changes : Effect of temperature and CaCO3 precipitation 

The pCO2 in brines decreased dramatically as sea-ice warmed (Fig. 4.1-1a) and 
the pCO2 shifted from a large over-saturation (∆pCO2 = pCO2(water) – pCO2(air) =  
525ppm) during early spring (October) to a marked under-saturation (∆pCO2 = -335 
ppm) during summer (December). At a first glance, the sea-ice brine pCO2 is 
inversely correlated to the sea ice temperature, suggesting a large part of the spring 
pCO2 drawdown is driven by the dilution of brines associated with the melting of ice 
crystals as temperature increases (Cox and Weeks, 1983). Conversely, the over-
saturation observed at the end of winter can result from brine concentration during 
sea ice growth and cooling. The precipitation or dissolution of carbonate minerals 
(Anderson and Jones, 1985), the abiotic release or uptake of gaseous CO2, primary 
production and respiration are also likely to influence the CO2 dynamics.  

Calcium carbonate minerals were conspicuously detected in sea-ice off Adélie 
Land (Fig. 4.1-2).Low values of DIC35 and TA35 in brines collected in early spring in 
cold sea-ice (Fig. 4.1-3) indicate that carbonate precipitation also occurred within 
brines prior to the 2003/V1 cruise further eastwards. The imprint of carbonate 
precipitation is well marked, leading to a decrease of 65 % of TA35 in brines, 
compared to the underlying water. Carbonate precipitation will reduce the DIC35 and 
increase pCO2 as the brine salinity increases during ice growth. This will contribute to 
winter over-saturation of CO2. 

 

 
Figure 4.1-2 : Mineral crystals collected in land fast sea-ice in December 2001 off Adélie Land, 

Antarctica. The photograph was taken through binocular microscope with average crystal size 
of about 100µm. The crystals were concentrated in melted sea ice core sections by swirling the 
sample in a beaker and allowing to settle. They were filtered through nucleopore filters and 
dried in an oven for SEM-Xray combined microanalysis that identified the crystals as calcium 
carbonate (CaCO3). When left in the melted sea-ice water, the samples disintegrated after 
several hours. 
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Figure 4.1-3 : The plot of normalized DIC to a constant salinity of 35 (DIC35) against normalized 

TA (TA35) gives some insights on the processes occurring within sea ice (with the notable 
exception of temperature change and concentration/dilution of brines that do not affect DIC35 
and TA35) both prior and during our surveys. Open squares and open circles denote, 
respectively, spring and summer samples; slope of the corresponding regression line is 
reported as "α". Solid square and circle denote mean values of the underlying water in spring 
and summer, respectively (the corresponding average pCO2 are, respectively, 417 and 390 
ppm). Arrows represent the theoretical variation of DIC35 and TA35 according to specific 
biogeochemical processes. TA35 and DIC35 are remarkably well correlated with a slope of 1.2. 
Carbonate dissolution/precipitation could best explain the observed trend, although the 
theoretical slope should be 2.  Such discrepancy might be ascribed to an uptake of gaseous 
CO2 (from bubbles or the atmosphere) combined with carbonate dissolution, or to mixing with 
underlying water owing to internal convection (Weeks and Ackley, 1986; Golden et al., 1998). 

 

4.1.5.2 Fate of precipitated carbonate minerals and their contribution to the 
uptake of CO2 

Precipitation of carbonate minerals, mainly calcite and aragonite (Killawee et al., 
1998; Marion, 2001; Papadimitriou et al., 2004) in sea ice as a result of the drastic 
increase of salinity in brines is subject to a long-lived debate. Numerous laboratory 
experiments have shown carbonate precipitation occurs during sea ice formation 
(Jones et al., 1983; Tison et al., 2002; Papadimitriou et al., 2004). Some authors 
have argued it has not been formally verified in the field (Anderson and Jones, 1985; 
Gleitz et al., 1995). We observed in land fast sea-ice mineral crystals identified as 
calcium carbonate crystals (figure 4.1-4). The decrease of TA35 observed during 
2003/V1 cruise is also a conspicuous indication that carbonate precipitation occurred 
within sea ice prior to the cruise. The fate of the precipitated carbonate minerals 
remains uncertain. We hypothesize that most of the precipitated carbonate minerals 
remain within sea ice during winter and dissolves as salinity decreases during spring. 
Based on field studies, "excess" TA in the water column during sea-ice melting was 
attributed to the dissolution of calcium carbonate precipitated in brines and released 
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into the underlying water (Jones et al., 1983). No study has yet investigated 
carbonate minerals dynamics within natural sea ice. The fate of carbonate minerals is 
a good illustration of how intricate the links between biogeochemical and physical 
sea ice processes are. If carbonate precipitation occurs at relatively low salinity and 
high temperature, these processes would take place in the "skeletal layer" (the 
lamellar ice-water interface, a relatively open system) during sea ice growth (Fig.  
4.1-4, A). This is a logical hypothesis from phase diagram and experimental 
approaches that show carbonate precipitation occurs from -2.2 to -10° C 
(Richardson, 1976). Conversely, if carbonate minerals precipitate in high salinity – 
low temperature conditions, such precipitation would likely take place in late autumn 
or winter in the upper layers of sea ice while brines channels are closed (Fig. 4.1-4, 
B). In the latter case, as carbonate minerals dissolve during spring internal melting, 
this would consume CO2 in the same proportion as it would have produced during ice 
cooling and the net uptake of atmospheric/sea water CO2 related to the production 
and dissolution of carbonate would be nil over the period. 

The precipitation of carbonate minerals in the skeletal layer might have a 
significant impact on CO2 concentration in the underlying water or the atmosphere 
above. The segregation of impurities enhances CO2 concentration at the ice-water 
interface during ice growth (Killawee et al., 1998) and acts as a source of CO2 for the 
underlying layer (Fig. 4.1-4, C). If carbonate precipitation occurs in the early stages of 
ice growth, it will further contribute to the increase of pCO2. A crucial issue is the fate 
of carbonate minerals. They can either a) sink faster than the CO2 rich water in the 
underlying layer (Fig. 4.1-4, D) and act as a net source of CO2, especially if CO2 rich 
brines trapped within sea ice are released to the atmosphere in spring and summer 
(Fig. 4.1-4, E), b) sink at the same rate than the CO2 rich water , with negligible 
impact on DIC budget of the water column, or c) remain trapped in the tortuosity of 
the skeletal layer while pCO2 rich brines are expelled to the underlying layer (Fig. 4.1-
4, F). The dissolution of these trapped carbonate mineral in spring and summer, 
triggered by temperature increases and related salinity decreases, would consume 
CO2 and drive a net CO2 uptake within the ice, unless most of the produced CO2 
during precipitation remains also trapped in the ice as bubbles.  

Available laboratory experiments using carbon isotope fractionation to trace 
calcium carbonate precipitation are inconclusive on the timing of precipitation 
(Papadimitriou et al., 2004). Work by Rysgaard et al. (2006) on "the segregation of 
DIC versus TA rejection during sea ice growth and related sea ice CO2 pump" 
favours hypothesis (c). The carbonate minerals precipitate from -2.2°C, just below 
the seawater freezing point, to -10°C (Assur, 1958; Richardson, 1976). Within this 
range, sea ice permeability decreases to the point that brines channels are closed 
around -5°C for a bulk salinity of 5 (Golden et al., 1998). As the ice forms and the 
permeability changes, there is likely a stage when fluids still percolate while solid 
particles are trapped. This should lead to the segregation between carbonate 
minerals, which remain trapped within sea-ice while CO2 rich brines are expelled to 
the underlying water. 

Such a mechanism might act as an efficient pump of CO2 from the atmosphere. 
The expulsion of brines enriched in CO2 leads to the formation of dense water that 
sinks rapidly during sea-ice growth. The sinking of dense water is the main driver of 
deep-water formation and is potentially an efficient CO2 sequestration pathway. 
Numerous vertical distributions profiles of TA below sea ice have revealed the 
signature of carbonate mineral precipitation (Weiss et al., 1979). While sea ice melts 
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during spring and summer, trapped carbonate minerals dissolve as the result of the 
combined increase of temperature and decrease of salinity either within sea ice or in 
the underlying water. This dissolution of carbonate minerals as observed by Jones et 
al. (Jones et al., 1983) leads to a decrease of pCO2 and might act as an efficient and 
significant sink of CO2 according to observations and model of Rysgaard et al. 
(2006). Thus, the precipitation of carbonate minerals, their fate and decoupling with 
CO2 enriched brines deserves further investigation. 

 
 

 
Figure 4.1-4 : Fate of carbonate minerals precipitated within sea ice. 

 
 

4.1.5.3 Changes of pCO2 : other processes 

 
However, the observed decrease of TA35 due to carbonate precipitation 

corresponds to a removal of 30 % of DIC35, while the overall decrease of DIC35 
reaches 70% at the coldest temperature. Thus, about 40% of DIC35 reduction has to 
be ascribed to either autumnal primary production or to CO2 transfer to the gas phase 
within the brines (Fig. 3). While sea-ice algae are still active in autumn, their 
photosynthetic rate is probably limited by light availability and low temperatures 
(Arrigo et al., 1997; Mock, 2002), so their contribution to the DIC35 winter removal is 
probably small. In contrast,  Killawee et al. (Killawee et al., 1998) and Tison et al. 
(2002) reported that air inclusions within sea ice are mainly composed of CO2 
perhaps issued from carbonate precipitation. The CO2 can be directly released to the 
atmosphere during sea ice growth when surface ice is warm enough (~ -7°C, Fig.1b) 
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to allow transfer of CO2 during a transient stage as observed during early spring. The 
elevated sea-ice pCO2 in autumn therefore results from an intricate superimposition 
of counteracting processes: those increasing pCO2 such as brine concentration and 
carbonate precipitation, and those decreasing pCO2 such as autumnal primary 
production, temperature decrease, and CO2 transfer to the gaseous phase. 

 
 

4.1.5.4 Relative contribution of thermodynamics, physical, biogeochemical and 
biological processes to pCO2 changes 

 
We estimated the potential contribution of thermodynamic, chemical and biological 

processes (temperature increase and related dilution, carbonate dissolution and 
primary production) to the spring-summer decrease of pCO2. 

We assessed the potential maximum impact of each main spring and summer 
physical and biogeochemical processes on pCO2 (table  4.1-1). The variations are 
computed from the conditions of temperature, bulk ice salinity, TA35 and pCO2 (-7.2°, 
5.4, 791 µmol kg-1, 724 ppm) that corresponded to the average of the two coldest 
conditions encountered during the 2003/V1 (corresponding to the coldest extremity of 
the solid curve in figure 1a) and ISPOL cruises. During these cruises, temperature 
decreased from -7.2 °C to -1.3°C driving melting of ice crystals and dilution of the 
brines, with a decrease of the brine salinity from 117.1 down to 23.5, according to 
relationships of Cox and Weeks (1983). The temperature related  decrease in salinity 
also diluted DIC and TA and led to a computed pCO2 drop of 684 ppm, using the CO2 
dissociation constants of Mehrbach et al. (1973) refitted by Dickson and Millero 
(1987) (see section 1.1.7.1). The TA normalized to a constant salinity of 35 (TA35) of 
brines at the lowest observed temperature is only 35% of TA35 of the underlying water 
(Fig. 3) owing to the precipitation of carbonate minerals. Such differences would 
correspond to the precipitation of carbonate of about 2038 µmol kg-1from the brines, 
assuming the effect of fall and winter microbal activity on TA is negligible. If we 
assume that the carbonate minerals remain trapped within the ice (see below) and no 
CO2 is stored in the gaseous phase within sea ice during the cooling processes, then 
spring dissolution would reduce pCO2 by about 583 ppm.  

Estimating primary production in sea ice – and the related impact on pCO2 - is 
challenging. We assumed the overall sea ice primary production prior to and during 
the ISPOL cruise corresponded to the autotrophic organic carbon (OCautotroph) 
standing stock in the ice at the end of the ISPOL cruise. This autotrophic organic 
carbon was estimated from Chl a measurements (at 6 depths) and a C:Chla ratio of 
83. This ratio was determined by comparing Chl a concentration and OCautotroph 
content derived from abundance and biovolume of autotrophic organisms measured 
from inverted and epifluorescence microscopy observations, and carbon:volume 
conversion factors (Hillebrand et al., 1999; Menden-Deuer and Lessard, 2000).  

The amount could be underestimated because it does not take into account losses 
of autotrophic organic carbon (i.e. mortality, exchange with the underlying seawater). 
In the opposite, we neglected the part of autotrophic community originating from 
organisms trapped during sea ice growth and autumnal primary production. At the 
end of the ISPOL cruise, the mean Chl a concentration was 3.7 µg kg-1 of bulk ice, 
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which corresponds to an OCautotroph standing stock of 309 µgC kg-1 of bulk ice. The 
build up of the OCautotroph standing stock would correspond to an uptake of DIC of 26 
µmol kg-1 in bulk ice and an increase of TA of 4 µmol kg-1 of bulk ice, according to the 
Redfield-Ketchum-Richards stoichiometry of biosynthesis (Redfield et al., 1963; 
Richards, 1965). With the volume of brines derived from the equations of Cox and 
Weeks (Cox and Weeks, 1975), revised by Eicken (2003), this leads to a decrease of 
DIC of 669 µmol kg-1  and a TA increase of 107 µmol kg-1 of brines and subsequent 
decrease of pCO2 of brines of 639 ppm (table 4.1-1). The build up of the OCautotroph 
standing stock would also correspond to a primary production of 0.26 gC m-2 

considering an ice thickness of 90 cm (average ice thickness during Ispol survey). 
 

 related changes 

 Temperature Salinity TA DIC TA DIC pCO2 
 (°C) (of 

brines) 
(µmol  
kg-1 of 

bulk ice) 

(µmol  
kg-1 of 

bulk ice) 

(µmol 
kg-1 of 
brines) 

(µmol  
kg-1 of 
brines) 

(ppm 
in 

brines)
temperature 
increase and 

related dilution 
5.9 -94 0 0 -2125 -1813 -684 

CaCO3 dissolution 0 0 157.2 78.6 4075 2038 -583 
Primary 

production 0 0 4.1 -25.8 107 -669 -639 

Table 4.1-1 : Estimates of potential pCO2 changes related to spring and summer physical and 
biogeochemical processes observed during the 2003/V1 and ISPOL cruises. 

 
Antarctic pack ice hosts algae communities for which biomass and specific 

photosynthetic rate can exceed, 500 mg m-3 and 8 mg C mgChl a-1 h-1, respectively 
(see Arrigo (2003) for a review). Our calculations suggest that primary production is a 
significant contributor to CO2 drawdown although the amount is indubitably difficult to 
quantify. The dilution of brines with melted ice crystals accounts for a pCO2 decrease 
of 660 ppm and could therefore explain most of the observed CO2 spring drawdown 
(Fig. 4.1-1b). Carbonate dissolution (see 4.1.5.2) might induce pCO2 changes 
comparable to those attributed to primary production and dilution. Finally, it should be 
noted that uptake of gaseous CO2 and mixing with underlying water (with pCO2 
values ranging from 380 to 430 ppm) would act to maintain pCO2 at or above the 
saturation level rather than promoting the observed decrease (see 4.1.5.7).  

 

4.1.5.5 CO2 fluxes 

 
Fluxes of CO2 at the air-ice interface were measured with a chamber and ranged 

from +1.9 to –5.2 mmol m-2 d-1 (Fig. 4.1-1b). Higher fluxes have been reported for 
measurements using eddy correlation over a slush ice  - a mixture of melting snow, 
ice and flooding seawater covering sea ice - in the Antarctic pack (Zemmelink et al., 
2006) (-6.6 to -18.2 mmol m-2 d-1 ), and for sea ice melt ponds and open brines 
channels in fast ice of the North American-Siberian Arctic Ocean shelf zone 
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(Semiletov et al., 2004), ( -19.5 to -38.6 mmol m-2 d-1).  The differences could result 
from the occurrence of surface biological communities in the areas investigated by 
eddy correlation, while the measurements presented here refer to more conventional 
bare sea-ice. We measured CO2 fluxes over widespread bare sea-ice without 
biologically active surface communities. Previous eddy correlation CO2 fluxes 
measurements were carried out over areas covered by particular surface 
environments, namely melt ponds and slush (Semiletov et al., 2004; Zemmelink et 
al., 2006). Slush – a mixture of melting snow, ice and flooding seawater covering sea 
ice - is known to berth a highly productive algae community (Legendre et al., 1992). 
Sea-ice surface communities benefit from high light levels and from nutrients from 
seawater flooding as snow loading or sea ice rafting depress the ice surface below 
the freeboard. Such surface flooding occurs over 15-30% of the ice pack in Antarctica 
(Wadhams et al., 1987). These surface communities exhibit photosynthetic rates 
comparable to those of open ocean Antarctic phytoplankton (Lizotte and Sullivan, 
1992) and might be responsible for the majority of sea surface productivity in 
Antarctic Sea Ice (Legendre et al., 1992). They easily exchange CO2 with the 
atmosphere through the porous snow cover and can potentially enhance significantly 
the present estimate of CO2 uptake by sea ice cover. 

 
In a heterogeneous environment like sea-ice, the inherent small spatial resolution 

of the chamber CO2 flux measurements allows a consistent comparison with pCO2 
within the ice. The pCO2 gradient between the atmosphere and the brines in the sea-
ice top layer is the main driver of CO2 fluxes. The CO2 fluxes are consistent with the 
saturation level of CO2 in the brines, with the exception of the transition from upward 
to downward fluxes at about -5°C. However, the exchanges are modulated by factors 
like sea ice temperature, and snow and ice structure. At a temperature of about -7°C 
the CO2 fluxes are weak despite elevated pCO2, due to the low permeability of the 
ice, and no CO2 flux was detected below -10°C. The permeability of sea-ice for CO2 
decreases at temperatures below - 5°C down to a temperature threshold of -10°C, 
below which sea ice is virtually impermeable to CO2 exchange (Fig. 4.1-1b). 

 
While snow allows a rapid exchange of gases with the atmosphere (Massman et 

al., 1997; Albert et al., 2002; Takagi et al., 2005), very low to nil fluxes were observed 
after the formation of lenses of superimposed ice above sea ice (diamonds in figure 
4.1-1). Superimposed ice forms after a strong snow melt event when percolating 
freshwater refreezes at the contact of sea ice (Haas et al., 2001). As freshwater ice, 
the superimposed ice is impermeable to gas transport (Albert and Perron, 2000). The 
formation of this superimposed ice at the top of sea ice and the subsequent inhibition 
of air-ice CO2 fluxes leads to a drastic decrease of brine pCO2 down to 30 ppm. This 
highlights the role of CO2 invasion from the atmosphere that balances the summer 
pCO2 drawdown sustained by dilution and primary production, and maintains sea ice 
pCO2 above 100 ppm.  
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4.1.5.6 Upscaling of CO2 fluxes derived from remote sensing data. 

 Sea-ice temperature exerts a strong control on both sea-ice pCO2 and 
permeability, and ultimately on CO2 transfer at the air-ice interface (Fig. 1). We 
derived a relationship between CO2 flux and sea-ice temperature to allow CO2 flux 
fields to be estimated using sea ice temperature and concentration inferred from 
Advanced Microwave Scanning Radiometer (ASMR) – Earth Observing System data  
Daily sea-ice concentration and temperature at the air-ice interface with a resolution 
of 25 km * 25 km, was obtained from ASMR-E L3 data available at 
http://nsidc.org/data/amsre/)(Cavalieri et al., 2005).  The assessment of sea ice 
temperature from remotely sensed data is still under development, but represent the 
only available product.  We calculated a relationship,

2COflux , between CO2 fluxes 
over both first year and multiyear ice using sea-ice temperature at 5cm depth (Fig. 
4.1-5). We then reconstructed weekly CO2 fluxes fields from September to January, 
which corresponded to the time period covered by in situ measurements, taking into 
account both AMSR-E sea ice temperature and sea ice concentration, accordingly to: 

nodeiceiceCOCO AC)(TfluxF
22

×××= 7  

where 
2COF , iceT  , iceC and nodeA  denote the CO2 fluxes over a week, AMSR-E L3 

temperature and concentration of sea ice, and grid node area, respectively. 
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Figure 4.1-5 :  Air-sea ice CO2 fluxes versus sea ice temperature at 5 cm depth. Solid curve 

represents the relationship (
2COflux ) of air-sea ice CO2 fluxes to sea ice surface temperature. 

Fluxes measurements during superimposed ice events were not used in the calculation (see 
4.1.5.5). 

 
Spring and summer air-ice CO2 fluxes (Fig. 4) were estimated from 2002 to 2005 

for ice-covered areas with ice concentration above 65%, which corresponded to the 
range of sea-ice concentration encountered during sampling (Table 4.1-2). This 
conservative budget suggests Antarctic sea ice cover is pumping between 0.015 and 
0.024 PgC during the spring-summer transition, or 6 to 9% of the uptake of the 
Southern Ocean south of 50°S, based on current assessments of the oceanic uptake 
of CO2 south of 50°S of about 0.27 PgC yr-1 (Matear and Hirst, 1999; Roy et al., 
2003; Takahashi, 2003; Metzl et al., 2006). 
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Figure 4.1-6 : Reconstructed air-sea ice CO2 fluxes over Antarctic sea ice in spring 2003 (22-28 

September) and summer 2004 (20-26 September). Light grey areas correspond to regions with 
sea ice concentration less than 65%. The uptake of atmospheric CO2 by Antarctic sea ice 
showed significant seasonal and spatial variability. Spring air-ice CO2 uptake (September, 
October and November) ranged from 0.0105 to 0.0184 PgC with summer (December-January) 
uptake from 0.0042 to 0.0054 PgC. 

 

 CO2 flux (PgC) 
Sep 2002 – Jan 2003 -0.015 
Sep 2003 – Jan 2004 -0.017 
Sep 2004 – Jan 2005 -0.024 

  
Average -0.018 

 

Table 4.1-2. Scaled air-sea ice CO2 fluxes over Antarctic sea-ice in spring and summer 
provided for regions with sea-ice coverage above 65%. 

 
 

4.1.5.7 Independent first order assessment of air-ice CO2 transfers 

The potential air-ice CO2 transfers related to sea-ice physical and biogeochemical 
processes were assessed by considering a homogeneous 90 cm thick sea-ice cover 
in equilibrium with the atmosphere and isolated from exchange with the underlying 
water. The sea-ice thickness value is the mean observed during the ISPOL 
experiment and is low compared to the values generally observed in the Weddell Sea  
and elsewhere (Timmermann et al., 2002; Haas, 2003). Temperature, salinity and 
δ18O data suggest that low exchanges occurred between sea-ice and the underlying 
layer during the ISPOL experiment. We assumed that sea-ice was initially in 
equilibrium with the atmosphere (pCO2 = 370 ppm), and we applied the 
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biogeochemically driven DIC and TA changes of the table 4.1-1 (expressed per 
kilogram of bulk ice), and then computed the air-ice CO2 transfers required to restore 
equilibrium. We used the brine volume values computed from the equations of Cox 
and Weeks (Cox and Weeks, 1975) revisited by Eicken (2003) and mean conditions 
observed during the two last ISPOL stations (mean sea ice temperature: -1.3°C, 
mean brine salinity: 24, mean bulk ice salinity: 3.8, mean TA: 1667 µmol kg -1 of 
brines). For the uptake owing to temperature change and related dilution effect, we 
considered a temperature increase from -7.2 to -1.3 °C corresponding to the range of 
observations during the 2003/V1 and ISPOL cruises, salinity decrease from 117 to 24 
and decrease of TA from 8135 to 1667 µmol kg -1of brines so that TA35 remains 
constant.  

The CO2 uptake from the atmosphere related to each process are reported in the 
table 4.1-3. Taking into account a mean value for the Antarctic sea ice surface area 
of 16×106 km2 (Comiso, 2003), the corresponding overall CO2 uptake would be 0.029 
PgC which represents an additional CO2 sink of 11 % to the current consensual 
assessment of the uptake of CO2 by the Southern Ocean south of 50°S (0.27 PgC yr-

1 (Matear and Hirst, 1999; Roy et al., 2003; Takahashi, 2003; Metzl et al., 2006)).  
 
 

  related CO2 transfer from the 
atmosphere  

  (mmol m-2) 

temperature increase and 
related dilution -60 

CaCO3 dissolution -57 

Primary production -25 

Table 4.1-3 : Estimates of potential air-ice CO2 fluxes related to spring and summer physical 
and biogeochemical processes observed during the 2003/V1 and ISPOL cruises. Flux 
representative of a 4 months period. 

 
 

4.1.6 Conclusions 

The Antarctic sea-ice sustains significant uptake of atmospheric CO2 due to the 
combination of primary production and physical and biogeochemical processes 
occurring within the ice. An independent first order estimate of the potential air-ice 
CO2 uptake for Spring-Summer due to thermodynamic, physical and biogeochemical 
process (4.1.5.7) is about 0.029 PgC, corroborating the above estimate from in situ 
CO2 flux measurements scaled with remotely sensed ice data (4.1.5.6). Both budgets 
most probably underestimate the uptake of CO2 over Antarctic sea-ice as they do not 
account for surface communities that are likely to enhance significantly CO2 uptake. 
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4.2 CO2 deposition over the multi-year ice of the western Weddell 

Sea 

 
 
 
 

4.2.1 Foreword 

 

For decades, sea ice has been considered as an inert barrier for gas exchanges, 
including CO2. Thus, the air-sea ice CO2 fluxes measured with the chamber method 
needed confirmation by other methods to bring confidence in the conclusions of the 
chapter 4.1. The chamber method allows to measure CO2 fluxes at small spatial 
scale and to relate them with the air-ice pCO2 gradients. However, this method is 
time-consuming and is not suitable to study temporal variations of CO2 fluxes 
throughout the day, or to assess CO2 at larger spatial scales. 

In collaboration with H. Zemmelink from the University of East Anglia (U.K.) we 
aimed to assess CO2 fluxes by two other methods:  

• pCO2 profiles above the ice in the air  trapped within the snow 
• eddy-covariance measurements 

These measurements were carried out during the ISPOL cruise at a location close 
to the sampling sites of the chapter 4.1. 

It appeared that to derive CO2 fluxes from atmospheric pCO2 profiles within the 
snow is prone to major difficulties. Accurate high resolution pCO2 profiles are hardly 
achievable since a sphere of air with a significant radius is sampled, and also, the air 
is probably transported over some distance. Also, pCO2 profiles allow to derive the 
diffusion controlled flux of CO2 which does not account for turbulent controlled fluxes, 
in particular “wind-pumping” events.  

Eddy-covariance measurements on the other hand were very useful, as they 
allowed to follow the daily changes of CO2 fluxes and to integrate CO2 fluxes over a 
large area. 

 
 
This chapter has been accepted for publication in Geophysical Research Letters: 
Zemmelink H.J., B. Delille, J.L. Tison, E.J. Hintsa, L. Houghton & J.W.H. Dacey, 

2006. CO2 deposition over the multi year ice of the western Weddell Sea, in press 
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4.2.2 Abstract 

Field measurements by eddy correlation (EC) indicate an average uptake of 0.6 g 
CO2 m-2 d-1 by the ice-covered western Weddell Sea in December 2004. At the same 
time, snow that covers ice floes of the western Weddell Sea becomes undersaturated 
with CO2 relative to the atmosphere during early summer. Gradients of CO2 from the 
ice to the atmosphere do not support significant diffusive fluxes and are not strong 
enough to explain the observed CO2 deposition. We hypothesize that the transport of 
air through the snow pack is controlled by turbulence and that undersaturation of CO2 
is caused by biological productivity at the ice-snow and snow-atmosphere interface. 
The total carbon uptake by the multi-year ice zone of the western Weddell Sea in 
December could have been as high as 6.6 Tg C y-1.  

 
 

4.2.3 Introduction 

 
There is no doubt that the ocean plays a major role in regulating the concentration 

of atmospheric carbon dioxide (CO2). Takahashi et al. (2002, 2003) analyzed over 
940,000 measurements of surface-water pCO2 and estimated the annual net uptake 
of CO2 by the global oceans to be 1.64 Pg C yr−1. The Southern Ocean forms a 
significant sink for atmospheric CO2; Takahashi et al. (2002, 2003) estimated an 
uptake of 0.35 Pg C yr-1 south of 50˚S for 1995, which is 21% of the global uptake. 
However, ice-covered oceanic zones are not taken into account in the current 
climatology. The role of ice-covered zones was ignored because it was assumed that 
sea ice precludes gas exchange (Tréguer & Pondaven, 2002). However, recently, 
Semiletov et al. (2004) showed that invasion of atmospheric CO2 could be significant 
over Arctic sea ice. In addition sea ice formation could enhance the uptake of 
atmospheric CO2 (Anderson et al., 2004). In this study we present data on CO2 fluxes 
over the multi-year ice zone of the western Weddell Sea.  

 
 

4.2.4 Material and Methods 

 
The study was performed during the 2004 Ice Station Polarstern (ISPOL) cruise, a 

field experiment designed to improve understanding of physical and biological air-
sea-ice interactions in the Weddell Sea through early summer (November-
December). ISPOL involved a 37 day drift station on an ice floe (from 68º 15’ S, 54º 
45’ W to 67º 22’ S, 55º 25’ W) in the western Weddell Sea, the largest perennial ice-
covered zone in the Southern Ocean.  

 
The CO2 flux was measured at a height of 2.75 m using the eddy correlation (EC) 

technique. EC is considered to be the most direct technique for measuring gas fluxes 
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(Fairall et al., 2000), since it utilizes the covariance of scalar concentrations (or 
mixing ratios) and vertical wind velocity. EC requires measurements at a sufficient 
rate (10-20 Hz) to adequately capture all turbulence frequencies contributing to the 
flux. The EC system (Applied Technologies, Inc.) used in this study was battery 
powered and included a SATI/3K three-axis sonic anemometer and an open-path 
infrared CO2/H2O analyzer (Li-7500, Li-COR, USA). The battery pack and computers 
of the EC system were placed in a shelter at 20 m distance from the meteorological 
tower. Data acquisition and processing was to a large extent similar to those of EC 
measurements conducted in previous experiments as part of slow response 
techniques to measure DMS fluxes from the oceans (Zemmelink et al., 2004a/b; 
Hintsa et al., 2004). During ISPOL, post-processing of the data included coordinate 
rotation followed by application of the Webb et al. (1980) corrections to determine the 
latent and sensible heat fluxes from the measured mean covariances of vertical wind 
speed with sonic temperature and with water vapor density. These were then used to 
compute a density-corrected CO2 flux with an averaging period of 30 min. Fluxes are 
indicated according to the micrometeorological convention, i.e. negative when 
directed downward.  

 
Instrumental failures during snowfall occurred and data during those episodes 

were discarded from further analysis. The source area of the flux was selected to 
exclude influence of the ship and the shelter, i.e. measurements were only accepted 
when the ship and shelter were located downwind from the EC tower. The ice floe in 
the presumed fetch area was relatively flat (with the exception of some pressure 
ridges), with an adequate fetch of at least 300 m before the presence of a 10 m wide 
lead (open water). The 50% source area (determined following Schmid, 1994) for EC 
measurements at 2.75 m was well within the boundaries of the floe.  

(6) The accuracy of the EC system can be derived by comparison of different 
techniques and sensors that were used during ISPOL to measure latent heat (LH) 
and sensible heat (SH) fluxes respectively. LH fluxes derived from a bulk 
aerodynamic approach (using the temperature difference between snow and 
atmosphere) averaged 10 W m-2 (J. Launiainen, pers. Communication, ISPOL 
meeting Tvärminnen), while our EC measurements resulted in an average LH flux of 
14.8 W m-2, a difference of 50%. SH fluxes measured by EC by J. Launiainen 
averaged 5.9 W m-2; our measurements averaged 4.7 W m-2, a difference of 20%. 
Although this comparison shows reasonable agreement between independent 
measurements, it remains difficult to make statements about absolute accuracies. An 
underlying problem is that the techniques have different source areas with different 
surface characteristics that influence the flux. We estimate that the uncertainty of the 
covariance measurements presented in this study is 10-30%, which is comparable to 
the error estimates of previous experiments conducted at sea (Edson et al. 1998; 
Hintsa et al., 2004) and slightly higher than the uncertainty of land-based covariance 
flux measurements, which is typically on the order of 10-15%. 

 
The sonic anemometer was serviced and calibrated by the manufacturer prior to 

the beginning of the experiment. Zero calibration of wind speed and span calibration 
of temperature to -30˚C showed that the anemometer was stable in the field. The Li-
COR CO2/H2O analyzers were serviced and calibrated by the manufacturer at the 
beginning of the experiment. In the field, zero calibration (by chemical removal of 
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CO2 and H2O) was performed every week and showed no drift. Experience has 
shown that a change in span is unlikely when zero calibration does not drift.  Span 
calibration in the shore laboratory at the end of the experiment showed that drift of 
the instruments over the interval of the experiment was negligible. 

 
CO2 concentrations in the snow were determined daily near the base of a 

meteorological tower. Two liters of air from a series of inlets at different depths in the 
snow were sampled through thick-walled Teflon tubing into Vac-U-Chamber airtight 
boxes (SKC Inc.), into which Tedlar bags were placed for sample accumulation. 
Several Vac-U-Chamber boxes could be evacuated with a single pump, and a three-
way valve on each box allowed switching from purging the tubing to collecting air 
samples at 100 ml min-1 (for more details see Hintsa et al. (2004)). Subsequently, 
bags were brought back to the ship’s laboratory and analyzed for CO2 using a closed 
path Li-7000 in absolute mode. Towards the end of December, however, melting and 
refreezing changed snow conditions and it was decided to use a Li-6262 set up for 
direct measurements of CO2 in the field by pumping air through the analyzer at 300 
ml min-1. 

 
 

4.2.5 Results and Discussions 

4.2.5.1 Sea ice conditions 

Aerial photography and electromagnetic soundings around the selected floe (over 
a triangle of about 70 km along each side) revealed that the ice floe actually 
consisted of a mosaic of individual multi-year (probably second-year) ice floes welded 
together by areas of first-year ice, with frequent occurrences of deformation ridges at 
the boundaries. Snow thickness near the meteorological tower varied between 0.5 
and 1 m, generally higher in the vicinity of ridges. A number of significant changes in 
the character of the pack ice between 29 November 2004 and 1 January 2005 were 
observed as described in Zemmelink et al. (2005).   

 
Briefly, during the first three weeks of fieldwork two types of snow were 

distinguished: snow that covered slush and snow that covered solid ice. Sudden 
changes in sea ice characteristics occurred towards the end of December, when 
melting of snow and surface flooding was observed and slush and melt ponds formed 
at the surface of the snow, in addition to an increase of slush between the snow and 
underlying ice. Refreezing of water in the snow resulted in the formation of 
granulated snow (containing small pieces of ice and open spaces) and of 
superimposed ice (refrozen snow melt as a layer of solid ice at some depth within the 
snow pack). Snow characteristics became very heterogeneous toward the end of 
December when the slush turned brown due to the abundance of diatoms.  
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4.2.5.2 CO2 fluxes measured by eddy-correlation 

The discoloration of slush and melt ponds implies increasing primary production in 
and at the surface of the snow pack, which would lead to an uptake of CO2 by the 
floe. Indeed, the daily flux, as measured by EC, increased from -0.2 g CO2 m-2 d-1 in 
early December, to -0.8 g CO2 m-2 d-1 toward the end of December, averaging -0.6 g 
CO2 m-2 d-1 (Figure 1). Fluxes exhibited some variation, probably caused by surface 
heterogeneity, but also showed a diurnal cycle correlating with the heat flux (data not 
shown), with maxima around 15:00, especially apparent after year day 350. The 
observed carbon flux values are lower than fluxes measured by EC over fast ice of 
the North American-Siberian Arctic Ocean shelf zone (Semiletov et al., 2004), 
ranging between -0.9 – -1.7 g CO2 m-2 d-1. However, those fluxes were measured 
over sea-ice melt ponds and open brine channels known to be highly productive 
(Thomas and Dieckmann, 2002). 
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Figure 1: Turbulent CO2 fluxes (g CO2 m-2 d-1) over the multi-year ice in the western Weddell 

Sea as measured by eddy correlation in December 2004 

 
From a numerical model Arrigo et al. (1997) concluded that primary production in 

ice of the Weddell Sea could average 1.4 g C m-2 month-1 in December, increasing to 
1.9 g C m-2 month-1 in January. This is in agreement with our flux measurements 
ranging from 1.7 g C m-2month-1 (in early December) to 6.8 g C m-2month-1 (towards 
the end of December) with an average of 5.1 g C m-2month-1. Maximum growth of 
“sea ice algae” is reached in first-year ice and is near its peak in December when 
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surface flooding provides nutrients at the ice-snow interface and within the freeboard 
layer, near sea level (Arrigo et al. 1997).  

 
Primary production could be hampered by slow replenishment of CO2 through the 

snowpack, which tempers atmospheric turbulence. Albert and Shultz (2002) studied 
in situ transport of SF6 in undisturbed snow in light (3 m s-1) and moderately strong (9 
m s-1) wind conditions. Results indicated that transport in a hoar layer was diffusion-
controlled at low wind speed, and more turbulence-controlled at the higher wind 
speed. 

 

4.2.5.3 pCO2 gradients within sea ice 
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Figure 2A and B: CO2 concentrations (ppmv) in snow, as a function of distance from the ice 
surface, and in the atmosphere at 0.85 m from the ice. Figure 2A, profiles over slush. Figure 2B, 
profiles over solid ice. Figure 2C, CO2 concentrations (ppmv) at three locations during the last 
week of December. Melting and freezing resulted in extremely heterogeneous snow 
characteristics, showing ice formation and inclination of snow layers.  

  



 4.2 CO2 deposition over the multi-year ice of the western Weddell Sea 

 

225

Following Takagi et al., (2005), the diffusion flux (Fd) of CO2 through the snow 
layer can be evaluated by Fick’s law of diffusion Fd = Dcθλ∆C/∆z. The binary diffusion 
constant for CO2 in air (D; 0.138*10-4 m2 s-1 at standard temperature (T0) and 
pressure (P0)) was corrected for observed temperature (T) and pressure (P) to 
determine the diffusion coefficient (Dc) as, Dc = D (P0/P)(T/T0)1.81. A fixed value of the 
air-filled porosity (θ) of 0.60 cm3 cm-3 (averaged over ISPOL, C. Haas, personal 
communication) was used to calculate the tortuosity factor λ (λ = (1-(1-θ)2/3)/θ). Using 
a concentration gradient (∆C/∆z) of CO2 between the ice and atmosphere of 5.24 * 
10-10 gCO2 cm-3

snow cm-1 (maximum gradient in the snow layer observed during 
ISPOL), the diffusive flux during ISPOL is about 37.8 mg CO2 m-2 d-1, which is in the 
same range of values found for diffusive transport through a snowpack as measured 
in a forest (Takagi et al., 2005). However, it is difficult to interpret our measured 
gradients and the derived diffusion controlled flux because sampling 2 L of air implies 
that the sample is pulled from a sphere with a radius of a least 8 cm. It is likely that 
the air is transported over some distance, depending on the resistance in the snow. 

The diffusive flux as found in Takagi et al.’s (2005) study and in this study is 
significantly lower than the flux measured by EC. Takagi et al. found that CO2 
concentrations in a snow pack fluctuated significantly as wind speeds increased from 
near zero to 2 m s-1, which shows that wind-pumping strongly affects transport of 
CO2 in a snowpack. Wind speeds during ISPOL varied between 1 and 14 m s-1, 
averaging 5.3 m s-1. It is therefore possible that the observed concentration gradients 
in the snowpack remained relatively small as a result of airflow within the snowpack, 
which makes turbulence the dominant transport factor and lowers the estimated influx 
by Fick’s law. However, our study, during which measurements of CO2 profiles in the 
snowpack were not made continuously, does not allow a detailed analysis of the 
dependence between CO2 concentrations and wind speed as performed in the study 
of Takagi et al. (2005). 

Depletion of CO2 in snow-encapsulated air is especially apparent above the brown 
colored slush (Figure 2A, B). Increasing productivity at this interface results in a 
further decrease of pCO2 throughout the snow layer over the course of December. In 
addition, refreezing of meltwater and the formation of ice lenses towards the end of 
December will hamper turbulence in the snowpack and transport of CO2. Figure 2C 
shows the strong undersaturation of CO2 below an ice lens that impedes exchange 
with the atmosphere, while CO2 utilization still occurs. Above another ice lens, uptake 
of CO2 also occurs, but it is partially compensated by transfer from the atmosphere. 
No gradients of CO2 where observed in coarse-grained granular snow, where 
turbulent transport of air may not be restricted by the open structure.   

 

4.2.5.4 Budget of CO2 fluxes 

 
Assuming that the multi-year ice zone in the western Weddell Sea extends to 1.3 * 

106 km2 (Gloersen et al. 1992) and an average carbon dioxide flux of -0.6 g CO2 m-2 
d-1 throughout December; the total carbon uptake in December alone in the multi-
year ice zone could be as high as 6.6 Tg C y-1. However, one can not assume that 
this is going to remain below the ice: part of this carbon might well return to the 
inorganic carbon pool and atmosphere later in the year. Hoppema et al. (1999) 
calculated, from estimations of entrainment (introducing 34 Tg C y-1 into the 100 m 
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surface layer) and new production (removing 42 Tg C y-1) , that the total uptake of 
atmospheric carbon by the Weddell Sea amounted to 8 Tg C y-1. However, Hoppema 
et al. (1999) discuss that by extrapolating their results from the offshore area to the 
entire Weddell Sea they probably underestimate the effect of the biological pump. In 
addition, the budgets presented by Hoppema et al. (1999) are annual estimates; 
most of the atmospheric exchange will occur in the biologically productive months: 
December through February. Our calculated carbon uptake is in agreement with the 
values derived by Hoppema et al. (1999).  

 

4.2.6 Conclusions 

 
The observed fluxes are significant beyond the local scale, as they amount to 

~1.8% of the total uptake south of 50˚S as estimated by Takahashi et al. (2002, 
2003). Although this is a very crude estimate based on the assumption that the 
observed ice characteristics are representative of the entire perennial ice zone of the 
western Weddell Sea (and that biological activity in the flooded snow pack is a 
common feature), it suggests that this region plays an important role in the Southern 
Ocean CO2 budget.  
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4.3 Biogas (CO2, O2, dimethylsulfide) dynamics in Spring Antarctic 

fast ice 

 
 
 
 
 

4.3.1 Foreword 

 
In Spring 1999, prior to the two surveys described in the chapters 4.1 and 4.2, we 

carried out the very first indirect measurements of pCO2 in sea ice brines. We also 
conducted the first survey of temporal changes of the concentration within sea ice 
brines  of dimethylsulfide (DMS), another important climatically active gas.  

During this experiment the main processes responsible for CO2 dynamics 
documented in the chapter 4.1 are also highlighted. We provide here evidence for the 
dissolution of carbonate minerals in two stations at the start of the survey, in 
agreement with the observation of CaCO3 crystals trapped in sea ice in the same 
area in 2001 (chapters 4.1, Fig.  4.1-2),. In semi-enclosed systems such as sea ice, 
temporal changes of O2 allow to estimate primary production with a reasonable 
accuracy. The theoretical assessment of the effects on pCO2 of primary production, 
dissolution of CaCO3 and dilution with ice crystals is consistent with the observations. 
Hence, the general conclusions of Chapter 4.1 regarding to the main biogeochemical 
drivers of CO2 dynamics within pack sea ice hold true in land fast sea ice. This 
suggests that these conclusions could also hold true for the rest of the Antarctic sea 
ice cover. 

 
A shortened version of this chapter has been submitted to Limnology and 

Oceanography: 
Delille B., B. Jourdain, A.V. Borges, J.-L. Tison and D. Delille. Biogas (CO2, O2 , 

dimethylsulfide) dynamics in Spring Antarctic fast ice.  
 
 
 
 
 
 



228 Inorganic carbon dynamics and air-ice-sea CO2 exchanges in the S.O. 

 

4.3.2 Abstract 

The study of the temporal variations of CO2, O2 and dimethylsulfide (DMS) 
concentrations within three environments (sea ice brine, platelet ice-like and 
underlying water) was carried out in the coastal area of Adélie Land, Antarctica, 
during spring 1999 before ice break-up. Temporal changes were contrasted between 
the three environments, while similar temporal trends were observed within each 
environment at all stations. Throughout the experiment, the underlying water 
exhibited both O2 under-saturation (around 85%) and high values of the partial 
pressure of CO2 (pCO2) (up to 600 ppm) owing to mixing with deep water. O2 
concentrations increased drastically in sea ice brine as it melted to reach over-
saturations up to 160 %, due to the primary production by sea ice algae community 
(chlorophyll a in the bottom ice increased steadily to reach concentrations up to 160 
µg L-1 of bulk ice). In parallel, DMS concentrations drastically increased to reach 
concentration up to 60nmol L-1 within sea ice brine and the platelet ice-like layer. 
High biological activity also consumed CO2 and promoted the decrease of pCO2. 
Other physical and biogeochemical processes, namely melting of pure ice crystals 
and CaCO3 dissolution, shifted the large CO2 oversaturation (pCO2 up to 820 ppm) to 
a marked CO2 undersaturation (pCO2 less than 30 ppm). On the whole, sea ice 
appeared to act as a sink of CO2 and a source of DMS for the neighbouring 
environments, the underlying water or/and the atmosphere. 

 
Keywords: pCO2, O2, DMS, fast sea ice, Adélie Land, Southern Ocean 
 

4.3.3 Introduction 

Sea ice covers about 7% of the Earth surface at its maximum seasonal extent, 
representing one of the largest biomes on the planet (Arrigo et al., 1997; Lizotte, 
2001). For decades, sea ice was assumed to be an impermeable and inert barrier for 
air-sea exchanges of CO2 so that global climate models do not include CO2 
exchanges between this compartment and the atmosphere (Tison et al., 2002). 
However, there is a growing body of evidence that sea ice exchanges CO2 with the 
atmosphere. While estimating permeation constants of SF6 and CO2 within sea ice, 
Gosink et al. (1976) stressed that sea ice is a highly permeable medium for gases. 
These authors suggested that gas migration through sea ice could be an important 
factor in winter ocean-atmosphere exchange at sea ice surface temperature above -
10°C. More recently, the uptake of atmospheric CO2 over sea ice cover has been 
reported (Semiletov et al., 2004; Zemmelink et al., 2006; Semiletov et al., 2006; 
chapter 4.1), raising the need to further investigate pCO2 dynamics in the sea ice 
realm and related CO2 fluxes. 

Very few studies have been carried out on the dynamics of the carbonate system 
within natural sea ice, and these generally aimed to investigate calcium carbonate 
(CaCO3) precipitation processes (Gleitz et al., 1995). These studies focused on 
measurements of dissolved inorganic carbon (DIC) and total alkalinity (TA) 
(Anderson and Jones, 1985; Rysgaard et al., 2006) rather than on pCO2. As pointed 
out by Rysggard et al. (2006), precipitation of carbonate minerals within sea ice could 
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drive significant CO2 uptake, but such phenomenon remains to be further 
investigated and has not yet been systematically observed (Gleitz et al., 1995; 
Thomas and Dieckmann, 2002a). The observations by Rysggard et al. (2006) 
suggest that during sea ice formation in fall and winter, carbonate precipitation can 
occur within sea ice. A significant fraction of CO2 generated as a by-product of 
carbonate precipitation appears to be removed during brines expulsion and is partly 
exported below the pycnocline during deep water formation. While CO2 enriched 
brines are expelled from the ice, carbonate minerals could remain trapped in the 
brines tubes and channels until the spring and summer, when they would dissolve 
within the sea ice or in the underlying water. Such dissolution consumes CO2 and 
therefore acts as a sink for atmospheric CO2 (Rysgaard et al., 2006). Other 
processes can potentially act as sink of CO2. First, sea ice hosts algae community 
whose primary production has been estimated to account for 10 to 28% of the total 
production of the Southern Ocean (e.g. Arrigo and Thomas 2004). Second, during 
sea ice growth, most of the impurities (solutes, gases, particulate matter) are 
expelled from the pure ice crystals at the ice-water interface (Killawee et al., 1998). 
The CO2 rejected into the boundary layer will either diffuse or be convectively driven 
downwards into the underlying water, removing CO2 from the surface water. During 
spring, melting of CO2-depleted sea ice would decrease pCO2 of the surface waters. 
Such mechanism would act as a sink for CO2 atmospheric. On the whole, spring sea 
ice appears to act as a CO2 sink that can be significant in the budget of CO2 fluxes in 
the Southern Ocean (Zemmelink et al., 2006; chapter 4.1). 

Antarctic sea ice has been shown to contain large amounts of 
dimethylsulphoniopropionate (DMSP) (Turner et al., 1995; Trevena et al., 2003; 
Gambaro et al., 2004) a precursor of dimethylsuphide (DMS), another climatically 
active gas. Marine DMS emissions are involved in climate regulation (Charlson et al., 
1987) as atmospheric oxidation products of DMS act as condensation nuclei and 
therefore directly (as aerosols) and indirectly affect the radiative properties of the 
atmosphere (Bates et al., 1999). DMS is a by-product of DMSP which is synthesized 
by a few classes of marine micro- and macroalgae and some higher plants (e.g. 
Stefels 2000). The physiological role of DMSP in phytoplankton and sea ice algae is 
poorly understood (Stefels, 2000). It has been suggested that DMSP can act as an 
active osmolyte and cryoprotectant at the same time (Dickson and Kirst, 1986; Kirst 
and Wiencke, 1995; Karsten et al., 1996), an antioxidant which protects cells during 
oxidative stress conditions (U.V. radiation, CO2 and/or Fe limitation, high Cu2+ and 
H2O2 concentration (Sunda et al., 2002)), a grazing-activated chemical defense 
precursor (Wolfe et al., 1997) or a “trash-can” for reduced compounds and excess 
energy (Stefels, 2000). DMSP release by the cell occurs during algal growth but 
significantly increases during cell senescence (Turner et al., 1988; Nguyen et al., 
1988)or as a consequence of zooplankton grazing (Wolfe and Steinke, 1996; Dacey 
et al., 1998), bacterial activity (Kiene and Bates, 1990; Ledyard and Dacey, 1994; 
Bates et al., 1994) and viral lysis (Hill et al., 1998; Malin et al., 1998). DMS is 
produced by enzymatic cleavage of released DMSP by bacteria (Kiene and Bates, 
1990; Ledyard and Dacey, 1994) and algae (Stefels and Van Boekel, 1993; Steinke 
and Kirst, 1996; Steinke et al., 1998). During sea ice melting, DMSP and DMS 
released from the ice can accumulate in surface waters and lead to the occurrence of 
DMS concentration pulses and hot-spots (Kirst et al., 1991; Levasseur et al., 1994; 
Trevena and Jones, 2006). Zemmelink et al. (2005) reported that the stratification 
due to sea ice melting fosters the production of DMSP and DMS in sea ice leads in 
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such amount that the resulting emission could contribute significantly to the yearly 
DMS flux from the Southern Ocean to the atmosphere. Hence, sea ice-related 
processes appears to act as a source of DMS, which could be significant in the 
budget of DMS fluxes to the atmosphere in the Southern Ocean. 

To our best knowledge, there are very few studies on DMS and CO2 dynamics 
within natural sea ice. Turner et al. (1995) investigated DMS+DMSP in the 
Bellingshausen Sea and Drake Passage, Trevena et al. (2006) investigated DMS in 
Prydz Bay and Kirst et al. (Kirst et al., 1991) and Gambaro et al. (Gambaro et al., 
2004) carried out measurements of DMSP in the Weddell Sea and in Terra Nova 
Bay, respectively. Even less measurements of CO2 are available: Gleitz et al. (1995) 
and Delille et al. (chapter 4.1) investigated CO2 dynamics in, respectively, the 
Weddell sea and Eastern Antarctica. Here, we present and discuss the first joint 
temporal survey of DMS, pCO2 and O2 concentrations within sea ice brine and the 
underlying water. 
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Figure 1: Location of the stations and bottom topography in the vicinity of the French base of 

Dumont D'Urville located on the Petrels Island – Adélie Land, Antarctica.  
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4.3.4 Material and Methods 

Site and sampling: 
The study was carried out from 10-11 to 16-12-1999 just before the sea ice cover 

break up in the Géologie Archipelago, Adélie Land, Antarctica (66°40' S, 140°01' E). 
The area is covered from March-April to December by a homogeneous and solid 
layer of land fast ice. Samples were collected at four contrasting stations along a 
South-North cross shore transect (Fig. 1). Stations A to C were located in the shallow 
area close to the Dumont D'Urville Station, Astrolabe Glacier and ground line of the 
Antarctic continent, and station D was located 3.8 km off the coast. Bottom depth 
increased from station A to station D and the four stations experienced various snow 
and ice thickness (table 1) and sheltering conditions, with station A located in a small 
and well sheltered cove and station D located in an open area. 

 
station position bottom depth ice thickness snow thickness 

  (m) (cm) (cm) 

A 66°39'58"S-140°01'08"E <10m 168-176 0 

B 66°39'38"S-140°01'43"E <20m 158-171 0-1 

C 66°39'28"S-139°59'54"E ~50m 133-153 0-2 

D 66°38'09"S-140°00'03"E ~200m 112-113 20 

Table 1: Position of stations A to D, approximate bottom depth and ranges of snow and ice 
thickness. 

 
At each station, all samples were collected within an area of about 40 m² in order 

to minimize a bias from spatial heterogeneity. Ice brine was sampled by drilling 
sackholes to a depth of 50 cm using a 10 cm internal diameter ice corer. The brine 
from adjacent brine channels and pockets was allowed to seep into the sackhole for 
10-15 min before collection. One core was sampled for chlorophyll a and stored in a 
plastic bag. The bottom 10 cm of the core was cut and thawed in the dark. After 
drilling the ice cover, a loose matrix of water and platelet ice-like (denoted as platelet 
ice-like) and underlying water were collected at a depth of 0 m and 1 m, respectively. 
Attention was paid to avoid degassing and freezing during sampling and 
transportation to the laboratory. 

 
Chlorophyll a 
Chlorophyll a (Chl a) samples were filtered by gentle vacuum filtration of 1 L of 

water through Whatman GF/F glass-fiber filters. The measurements of chlorophyll a 
were carried out following the recommendations of Arar and Collins (1997). 
Fluorescence was measured with a Turner Designs TD 700 fluorometer. 

 
Dissolved inorganic carbon 
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DIC and pCO2 were calculated from pH and TA measurements. pH was measured 
using commercial combination electrodes (Ross type, Orion®) calibrated on the total 
hydrogen ion scale using TRIS (2-amino-2-hydroxymethyl-1,3-propanediol) and AMP 
(2-aminopyridine) buffers prepared at salinities of 30, 35, 40 and 80 according to 
Dickson (1993). pH measurements were carried out as soon as possible after 
returning to the laboratory (typically less than 3 h after sampling), and samples were 
maintained at low temperatures (typically between 0°C and 4°C). The pH electrode 
was calibrated at temperatures ranging from 1°C to 3°C, at salinities of 30, 35, 40 
and 80. The accuracy of pH measurements was 0.01 pH units. TA was measured 
using the classical Gran electrotitration method on 100ml GF/F filtered samples. The 
accuracy of measurements was ±4 µeq kg-1. The CO2 speciation was calculated from 
pH and TA measurements using the CO2SYS Package (Lewis and Wallace, 1998; 
Pelletier et al., 1998), with the CO2 acidity constants of Mehrbach et al. (1973) refitted 
by Dickson and Millero (1987), the CO2 solubility coefficient of Weiss (1974), the 
SO4

2- dissociation constant of Dickson (1990a), the borate acidity constant of 
Dickson (1990b), and the total borate molality calculated using the Uppström (1974) 
ratio to salinity. We assumed a conservative behaviour of CO2 dissociation constants 
at subzero temperature. Indeed, Millero et al. (Millero et al., 2002) reported that the 
CO2 acidity constants of Mehrbach et al. (1973) refitted by Dickson and Millero 
(1987) are valid on a large range of temperature, from -1.6 to 38°C. Furthermore, 
Marion (Marion, 2001) showed that measurements of carbonate mineral solubilities 
for subzero temperatures (down to -21.6°C) fit with the prediction derived from the 
four important equilibrium constant of the aqueous carbonate system determined 
only for positive temperatures, namely the first (K1) and second (K2) dissociation 
constants for carbonic acid, the Henry's Law constant for CO2 (KH) and the 
dissociation constant for water (KW). This suggests that equilibrium constants can be 
assumed valid at subzero temperatures. Taking into account uncertainties on pH, TA, 
temperature and salinity, the errors on pCO2 and DIC were ±14 ppm and ±9 µmole 
kg-1, respectively. 

Salinity was determined with a Guildline - Autosal® induction salinometer with an 
accuracy of ±0.003. Samples above a salinity of 42 were diluted with deionised water 
prior to measurements. 

 
Oxygen 
Dissolved oxygen in brines was measured with the Winkler method, using a 

potentiometric endpoint determination, with an estimated accuracy of ±2 mmol kg-1 
(±0.8% of saturation level). 

 
Dimethylsulfide 
Dissolved DMS was sampled by flushing seawater or brines through a glass-fiber 

filter (Whatman GF/F, Ø47 mm) into 20 ml polyethylene vials that were completely 
filled and stored at 4°C, to prevent DMS loss prior to analysis. DMS analyses were 
performed in the field within 4 h after sampling, with a gas chromatograph equipped 
with a flame photometric detector (HP 6890, 393 nm). A few ml of sea-water were 
introduced into a glass device where DMS was degassed by a helium stream at a 
flow rate of 180 mL min-1. DMS was then cryogenically trapped at -60°C on a tenax 
GC 80 loaded tube maintained in a bath of ethanol cooled by a Cryocool CC100 
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device. DMS was subsequently transferred to the gas chromatograph by thermal 
desorption of the tenax trap (boiling water) as detailed by Nguyen et al. (1990). 
Working chromatographic conditions were an oven temperature of 95°C, a detector 
temperature of 200°C, and a flow rate at the flame of 30 mL min-1 of helium (carrier 
gas), 80 mL min-1 of air, and 55 mL min-1 of hydrogen. Calibrations were performed 
just before analysis using a permeation tube (VICI Metronics, Santa Clara, California) 
placed in a bath thermostated at 30°C. This tube was calibrated against other 
permeation tubes used as reference for the monitoring of atmospheric DMS at 
Amsterdam Island (Sciare et al., 1999) and found to produce 1.18 ng of DMS per 
min, with no detectable shift during one year. Calibration range was typically from 
1.18 to 3.54 ng of DMS. The detection limit was close to 0.2 ng of DMS, leading to a 
DMS detection limit under 0,3 nmol L-1 for 10 mL of seawater. 

 

4.3.5 Results 

4.3.5.1 Sea ice conditions 
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Figure 2: Temporal variation of temperature and salinity of brines. Station A: squares and 

thick solid line; station B: diamonds and dotted line; station C: triangles and dashed line; 
station D: circles and thin solid line. 

Sea ice broke up progressively in the course of the survey. At the start of the 
experiment, open water was found approximately at 10-20 km off the coast. Strong 
katabatic wind took place from 22nd to 25th November and promoted offshore ice 
break-up that prevented further monitoring of station D, then several strong wind and 
ice break-up events, detailed by Riaux-Gobin et al. (2005), led to the disappearance 
of station B and C, while station A remained throughout the survey. In order to 
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investigate the evolution of pCO2 after the ice break-up, surface water at the location 
of stations B, C and D were sampled on 16-12-99. 

 

4.3.5.2 Temperature and salinity of the ice brines 

In the course of the survey, brine temperature increased steadily at all stations 
ranging from -5.7° C at station D to -1.1 °C at station B (Fig. 2). As a consequence, 
ice crystals melted progressively and salinity of brines drastically decreased from 
89.2 at station C down to 24 at station A (Fig. 2). By early December, salinity of 
brines at stations A and B was lower than the salinity of underlying seawater that 
ranged from 34.3 to 35.0 (data not shown).  

 
 

4.3.5.3 Chlorophyll a 
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Figure 3: Temporal variation of chlorophyll a concentration (Chl a), within the underlying 

water, platelet ice-like and brines. Station A: squares and thick solid line; station B: diamonds 
and dotted line; station C: triangles and dashed line; station D: circles and thin solid line. 

Chl a concentration within the bottom sea ice increased drastically at stations A, B 
and C (Fig. 3), ranging from 1.0 µg L-1 up to 164.0 µg L-1 of bulk ice at the station A, 
in agreement with previous observations by Fiala et al. (2006). In contrast, Chl a 
concentration within brines remained below 2.0 µg L-1 except during the last days of 
the survey at the station A. Chl a concentration values in platelet-like ice layer 
exhibited high temporal and spatial variability, ranging from 0.2 µg L-1 to 85 µg L-1 of 
bulk ice. The lowest Chl a concentration values were observed in the underlying 
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water (typically less than 1.0 µg L-1), with the exception of station A, where Chl a 
concentration mimics the pattern observed in the platelet ice, although with a lower 
magnitude (Chl a concentration reached a maximum value of 6.8 µg L-1).  
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Figure 4: Temporal variation of oxygen saturation level (%O2), partial pressure of CO2 (pCO2) 
and dimethylsufide (DMS) concentration within the underlying water, platelet ice-like and 
brines. Station A: squares and thick solid line; station B: diamonds and dotted line; station C: 
triangles and dashed line; station D: circles and thin solid line. Horizontal dashed lines 
correspond to O2 and CO2 saturation levels. 
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4.3.5.4 Oxygen 

Underlying water was under-saturated in oxygen throughout the survey as 
previously reported in the Weddell Sea (Hoppema et al., 1995). Oxygen saturation 
level (%O2) ranged from 82.5 % to 91.4 % (Fig. 4) and slightly increased from 
November 25 onwards. In contrast, platelet ice exhibited a drastic increase of %O2, 
from a slight under-saturation similar to the one in the underlying water, to a marked 
over-saturation up to 148 % at the station C. Before ice break up, %O2 at stations A, 
B and C converged toward a value of 130%. %O2 in brines showed high temporal 
and spatial variability, with values ranging from 110 % to 163 %. 
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Figure 5: Temporal variation of normalized total alkalinity (TA35) and dissolved inorganic 

carbon (DIC35) at a constant salinity of 35 within the underlying water, platelet ice layer and 
brines. Station A: squares and thick solid line; station B: diamonds and dotted line; station C: 
triangles and dashed line; station D: circles and thin solid line. 

4.3.5.5 pCO2 and carbonate system 

Underlying water exhibited a marked over-saturation of CO2 with respect to 
atmospheric equilibrium, with pCO2 values ranging from 450 ppm to 750 ppm (Fig. 
4). At stations B and C, pCO2 decreased to reach a minimum before ice break-up, 
then increased drastically to reach a maximum after break-up. pCO2 in the platelet 
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ice-like showed high spatial and temporal heterogeneity, but tended to decrease to 
reach values below 200 ppm before the ice break-up. Stations A, B and C brines 
exhibited a conspicuous and similar decrease of pCO2 from a significant over-
saturation in CO2, with pCO2 values ranging from 720 ppm to 820 ppm, to a marked 
CO2 under-saturation (pCO2 values below 30 ppm).  

DIC normalized at a constant salinity of 35 (DIC35) mimicked the overall decrease 
of pCO2 within platelet ice-like and brines (Fig. 5). TA normalized at a constant 
salinity of 35 (TA35) remained constant in the underlying layer, while it exhibited a 
slight increase within brines at stations A and B during the first part of the 
experiment. This increase was enhanced at station C where, similarly to station D, 
TA35 values in the brines at the start of the survey were significantly lower than those 
in the underlying water. At the end of the survey, TA35 values within sea ice brine 
converged towards the values observed in sea water. 

 

4.3.5.6 DMS 

The largest changes and the highest concentrations of DMS were observed in the 
platelet ice-like layer where concentrations ranged from 4.4 nmol L-1 up to 74.0 nmol 
L-1 (Fig. 4). At station C, DMS concentrations in brines and platelet ice-like converged 
towards a value of 60 nmol L-1, while values observed in the underlying water ranged 
between 1.3 nmol L-1 and 3.4 nmol L-1 and peaked at 16.7 nmol L-1. Values observed 
in sea water are in the lower end of the range of DMS concentration reported in 
South Ocean waters (e.g. Trevena and Jones, 2006). DMS concentrations in brines 
are 4-fold higher than within sea ice. To our best knowledge, no DMS concentrations 
in sea ice brine have been previously reported, but it has been repeatedly reported 
that values of DMS, DMSP or DMS+DMSP can be one or two order of magnitude 
higher in sea ice compared to the underlying water (Kirst et al., 1991; Turner et al., 
1995; Gambaro et al., 2004; Trevena and Jones, 2006). 

 

4.3.6 Discussion 

4.3.6.1 pCO2 and O2 dynamics in the underlying water 

Under-saturation of oxygen (Hoppema et al., 1995; Gibson and Trull, 1999) and 
over-saturation of CO2 (Weiss 1987; Bakker et al. 1997; Gibson and Trull 1999; 
Bronte Tilbrook, personnal communication) have been repeatedly reported beneath 
the ice cover in the Southern Ocean. The CO2 over-saturation of seawater beneath 
ice is thought to be related to winter hydrodynamics and/or organic matter decay. To 
our best knowledge, the only study of under-ice pCO2 dynamics in near shore waters 
surrounding Antarctica was carried out in Prydz Bay by Gibson and Trull (1999). 
Under-ice waters of Prydz Bay exhibited O2 under-saturation with values ranging 
from 80% to 85% consistent with our observations in Adélie Land. In Prydz Bay, 
waters remained CO2 under-saturated almost throughout the year, but exhibited a 
marked decrease of pCO2 before ice break up.  This decrease was ascribed to a 
sharp increase in Chl a concentration with values up to 15.0 µg L-1, and related 
photosynthetic production of oxygen and uptake of CO2. In contrast, in Adélie Land, 
with the exception of station A, late spring Chl a concentration remained below 
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values of 1.0 µg L-1 and consequently under-ice waters remained under-saturated in 
O2 and over-saturated in CO2. Further investigations are needed to explain such 
contrasting patterns, but one can note that the strong biological control of the pCO2 
seasonal changes in Prydz Bay is favoured by its shallowness (bottom depth lower 
than 30 m at a distance of 3 km off the coast) in contrast with the coastal area of 
Adélie Land which is characterized by a narrow shelf and marked topographic 
depressions. Bottom topography conjugated to strong catabatic winds, favour 
Antarctic bottom water formation and deep mixing (Gordon and Tchernia, 1972; 
Vaillancourt et al., 2003; Marsland et al., 2004) which may subsequently lead to 
significant upwelling of deep CO2 rich waters. This may act to sustain CO2 over-
saturation in the Adélie Land near shore waters. Thus, the increase of pCO2 at the 
very end of the survey at stations B, C and D, is probably due to wind-driven mixing 
of the water column that would follow ice break-up, as the water column is no longer 
sheltered from wind stress. 

4.3.6.2 pCO2 and O2 dynamics within sea ice brine 

While Chl a concentration values remained below 2.0 µg L-1 in brines, we 
observed a sustained increase of Chl a concentration in the bottom ice from 1.0 µg L-

1 up to 164.0 µg L-1 of bulk ice during the survey. Such build-up of Chl a evidenced a 
large primary production, that consumes CO2, acting to reduce both DIC35 and pCO2, 
and produces O2. We observed in brines a large O2 over-saturation up to 163 %. 
Large O2 over-saturations up to 200% have been previously observed within sea ice 
(Gleitz et al., 1995; Rysgaard et al., 2001).  

At the start of the survey, we observed at stations C and D some TA35 values 
significantly lower than those of the underlying layer. Such patterns can be ascribed 
to CaCO3 precipitation which would have taken place prior to the sampling period, 
during autumn or winter. In 2001, mineral crystals were collected within ice in the 
same area and have been identified as CaCO3 crystals (chapter 4.1).The dissolution 
of CaCO3 crystals trapped in sea ice can lead to the increase of TA35 observed at 
stations C and D at the start of the survey. Then, TA35 within sea ice brine converged 
to those of the underlying layer likely due to the  mixing of brines with the underlying 
water due to internal convection (Golden et al., 1998) which is likely to occurs until 
salinity of brines becomes lower than the salinity of the underlying water (~ 34.7) 
(Fig. 2). 

 

4.3.6.3 Assessment of the individual impact of main internal physical and 
biogeochemical processes on the brine  pCO2  

We estimated the impact of each individual spring physical and biogeochemical 
sea ice processes on the pCO2 of brines, taking into account the observed increase 
of temperature and related dilution of brines, together with CaCO3 dissolution and 
organic matter production derived, respectively, from TA and O2 changes.  

 
Dilution Effect 
pCO2 values predicted from the increase of temperature and associated decrease 

of salinity ( d
t) (dil,2pCO ) were computed on day “d” using the CO2 dissociation 
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constants of  Mehrbach et al. (1973) refitted by Dickson and Millero (1987) at salinity 
( dS ) and temperature ( dt ) values of day “d”, and from TA and DIC values (denoted 
as d

t) (dil,TA  and d
t) (dil,DIC respectively) expected from dilution according to: 

0
0

d

d
dd

t) (dil, S

STATA ×=  (1) 

and 

0
0

d

d
dd

t) (dil, S

SDICDIC ×=  (2) 

where 0dTA , 0dDIC  and 0dS denote respectively TA, DIC and salinity on the first 
day of the time-series “d0”.  

 
CaCO3 dissolution effect 
Dissolution of CaCO3 within sea ice brine is described by: 

−+ +⇔++ 3
2

223 HCO2Ca OHCOCaCO   (3) 

Dissolution of 1 mole of CaCO3 transfers CO2 to the HCO3
- pool, increases DIC by 

1 mole and TA by 2 moles. The DIC and TA changes related to the CaCO3 

dissolution denoted as d
CaCO3

DIC∆  and d
CaCO3

TA∆ , were estimated by considering 

that the amount of CaCO3 dissolved between day "d0" and day "d" was directly 
related to the difference of observed TA on day "d" ( dTA ) and the value expected 
from the dilution of TA on day "d0" ( 0dTA ) according to: 

0
0

3 d

d
ddd

CaCO S

STA-  TATA ×=∆    (4) 

and 
d
CaCO

d
CaCO 33

∆TA5.0DIC ×=∆  (5) 

Hence: 
d
CaCO

dd
CaCO 3

0
3

TATATA ∆+=    (6) 

and 
d
CaCO

dd
CaCO 3

0
3

DICDICDIC ∆+=         (7) 

pCO2 expected from the dissolution of CaCO3 ( d
)(CaCO2 3

pCO ) on day “d” was 

computed using the CO2 dissociation constants of  Mehrbach et al. (1973) refitted by 
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Dickson and Millero (1987) from d
CaCO3

TA  and d
CaCO3

DIC at the initial salinity 0dS  

and temperature 0dt . 

 
Organic Matter Production 
The assessment of organic matter production within sea ice brine is difficult. The 

evolution of the O2 concentration can provide a rough assessment of organic matter 
production by the sea ice microbial communities from the reaction of organic matter 
production (Redfield et al., 1963; Richards, 1965) that can be expressed as: 

( ) ( ) 2431631062

2
-

42
-

32
O 138POHNHOCH  

 OH 122  H 17 POH  NO 16 CO 106
+

→++++ +
 (8) 

where 138 moles of O2 are produced while 106 moles of CO2 are consumed. We 
estimated the production/removal of O2, taking into account the O2 dilution by melting 
ice crystals according to: 

[ ] [ ]
0

0
d

d
d

2
d

2
d
2 S

SO-OO ×=∆   (9) 

where d
2O∆ denotes the amount of O2 produced/removed on day “d” since day “d0”, 

[ ]d2O  and [ ] 0d
2O denote the concentration of O2 on day "d" and "d0" respectively 

(given in µmol kg-1). 
DIC changes associated to the production/removal of O2 through organic matter 

production is given by: 

d
2

d
bio O

138
106DIC ∆−=∆   (10) 

where d
bioDIC∆ denotes the DIC changes due to organic matter production by sea 

ice microbial communities between days "d" and "d0". We used the Redfield ratio 
rather than the photosynthetic quotient (PQ), since we aimed to account for both 
primary production and respiration. The Redfield ratio of production of oxygen versus 
CO2 consumption is about 1.30 which is close to average PQ observed in sea ice 
communities of ~1.43 (Glud et al. 2002). 

According to (8), 1 mole of H+ is consumed for each 1 of NO3
- or H2PO4

- 

incorporated into organic matter, increasing TA by 1 mole.  

We estimated the change of TA between day "d" and "d0", denoted as d
bioTA∆ , 

due to organic matter production, according to: 

d
bio

d
bio DIC

106
17TA ∆−=∆    (11) 

We then derived the values of DIC and TA expected on day “d” from the 
production of organic matter according to: 

d
bio

dd
bio TATATA 0 ∆+=    (12) 
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and 

 d
bio

dd
bio ∆DICDICDIC 0 +=   (13) 

We computed pCO2  expected from organic matter production denoted as 
d

(bio)2pCO , on day “d” from d
bioTA  and d

bioDIC at the initial salinity 0dS  and 

temperature 0dt , using the CO2 dissociation constants of  Mehrbach et al. (1973) 
refitted by Dickson and Millero (1987). 

Finally, we computed TA and DIC derived from the summation of the three 
processes, respectively, d

allTA  and d
allDIC , according to: 

d
bio

d
CaCO

d
t) (dil,

dd
all ∆TA∆TA ∆TATATA

3
0 +++=    (14) 

and 
d
bio

d
CaCO

d
t) (dil,

dd
all ∆DIC∆DIC ∆DICDICDIC

3
0 +++=  (15) 

We computed d
(all)2pCO from d

allTA and d
allDIC at the temperature td and salinity Sd, 

using the CO2 dissociation constants of  Mehrbach et al. (1973) refitted by Dickson 
and Millero (1987). Results from these computations at the stations A, B and C are 
shown in the figure 6 together with the observed pCO2. Some biases might affect our 
computations since they address only the gases dissolved in brines and does not 
account for the amount of O2 and CO2 potentially trapped in bubbles. For instance, 
some part of the oxygen generated by the organic matter formation can accumulate 
in bubbles and are not accounted for in the estimate of organic matter production, 
while some part of CO2 generated as a by-product of winter CaCO3 formation can 
also be trapped in bubbles. However, despite these potential biases our 
computations appear to be consistent with the observations. 

The temperature increase of ice brine from -5.7°C to -1.1 °C, before the ice break 
up, drove the melting of ice crystal and subsequent dilution of brines with a salinity 
decrease from 90 to 24. This dilution decreased drastically both DIC and TA and led 
to large pCO2 drawdowns (Fig. 6). The effect of dilution largely outweighed the 
increase of pCO2 related to the increase of temperature, and explains a large part of 
the observed pCO2 patterns at all three stations. 

Organic matter production led to significant changes of pCO2 at all three stations. 
At station A, the magnitude of pCO2 changes due to organic matter production was 
similar to those related to dilution and CaCO3 dissolution. At stations B and C, the 
impact of organic matter production on pCO2 appeared to be slightly lower than the 
effect of dilution and CaCO3 dissolution. The effect of CaCO3 dissolution was 
significant, but was only detected at the start of the experiment under relatively cold 
conditions, for brine temperatures below -4.5°C. 
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Figure 6: Observed and computed partial pressure of CO2 (pCO2) at stations A, B and C. 

Observed pCO2: plain black line; pCO2 computed from temperature and salinity changes (pCO2 
(dil, t)): plain dark grey line; pCO2 computed from primary production derived from oxygen 
changes (pCO2 (bio)): plain light grey line, pCO2 computed from CaCO3 dissolution derived 
from total alkalinity changes (pCO2 (CaCO3)): dashed black line; pCO2 computed from all three 
processes (pCO2 (all)): dotted black line. Due to poor reliability or lack of measurements of 
salinity of the brines on 10/11/99 at station A, simulations at this station were made from the 
25-11-99 onwards. Horizontal grey dashed line corresponds to atmospheric pCO2.  

On the whole, with the exception of station A, temperature increase and related 
dilution appeared to be the most significant processes affecting pCO2 during spring, 
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with a significant contribution from CaCO3 dissolution and organic matter production 
to the drastic decrease in pCO2 and subsequent CO2 under-saturation of the sea ice 
brine. This CO2 under-saturation contrasted with the CO2 over-saturation of the 
underlying water which was well marked throughout the survey and even increased 
at the end of the experiment. 

With the exception of station A, the summation of the three processes ( d
(all)2pCO ) 

shows a predicted pCO2 decrease which is stronger than the observations (Fig. 6). 
This discrepancy may be ascribed to the mixing of brines with CO2 over-saturated 
underlying water or/and CO2 transfer from the atmosphere to the ice. Both processes 
act to maintain pCO2 close to or above saturation. During the survey, as the 
temperature of the ice brine was above -5° C the ice was permeable to both gases 
and liquids (Gosink et al., 1976; Golden et al., 1998) allowing both gas exchanges 
with the atmosphere and internal convection for brine salinities above seawater 
salinity. Hence, the difference between the observed and simulated pCO2 signals 
corresponds to the CO2 transfer from the neighboring environments towards the ice 
that appeared to act as a sink of CO2 for the underlying water and/or the atmosphere. 

 

4.3.6.4 DMS dynamics 

DMS concentrations in the underlying water layer were significantly lower than in 
sea ice from the very start of the experiment. Taking into account the low and 
constant Chl a concentration in seawater, peak of DMS concentrations in seawater 
can be due to the input from sea ice rather than in situ production, as it has been 
previously suggested (e.g. DiTullio et al. 1998; Trevena and Jones 2006). As 
mentioned above, brine temperature was above -5°C at almost all times, and brine 
salinity was above the salinity of the underlying water, thus internal convection was 
likely to drive the transport of DMSP and DMS from the ice brine to the underlying 
water. 

We observed a threefold increase of DMS within sea ice brine which was slightly 
enhanced in the platelet ice-like. This drastic increase of DMS production was 
inversely related to the decrease in salinity. The release of DMSP by healthy algal 
cells may occur in response to decreasing salinity (Stefels and Dijkhuizen, 1996) 
during sea ice melting as in response to rapidly decreasing osmotic conditions, 
considering that DMSP acts as an osmolyte (Dickson and Kirst, 1986), or due to the 
increase of grazing activity subsequent to the widening of brine channels (Archer et 
al., 1996). As mentioned above, the decrease of salinity was also associated to 
drastic CO2 drawdown and O2 increase. Sunda et al. (2002) suggested that DMSP 
and DMS, by scavenging hydroxyl radicals and other reactive oxygen species, may 
serve as antioxidants which protect the cells in case of oxidative stress and among 
them low CO2 and high O2 concentrations. This is supported by recent work of 
McMinn et al. (2005) which reported that the growth and photosynthesis of sea ice 
algae communities are adversely affected by increasing external O2 concentrations. 
These authors evidenced that ice algae are submitted to an oxic stress thought to be 
due to the occurrence of toxic O2 species in high O2 conditions encountered in sea 
ice. One can also note that an alternative explanation to the decrease of sea ice 
algae growth with O2 increase is the competition between carboxylase and 
oxygenase reactions at the site of ribulose-1,5-carboxylase/oxygenase. The relative 
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rates of both reactions depend on the concentrations of the two gases which are anti-
correlated during sea ice melting and reach extreme values that potentially favour the 
release of DMS. On the whole, from this study it is not possible to decipher what is 
the main factor leading to the rapid release of DMS during sea ice melting, but it is 
worth noting that the decrease of salinity led to uncommon low CO2 - high O2 
conditions that potentially favour the release of DMS.  

The potentially significant flux of DMS from surface waters to the atmosphere 
related to sea ice melting has already been pointed out by several authors. 
Levasseur et al. (1994) suggested that the release following ice melting of sea ice 
DMSP within sea water could produce a one day pulse of DMS flux ten times higher 
than the average summer flux. In the same way, Trevena et al. (2006) suggested that 
the release of DMSP and DMS during sea ice melting may result in "hot spots" of 
seawater DMS with concentrations of the order of 100 nmol L-1. However, in the light 
of the growing body of evidence that CO2 fluxes occur at the air-sea ice interface, we 
surmise that as sea ice becomes permeable and allows direct gases transfer from 
the ice to the atmosphere, DMS may also escape from the ice directly to the 
atmosphere. Such transfer can be potentially significant taking into account the high 
DMS content of sea ice brine. Thereafter, sea ice-related DMS release to the 
atmosphere might not be restricted to transient (Levasseur et al., 1994) and sparse 
(Trevena and Jones, 2006) air-sea fluxes following sea ice melting and further 
studies of sea ice-related DMS emissions to the atmosphere should investigate 
potentially long-lasting air-ice transfer. 

 

4.3.6.5 Platelet-ice like 

pCO2, O2, DIC35 and DMS dynamics within the platelet-ice like layer mimicked 
patterns observed within brines. However, the magnitude of changes of O2, pCO2 
and DIC35 is lower in the platelet ice-like layer than in the brines. This should be 
ascribed to both mixing with the underlying water and lower Chl a concentrations. 
With the exception of one measurement, TA35 remained constant throughout the 
survey indicating that no dissolution of CaCO3 took place within this layer. This 
suggests that either CaCO3 dissolution occurred prior to the survey or that in the 
warmer and less saline conditions (salinity ranged from 29 to 41 during the survey) of 
the platelet ice-like layer, CaCO3 crystals formation did not occur. Finally, the few 
DMS measurements carried out during the survey indicated that DMS concentration 
was enhanced within the platelet ice-like layer compared to the brine and underlying 
water. This might be due to an enhanced grazing pressure within the platelet ice-like 
layer, which is more accessible to grazers than the plain ice cover. 

 

4.3.7 Conclusion 

Biogases (CO2, O2 and DMS) exhibited strong dynamics within land fast sea ice 
prior to the ice break-up. Elevated O2 and DMS concentrations were due to high sea 
ice algae abundance and related primary production, that also decreased pCO2. 
Other physical and biogeochemical processes, namely dilution of brines by melting 
ice crystals and CaCO3 dissolution also played a significant role on pCO2, DIC and 
TA dynamics. pCO2 values expected from salinity, temperature, oxygen, and TA 
changes are lower than the observations prior to ice break-up, indicating the 
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occurrence of an additional source of CO2. This source can be ascribed to the 
transfer of CO2 from neighbouring environments, i.e. the underlying layer and the 
atmosphere, towards sea ice suggesting that sea ice cover was acting as a CO2 sink 
for one or both neighbouring environments. In parallel, high DMS concentrations 
encountered within sea ice brine showed that sea ice could potentially act as a 
source of DMS for these neighbouring environments. According to salinity and 
temperature conditions, the sea ice cover was permeable to gases and liquids 
potentially allowing exchanges with the atmosphere. Although no measurement of 
DMS and CO2 fluxes at the ice interfaces were carried out during the experiment, our 
data set indicates that Spring land fast sea ice can potentially act as a sink of CO2 
and as a source of DMS for the atmosphere. 
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5 Synthesis 
 
 
 
 
 
Coinciding with the beginning of this work, Bakker et al. (1997) reviewed current 

knowledge of CO2 dynamics in the S.O. and wrote: 
The above suggests a mosaic of fC02-values in surface-water with both 

oversaturation and undersaturation in austral summer. [..]. From these data it is not 
clear whether the Southern Ocean constitutes a net sink or source of CO2 in summer, 
not to mention that in winter which has hardly been sampled. Mechanisms behind the 
observed fC02-values in surface- water often were not identified. Minima of fC02 
frequently did not correlate to elevated Chlorophyll a levels (Robertson and Watson, 
1995), i.e. biological effects were not easily identifiable. Spatial variability of fCO2 at 
scales of 10-100 km was ascribed to local primary production as well as to 
mesoscale dynamic processes reflecting bottom topography (Poisson et al., 1993). 
An improved understanding of the air-sea exchange of CO2 and its mechanisms is 
necessary for the Southern Ocean. Observations of seasonal evolution may improve 
our understanding of the underlying processes and of their variability in time and 
space. 

Since then what did we learn? 
 
Bakker et al. (1997) pointed out that significant mesoscale variability of pCO2 can 

occur in the S.O.. We addressed these issues in the Crozet Basin, an area that 
experiences merging of frontal structures (chapter 2.2) and in the vicinity of the Polar 
Frontal Jet over the Kerguelen Plateau (chapter 3.4). As it could be expected, 
mesoscale variability in the vicinity of frontal systems is tightly linked to physical 
processes.  

First and second climatology of Takahashi et al. (Takahashi et al., 1997; 
Takahashi et al., 2002) showed that the S.O. acts as a sink for atmospheric CO2. 
Estimation of Takahashi et al. (2002) of the overall air-sea CO2 flux in the S.O. have 
been revised  and is now about -0.35 PgC yr-1 south of 50°S, i.e. 0.21% of the global 
oceanic CO2 sink (Takahashi, 2003). 

In the chapter 2.4, we budgeted spring and summer air-sea CO2 fluxes in the 
Indian sector of the S.O. using measurements of underway partial pressure of CO2 
(pCO2) and SST, Chl a concentration and wind speed inferred from remote sensing. 
CO2 fluxes were partitioned according to the main hydrological provinces of the 
Southern Ocean (STZ, NSAZ, SSAZ, PFZ and POOZ) using the positions of fronts 
derived from SST distributions (chapter 2.1). The CO2 sink in the 35-50°S latitudinal 
bands is centred on the SSAZ and the overall sink strength for this latitudinal band 
ranges from 0.039 to 0.110 PgC in spring and from 0.032 to 0.093 PgC in summer. A 
further collaborative effort was carried out applying a similar approach to the western 
Pacific sector of the Southern Ocean (chapter 2.3). Integrating CO2 fluxes over the 
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year shows that the studied area acts as a sink for atmospheric CO2 of 0.08 PgC yr-1. 
Both studies exhibit lower estimates than previous ∆pCO2 - based studies (Metzl et 
al., 1999), but corroborate(Takahashi et al., 2002) the conclusions of inverse models 
indicating that ∆pCO2 - based studies probably overestimate CO2 fluxes in the 
Southern Ocean (Jacobson et al., 2005, section 1.3.1.3). Such over-estimate is not a 
surprise. First, Takahashi et al. (2002) overcame inter-annual variability and gathered 
together data collected during different years while excluding some others prone to 
enhanced variability owing to ENSO events. Longer time-series begin to show that 
interannual variability is significant (section 1.3.1.5). If we take into account the figure 
1.3-2, one may ask if a new integration with recent data will not lead to a lower 
estimate. Second, a recurrent bias in such budget based on in situ pCO2 
measurements is the winter under-sampling. Our estimate of the chapter 2.3 is prone 
to such bias. OISO program aims to overcome this issue, but there are little doubts 
that the winter under-sampling issue will remain an obstacle towards a robust 
assessment of the annual budget of air-sea CO2 fluxes for some years. 

Synoptic survey of the position of these fronts inferred from remote sensing data 
(chapter 2.1) is a powerful tool which allows to assess CO2 fluxes per hydrological 
province rather than latitudinal band. Assessment of air-sea CO2 fluxes in the Indian 
sector (chapter 2.4) shows that the maximum summer CO2 fluxes obviously follow 
the path of the SSTF. As a consequence, CO2 fluxes in the PFZ, SAZ and SSTZ of 
the S.O. are much higher than in the POOZ and are significant contributor to the 
overall CO2 uptake by the S.O.. Metzl et al. (1999; 2006) came to the same 
conclusion. However, in the Indian sector, CO2 fluxes over this productive area is not 
accounted for in a budget limited to the region south of 50°S. Hence if the 
assessment of Takahashi et al. probably overestimate CO2 fluxes south of the 50°S, 
considering the assessment south of 50°S as representative of the fluxes over the 
S.O. lead to underestimate the significance of the S.O. as a sink for CO2 by excluding 
one of the most productive area. It is worth noting that if we refer to the simple view 
of the S.O. limited at the band south of 50°S, most of our work was not carried out in 
the S.O.!. Considering 44°S as the northern limit of the S.O., in the frame of some 
recent atmospheric model studies (section 1.3.1.3), appears to be more consistent 
with the definition of the S.O. as the region south of the Subtropical Front (section 
1.2.1.1). 

The figure 5-5-1 enlarges the perspective of our work. It presents a compilation of 
assessment derived from measurement carried out by the Belcanto network. This 
figure draw a comprehensive and consistent of CO2 fluxes in the Indian-Australian 
sector of the S.O. of carbon fluxes from the atmosphere to the bathypelagic zone. 
Air-sea fluxes were derived from the assessments of the chapter 2.4 and are 
consistent with the outputs of the SWAMCO model (section 1.4.2.4). Besides, air-sea 
CO2 fluxes are similar to the new production. This suggests that biological pump is 
the main driver of CO2 fluxes in spring and summer in the SAZ and the PFZ. 
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Figure 5-5-1 Synthesis of spring - summer carbon fluxes (mgC m-2 d-1) driven by the biological 
pump (air-sea exchange; photosynthesis; particle export; mineralization; deep ocean particle 
flux); area between 35°- 54°S (SAZ and PFZ; Indian, Australian sector); PP = Primary 
Production, NP = New Production; Air-sea fluxes was derived from the assessment of the 
chapter 2.4.. SWAMCO-4 = Modeled air-sea flux. After Dehairs et al. (2006). 

 

We presented a three years survey of pCO2 in subantarctic coastal waters 
surrounding the Kerguelen Archipelago, with a particular attention on the role of 
Macrocystis giant kelp beds. Primary production of Macrocystis lasts from early spring to 
late autumn and is tightly linked to solar irradiance. Maximum net kelp community 
production can be as high as 15 gC m-2 d-1 at the solar irradiance climax. Such 
production strongly affects pCO2 within kelp bed. Coastal waters of the archipelago 
experience earlier and more intense phytoplanktonic blooms than offshore waters, which 
markedly affect pCO2. However, over the year near-shore waters of the archipelago act 
as a source of CO2 of 0.32TgC yr-1. This a modest air-sea CO2 flux compared to the 
overall flux of the open waters. Such source contrast with the observation that sheltered 
bays of the archipelago favours early and significant blooms of phytoplankton. An 
explanation of this discrepancy could be that riverine inputs of terrestrial organic matter 
might fuel bacterial activity. This is a common feature on the distal shelf. However, it has 
not been previously reported for pristine environment as the Kerguelen Archipelago. 

 

 

 
The role of sea ice cover in CO2 budgets of the Southern Ocean has been 

neglected, since it was assumed as an impermeable and inert cover that prohibited 
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air-sea fluxes of gases.  However, direct measurements of pCO2 within sea ice and 
related air-sea ice CO2 fluxes point out that CO2 fluxes over the Antarctic sea ice 
cover may represent a significant additional sink to the CO2 budget of the S.O. 
(chapter 4.1and 4.2). Indeed relatively warm sea ice is permeable to gases and 
liquids, and there is growing evidence for gas exchange between sea ice and the 
atmosphere. We report the first direct measurements of pCO2 within first year pack ice, 
multi-year pack ice and land fast sea ice, and corresponding CO2 fluxes at the air-sea ice 
interface. pCO2 dynamics within sea ice are mostly independent of the pCO2 in the 
underlying layer. Internal spring and summer sea ice specific processes (dilution with ice 
crystals, dissolution of carbonate minerals and primary production), drive drastic 
decreases of pCO2 and lead to marked undersaturation of CO2 with respect to the 
atmosphere. We observed these interactions in various locations of the S.O. and in 
different types of sea ice - first year pack ice, multi-year pack ice and land fast sea ice – 
suggesting that is a ubiquitous behaviour in the S.O. (chapters 4.1 and 4.3). Despite its 
thinness the Antarctic sea ice edge thus appears to sustain significant uptake of 
atmospheric CO2. In parallel, biological activity produces large amounts of DMS, 
another climatologically active gas, highlighting the potential role of sea ice in the 
climate change context which have been ignored (chapter 4.3).  

We propose a first tentative and conservative estimate of air-ice CO2 fluxes over 
Antarctic bare sea ice cover using remote sensing measurement of sea ice surface 
temperature. In spring and summer, the Antarctic sea ice cover acts as a sink of 
atmospheric CO2 ranging from 0.015 PgC to 0.024 PgC which represents 6% to 9% 
of the annual uptake of the S.O. south of 50°S (0.27 PgC yr-1)(chapter 4.1). However, 
we surmise that the present evaluation of the sea ice CO2 sink is an underestimate, 
since it does not account for the uptake of CO2 by biologically active sea ice surface 
communities. Eddy-covariance measurements of air-sea ice CO2 fluxes over slush - 
a mixture of melting snow, ice and flooding seawater covering sea ice - which hosts 
abundant surface communities showed 4-fold higher fluxes than over bare sea ice 
(chapter 4.2). On the whole, sea ice represents an additional significant CO2 sink that 
should be taken into account when budgeting exchanges of CO2 fluxes between the 
S.O. and the atmosphere. 
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8 Annexes 
 
 

8.1.1.1 Alternative carbonic acid dissociation constants 

Based on the Mehrbach et al. (1973) data set, Lueker et al. (2000) reformulated 
apparent equilibrium constants *

1K  and *
2K consistent with the “total hydrogen ion” pH 

scale. 
It comes: 
 

2
(K)

(K)

*
1 S0.0001152S0.011555)ln(T9.6777061.2172

T
3633.86pK ×+×−×+−=  (77) 

and  

( ) 2
(K)

(K)

*
2 S0.0001122S0.01781Tln3.1696725.9290

T
471.78pK ×+×−×−+=   (78) 

 

where *
bK  is given in mol kg-1 and T(K) and S denote the absolute temperature 

(given in Kelvin) and salinity, respectively. 
 

8.1.1.2 Effect of pressure on carbonic acid dissociation constants 

The effect of pressure on the dissociation constants iK can be corrected using the 
equation of Millero (1979): 

( )( )
( )

( )
( )

2

(C)

(K)210

(C)

2
(C)3(C)2100

i
P
i

P
15273TR

Tb34.8)Sbb
0.5

P
15273TR

TaTa34.8)Saa
)ln(K)ln(K

×
+×

×+−+
+

×
+×

×+×+−+
−=

.

.

   (79) 

where, P
iK  (mol kg-1) is a dissociation constant at a given pressure P (bar), 0

iK  
(mol kg-1) is the same dissociation constant at the atmospheric pressure, a given 
pressure P (bar) and (C)T  is the temperature (°C), S the salinity, R is the gas 
constant (83.1451 bar cm3 mol-1 K-1), and ai  and bi are the coefficient given in the 
table 
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 a0 a1 a2 a3 b0 b1 b2 

K1 
-

25.50 
-

0.151 0.1271 - -
0.00308 

-
0.000578 

-
0.0000877 

K2 
-

15.82 0.321 -
0.0219 - 0.00113 -

0.000314 
-

0.0001475 

KB -
29.48 0.295 0.1622 -

0.002608 
-

0.00284 0.000354 - 

Table 8-1 Pressure dependence coefficiens for the first and second dissociation constants of 
carbonic acid and for the dissociation constant of boric acid (Millero, 1979) 

 
 

8.1.1.3 Dissociation constant of boric acid 

According to the DOE (DOE, 1994), dissociation constants of boric acid from 
Dickson (Dickson, 1990b) should be used in the computations based on the total pH 
scale: 

TS0.053105)ln(TS)0.2474S25.085(24.4344

1.62142SS137.1942148.0248

T
S0.0996S1.728S77.942S280.53-8966.9-)ln(K

0.5
(K)

0.5

0.5
(K)

23/20.5
*
B

××+××−×−

++×++

×−×+×−×
=

 (80) 

where *
bK  is given in mol kg-1 and T(K) and S denote the absolute temperature 

(given in Kelvin) and salinity, respectively. 
 
 

On the NBS scale, the dissociation constant of boric acid, '
bK , from Lyman (1957) 

refitted by Millero (1979) should be used accordingly to: 

S
T
49.104730)ln(T434424

T
8966.90248481)ln(K

(K)
(K)

(K)

'
B ×










++−−= ...  (81) 

where '
bK  is given in mol kg-1 and T(K) and S denote the absolute temperature 

(given in Kelvin) and salinity, respectively. 
 
 

Total borate TB (mmol L-1) is conservative and a function of salinity (Culkin, 1965): 

( )[ ] ( )[ ]  S1.21210OHBOHBB 2-
43T ×=+= −  (82) 

where S is the salinity. 
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8.1.1.4 Dissociation constant of HSO4
-  

While considering the dissociation constant SK of the reaction: 

−+− +↔ 2
44 SOHHSO  (83) 

i.e. 

[ ] [ ]
[ ]−

−+
=

4

2
4

SK
HSO

SOH F   (84) 

 
 
Based on the equation from Dickson (1990a), DOE (1994) proposed the following 

equation to compute SK (mol kg-1) on the free scale: 

( )

( )

S)0.001005ln(1

I
T
1776I

T
2698IT114.723ln771.54

T
35474

I47.986lnT324.57
T

13856

T23.093ln141.328
T

4276.1pK

2

(K)

1.5

(K)
(K)

(K)

0.5
(K)

(K)

(K)
(K)

S

×−+

×









+×










−×










+−+

×









−+−+

−+−=

 (85) 

 
where T(K) is the absolute temperature (given in Kelvin), Sis the salinity and I is the 

ionic strength I . The ionic strength I is given by (Millero, 1982):  
 

S1.0051000
S19.924I
×−

×
=  (86) 

 
where S is the Salinity. 
 




